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Abstract  
 
Sedimentological and geochemical evidence indicate that during particular periods of Earth 
history, oceanic anoxia expanded and became widespread. These time intervals are associated 
with expansion of organic-rich black shale in the ocean. The extent, intensity and ecological 
effects of oceanic deoxygenation, however, differed amongst these events, and what caused 
those differences is still under debate. The strong association of anoxia with past warm periods, 
provides an appropriate platform to explore past anoxic systems and the formation of 
hydrocarbon source rocks, as well as a unique opportunity to investigate the interaction 
between the two major components, i.e. ocean oxygenation and a greenhouse climate. This 
thesis explores the processes that led to the spread of marine anoxia during the Cretaceous and 
across the Palaeocene Eocene Thermal Maximum (PETM), using organic biomarkers and a 
bulk geochemical approach. Reconstruction of the intensity and persistence of redox conditions 
and associated biomarker proxies for ecological change, in the proto South Atlantic during the 
Early Cretaceous suggests that during the initial stages of basin development, when the basin 
was restricted, anoxic and euxinic conditions were prevalent and occasionally extended into 
the upper water column. However, strong cyclicity in organic geochemical parameters imply 
that the anoxia/euxinia was not a persistent state. High amplitude fluctuations in redox 
conditions accompany fluctuations in marine productivity, likely resulted from the 
astronomically-controlled variations in the delivery of biolimiting nutrients from terrestrial 
runoff. This indicates that basin restriction, per se, did not cause anoxia but instead 
preconditioned the basin for oxygen depletion during episodes of enhanced organic matter 
production and export. Following a detailed characterisation of the Cretaceous anoxic system 
and black shales in the South Atlantic, the extent and persistence of PETM anoxia and photic 
zone euxinia were investigated within the Peri-Tethys margins. Organic biomarker proxies 
indicate an expansion of anoxia and photic zone euxinia during the PETM, but only in restricted 
marginal and epicontinental basins that amplified nutrient trapping and not in open marginal 
settings.  
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Chapter 1  
 
Introduction 
 
 
Preface 

This chapter presents a brief overview of the mechanisms thought to cause anoxia in modern 

and past marine environments, as well as their biogeochemical implications. It also provides 

more focused reviews of marine anoxia and photic zone euxinia during, the PETM and the 

Early–Late Cretaceous, the specific time intervals of relevance to my thesis. From this 

discussion, I develop the main hypothesis and aims of my thesis and summarise the subsequent 

chapters. The primary approaches that I used during this research, especially biomarker proxies 

for past environmental conditions, are introduced and reviewed in Chapter 2. 

 

1.1 . Introduction 
 
The modern ocean is largely oxygenated. Development of persistent anoxia in the modern 

marine realm is confined to isolated basins and area of high primary productivity, e.g. silled 

basins, meromictic lakes, coastal upwelling zones and fjords (reviewed in Meyer and Kump, 

2008). Numerous studies, however, show that oceanic deoxygenation is expanding due to the 

largely agriculture-related increase in nutrient runoff (e.g. Conley et al., 2011; Diaz and 

Rosenberg, 2008; Slomp, 2009), causing physiological stress on marine life (Diaz, 2001). 

Additionally, anthropogenically-induced warming of the atmosphere-ocean system is expected 

to cause a general deoxygenation in the marine environment. Nevertheless, many details 

regarding this future expansion of marine deoxygenation remain uncertain. 

Sedimentological and geochemical evidence indicate that during particular periods of 

Earth history, oceanic anoxia expanded and became widespread (e.g. Dickson et al., 2014b; 

Jenkyns, 2010; Pancost et al., 2004; Schlanger and Jenkyns, 1976; Sluijs et al., 2014). In fact, 

some of the most significant climate changes in the Earth history are accompanied with oceanic 

deoxygenation. The extent, intensity and ecological effects, however, differed amongst these 
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events, and what caused those differences is still under debate, indicating that a more complex 

response to current (anthropogenic-) climate change might be anticipated. This thesis explores 

the processes that lead to the spread of marine anoxia during the Cretaceous and across the 

Palaeocene Eocene Thermal Maximum (PETM). 

 

1.2 . Scientific Background 
 

1.2.1 Terminology 

Dissolved oxygen (largely essential to marine life) refers to the level of non-bonded or free 

oxygen molecules in the marine environment. Marine dissolved oxygen is sourced from 

atmospheric contact (equilibrium) and photosynthesis. The level of marine dissolved oxygen 

is generally influenced by physical (temperature, pressure, salinity) and biological 

(photosynthesis, aerobic respiration and decomposition of organic matter (OM)) processes. 

Depending on how all of these factors interact, oxygenation varies in different basins and at 

different depths and locations. The best example of this interaction is the development of 

oxygen minimum zones (OMZs), occurring at the chemocline (typically at the depths of 

<1000m) in the ocean water column. The OMZ is defined as the most O2-deficient zone in the 

water column and is formed as a result of the downward flux of OM from above and its 

associated respiration (e.g. Cline and Richards, 1972; Devol, 1981; Wishner et al., 2000). The 

term “anoxia” refers to the total depletion of dissolved oxygen. Under anoxic conditions, much 

marine life is largely extinct (i.e. so called “dead zone”). Anaerobic microorganisms, however, 

thrive under anoxic conditions, largely by reducing alternative electron acceptors 

(subsequently: NO2–, NO3–, MnO2, FeHO2, SO42–, CH3O2–) (Canfield et al., 1995; Canfield et 

al., 1993a,b; Canfield and Thamdrup, 2009; Christensen et al., 1989; Murray and İzdar, 1989). 

Typically, sulfate (SO42–) reduction leads to the production and accumulation of dissolved 

sulfide (H2S) to toxic levels in the water column, and the presence of sulfide in the water 

column is termed as “Euxinia”. The occurrence of euxinic (sulfidic) waters into the photic 

zone, i.e. the surface water layer (to the depth of about 100 m) that is exposed to a sufficient 

intensity of sunlight for photosynthesis, is termed “photic zone euxinia (PZE)”.  
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1.2.2 What cause(s) anoxia/euxinia?  
 

Persistent anoxic conditions in the modern ocean occur when certain physical and 

biogeochemical conditions are combined; i.e. elevated nutrient concentration and restricted 

water circulations (reviewed in Meyer and Kump, 2008); for examples in the Black Sea (Arthur 

and Sageman, 1994). However, anoxic conditions can also develop in non-stratified basins, 

e.g. in the upwelling coastal margins of Peru (Dugdale et al., 1977) and Arabian Sea (Ivanenkov 

and Rozanov, 1961). Thus, basin stratification likely contributes to development of anoxia (via 

decreasing oxygen supply to the deep ocean) but alone it is not a sufficient and necessary 

condition. The common feature between both stratified and non-stratified anoxic basins is an 

elevated nutrient supply which is required to maintain elevated productivity and is therefore 

the critical factor (Hotinski et al., 2001; Shen et al., 2002). There are also other factors 

occasionally invoked as important in causing local or more widespread anoxia, including 

restricted basin geography (Fischer and Arthur, 1977; Stanley, 1978), transgression (Arthur 

and Sageman, 2004) and warm climates (Fischer and Arthur, 1977).  

Restricted basin geography and the development of estuarine circulation (e.g. 

Mediterranean Sea and Black Sea), especially where it amplifies the nutrient trap efficiency of 

the basin (Demaison and Moore, 1980; Stanley, 1978) are thought to be important controls.  

However, its significance in ancient events is contested. The GENIE Modelling (Ridgwell et 

al., 2007) of nutrient trapping efficiency in different continental configurations at different 

geological time intervals, i.e. Permian, Cretaceous, Paleocene-Eocene and Modern, exhibit a 

similar range of oxygen concentrations for a given nutrient input regime (Meyer and Kump, 

2008). Similarly, changing the morphology of the basin via transgression (Arthur and 

Sageman, 2004) can also influence the nutrient trap efficiency and cause anoxia, but the relative 

importance of this mechanism has also been contested (Nielsen and Shen, 2004). For instance, 

the spread of severe anoxia during the late Permian occurs simultaneously with the marine 

regression (Hotinski et al., 2001). Similarly warm climates appear to be associated with marine 

anoxia, especially in those basins that are preconditioned by efficient nutrient trapping (Fischer 

and Arthur, 1977; Schlanger and Jenkyns, 1976), but the mechanism(s) are debated.  During 

warm periods the solubility of oxygen in water is decreased (Hotinski et al., 2001), but the 

hydrological cycle is also intensified, resulting in enhanced continental weathering and nutrient 

supply to the ocean (Jenkyns, 2010).  

The development of water column anoxia has a range of other biogeochemical impacts, 

some of which maintain the anoxic conditions. For instance, one of the biogeochemical 

feedbacks resulting from development of marine anoxia (expansion of photic zone euxinia), is 
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the process of denitrification, associated with nutrient (N) deficiency (Schubert and Calvert, 

2001), which favours nitrogen fixing photoautotrophs. The establishment of nitrogen fixing 

photoautotrophs is followed by the export of the biologically fixed nitrogen through the anoxic 

water column (without oxidation) and provides enhanced nutrient to the deep ocean (Meyer 

and Kump, 2008), and enhances deoxygenation. Following the establishment of anoxia and the 

subsequent Fe reduction, iron-sorbed phosphate liberates into the water column (Ingall et al., 

1993; Canfield et al., 1995; Canfield et al., 1993a,b; Canfield and Thamdrup, 2009), creating 

a highly eutrophic condition (positive feedback). The subsequent production of sulfide (by 

sulfate reducing bacteria) combining with the stimulated phosphate concentration, amplifies 

anoxia to the more sever state of euxinic condition.  

Overall, there appears to be an emerging consensus that the dominant control on 

regional and more globally widespread anoxia is the delivery to and partitioning of nutrients in 

the ocean (Jenkyns, 2010). This is modulated by regional (basin geomorphology), creating 

localised areas or basins of extreme anoxia, and global (climate) factors that impact oxygen 

solubility, ocean circulation and the weathering of the terrestrial environment (Carmichael et 

al., 2017). 

 

1.2.3 Development of anoxia during past warm climates   

 

The strong association of anoxia with past warm periods (e.g. Dickson et al., 2014b; Forster et 

al., 2008; Naafs et al., 2013; Pancost et al., 2004; Sluijs et al., 2014; Fischer and Arthur, 1977; 

Seymour O Schlanger and Jenkyns, 1976), provides an appropriate platform to explore past 

anoxic systems as well as a unique opportunity to investigate the interaction between the two 

major components, i.e. ocean oxygenation and a greenhouse climate.  

 

1.2.3.1 Development and intensity of anoxia during the Cretaceous  
 

During the Cretaceous (~145-66 million years ago), the Earth was characterised by a 

greenhouse climate (e.g. Francis & Frake 1993; Wilson & Norris 2001; Hay 2008) with 

elevated atmospheric CO2 levels ( typically > 500 ppm, e.g. Beerling et al. 2002; Wang et al. 

2014; Naafs et al. 2016), high sea surface temperatures (SSTs) (Schouten et al. 2003; Bice et 

al. 2006; Sinninghe Damsté et al. 2010; Littler et al. 2011; Naafs and Pancost, 2016; O’Brien 

et al. 2017), high terrestrial mean annual temperature (MAT; Amiot et al., 2004; Herman and 

Spicer, 1996), warm deep oceans (Cramer et al., 2009; Friedrich et al., 2012), little or no 
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continental ice sheets (Huber et al., 2002), and a weak latitudinal temperature gradient (Barron, 

1983; Huber et al., 1995, 2002). The Cretaceous greenhouse, however, was interrupted by some 

short intervals of global cooling (e.g. Frakes and Francis, 1988; Hong and Lee, 2012; Jenkyns 

et al., 2012; McAnena et al., 2013; Mutterlose et al., 2009; Dumitrescu and Brassell, 2006; 

Kim et al., 2010; Kuhnt et al., 2011; Pucéat et al., 2003). The Cretaceous is also characterised 

by a series of oceanic anoxic events (OAEs) that are associated with the expansion of anoxia 

and deposition of organic rich black shales in the ocean (e.g. Schlanger & Jenkyns 1976; 

Jenkyns 2010), Figure 1.1. OAEs are associated with profound perturbations in global climate 

(e.g. thermal maxima), ocean chemistry and global biogeochemical cycles (reviewed by 

Jenkyns, 2010), reflected, for example, in the variety of pronounced isotopic events. Most 

significantly, the enhanced burial of 13C-depleted organic matter means that many OAEs are 

defined by the presence of negative carbon isotope excursions (CIEs).  

It is generally thought that OAEs were triggered by CO2-induced global warming 

(reviewed by Jenkyns, 2010), although the source and magnitude of the injected carbon is still 

under debate. In many cases, the source of carbon appears to be from a reduced reservoir 

(hydrates or organic matter) and therefore depleted in 13C.  Thus, the d13C record is 

characterised by a negative CIE associated with this injection of ‘light’ carbon, followed by a 

positive CIE due to the burial of 13C-depleted organic matter, although the relative duration 

and magnitude of these features vary. The global imprint of OAEs have been identified even 

in some lake sediments (Xu et al., 2017), which is consistent with a global driver i.e. warming 

induced changes in chemical weathering and nutrient inputs as discussed above. However, 

development of anoxia during these events is not spatially ubiquitous. What controls the 

expansion and intensity of anoxia during different OAEs is still debated, but it is likely is 

modulated by geography and ocean circulation as it is today (Jenkyns, 2010; Weissert, 2000).  

 There are six OAEs proposed for the mid-Cretaceous (Arthur et al., 1990) and one for the 

Jurassic (Jenkyns, 1988). Mesozoic OAEs that are associated with major changes in marine 

chemistry are T-OAE (Posidonienschiefer event), OAE1a (early Aptian), OAE1b (early 

Albian), and OAE2 (Cenomanian/Turonian, ~93.5 Ma) (Jenkyns, 2010), Figure 1.1. The most 

expanded of these episodes, is the OAE2 (Cenomanian/Turonian) which is largely evidenced 

and studied (e.g. Beil et al., 2018; Forster et al., 2008; Sinninghe Damsté et al., 2010).  

There are numerous evidences of redox changes during the OAE2, for instance the relatively 

low bulk carbonate I/Ca values as the robust suboxic proxy during the OAE 2 (Zhou et al., 

2015), enrichment of redox-sensitive trace metals such as Fe and Mo (Owens et al., 2012), 

laminated black shales and high TOC values (e.g. Forster et al., 2008; Kuypers et al., 2002), 

presence of isorenieratane as the biomarker of photic zone euxinia (e.g. Kuypers et al., 2004, 
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2002). Monteiro et al. (2012) represent an intermediate-complexity Earth system model 

GENIE (Ridgwell et al., 2007) of development of anoxia and photic zone euxinia during the 

OAE2. This model-data comparison indicates that ocean anoxia expands from 5% to at least 

50% during the OAE2, and this expansion was mainly (85%) caused by higher nutrient content 

and enhanced primary production (Monteiro et al., 2012). 

The occurrence of anoxia during the Cretaceous is not exclusive to OAEs, and organic 

rich black shales are often deposited during other time intervals (e.g. Huang et al., 2010). The 

regional development of anoxia is controlled by local factors, e.g. changes in nutrient 

availability, continental hydrology, and basin morphology. However, these have not been as 

thoroughly studied. Identifying the factors involved in the formation of Cretaceous black shales 

could provide a better understanding of Cretaceous biogeochemical cycles and climate 

feedbacks, in general, as well as the development of anoxia in a greenhouse system.  

 
Figure 1.1. The stratigraphic position of the major Mesozoic OAEs, and the Paleocene-

Eocene Thermal Maximum (PETM) (Jenkyns, 2010). 
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1.2.3.2 Development and intensity of anoxia during the PETM  
 

The Paleocene-Eocene Thermal Maximum (PETM; 56 Ma) (Kennett and Stott, 1991) 

is the most pronounced hyperthermal event (e.g. Frieling et al., 2014; A. Sluijs et al., 2006; 

Sluijs et al., 2011, 2014) of the Cenozoic. Although classically not considered an OAE, the 

PETM shares many features with Mesozoic OAEs (e.g. Jenkyns, 2010), in particular a strong 

negative carbon isotope excursion indicative of a rapid injection of isotopically light carbon 

into the ocean-atmosphere system (Kennett and Stott, 1991). The PETM negative excursion, 

however, is not followed by a positive excursion, likely indicating that global burial of 13C-

depleted organic matter was not as significant as during the Mesozoic OAEs.  

Nonetheless, the PETM still experienced a similar pCO2 and warming driver as those 

associated with Mesozoic OAEs. The PETM was also characterised by increased sedimentation 

rates, nutrient inputs and increased algal productivity that are invoked as causes of widespread 

anoxia during the OAEs (Sluijs et al., 2014). As such, some similarities are expected with 

Mesozoic OAEs. The deep ocean during the PETM experienced a minor deoxygenation (e.g. 

Chun et al., 2010; Plike et al., 2014; Colosimo et al., 2006; Palike et al., 2014; Zhou et al., 

2014). Shelf and marginal marine settings and restricted basins experienced suboxic/anoxic 

conditions (e.g. Sluijs et al., 2008; Nicolo et al., 2010; Egger et al., 2005; Bolle et al., 2000; 

Dickson et al., 2014a, 2014b; Gavrilov et al., 2003, 1997), and on a few continental shelves 

photic zone euxinia occurred (e.g. Sluijs et al., 2006; Schoon et al., 2013; Frieling et al., 2014; 

Sluijs et al., 2014; Frieling et al., 2017), Figure 1.2. Nonetheless, widespread black shale 

deposition did not occur, either because greenhouse forcing was insufficient, climate-

weathering feedbacks were different and/or paleogeography was not conductive to water 

column stratification and development of extensive euxinic conditions (Jenkyns, 2010; Sluijs 

et al., 2008). Mapping the extent of PETM anoxia/euxinia, therefore, is crucial to better 

understanding the underlying mechanisms and relationships between warming and anoxia.  
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Figure 1.2.  Paleogeographic map during the PETM. Highlighting the locations where 

deoxygenation is observed. Locations with the evidence of deoxygenation (suboxic) are 

shown with green circles, and locations with the evidence of photic zone euxinia are shown 

with the red star (Carmichael et al., 2017). 

 
 
 

 

1.2.3.3. Perturbations to the biogeochemical cycles during the OAEs and PETM 
 

OAEs and PETM were associated with major disturbance in the chemistry of oceans, this is 

featured in the perturbations in geochemical cycles e.g. carbon cycle (Jenkyns, 2010) and 

nitrogen cycle (Higgins et al., 2012; Junium et al., 2018) during these events.  

The dynamic of the carbon cycle in paleo-environments can be traced by analysing 

boron isotope (Pearson and Palmer, 2000), plant fossils indices (Berner, 1997), and δ13C in 

marine sediments, marine phytoplanktons and paleosols (Foster et al., 2017). The latter is used 

more frequently and is also used in this thesis. Naturally, there are two stable carbon isotopes 

(12C, 13C) and an unstable carbon isotope (14C) with a half-life of 5730±40 years (Godwin, 

1962), with 12C be the most abundant (98.9%). Therefore, the carbon cycle is dominated by 
12C and contribution of only minor amounts of stable 13C (1.1%) and unstable 14C (10-10 %). 

Isotope records can be representative of perturbations in carbon cycle either in global or 

regional scales. δ13C, is the measure of the ratio of stable isotopes 12C and 13C which is reported 

in per mil (‰). The negative excursion in δ13C during OAEs and PETM, is interpreted as a 
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massive and rapid injection of isotopically light carbon into the ocean-atmospheric system 

(Jenkyns, 2010; Mcinerney and Wing, 2011), as the cause or perhaps a positive feedback of 

the hyperthermal event. Nevertheless, the several hypothesis for the possible source of 13C-

depleted carbon at the onset or during these events (e.g. Deconto et al., 2012; Dickens et al., 

1995; Hesselbo et al., 2000; Higgins and Schrag, 2006; Jahren et al., 2001; Jenkyns et al., 2003; 

Svensen et al., 2004; Westerhold et al., 2009); the source, magnitude and mechanism of this 

carbon release during or at the onset of the OAEs (reviewed by Jenkyns, 2010) and PETM 

(reviewed by McInerney & Wing, 2011) is an ongoing debate.  

The dynamics of the marine N-cycle in paleo-environments can be reconstructed by 

analysing the δ15N of biomass (δ15Nbulk) (Galbraith et al., 2008). Depleted δ15Nbulk record in 

black shales, have been explained by enhanced ammonium (NH4) assimilation, rather than 

nitrification, under anoxic/euxinic condition (Higgins et al., 2012; Junium et al., 2018; Kuypers 

et al., 2004; Meyer and Kump, 2008). Such depleted δ15Nbulk record is reported from recent 

sediments (Holocene sapropels) of the Eastern Mediterranean Sea (Möbius et al., 2010), the 

Cretaceous OAEs (Rau et al., 1987), and during the PETM in the Peri-Tethys (Junium et al., 

2018) and Arctic Ocean (Knies et al., 2008). δ15Nbulk, however, are subject to diagenetic 

alternations (Robinson et al., 2005; Sachs et al., 1999). Therefore measuring the isolated 

organic nitrogen is a more robust proxy to reconstruct nitrogen cycles ( Chicarelli et al., 1993; 

Higgins et al., 2009; Pearson et al., 2010), for instance porphyrins, derived from chlrophylls, 

that contain N in their structure (Gibbison et al., 1995). δ15Nporphyrin is a suitable proxy to 

measure the composition of nutrient utilised by phytoplanktons(Higgins et al., 2011). The 

difference (epor) between δ15Nporphyrin and d15Nbulk provides insights into the relative 

contribution of N2 fixing eukaryotes and cyanobacteria (Higgins et al., 2011), and ultimately 

enables to constrain the paleoceanography of the basin (Higgins et al., 2012, 2011). 

 

1.3. Research objectives and aims 

The overall objective of my PhD is to explore and develop a more robust insight into the 

climatic processes and mechanisms that lead to the spread of marine anoxia during past warm 

climates. My thesis explores a range of related but distinct questions related to the spread and 

intensity of anoxia in the Mesozoic and Cenozoic, and it explores a variety of different contexts 

and therefore different predominant tectonic and climatic controls on marine anoxia. The 

specific aims (1.3.1–1.3.4) of this thesis are as follows: 
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1.3.1. To assess the derivers of anoxia and redox variability in the proto-South Atlantic 
basin during the Aptian  

 
Early Aptian OAE 1a ( Bralower et al., 1994) is one of the most widely studied of the 

Mesozoic OAEs (Jenkyns, 2010); however, our understanding of it is largely based on 

Northern Hemisphere (N Atlantic and Tethyan) records, with the extent and persistence of 

anoxia in the Southern hemisphere being poorly constrained. In order to develop a better 

understanding of the extent, nature and controls on South Atlantic anoxia, I investigated Aptian 

age bulk geochemical and sedimentary organic matter obtained from DSDP Site 364 in the 

proto-South Atlantic. I used high resolution geochemical records (TOC, HI and Tmax) and 

geochemical biomarkers (lycopane, isorenieratane, chlorobactane, isoprenoid thiophenes) to 

reconstruct the variations in redox climate and chemocline depth. Furthermore, other 

geochemical biomarkers (e.g. steranes and hopanes) were used to reconstruct the variations in 

marine productivity and marine ecosystem.  

 

1.3.2. To reconstruct sea surface temperature in the proto-South Atlantic basin during 
the Aptian–late Albian, and the perturbations in the carbon cycle  
 
Although the Albian sedimentary record indicates intense periods of anoxia, a 

complete record of SSTs through the Albian is not reconstructed yet (Figure 1.3). In 

this chapter, I reconstruct a long-term record (Aptian–late Albian) of SSTs from the 

low latitude South Atlantic (DSDP Site 364).  I used the distribution of GDGTs and 

the established calibrations; i.e. TEX86H-SST and TEX86–linear-SST to reconstruct the 

sea surface temperature. I also used bulk TOC stable carbon isotope (δ13Corg) 

analysis to reconstruct the perturbations of carbon cycle which are preserved in the 

basin.  
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Figure 1.3. Compiled TEX86 values during the Cretaceous (146–66 Ma). Low- latitude (0–

±30°) Sites are shown in red shades, mid-latitude (–±30°–48°) sites in green shades, and high 

latitudes (>±48°) blue shades (O’Brien et al., 2017). 

 
 

1.3.3. To reconstruct the spread of photic zone euxinia during the Paleocene-Eocene 
Thermal Maximum (PETM) 

 
The Paleocene-Eocene Thermal Maximum (PETM) is the most dramatic hyperthermal event 

of the Cenozoic, and has been argued to be the best analog for current climate change (e.g. 

Dickson et al., 2012). However, the intensity of anoxia; i.e. the extent and persistence of photic 

zone euxinia (PZE), during the PETM is still not well constrained. The occurrence of the PETM 

throughout the northern Peri-Tethys realm, is associated with the deposition of organic-rich 

sediments (Gavrilov et al., 2003) and extent of anoxia (Dickson et al., 2014b). I compile 

sediments from the margins of northern Peri-Tethys (Guru-Fatima, Kheu River, and 

Dzhengutay), southern Peri-Tethys (Dababiya) and western Peri-Tethys (North Atlantic; 

Zumaia) PETM sections. I analysed geochemical biomarkers (lycopane and isorenieratane) to 

reconstruct the development of anoxia and PZE during the PETM. One of the consequences of 

marine anoxia is an increase in denitrification, which causes perturbations in the nitrogen cycle. 

d15NPorphyrin and d15Nbulk were also analysed at Dzhengutay and Guru Fatima sections (this 

analysis was performed in collaboration with Harvard University), the results assist in 

reconstructing the source of nitrogen fixing that was dominated during the PETM.  
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1.3.4. To reconstruct the PETM record of sea surface temperature in the Peri-Tethys 
 
The key feature of PETM is an abrupt increase in global temperature, inferred by geochemical 

proxies. However, there are only few records of SST from the mid latitudes, and there is no 

record of SST from the Peri-Tethys region where some of the most intense anoxia and record 

of black shales has been recorded during the PETM (Dickson et al., 2014b). Assuming that 

enhanced marine productivity in the Peri-Tethys during the PETM played an important role in 

consuming the excessive atmospheric CO2, and decrease of temperature, I determined the 

distribution of GDGTs and applied the TEX86 proxy at Kheu River, to reconstruct the 

magnitude of SST warming during the PETM.  

 

1.4. Thesis structure 
 
The objectives and specific aims of this thesis are explored in Chapters 3–7, whereas Chapter 

2 includes a review of the methods that are used to approach these objectives.  

In chapter 3, I reconstruct the intensity and persistence of redox conditions, as well as 

associated biomarker proxies for ecological change, in the proto South Atlantic during the 

Aptian–late Aptian. High organic burial is restricted to deepest studied interval (Unit 7b), likely 

associated with the basin restriction prior to more complete opening of the South Atlantic. 

However, high amplitude fluctuations in redox conditions accompany fluctuations in marine 

productivity, likely resulting from eccentricity-modulated precession changes in the delivery 

of biolimiting nutrients from terrestrial runoff. This indicates that basin restriction, per se, did 

not cause anoxia but instead preconditioned the basin for oxygen depletion during episodes of 

enhanced organic matter production and export.  

To explore the longer term history of the proto South Atlantic, chapter 4 examines the long 

term (Aptian–Coniancian; ~20 Myr) changes in the carbon cycle as expressed in δ13Corg values 

and TOC contents. This suggests that OAE 1a and OAE 1d have been recorded in this 

sequence, both of which are associated with enhanced OM burial. This also provides a 

framework for determining SST change in the S Atlantic through the Aptian–late Albian using 

TEX86 proxy. Aside from being an important new low latitude record, this is a more complete, 

single-site record of SST through the Albian. 

Following a detailed characterisation of Cretaceous paleoclimate, chapter 5 investigates the 

extent and persistence of PETM anoxia and photic zone euxinia within the Peri-Tethys 

margins. Collectively, these data suggest that photic zone euxinia during the PETM only 

developed in restricted continental shelf basins and not in open marginal settings. Moreover, 
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the nitrogen cycle is studied by measuring the d15NPorphyrin and d15NTotal values in Dzhengutay 

sediments. Bulk nitrogen isotope values are consistently more depleted when the basin 

experienced photic zone euxinia; further insight is provided by the offset between d15NPorphyrin 

and d15Nbulk, reflective of the dominant cyanobacteria contributor to buried OM (Higgins et al., 

2011). This chapter demonstrates that during the PETM, anaerobic oxidation of organic matter 

precedes from denitrification to sulfate reduction in the sediments. Consequently euxinic (H2S) 

and stratified waters expanded (episodically) toward the photic zone where green sulfur 

bacteria thrived. This chapter is of importance because it reveals a significant expansion of 

marine water column anoxia and persistent PZE during the PETM, which heretofore had been 

largely limited to the enclosed Arctic Ocean.  

In chapter 6, I investigate the carbon isotope profiles through the Tethyan PETM using marine 

biomarkers; i.e. pristane (δ13CPr) and phytane δ13CPh), and associated TEX86-derived SST 

change. These results demonstrate that during the PETM isotopic fractionation by marine algae 

increased, as expected with an increase in pCO2. The GDGT-based sea surface record is the 

first record of PETM SST in the northern Peri-Tethys and reveals a strong PETM warming but 

one that is broadly consistent with other PETM sites.  

Finally, chapter 7 provides a synthesis of the results and a conclusion to this research work. It 

also provides a context for future investigations. 

 
 
 
 
 
 
 
 
 
 
 



 
 

Chapter 2  
 
Materials and methodology  
 

This chapter comprises three components. First, it reviews the literature related to the 

biomarkers central to achieving the aims and objectives of this thesis, i.e. the methodological 

approach for examining past redox changes, stratification, SST, etc. Second, it summarises the 

samples including sampling sites and ages (further details are provided in individual chapters). 

Third, it describes the specific analytical methods by which biomarker abundances, 

distributions and isotopic compositions (and other non-biomarker data) are determined.  

 

2.1. Biomarkers and associated environmental proxies 
 
This section provides a brief literature review related to the biomarkers and proxies which are 

frequently used in the thesis. More details are provided in their attributed chapters (chapters 3–

6). 

 

2.1.1 Biomarker proxies used to identify the source of OM  

2.1.1.1 n-Alkanes  
 
n-Alkanes (m/z 71) are too widespread and general to be considered as diagnostic biomarkers, 

especially once biologically-specific distribution patterns have been lost during diagenesis. 

However, a range of parameters and ratios involving n-alkanes have been proposed and widely 

used to assess source of organic matter. For instance, long-chain odd numbered n-alkanes (i.e. 

C25-C33) are abundant in epicutular waxes of higher plants, i.e. to prevent water loss, minimize 

mechanical damage and prevent fungal and insect attack (e.g. Rieley et al., 1991). Therefore, 

the Carbon Preference Index (CPI) has been developed as a proxy for estimating the potential 

contribution of n-alkanes from higher land plants to sediments. The CPI is calculated as the 

ratio of odd to even n-alkanes (in the long-chain range of C24 to C34 centred on C29), usually 

calculated as the following equation (Bray and Evans, 1961): 
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CPI =!
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) 

 

CPI>>1, then the terrestrial component of the organic matter has been minimally degraded 

(Bray and Evans, 1961). However, CPI is also influenced by thermal maturity  (Hatch et al., 

1987), especially in sediments and rocks of ages similar to those studied here. The n-alkane 

ratio of /!'
/!'&/)!

	 is another classic proxy used to assess the relative contribution of marine and 

terrestrial organic matter (González-Vila et al., 2003; Meyers, 2003; Ratnayake et al., 2006; 

Wenchuan et al., 1999). This proxy is based on the fact that marine organisms predominantly 

produce short-chain n-alkanes (<C21), i.e. for the purpose of food storage, insulation and 

buoyancy in water. On the other hand, the C27, C29 and C31 n-alkane are dominant in terrestrial 

higher plants, with the dominant homologue depending on the plant types (Cranwell, 1973; 

Ficken et al., 2000). Similarly, the more inclusive ratio of long vs short chain odd number n-

alkanes is also used to assess the proportion of terrestrial and marine (Jaffé et al., 2001) sources 

of organic matter, the  Terrestrial-Aquatic Ratio (TAR):  

 TAR (HC)= /"'&/"(&/)!
/!%&/!'&/!(

		(Bourbonniere and Meyers, 1996); 

Where, the proportion of terrestrial n-alkanes increases with TAR.  However, both of these 

ratios are strongly impacted by catagenesis (Bray and Evans, 1961; Gonzalez-Vila, 1995; 

González-Vila et al., 2003) 

 
 

2.1.1.2 Steranes  

Steranes (m/z 217) are derived from sterols, widespread and important components in the cell 

membranes of eukaryotes (de Leeuw et al., 1989; Mackenzie et al., 1982). Some sterols (C27-

C30) are specific to certain photosynthetic organisms and their diagenetic derivatives are 

considered as biomarkers (i.e. C27-C30 regular steranes and methylsteranes, Figure 2.1). 

However, there are some limitations regarding the connection between regular C27-C29 steranes 

and their precursors, largely arising from the fact that few are entirely diagnostic with all 

deriving from a range of sources (e.g. Huang and Meinschein, 1979, Kodner et al., 2008; 

Volkman et al., 1994, 1993). Therefore, it is not recommended to interpret the biological source 

of organic matter based solely on the dominance of the sterane carbon number distribution (e.g. 

Kodner et al., 2008). For instance, C27 and C29 sterols are preferentially synthesized by red 

algae and green algae, respectively. However in both of these groups, in some species, either 

C28 and/or low-high quantities of C29 and C27 sterols can occur (Kodner et al., 2008). Therefore, 
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although the variations in C27-C29 sterane distribution provide evidence for ecological and/or 

OM source change, the specific meaning of these changes is difficult to detangle. It is generally 

thought that the C30 steranes and methylsteranes are somewhat more diagnostic, and especially 

for inputs of marine organic matter (Moldowan, 1984), e.g. the C30 regular sterane (24-npc) is 

a biomarker for predominantly marine pelaogophyte algae in Devonian and younger 

sedimentary rocks (e.g. Cao et al., 2009); 4-methylstigmastane and dinosteranes are indicators 

for marine (Goodwin et al., 1988; Moldowan et al., 1985; Summons et al., 1987) and non-

marine (Jiamo et al., 1990) dinoflagellates.   

  

Figure 2.1 . Schematic structure of steranes and dinosteranes 

 
 

2.1.2. Biomarker proxies for paleo redox conditions 

2.1.2.2 Isorenieratene, Chlorobactene and their derivatives  

 
Isorenieratane (m/z 134+133 and m/z 546 as the molecular ion, Figure 2.2) is derived from the 

carotenoid isorenieratene, which occurs in the brown coloured strains of photosynthetic green 

sulfur bacteria (chlorobiacae) (Gloe et al., 1975; Imhoff, 1995; Koopmans et al., 1996; 

Schmidt, 1978). These GSB require both sunlight and hydrogen sulphide, typically where the 

chemocline occurs in the photic zone (i.e. depths < 150 m, where the light levels 1% of sea 

surface irradiance) (Imhoff, 1995; Van Gemerden and Mas, 1995). Therefore, the biomarker 

isorenieratane, is a robust proxy for photic zone euxinia (e.g. Koopmans et al., 1996) with its 

abundance reflecting either the depth of penetration by euxinic waters into the photic zone, or 

their persistence. The nine conjugated double bonds of isorenieratene make it highly 

susceptible to reactions with reduced inorganic sulphur species (i.e. HS-) that occur in euxinic 

waters and sediments, and incorporation of sulphur into isorenieratene results in the early 

R

Steranes Dinosteranes

R
R=CH3R= H, CH3, C2H5, C3H7
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diagenetic formation of multiple S-linked isorenieratene moieties in high molecular weight 

(HMW) fractions and kerogen (Sinninghe Damste et al., 1989, Schouten et al., 1994).  

 

 
Figure 2.2 Schematic of isorenieratane molecule. 

 

Chlorobactane (m/z 134+133 and m/z 554 as the molecular ion, Figure 2.3) is derived from 

chlorobactene, a carotenoid similar to isorenieratane but is exclusively produced by the green 

strain of green sulfur bacteria (Brocks and Schaeffer, 2008; Gloe et al., 1975; Imhoff, 1995; 

Sousa Júnior et al., 2013), which thrive at shallow depths (<15 m) (Van Gemerden and Mas, 

1995). As such, it is generally considered to be a biomarker for more pronounced euxinic 

conditions, at shallower depths, than isorenieratane. 

 

 
Figure 2.3 The schematic of chlorobactane molecule. 

 

 

 

2.1.2.4 Lycopane 
 
Lycopane (2,6,10,14,19,23,27,31-octamethyl dotriacontane, Figure 2.4) is a C40 isoprenoid and 

a biomarker often invoked as an indicator of water column anoxia (Sinninghe Damsté et al., 

2003); however the biological source of lycopane has not yet been identified (Sinninghe 

Damsté et al., 2003). Lycopane co-elutes with C35 n-alkane (on most GC stationary phases). 

Isorenieratane

Chlorobactane

Isorenieratane

Chlorobactane
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Therefore, the proportion of “C35+lycopane” relative to the series of other long-chain n-alkanes 

is typically determined.  Such lycopane ratios are generally higher in sediments underlying 

oxygen minimum zones (OMZ) (Farrington et al., 1988; Schulte et al., 1999; Sinninghe Damsté 

et al., 2003). In particular, the ratio of C35+lycopane/C31 (lycopane ratio) has been proposed to 

be a proxy for anoxic conditions in the water column (Sinninghe Damsté et al., 2003). This 

anoxic proxy is generally interpreted as local relative changes within a sedimentary sequence 

rather than as an absolute values for degree of anoxia (Sinninghe Damsté et al., 2003). For 

example, the maximum value of the lycopane ratio in the OMZ sediments of the Arabia Sea is 

~0.8 (Schulte et al. 1999, Sinninghe Damsté et al. 2003) and across the Peruvian Shelf it is 

~2.5 (Farrington et al. 1988; Sinninghe Damsté et al. 2003), but this cannot simply interpret as 

more intensity of anoxia in Peruvian Shelf than Arabia Sea. 

 

 
Figure 2.4. The schematic of lycopane molecule. 

 

2.1.3 Biomarker proxies for paleosalinity  

2.1.3.1 C20 isoprenoid thiophene  
 
Organic sulphur compounds (OSC) are formed by incorporation of inorganic sulfur into 

organic matter during diagenesis (Sinninghe Damste et al., 1990; Sinninghe Damsté et al., 

1988). Their formation requires presence of free H2S (other polysulphides), which requires 

specific sedimentary conditions (sulphate reduction, low availability of iron) (Sinninghe 

Damst'e et al., 1990), especially euxinic conditions (Sinninghe Damsté et al., 1989). OSC are 

more stable than the original compounds against microbial attack, and they can provide insights 

into environmental conditions that could have been lost during degradation of their 

characteristic labile precursors (Brassell et al., 1986). Distributions of OSC vary considerably 

and are considered as paleoenvironment proxies (Sinninghe Damsté et al. 1989), for example 

the distribution of C20 isoprenoid (mid-chain) thiophenes (m/z 308, Figure 2.5.) varies in 

hypersaline and non-hypersaline environments and is used as an indicator of hypersalinity 

Lycopane 
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(Sinninghe Damsté et al. 1989; de Leeuw et al., 1990; Sinninghe Damsté and de Leeuw, 1990).  

The isoprenoid ratio to determine hypersalinity is described by the equation below;  

 
011&01

1&11&111&10&0
	(𝑡ℎ𝑒	𝑛𝑢𝑚𝑏𝑒𝑟𝑠	𝑎𝑟𝑒	𝑑𝑒𝑠𝑐𝑟𝑖𝑏𝑒𝑑	𝑖𝑛	𝑓𝑖𝑔𝑢𝑟𝑒	2.5.,	Sinninghe Damsté and de 

Leeuw, 1990) 

 

This ratio is recommended as a hypersalinity proxy for paleoenvironments, i.e. the ratio of <0.5 

reflects hypersaline environment (Sinninghe Damsté and de Leeuw, 1990). 

 

 

 

 
Figure 2.5. The schematic of mid chain C20 isoprenoid thiophene molecules. 

 

 

2.1.4. Biomarker proxies used to constrain thermal maturity 

2.1.4.1 Hopane group  
 
During thermal maturation, bonds can crack – with C-S and C-O bonds typically doing so 

before C-C bonds – and compounds will rearrange into more stereochemically stable 

configurations (e.g. Mackenzie et al., 1980).  This can negatively impact some proxies, i.e. the 

cracking of n-alkanes undermines their use as source indicators as discussed above. Similarly, 

the fidelity of GDGT-based temperature proxies (see below) is sensitive to thermal degradation 

(Schouten et al., 2004). Therefore, assessing the thermal maturity of sediments is important for 

S

VI. 
S

VII. 3-(4,8,12-trimethyltridecyl)thiophene

I. 5-(2,6-dimethylheptyl)-3-methyl-2-(3-methylpentyl)thiophene

III. 

S

IV. 5-(2,6-dimethyloctyl)-2-isopentyl-3-methylthiophene

3-methyl-2-(3,7,11-trimethyldodecyl)thiophene

 C20 isoprenoid thiophenes (I, II, III, IV, V, VI, VII)

 

S

S

II. 2-(3,7-dimethyloctyl)-3-methyl-5-(2-methylbutyl)thiophene

2-(3,7-dimethylnonyl)-5-isobutyl-3-methylthiophene S

S

V. 2,3-dimethyl-5-(2,6,10-trimethylundecyl)thiophene
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the evaluation of biomarker proxies and devising an analytical strategy. Stereochemical 

rearrangement, especially of hopanes and steranes, can be determined and used to assess 

thermal maturity. Hopanes (m/z 191) are ubiquitous biomarkers derived from 

bacteriohopanepolyols (BHPs; Quirk et al., 1984; Sinninghe Damsté et al., 1995). BHPs are an 

essential part of some bacterial membranes and are thought to contribute to their stability – 

analogous to sterols in eukaryotic membranes (Ourisson and Albrecht, 1992; Sinninghe 

Damsté et al., 1995). The carbon skeletons of BHPs and hopanes contain several chiral centres, 

mainly at C-17 and C-21 (but also at C-22 in >C31 hopanoids) and resulting in hopanoids with 

three stereoisomeric series, i.e. 17α,21β(H)-, 17β,21β(H)-, and 17β,21α(H)-hopanes (Seifert 

and Moldowan, 1980). The ββ series is almost ubiquitously the biological form (Ensminger, 

1977) but it is also the most thermally unstable. Therefore, during ongoing thermal maturation, 

the biological configuration of hopanes (ββ) converts to the βα and then the most stable αβ 

configurations. Therefore, the proportion of ββ over the other hopane configurations, i.e. ββ 

/(ββ+βα+ αβ) is used as a proxy for the thermal maturity of sediments (Seifert and Moldowan, 

1980; Mackenzie et al., 1980), Figure 2.6 

 

 
Figure 2.6. The schematic of molecules with the stereochemistry configurations of hopanes 

(bb, ba, ab, R, S). 

 

2.1.5. Biomarker proxies used to identify paleo sea surface temperature (SST) 

2.1.5.1 Isoprenoid GDGTs 

 
Isoprenoidal glycerol dialkyl tetraethers (isoGDGTs) are characteristic membrane lipids of the 

Archaea (Gambacorta et al., 1995; Uda et al., 2001). The Thaumarcharota belong to the domain 

Hopanes R

R=CH3, C2H5, C3H7, C4H9, C5H11

17
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Archaea (Woese et al., 1990) and are widespread in marine and terrestrial environments 

(Karner et al., 2001). The particular isoGDGTs synthesised by Thaumarchaeota are diverse but 

typically contain 0–3 cyclopantane moieties (GDGT 0–3) or contain four cyclopantane and one 

cyclohexane moiety (crenarchaeol (Cren.) and crenarchaeol regioisomer (Cren.¢). Experiments 

have shown that the relative distribution of cyclopentane and cyclohexane rings in the GDGTs 

strongly depends on the temperatures (Schouten et al., 2002), with cyclopentane ring number 

increasing with growth temperature. This was initially observed in sediment core-tops, with 

ring numbers being positively correlated to the temperature of overlying sea surface 

temperatures (Schouten et al., 2002). Hence, the distribution of GDGTs was proposed to be a 

SST proxy, most commonly via the TEX86 (TetraEther indeX of GDGTs with 86 carbons) ratio. 

TEX86 values in marine sediments (and lacustrine sediments) have been used to reconstruct 

SSTs from all around the world e.g. (Naafs and Pancost, 2016; O’Brien et al., 2017). The 

calibrations used in this thesis to reconstruct SST are TEX86H (Kim et al., 2010) and TEX86-

linear (O’Brien et al., 2017). TEX86H-SST has been recommended for reconstruction of 

SST>15°C (e.g. Cretaceous) and involves a combination of GDGT-1, GDGT-2, GDGT-3 and 

Cren.¢ Figure 2.7. GDGT index-2 is defined as below:  

 

GDGT index-2 (TEX86H) = log (EFEGH")&(EFEGH))&($JKL.¢)
(EFEGH!)&(EFEGH")&(EFEGH))&($JKL.¢)

  

TEX86H-SST= 68.4 ´ (GDGT index-2) + 38.6 (calibration error: ± 2.5 °C)  

 

TEX86–linear-SST is recommended by O’Brien et al. (2017) and is defined as below: 

 

TEX86 = (EFEGH")&(EFEGH))&($JKL.¢)
(EFEGH!)&(EFEGH")&(EFEGH))&($JKL.¢)

  (Schouten et al., 2002) 

TEX86–linear-SST= (TEX86−0.19)/0.017 (calibration error: ± 2.0°C) 

 
Some evidences indicate that TEX86 calibrations have geographical dependency and 

vary at different oceans and environments (Ho et al., 2014; Trommer et al., 2009). 

Therefore the calculated TEX86-SST might be biased by local effects (Tierney and 

Tingley, 2014). Tierney and Tingley (2015 and 2014) have developed a new 

GDGT-SST calibration, i.e. BAYSPAR model. BAYSPAR model SST calibration 

is not geographically dependant and is derived from linear-regression parameters. 

The MATLAB code used in BAYSPAR model SST calibrations is explained by 

Tierney and Tingley (2014, 2015).  
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It is noteworthy to mention that GDGT distribution can be influenced by various diagenetic 

factors. GDGTs are sensitive to thermal maturity (Schouten et al., 2004). If GDGTs are 

thermally alternated, then the GDGTs distribution is dominated by GDGT0 (Schouten et al., 

2013, 2004). Distribution of GDGTs is also influenced by sedimentary methanogenic (Koga et 

al., 1993; Weijers et al., 2006), evaluated by %GDGT-0 index (Sinninghe Damsté et al., 2012):  

 

%GDGT-0 = ( EFEGH-
EFEGH-&$JKL

)× 100 

 

%GDGT-0 is not yet calibrated for marine sediments. However in lacustrine sediments, if the 

%GDGT-0 index is >67 then GDGT distribution is considered to be biased by large 

contribution of methanogenesis derived GDGTs (Blaga et al., 2009; Sinninghe Damsté et al., 

2012). Distribution of GDGTs can be also influenced by methanotrophic archaea (Pancost et 

al., 2001; Wakeham et al., 2003). To evaluate the input of methanotrophic archaea, the 

Methane Index (MI) is applied (Zhang et al., 2011): 

 

MI = EFEGH!	&	EFEGH"	&	EFEGH)
EFEGH!	&	EFEGH"	&	EFEGH)&$JKLQ

 

 

In normal sedimentary conditions, MI values are <0.3 (the threshold of being influenced by 

methanotrophic GDGTs derived). 
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Figure 2.7. Schematic molecule structures of isoprenoidal glycerol dialkyl glycerol 

tetraethers (GDGTs) used to calculate TEX86 and related indices and their [M+H+] ion. 
 

 

2.2. Semple information 
 

Sediments and rocks analysed and discussed in this thesis are from two different time intervals:  

1. The Cretaceous, i.e. Aptian–Coniancian ~120–90 Ma (chapters 3 and 4)   

2. The Paleocene–Eocene ~56 Ma (chapters 5 and 6)  

 A brief summary of the sampling locations is provided in this chapter. More information such 

as site descriptions, lithology and sampling strategies are particularly explained in the 

appropriate chapters (Chapters 3, 4, 5 and 6). 

 

2.2.1. Samples from the Cretaceous (Aptian–Coniancian)  
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These sediments, obtained from the International Ocean Discovery Program (IODP), are from 

Deep Sea Drilling Project (DSDP) Site 364 (modern latitude: 11°34.32’S, 11°58.30’E, 2450 m 

water depth). Site 364 is located in the South Atlantic, and was drilled on the seaward edge of 

the salt plateau at the transition from the outer Kwanza Basin to the Benguela Basin (Leg 40 

Shipboard Scientific Party, 1978). Site 364 covers a 427 m cored section (46 cores) to a bottom 

depth of 1086 meter below sea floor (mbsf) (top of the Aptian evaporite and salt formations), 

and consists of Pleistocene to Lower Cretaceous sediments (Kochhann et al., 2014; Leg 40 

Shipboard Scientific Party, 1978). Site 364 is divided into seven lithological units (e.g. Leg 40 

Shipboard Scientific Party, 1978; Matsumoto et al., 1978). Sediments from Unit 7 (cores 45–

39; Aptian) and Unit 6 (cores 38–26; Aptian–Late Aptian) (Kochhann et al., 2013; Kochhann 

et al., 2014; Leg 40 Shipboard Scientific Party, 1978) were obtained to investigate the 

development of anoxia in the South Atlantic (chapter 3). Additionally, sediments from Unit 7– 

Unit 5 (Aptian–Coniancian; Kochhann et al., 2014, 2013; Leg 40 Shipboard Scientific Party, 

1978) are used to reconstruct sea surface temperature (SST) and carbon cycle perturbations 

(chapter 4).  

 

2.2.2. Samples from Paleocene–Eocene 
 
Peri-Tethyan Paleocene to Eocene sediments were collected prior to this study and are provided 

by collaborators, i.e. A.J. Dickson, H. Khozyem, H.R. Manners and S.T. Grimes. In particular, 

the sediments analysed span one of the most pronounced hyperthermal events, the Paleocene–

Eocene thermal maxima (PETM; Chapter 1), and the changes in temperature and redox changes 

across this event are described and explored in Chapters 5 and 6.  

These specific sediments originate from the northern-, southern- and western margins 

of the Peri-Tethys, and in some cases are represented by organic-rich black shales. The PETM 

black shales of the northern Peri-Tethys extend from Central Asia to Caucasus (e.g. Gavrilov 

et al., 2009, 2003), including the Guru-Fatima section located in the eastern (Central Asia) 

region and the Dzhengutay and Kheu River sections located in the western (Caucasus) regions, 

all three of which are discussed in Chapters 5 and 6. Sediments from Dababiya section located 

on the southern continental shelf (Khozyem et al., 2015) of the Peri-Tethys realm were also 

analyzed and are discussed in chapter 5. The Dababiya section is the Global Stratotype 

Standard Section and Point (GSSP) (Aubry et al., 2007), and one of the most expanded PETM 

sections. Sediments from Zumaia section, located in the western Peri-Tethys (North Atlantic) 

were also analyzed and are discussed in chapter 5. These sediments were deposited in lower to 

mid bathyal settings, at about 1km depth (Rodríguez-Tovar et al., 2011). The Zumaia section 
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is the most complete and representative section of the early Paleogene of the Pyrenees and a 

key reference for the Paleocene-Eocene boundary (Pujalte et al., 1998).  

2.3. Analytical Methods  
 
This section describes the analytical methods and the specific research techniques (protocols) 

by which samples were analyzed.  

 

2.3.1 Sample preparation  

Bulk samples were freeze-dried at -40°C, in order to remove excess water, and were powdered 

and homogenized using either a ball-mill (Retsch PM100 Ball Mill) device or a mortar and 

pestle. Sample powders were stored in furnaced glass jars. Between samples, the appliances 

were washed using double distilled water (DDS) and lab-grade acetone.  

2.3.2. Bulk Geochemistry 

 

To obtain total organic carbon (TOC) contents, total carbon (C) and inorganic carbon (IC) 

contents were determined using a CHN elemental analyzer Eurovector EA 3000 and Strohlein 

Coulomat 702, respectively. These elemental analyses were performed in duplicate, and the 

presented values are the mean of these duplicates. TOC was then determined by differences 

between total carbon and IC.  

To determine bulk organic stable carbon isotopic ratios (δ13Corg), IC was removed from 

total carbon (TC) using acidification (2M HCl acid). About 10 ml of hydrochloric acid (HCL) 

was added to ~5 g of sediments. Sample tubes were placed in a water bath and heated at ~60°C 

to 80°C for ~5 hrs to aid the reaction (also ensuring the removal of pyrite). Sample tubes were 

centrifuged, and hydrochloric acid was removed from the sediments. This procedure was 

repeated by adding fresh acid to sediments until there was no visible reaction. When 

decarbonated, sediments were washed with DDW until neutrality. Samples were then re-

powdered and dried in an oven at ~50°C for 24 hrs. ~10–25 µg of each sediment (depending 

on TOC content) were used to measure δ13Corg. These analyses were performed at the Open 

University, UK., using a Thermo Flash HT Elemental Analyser coupled to a Thermo Finnegan 

MAT 253 mass spectrometer (with the 1 σ uncertainty of 0.03 ‰ and 0.09 ‰ for IAEA CH-6 

and NIST 8573 standards, respectively).  

Rock-Eval analyses were performed using a Rock-Eval 6 instrument. Rock-Eval is a 

pyrolysis method using programmed heating under inert atmosphere (He) and is used to 
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identify the type and maturity of organic matter (Barker, 1974). To obtain hydrogen index (HI), 

oxygen index (OI) and Tmax values (the temperature at which the maximum release of 

hydrocarbons occurs during Rock-Eval pyrolysis and is an indication of thermal maturity), 

approximately 30–50 mg of dried sample powders were weighed for each measurement. These 

analyses were performed at Oxford University, UK.  

Bulk δ15N analysis was performed on a Thermo Scientific Flash IRMS Elemental 

Analyzer, coupled to a Delta V Advantage IRMS through a Conflo IV universal interface. δ15N 

values were calculated using the standards USGS40 and USGS41a (both are glutamic acid, 

purchased from USGS), along with several in-house laboratory standards (glutamic acid and 

tyrosine). These analyses were performed in Harvard University, US.  

 

2.3.3. Biomarker Extraction 
 
To obtain total lipid extracts (TLEs), 7 g of each sample were placed into microwave glass 

insert tubes. 10 ml of dichloromethane (DCM): methanol (MeOH) (9:1, vol) and a stirrer 

magnet were added to each tube. Extraction was performed using a microwave-assisted method 

(MILESTONIE Ethos Ex Microwave solvent extraction). The microwave program was set to 

a 10 min ramp to 70°C (max. 1000 W), followed by a 10 min hold at 70°C (max. 1000 W) and 

a 20 min cooling period. In order to monitor the temperature program, a fiber optic sensor was 

placed into the control sample. Following extraction, samples were centrifuged at 1500 rpm 

for 5 minutes in order to separate lipid extracts from sediments. To collect all the lipid extracts, 

the latter process was repeated (×4) by adding 10 ml DCM:MeOH (9:1, vol) to sediments. 

Lipid extracts were collected into round-bottom flasks (RB flasks).  

To obtain TLEs from organic lean sediments, larger masses (~30g) were extracted with 

220ml of a more polar mixture of dichloromethane (DCM): methanol (MeOH) (1:1, vol) using 

a Soxhlet apparatus for 24 hrs.  

After extraction and remove of elemental sulfur (2.3.4), the TLE was then concentrated 

using rotatory evaporation.  

 

2.3.4 Removal of sulfur 
Activated copper cuttings ware added to the TLEs and left for 24 hrs to react with 

elemental sulfur. If the copper turns black (CuS), the black cuttings are replaced with the new 

activated Cu cuttings. In cases, copper color does not change after 24 hrs, the reaction is 

completed and this is an indication that the sample is sulfur free.  
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2.3.5 TLE fractionation 

The TLE was then separated into three fractions (aliphatic, aromatic and polar) using short (4 

cm) silica gel open column chromatography. Firstly, the column was cleaned by hexane (x2), 

and then the TLE was introduced to the columns using approximately 1ml of hexane. Aliphatic, 

aromatic, and polar fractions were eluted using 3 ml of hexane, 4 ml of hexane:DCM (3:1) and 

4 ml of DCM:MeOH (1:2), respectively. All fractions were then dried under a gentle stream of 

N2.  

2.3.6 Filtration prior to LCMS 

Prior to the analysis of glycerol dialkyl glycerol tetraether lipids (GDGTs) on LCMS (2.1.6.4), 

polar fractions were filtered to remove particulate matter. To achieve that, the polar fractions 

(or TLEs) were dissolved in hexane:IPA (99:1) and passed through a 0.45 μm PTFE filter by 

a syringe with a bayonette adaptor. Then, the samples were dried under a gentle stream of N2 

and were dissolved in 60 µl hexane:IPA (99:1), prior to the injection into LCMS. 

 

2.3.7 Raney-Nickel desulfurization 

To desulfurize the polar fraction (Sinninghe Damsté et al., 1989), the polar fraction was 

dissolved in absolute ethanol (~2 ml) and refluxed at 120 °C under a nitrogen atmosphere. A 

1.5 ml suspension of Raney Ni (0.5 mg/ml) was added and refluxed for 1.5 hours under 

nitrogen. An additional 0.5 ml Raney Ni suspension was added to the sample after 30 and 60 

min. The desulfurization products were then centrifuged and extracted using DCM. The 

supernatant was transferred into a separation funnel and washed with saturated aqueous NaCl 

solution (30 ml). The DCM-layer was extracted and excess water removed using an anhydrous 

MgSO4 column. The desulfurized sample was separated into two fractions (apolar and polar) 

using a short flash column (4 cm) packed with alumina oxide. The apolar and polar fractions 

were eluted using 4ml of hexane:DCM (9:1) and 4 ml of DCM:MeOH (2:1), respectively. The 

apolar fraction was hydrogenated with platinum oxide (PtO2, one spatula tip) in ethyl acetate 

(3 ml) at room temperature. Excess ethyl acetate was removed using a MgSO4 (2 cm, bottom) 

and Na2CO3 (2 cm, top) column. G.N. Inglis and S.K. Lengger helped LB with this procedure.  
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2.3.8 (Semi-) quantification 

To quantify the abundance of biomarkers, an appropriate internal standard should be added to 

the sediments prior to extraction. However, the exact response factors (RF) for the biomarkers 

and internal standards were not determined here, therefore quantifications should be considered 

as semi-quantitative. Moreover, to quantify isorenieratane in the aromatic fraction, an aromatic 

standard was required which was not done here. Instead, C36 n-alkane (1.25 μg) was added as 

an internal standard to the aromatic fractions, following TLE fractionation. This was used to 

calculate the concentrations shown in this thesis in ng of compound per g of sediment, but we 

note the semi-quantitative nature of these determinations. 

 

2.3.9 Biomarker Analyses  

2.3.9.1 GC-FID  

Prior to the analysis of the samples on GS-MS (2.1.7.2), they were screened via Gas 

Chromatography-Flame Ionisation Detector (GC-FID), to adjust the injection concentrations 

for subsequent analyses. The sample was introduced and rapidly heated and vaporised at the 

injection port. Separation of organic compounds in gas chromatography (GC) is achieved via 

their interaction with a carrier inert gas (e.g. He) as the mobile phase and the solid film on the 

capillary column serving as the stationary phase. The separated organic compounds then 

combust (under H2 flame), and the resultant ions are detected by the flame detector (FID). GC-

FID analysis was performed on a Thermo Scientific Trace 1300 with a (50 m × 0.32 mm i.d.) 

Restek fused silica capillary column coated with 0.17 µm film thickness (Rtx-1). The injection 

volume was 1 µl. The GC programme was injection at 70 °C (1 min hold), heating to 130°C at 

a rate of 20°C/min, then to 300 °C at 4 °C/min, followed by a 24 min hold. 

 

2.3.9.2 GC-MS 

Biomarker distributions in the aliphatic, aromatic and desulfurized polar fractions were 

analysed by a gas chromatograph coupled with a mass spectrometer (GS-MS). In GC-MS, the 

mass spectrometer is a selective detector for identification of known analytes in complex 

mixtures. It measures the relative molecular masses (molecular weight) and molecular 

fragmentation patterns (mass spectra) of compounds eluted from the GC, making it possible to 
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deduce the molecular formulae and structures of compounds. Identification of molecules is 

achieved via a library of known compounds. Here, we have used electron impact mass 

spectrometry, in which the separated organic compounds (via GC; 2.1.7.1) experience electron 

impact in the source, bringing about ionisation and subsequent fragmentation. The resultant 

molecular ions and fragment ions are separated based on their mass (m) to charge (z) ratio and 

via a variable electromagnetic field applied by quadrupole rods at the detector. The power of 

voltage and therefore the applied electromagnetic field varies constantly, and at each power 

stage ions of specific m/z will be in resonance and move to the detector.  

GC-MS analysis was performed on a Thermo ScientificTM ISQ Series Single Quadrupole gas 

chromatography mass spectrometry (GC-MS) system. Separation of compounds was 

performed on a Zebron non-polar column (50 m × 0.32 mm, 0.10 µm film thickness). The 

injection volume and GC temperature programme were the same as for GC-FID. The mass 

spectrometer continuously scanned between m/z 50 and 650. Identification of biomarkers was 

carried out based on published retention times and spectra as well as comparison with standard 

samples.  

 

2.3.9.3. MRM-GC-MS (GC-MS-MS) 
 
Metastable Reaction Monitoring-gas chromatography-mass spectrometry (MRM-GC-MS) or 

GC-MS-MS is used to probe molecular structures via more detailed fragmentation, thereby 

achieving more robust identification compared to GC-MS. Generally, following GC-MS 

fragmentation, target (or precursor) ions are selected based on their specific m/z (for example, 

their molecular ions) and these are then induced to further fragmentation via collision with He 

yielding (product ions). Therefore, there are two mass analysis detectors, with a precursor ion 

selected in the first stage and the product ions being detected in the second stage. Therefore, 

even if the analyte contains two compounds with the same mass, it is very unlikely that the 

they would yield the same daughter ion spectra.  

The MRM GC-MS analyses were conducted at UC Riverside, US, and that system comprises 

a Waters AutoSpec Premier mass spectrometer interfaced to a HP 6890 gas chromatograph. 

For GC, splitless injection at 320°C and a DB-1MS coated capillary column (60 m × 0.25 mm, 

0.25 μm film thickness) were used, with He as carrier gas; the GC temperature program 

consisted of an initial hold at 60°C for 2 min, heat ng to 150°C at 10 °C/min followed by 

heating to 320°C at 3°C/min and a final hold for 22 min; analyses were performed in electron 

impact mode, with an ionization energy of 70 eV and an accelerating voltage of 8 kV. 

Polycyclic biomarker alkanes (tricyclic terpanes, hopanes, steranes, etc.) were quantified by 
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addition of a deuterated C29 sterane standard [d4-ααα-24-ethylcholestane (20R)] to aliphatic 

hydrocarbon fractions and comparison of relative peak areas.  

 

2.3.9.4. GC-IRMS 
 
Gas Chromatography - Isotope Ratio Mass Spectrometry (GC-IRMS) is used to measure the 

atomic isotopic ratios (e.g. δ13C) of GC-separated compounds. To achieve this, compounds 

eluting from the GC pass through a combustion reactor where they are oxidatively combusted 

to CO2 and H2O. Following this H2O is removed in a water separator, and CO2 enter into a 

reduction reactor to reduce to carbon. Following the reduction, the analytes are ionized in the 

mass spectrometry ion source. Similar to GC-MS, the ionized gasses are separated in a 

magnetic sector analyzer. The m/z 44, 45 and 46 ions (i.e. the molecular masses for 12CO2, 
13CO2 and C18O16O, respectively) are continuously detected at high sensitivity. The output from 

the detector is used to calculate the final stable isotope ratio.  

GCIRMS was conducted using an Agilent Industries 7890A gas chromatograph coupled to an 

IsoPrime 100 MS via a continuous flow combustion interface (GC-C-IRMS). Samples were 

introduced onto a capillary column (50 m x 0.32 m, 0.17 µm) using He for carrier gas. The GC 

oven temperature programme was the same as for GC-MS. Samples were measured in 

duplicate and the presented value is the mean of duplicates. δ13C values were are reported 

against the Vienna Pee Dee Belemnite (VPDB) standard, determined by bracketing with an in-

house gas (CO2) of known δ13C value. Instrument stability was monitored by regular analysis 

of an in-house fatty acid methyl ester standard mixture and the instrument’s long-term 

precision is ± 0.3‰. 

 

2.3.9.5. LC-MS  
 
The distribution of large, non-GC amenable organic molecules (~850 Daltons), i.e. GDGTs, 

can be determined by High Pressure Liquid Chromatography-Mass Spectrometry (HPLC-MS). 

The fractionation of the sample is performed by the interaction of the analyte with the liquid 

and stationary phase of the column. Unlike gas chromatography, the temperature is constant 

during the analysis, while the polarity of the liquid phase changes throughout. Following that, 

eluting components are detected and identified mass spectrometry in a manner analogous to 

GC-MS.  

For GDGT analyses, atmospheric pressure chemical ionization (APCI) is used, which 

generates both GDGT specific ions (i.e. loss of hydroxyl groups or glycerol moieties) and, 
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most importantly for identification, protonated molecular ions (M+H)+ ions. Here, HPLC-

APCI-MS was conducted with a ThermoFisher Scientific Accela Quantum Access triple 

quadrupole MS in selected ion monitoring mode. Normal phase separation was achieved with 

two HPLC BEH HILIC columns (2.1 mm x 150 mm, 1.7 µm i.d) at a flow rate of 0.2 ml/min. 

The initial solvent hexane:iso-propanol (IPA) (98.2:1.8) eluted isocratically for 25 min, 

followed by an increase in solvent polarity to 3.5% IPA in 25 min, and then by a sharp increase 

to 10% IPA in 30 min (Hopmans et al., 2016). After separation, to analyse isoprenoid and 

branched GDGTs, Selection Ion Monitoring (SIM) was performed at m/z: 1302, 1300, 1298, 

1296, 1294, 1292, 1050, 1048, 1046, 1036, 1034, 1032, 1022, 1020, 1018, 744, 659 (Schoon 

et al., 2013) to increase the sensitivity; during data processing GDGTs were analyzed and 

quantified using their respective molecular ion (M+H)+ chromatograms. 

 

2.3.9.6. Analysis of δ15Nporphyrin 

 
Prior to the δ15Nporphyrin analysis, porphyrin purification was conducted using silica gel open 

column chromatography. TLEs were separated into four fractions: F1, F2, F3, F4 were eluted 

with hexane (4ml), hexane:DCM (1:1, 4 ml),  DCM (5 ml), MeOH (4ml).  Porphyrins (Ni- and 

VO-chelated porphyrins) eluted in the middle two fractions, i.e. hexane/DCM (1:1) and 

DCM.  Subsequently, the porphyrin fractions were purified by HPLC (Agilent 1200 series) 

equipped with a multi-wavelength UV/Vis detector, using a method modified from Higgins et 

al. (2009). Porphyrin-containing fractions were injected onto two ZORBAX SIL columns (4.6 

x 250 mm, 5 μm) connected in series and eluted at 1 mL min-1 using the solvent gradient 

described in table 1. Porphyrin peaks were detected by absorbance at 393 and 405 nm.  

 
 

Time (min) % Hexane % Ethyl acetate % Methanol 
0 100 0 0 
3 80 15 5 
18 70 23 8 
22 60 30 10 
25 0 50 50 

30.5 0 25 75 
40.5 0 25 75 
45.5 60 30 10 
50 100 0 0 
90 100 0 0 
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Table 1. HPLC solvent gradient for chlorophyll purification, with elution at 1mL/min. 

 
 
δ15Nporphyrin of the mixed porphyrins was analyzed according to the methods in Higgins et al., 

(2009). Briefly, HPLC-purified porphyrins were placed in quartz tubes and oxidized under UV 

light in a biosafety cabinet for six hours, then dried and chemically oxidized using re-

crystallized 0.05 M K2S2O8 dissolved in fresh 0.15 M NaOH. Nitrate concentration was 

measured using a chemiluminescent NOx analyzer (Teledyne NO/NOx Analyzer 200E), and 

δ15Nporphyrin values were measured using the denitrifier method (Sigman et al., 2001), on a Delta 

V Advantage isotope ratio mass spectrometer with a custom built purge and trap system. 

Isotopic measurements were standardized to the N2 reference scale using standard reference 

materials IAEA N3 and USGS 34. Purification of porphyrin and δ15Nporphyrin measurements 

were conducted at Harvard University, US.  

 
 

2.3.10. Data Processing (Peak integration) 
 
Chromatogram peak areas were integrated manually using the manufacturer-supplied software, 

i.e. Thermo X-Caliber for GC-MS and LC-MS, and MassLynx V4.1 for GC-MS-MS, and Ion 

Vantage (version 1.5.6.0) for GC-IRMS.  

 

2.3.11. Time Series Analyses 
 
Time series analyses were performed in chapter 3 by S.J. Batenburg. Power spectra was 

generated with Redfit 3.8 (Schulz and Mudelsee, 2002), using a Welch window. A Matlab 

script was applied to generate wavelet power spectra (Grinsted et al., 2004). Band-pass filtering 

was performed with AnalySeries (Paillard et al., 1996), centered at the dominant periodicities, 

with bandwidths at ¼ of the center frequency.  
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 Abstract 
 
The extent and persistence of anoxia in the South Atlantic Ocean during its early opening phase 

in the Early Cretaceous is not well constrained, hindering a holistic understanding of the 

processes and mechanisms that drive past changes in water column redox conditions, as well 

as the impacts of such changes on marine ecosystems. Here we provide high-resolution 

geochemical records from Deep Sea Drilling Project (DSDP) Site 364 that document variations 

in redox conditions, chemocline depth, marine productivity and marine ecosystem dynamics 

in the northern South Atlantic during the Aptian. We show that many of these parameters varied 

across discrete sedimentary cycles expressed in the DSDP 364 succession. Our data indicate 

that during the initial stages of basin development, anoxic and euxinic conditions were 

prevalent, and occasionally extended into the upper water column. However, strong cyclicity 

in sedimentological and geochemical parameters imply that the anoxia/euxinia was not a 
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persistent state. We argue that the water column redox conditions during the Aptian were 

driven by changes in the hydrological cycle, induced by variations in astronomical forcing. We 

suggest that the episodically amplified hydrological cycle not only enhanced nutrient 

availability and marine productivity, but might also have caused density-driven upper ocean 

stratification. The presence of black shales of similar age in other ocean basins suggest that this 

mechanism is broadly important for the formation of Early Cretaceous organic-rich 

successions. 

 

3.1 Introduction 
 
The Cretaceous Period (~145–66 million years ago) was characterized by a greenhouse 

climate (Hay, 2008 and references therein), with elevated atmospheric CO2 levels (e.g. Foster 

et al., 2017; Naafs et al., 2016), high sea surface temperatures (SSTs) (e.g. Bice et al., 2006; 

Naafs and Pancost, 2016; O’Brien et al., 2017; Schouten et al., 2003), and little or no 

continental ice (Huber et al., 2002; MacLeod et al., 2013). Superimposed on this general 

greenhouse climate are the Oceanic Anoxic Events (OAEs). Classically, OAEs are time 

intervals associated with expansion of anoxia and deposition of organic rich black shales in the 

ocean (Jenkyns, 2010 and references therein), although some OAEs have also been identified 

in lake sediments (Xu et al., 2017). OAEs are associated with intense perturbations in global 

climate, ocean chemistry and global biogeochemical cycles (Jenkyns, 2010), reflected, for 

example, in the carbon isotope excursions (CIEs) that accompany the major OAEs. Some 

OAEs have been associated with a positive CIE (e.g. OAE 2), others with a negative CIE 

(Toarcian OAE) and some, like OAE 1a, contain both (see review by Jenkyns, 2010).  

The occurrence of anoxia during the Cretaceous, however, was not exclusive to OAEs, 

as black shales formed at more limited regional scales at other times (e.g. Huang et al., 2010). 

The regional formation of black shales is dominated by local factors, e.g. changes in nutrient 

availability, hydrology and water column stratification, and basin morphology. Preservation of 

organic rich sediments is frequently linked to the development of anoxia, induced by either 

increased primary productivity and organic matter export overwhelming the rate of organic 

matter (OM) remineralization, and/or decreased oxygen flux resulting in decreased OM 

remineralization. Black shales can occur as both singular sedimentary units or as repetitive 

units interbedded with organic lean facies (Beckmann et al., 2005; Hofmann & Wagner, 2011; 

Huang et al., 2010; Kuypers et al., 2004; Malinverno et al., 2010; Meyers et al., 2006; Wagner 

et al., 2004), the latter which is often attributed to climate variability driven by astronomical 
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forcing during the Cretaceous. Identifying the factors involved in the formation of Cretaceous 

black shales can provide a better understanding of Cretaceous biogeochemical cycles and 

climate feedbacks, as well as the formation of hydrocarbon source rocks.  

Within the Cretaceous, the Aptian Stage is of particular interest as the opening of the 

S. Atlantic started during this time period, leading to the development of a series of local rift 

basins in the Southern and Equatorial South Atlantic that were potentially prone to the 

development of black shales (e.g. Pérez-Díaz and Eagles, 2017). In addition, one of the major 

OAEs occurred during the Aptian: OAE 1a (T J Bralower et al., 1994). Therefore, there is much 

interest in the Aptian carbon cycle on both short (e.g. Huang et al., 2010) and long timescales 

(T J Bralower et al., 1994; Jenkyns et al., 2012). However, to the best of our knowledge there 

are remarkably few studies on Aptian organic carbon production and preservation from the 

South Atlantic (Simoneit, 1978; Raynaud & Robert, 1978; Foresman, 1984; Stein et al., 1986; 

Zimmerman et al., 1987; Bralower et al., 1994; Jenkyns et al., 2012; Naafs & Pancost, 2014) 

or even the Southern Hemisphere (van Breugel et al., 2007) and most of these are of low 

stratigraphic resolution. Almost all orbitally resolved records (i.e. with sampling steps at <~10–

20 kyr intervals) from this period are from Europe (e.g. Huang et al., 2010). Early ocean drilling 

expeditions (e.g. Leg 40 Shipboard Scientific Party, 1978) recovered Aptian black shales in the 

northern South Atlantic and described the organic rich to organic lean interchanging nature of 

these successions. However, the triggering factors involved in the formation of these organic 

rich layers and their alternating nature are not fully constrained. Here, we provide high-

resolution records of total organic carbon (TOC), total sulfur (TS) and carbonate (%CaCO3) 

contents to trace astronomically-paced variations in the depositional environment of the 

northern South Atlantic (Site 364, at ~25 °S paleolatitude) during the Aptian. In addition, high-

resolution molecular organic geochemical analyses are provided from selected intervals to test 

whether apparently astronomically-forced variations in sedimentary facies are related to 

primary marine productivity, chemocline expansion or marine anoxia. 

 

3.2 Samples and Methods 

3.2.1 Sampling location and lithology 
 
Deep Sea Drilling Project (DSDP) Leg 40, Site 364 (modern latitude: 11°34.32’S, 11°58.30’E, 

2450 m water depth), is located in the Kwanza Basin of the South Atlantic (Leg 40 Shipboard 

Scientific Party, 1978) and was drilled on the seaward edge of the salt plateau at the transition 

from the outer Kwanza Basin to the Benguela Basin (Leg 40 Shipboard Scientific Party, 1978). 
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Site 364 covers a 427 m cored section (46 cores) to a bottom depth of 1086 meter below sea 

floor (mbsf) (top of the Aptian evaporite and salt formations), and consists of sediments that 

are Pleistocene to Early Cretaceous in age (Kochhann et al., 2014; Leg 40 Shipboard Scientific 

Party, 1978).  

Site 364 is divided into seven lithological units (e.g. Leg 40 Shipboard Scientific Party, 

1978; Matsumoto et al., 1978), with Units 6 and 7 investigated here. Unit 6 is predominantly 

composed of calcium carbonate (limestone), with a TOC content < 3 wt.%. The underlying 

Unit 7, the deepest lithological section of Site 364, comprises dolomitic limestones and thin 

black shales, with TOC contents as high as 40 wt.% (Leg 40 Shipboard Scientific Party, 1978; 

Matsumoto, 1978; Raynaud & Robert, 1978; Simoneit, 1978). On the basis of the proportion 

of black shales, Unit 7 is divided into two subunits: 7a (Cores 39 to 41) with fewer and 7b 

(Cores 42 to 46) with more abundant and more intense black shale horizons (Leg 40 Shipboard 

Scientific Party, 1978). Guided by previous work (Leg 40 Shipboard Scientific Party, 1978; 

Naafs & Pancost 2014), we mainly focus on subunit 7b (1020–1086 mbsf), characterized by 

the highest TOC contents and apparent pronounced cyclic variation in lithology. The timing of 

deposition of Unit 7 (Aptian) and Unit 6 (Aptian–Late Aptian) coincided with the initial 

opening of the South Atlantic and deepening of the basin (Zimmerman et al., 1987). During 

this time DSDP Site 364 was located at approximately 25°S, 10°W paleolatitude. 

Biostratigraphic evidence indicates that sediments at Site 364 were deposited on a continental 

shelf setting (Kochhann, et al. 2014). The paleodepth of Site 364 during the Early Cretaceous 

(Unit 7) is estimated to be ~300–400 m (Zimmerman, 1987). 

 

3.2.2 Analytical methods 
 
A total of 288 samples were obtained from the International Ocean Discovery Programme 

(IODP) Bremen Core Repository, Germany. Unit 7b was sampled with a resolution of ca. 10 

cm (250 samples). 34 samples were taken from Unit 7a and Unit 6 at a lower resolution. Bulk 

samples were freeze-dried to remove excess water and were powdered using either a ball-mill 

device or a mortar and pestle.  

3.2.2.1 Bulk geochemistry  
 
Total carbon (C) and inorganic carbon (IC) contents were determined using a CHN elemental 

analyzer Eurovector EA 3000 and Strohlein Coulomat 702, respectively. All elemental 

analyses were performed in duplicate and the presented data reflect the mean of these 

duplicates. Total Organic Carbon (TOC) was determined by C and IC differences. To analyze 
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bulk organic stable carbon isotopic ratios (δ13Corg), inorganic carbon was removed using 2M 

HCl acid. Sample tubes were placed in a water bath and heated at ~60°C to 80°C for 5 hours 

to aid the reaction (also ensuring the removal of pyrite). Samples were then re-powdered and 

dried in an oven at 50°C for 24 hours. Between 10 and 25 µg of each sample (depending on 

TOC content) were used to measure δ13Corg at the Open University, UK. δ13Corg was measured 

using a Thermo Flash HT Elemental Analyser coupled to a Thermo Finnegan MAT 253 mass 

spectrometer (with the 1 σ uncertainty of 0.03 ‰, 0.09 ‰ and 0.01‰ for IAEA CH-6, NIST 

8573 and IR-R041 standards, respectively; n=20).  

A selection of 68 samples from Unit 7b with an average resolution of ~50 cm were 

selected for Rock Eval analyses. Rock-Eval analyses were performed using a Rock-Eval 6 

instrument to obtain estimates of the hydrogen index (HI) and the temperature of maximum 

hydrocarbon generation (Tmax). Respective 2σ uncertainties were estimated with repeated 

measurements of an in-house shale standard (St. Audries Bay Shale), and were 3 mg HC/g 

TOC and 19oC. Approximately 30–50 mg of dried sample powders was weighed for each 

measurement. 

 

3.2.2.2 Biomarker extraction 
 
The same 68 samples used to obtain Rock Eval data from Unit 7b, alongside 14 samples from 

Unit 7a and 20 samples from Unit 6, were selected for detailed biomarker analysis. To obtain 

total lipid extracts (TLEs), 14 g of each sample was extracted with 20 ml of dichloromethane 

(DCM): methanol (MeOH) (9:1, vol) by microwave-assisted method (MILESTONIE Ethos Ex 

Microwave solvent extraction). The microwave program consisted of a 10 min ramp to 70°C 

(max. 1000 W), followed by a 10 min hold at 70°C (max. 1000 W) and a 20 min cooling period. 

Activated copper turnings were added to the TLEs for 24 hrs to remove elemental sulfur. The 

TLE was then concentrated using rotatory evaporator and separated into three fractions 

(aliphatic, aromatic and polar) using short (4 cm) silica gel open column chromatography. 

Aliphatic, aromatic, and polar fractions were eluted using 3 ml of hexane, 4 ml of hexane:DCM 

(3:1) and 4 ml of DCM:MeOH (1:2), respectively. All fractions were then dried under a gentle 

stream of N2. To quantify the abundance of aromatic biomarkers, 1.25 μg of C36 n-alkane was 

added as an internal standard to the aromatic fractions. We did not determine exact response 

factors for the aromatic biomarkers and the quantifications should thus be considered as semi-

quantitative.  

Incorporation of inorganic sulfur into unsaturated bonds of hydrocarbons within the 

water column or sediment results in the formation of sulfurized hydrocarbon moieties in the 
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polar fraction (Sinninghe Damsté & de Leeuw, 1990), potentially biasing the biomarker results 

if only the aliphatic and aromatic fractions are analyzed. To explore some aspects of the 

sulfurized biomarker assemblage, the polar fraction of one black shale sample from Unit 7b 

was desulfurized using Raney Nickel desulfurization and subsequent hydrogenation 

(Sinninghe Damsté et al., 1989).  

 

 

3.2.2.3 Biomarker analysis 
 
Biomarker distributions in the aliphatic, aromatic and desulfurized polar fractions were 

analyzed using a Thermo ScientifictTM ISQ Series Single Quadruple gas chromatography mass 

spectrometry (GC-MS) system. Separation of compounds was performed on a Zebron non-

polar column (50 m x 0.32 mm, 0.10 µm film thickness). The injection volume was 1 µl. The 

GC programme was injection at 70 °C (1 min hold), heating to 130°C at a rate of 20°C/min, 

then to 300 °C at 4 °C/min, followed by a 24 min hold. The mass spectrometer continuously 

scanned between m/z 50 and 650. Identification of biomarkers was carried out based on 

published retention times and spectra as well as comparison with standard samples.  

In addition to the classical GC-MS system, 27 samples from Core 43 were analyzed 

using Metastable Reaction Monitoring-gas chromatography-mass spectrometry (MRM-GC-

MS) conducted at UC Riverside, US to identify and quantify isomers of methylsteranes and 

methylhopanes. The MRM GC-MS system operates on a Waters AutoSpec Premier mass 

spectrometer equipped with a HP 6890 gas chromatograph and DB-1MS coated capillary 

column (60 m × 0.25 mm, 0.25 μm film thickness) using He as carrier gas. The GC temperature 

program consisted of an initial hold at 60°C for 2 min, heating to 150°C at 10 °C/min followed 

by heating to 320°C at 3°C/min and a final hold for 22 min. Analyses were performed via 

splitless injection at 320°C in electron impact mode, with an ionization energy of 70 eV and 

an accelerating voltage of 8 kV. MRM transitions for C27–C35 hopanes, C31–C36 

methylhopanes, C21–C22 and C26–C30 regular (4-desmethyl) steranes, C30 methylsteranes and 

C19–C26 tricyclics were monitored. Polycyclic biomarker alkanes (tricyclic terpanes, hopanes, 

steranes, etc.) were quantified by addition of a deuterated C29 sterane standard [d4-ααα-24-

ethylcholestane (20R)] to aliphatic hydrocarbon fractions and comparison of relative peak 

areas.  

Compound specific δ13C of the saturated hydrocarbon fraction was determined for two 

samples (one carbonate and one black shale) to explore the source of the biomarker 

2,6,10,15,19-pentamethylicosane (PMI; e.g. Pancost et al., 2000). For this purpose, we used an 
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Agilent Industries 7890A gas chromatograph coupled to an IsoPrime 100 GC-combustion-

isotope ratio MS (GC-C-IRMS) system. Samples were introduced onto a capillary column (50 

m x 0.32 m, 0.17 µm film thickness) using He for carrier gas. The GC oven temperature 

programme was the same as for GC-MS analyses. Samples were measured in duplicate and the 

presented value reflects the mean of duplicates. δ13C values were converted to Vienna Peedee 

Belemnite (VPDB) by bracketing with an in-house gas (CO2) of known δ13C value. Instrument 

stability was monitored by regular analysis of an in-house fatty acid methyl ester standard 

mixture; long-term precision is ± 0.3‰.  

3.2.3 Time series analyses 
 
Time series analyses were performed on the whole TOC dataset of Unit 7b (Cores 42-45) and 

on the upper interval from 1024.62 to 1037.92 mbsf (Cores 42 and 43). Power spectra were 

generated with Redfit 3.8 (Schulz and Mudelsee, 2002), using a Welch window. A Matlab 

script was applied to generate wavelet power spectra (Grinsted et al., 2004), and band-pass 

filtering was performed with AnalySeries (Paillard et al., 1996), centered at the dominant 

periodicities, with bandwidths at ¼ of the center frequency (details in the caption for Figure 

3.3). 

 

3.3 Results 

3.3.1 Elemental analyses  
 
TOC contents at Site 364 vary significantly (Figure 3.1), from less than 1 wt.% up to 40 wt.%. 

Highest TOC contents occur in Unit 7b, which displays regularly paced variations between 

organic lean carbonates with around 1 wt.% TOC (typically ranging from 0.5 % to 2 wt.%) and 

sapropelic black shales with up to 40 wt.% TOC (typically ranging from 10 to 25 wt.%). Unit 

7a is characterized by similar cyclic variations, but with a lower maximum TOC content up to 

11 wt.%. Unit 6 consists predominately of carbonates with maximum TOC contents of 1-3 

wt.%. Elemental sulfur contents exhibit similar variations as TOC contents, with the maximum 

values of 11 wt.% occurring in black shale horizons of Unit 7b and lower values in Unit 7a and 

6. 
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Figure 3.1. Lithology (Leg 40 Shipboard Scientific Party, 1978), bulk δ13Corg, total organic 

carbon (TOC) content, and sulfur content across Units 7b, 7a, and Unit 6 (1070-890 mbsf) for 

DSDP Site 364. Note the presence of multiple core gaps. 

 
 
 

3.3.2 Time series analysis  
 
The dominant periodicities in the depth domain over the whole Unit 7b TOC dataset (Cores 

42–45) are 46 cm and 73 cm (above the 99% confidence level) (Figure 3.2, left panel). When 

analysing only the upper part of the record from 1024.62 to 1037.92 mbsf (Cores 42 and 43), 

the dominant periodicity is again 46 cm (above the 99% confidence level) (Figure 3.2, right 

panel), but a periodicity of 2.4 m can also be detected with more than 80% confidence. The 

differences between the power spectra of the entire record (revealing 46 and 73 cm 

periodicities) and that of only Cores 42 and 43 (46 cm and 2.4 m periodicity) is likely caused 

by the core gaps in the longer record. The wavelet spectrum of TOC (Figure 3.3) confirms 
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these findings, revealing the presence of 46 cm and 2.4 m periodicities from 1024.62 to 1037.92 

mbsf (Cores 42 and 43) (Figure 3.3, right panel) and the persistent presence of the 46 cm 

periodicity through all of Unit 7b TOC dataset (Cores 42-45), where data are available (Figure 

3.3, left panel). 

 

 

 
 

Figure 3.2. Redfit 3.8 power spectra of the TOC record for the entirety of Unit 7b between 

1066 and 1024 mbsf (left) and of the upper interval of Unit 7b only from 1024 to 1038 mbsf 

(right). Confidence levels are given in dashed lines and dominant periodicities are labelled.  
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Figure 3.3. TOC content and evolutionary spectra of the TOC record in the depth domain. The 

left figure shows the spectrum for the entirety of Unit 7b and depicts the band-pass filters 

centered at 0.46 m (bandwidth 0.37 – 0.60 m). The figure on the right spans only the upper part 

of Unit 7b and depicts the band-pass filters centered at 46 cm (bandwidth 0.37 – 0.61 m) and 

2.4 m (bandwidth 1.9 – 3.2 m). 

 

 

3.3.3 Rock-Eval  
 
Hydrogen indices (HIs) for Unit 7b range from undetectable in some organic lean carbonates 

to 740 mg HC/g TOC in black shales (Figure 3.4). In the organic rich black shales, bulk OM 

is hydrogen-rich (HI on average ~440) type I/II kerogen, whereas in carbonates with low TOC, 

OM is dominated by oxygen-enriched but hydrogen depleted (mean HI ~110) type III kerogen. 

Tmax values range from 387 to 440 °C, and are generally lower in black shales (mean ~395) 

than carbonates (mean ~420). 
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3.3.4 TOC stable carbon isotopes (δ13Corg) 
 
Bulk δ13Corg values vary between -28 and -24 ‰ across Unit 7b (Cores 45–42) (Figure 3.1). 

There is no variation with lithology, but the δ13Corg record does exhibit a 2 ‰ positive excursion 

in Sections 2 and 3 of Core 43 at around 1035 mbsf (Figure 3.1). δ13Corg values in the upper 

parts of the section (Unit 7a and 6) are again stable, but lower than those of Unit 7b with values 

between -26 and -24‰. 

 

3.3.5 Aliphatic compounds  
 
As shown previously (Hartwig et al., 2012; Naafs and Pancost, 2014; Simoneit, 1978), the 

aliphatic hydrocarbon fractions contain a mixture of n-alkanes, isoprenoids (pristane and 

phytane), steranes and hopanes. The organic rich black shale aliphatic fraction comprises 

mainly short chain n-alkanes (C14–C21) with no obvious odd-over-even predominance, long 

chain (C25–C37) n-alkanes with a slight odd-over-even carbon number predominance 

(CPI~1.6), C27–C35 hopanes, C27– C29 regular steranes and acyclic isoprenoids such as pristane 

(Pr) and phytane (Ph). The organic lean carbonates are also dominated by short chain n-alkanes 

(C16–C21) with no obvious carbon number preference and pristane (Pr) and phytane (Ph); also 

present are long chain n-alkanes (C25–C29), C27–C31 hopanes and C27–C29 regular steranes. The 

ratio of the short to long chain n-alkanes [C17/(C17+C31)] in both organic rich and organic lean 

intervals is ~0.9. The ratio of steranes (only the regular steranes, see below) to hopanes, 

expressed here as ∑STKJULKV	($WXH$WY)∑Z[\ULKV	($WXH$]^)
, is higher in black shales (0.86, with a typical range 

between 0.6 and 1.5) than carbonates (0.76, with a typical range between 0.4 and 1) (Figure 

3.6). The C31 hopane maturity index (C31 __
__&_`&`_

) in both  
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 Figure 3.4. Lithology (Shipboard Scientific Party, 1984), bulk δ13Corg, total organic carbon 

(TOC) content (grey), sulfur content (red), free isorenieratane, lycopane ratio, C20 isoprenoid 

and hydrogen index (HI) across Units 7b (1066–1024 mbsf) for DSDP Site 364. The presence 

of high amplitude-short term cyclic variations in both TOC and sulfur content. The mechanisms 

are studied with a higher resolution (10 cm-1) in four representative cycles (1037.5-1035.5 

mbsf) from Core 43, highlighted by a grey band.  

 

 

organic rich and organic lean intervals is approximately 0.15; expressing the alternation in the 

biologically stereochemistry in a significant portion of the hopane stereoisomers, consistent 



Astronomically driven variations in depositional environments in the SA 
 

 45 

with the thermal maturity of the host strata. The acyclic isoprenoid, 2,6,10,15,19-

pentamethylicosane, PMI; derived from both methanotrophic (e.g. Pancost et al., 2000) and 

methanogenic (Schouten et al., 1997) Archaea, occurs in both lithologies. TOC-normalized 

concentrations of PMI in Cores 42–45 are higher in the carbonate intervals than the black shales 

(Figure 3.7). The δ13C values of PMI in a black shale and carbonate samples from Unit 7b are 

-28 ‰ and -29 ‰, respectively. Lycopane is rarely present in carbonates, and occasionally 

abundant in black shales of Unit 7b. The lycopane/C31 n-alkane ratio can be applied as a proxy 

for anoxic conditions in the water column (Sinninghe Damsté et al., 2003). Lycopane ratios are 

around 2 in black shales of Unit 7b but reach values as high as 5.5 in some horizons (Figure 

3.4 and Figure 3.5). Lycopane is largely absent in the Units 7a and 6.   

 

3.3.5.1 MRM (GC-MS-MS) 
 
In addition to the aliphatic biomarkers, both organic rich and organic lean samples contain 

methylsteranes. However, due to low abundances and co-elution, their identification required 

the use of MRM-GC-MS. As such, MRM-GC-MS was used to discriminate and confirm the 

presence of a full range of 4(α,β),23,24-trimethylcholestane isomers (dinosteranes, m/z 414 → 

231 transition), 4(α,β)-methylstigmastanes (m/z 414 → 231 transition), as well as 24-n-

propylcholestane (C30, m/z 414 → 217 transition) and the commonly observed C27–C29 regular 

steranes. Both regular and 4-methylsteranes occur in abundance in both organic-lean and 

organic-rich stratigraphic intervals and dominate 2-methylsterane and 3-methylsterane. 

However, the relative abundance of 24-n-propylcholestane (24-npc) to C27–C30 regular steranes 

varies between 2–3.5%, with the highest values in black shales (Figure 3.6). Similarly, the 

proportion of dinosteranes and 4-methylstigmastanes relative to total regular steranes and C30 

4-methylsteranes is generally higher in black shales (0.11–0.4) than in the carbonates (0.1–

0.17, Figure 3.6). The proportion of 4-methylstigmastanes relative to dinosteranes is higher in 

black shales (mean ~0.9) than in carbonates (mean ~0.7) (Figure 3.6). MRM analysis also 

revealed trace abundances of 3β-methylhopanes (m/z 205) in both carbonates and black shales. 

The abundance of C31 3β- methylhopane relative to C30 hopane and C31 3β- methylhopane (3β- 

methylhopane index;	( /]^	)_HaKTZbcZ[\ULKV
/]^	)_HaKTZbcZ[\ULKV&	/]d	Z[\ULK

) ) is generally higher in carbonates (2–

4%) than black shales (<1–2%) (Figure 3.7). 

 

3.3.5.2 Thiophenes  
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The aliphatic hydrocarbon fractions also contain a series of n-alkyl and isoprenoidal 

thiophenes, organic sulfur compounds (Sinninghe Damsté and de Leeuw, 1990 and refrences 

therein). Both classes of thiophenes are largely absent in the organic lean intervals. The C20 

isoprenoid thiophene (m/z 308) is the most abundant isoprenoidal homologue. The C20 

isoprenoid thiophene ratio ( 011&01
1&11&111&10&0

; for details see Figure 3.8) ranges between 0.2 and 1 

(Figure 3.4). 

 

3.3.6 Aromatic compounds 
 
The aromatic fraction from organic rich intervals in Unit 7b comprises, among other 

compounds, isorenieratene, C35 hopane stereoisomers with thiophene rings, isoprenoid 

thiophenes and isoprenoid thiolane. Of particular significance for this study is the presence of 

isorenieratane (m/z 546 and characteristic fragments of m/z 131+133), derived from 

isorenieratene, a carotenoid predominantly produced by phototrophic brown-pigmented green 

sulfur bacteria (Chlorobiaceae, Imhoff, 1995). Isorenieratane concentrations vary from 0 to 

900 ng/g with highest values in organic rich intervals (Figure 3.4 and Figure 3.5). Although 

largely absent, isorenieratane also occurs in some of the organic lean carbonates of Unit 7b (<6 

ng/g) (Figure 3.4 and Figure 3.5). Isorenieratane was not detected in Units 7a and 6, including 

the black shales in those core sections. 

 

3.3.7 Desulfurized polar compounds 
 
Similar to the aliphatic fraction of organic rich rocks, the apolar fraction of the desulfurized 

samples are dominated by short chain n-alkanes (C16-C21) with no clear odd-over-even 

predominance, pristane (Pr) and phytane (Ph), PMI, lycopane (lycopane ratio~1.4), and regular 

steranes (C27-C29, S and R isomers, base peak at m/z 217). Unlike the aliphatic fractions, long 

chain (C25-C40) n-alkanes in desulfurized fractions do not exhibit any odd-over-even carbon 

number predominance (CPI~1). Moreover, the hopanes are dominated by the C35 homohopane, 

as is often the case for desulfurized polar fractions (e.g. de Leeuw and Sinninghe Damsté, 

1990). Consistent with the composition of the aromatic fractions, the desulfurized polar 

fractions contain isorenieratane. Desulfurization also yielded chlorobactane (base peak at m/z 

133, molecular ion m/z 554), a derivative of chlorobactene, derived from green-pigmented 

green sulfur bacteria,  Chlorobiaceae (Imhoff, 1995).  

 



Astronomically driven variations in depositional environments in the SA 
 

 47 

3.4 Discussion  
 
To explore the processes governing palaeoceanographic and carbon burial processes across 

multiple timescales, we first discuss the long-term decrease in TOC content from Unit 7b to 

Unit 6 (1080–880 mbsf), considering it in the context of the opening phase of the South Atlantic 

Ocean (section 4.1). This is followed by a discussion that focuses on the short term-high 

amplitude cyclic variations observed in the bulk records (TOC and S) and a high-resolution 

biomarker study of Unit 7b (1080–1025 mbsf), providing detailed insights in the depositional 

environment (section 4.2), the intensity of anoxia (section 4.3), and variations in the ecology 

(section 4.4) of the basin during the Aptian, methane cycling (4.5) and ultimately the processes 

behind these variations (section 4.6).  

 

3.4.1 Long term redox changes during the opening of the South Atlantic  
 
Units 7b to Unit 6, spanning ~200 meters of sediment of Aptian to late Aptian age, are 

characterized by relatively stable δ13Corg values between -28 to -26 ‰ (Figure 3.1). However, 

sediments in Core 44 and 43 (Unit 7b) demonstrate a ~2‰ shift to more positive values (Figure 

3.1 and Figure 3.4). This positive carbon isotope excursion could be interpreted as a reflection 

of enhanced carbon burial, and considering the age of these sediments (Aptian), it could 

potentially be attributed to the later stages of OAE 1a at around 120 Myr. OAE 1a is 

characterized by a brief negative and subsequent prolonged positive carbon isotope excursion 

(Menegatti et al., 1998) related to the input of isotopically light carbon into the ocean-

atmospheric system and subsequent increased burial of 12C-enriched organic matter. At Site 

364 the positive carbon isotope excursion occurs directly above a ~13 m long coring gap, which 

might explain the lack of a negative carbon isotope excursion that is characteristic for the onset 

of OAE 1a. As such, the sediments recovered in Core 44 and 43 likely only represent the later 

stages of OAE 1a. Evidence of (the later part of) OAE 1a is also recorded in the evaporites of 

the Brazilian margin of the S. Atlantic (Tedeschi et al., 2017). 

The most significant characteristic of the Aptian–late Aptian sediments at Site 364 is 

the long-term decrease in (maximum) TOC content from Unit 7b (max. 40 wt.%) to Unit 7a 

(max. 11 wt.%) and Unit 6 (max. 3 wt.%). This change is accompanied by a parallel decrease 

in sulfur content (Figure 3.1). Although present in Unit 7b, the biomarker isorenieratane, 

indicative of photic zone euxinia (e.g. Koopmans et al., 1996) is absent in Units 7a and 6. The 

absence of lycopane, a biomarker predominantly produced in anoxic zones (Sinninghe Damsté 
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et al., 2003 and references therein) in Unit 6 is also consistent with an overall decrease in the 

intensity of anoxia/euxinia in the basin throughout the Aptian.  

Although the rifting process initiated in the Late Jurassic (e.g. Sibuet et al., 1984 and 

references therein), recent studies suggest that the northern South Atlantic basins remained 

isolated from significant oceanic water influx from the south until the Late Cretaceous (Pérez-

Diaz and Eagles, 2014; Pérez-Díaz and Eagles, 2017). The South Atlantic basins also remained 

restricted to the north until sometime between the Aptian and Campanian stages, when a north-

south Atlantic connection became established (Kochhann et al., 2013) and gradually intensified 

(Friedrich and Erbacher, 2006; Voigt et al., 2013). We therefore attribute the long-term 

decrease in TOC content, intensity of anoxia, and disappearance of photic zone euxinia to the 

gradual opening of the South Atlantic, deepening of the basin, and an associated decrease in 

basin restriction, which changed the sensitivity of the basin to climatic and depositional 

perturbations.  

Although restricted, the basin was not uniformly anoxic/euxinic during the deposition 

of Unit 7b, as revealed by the cyclicity in TOC contents and the rhythmic occurrence of 

biomarker evidence of anoxia/euxinia (discussed below). Evidently, the basin geometry, with 

limited connectivity to the open ocean, pre-conditioned it for climatically induced changes in 

productivity and anoxia, similar to the Mediterranean during the Quaternary (Menzel et al., 

2003; Meyers, 2006; Rohling, 1994) or as seen in the Deep Ivorian Basin to the north (ODP 

Site 959) during the Coniacian to Santonian (Beckmann et al., 2005; Hofmann et al., 2003; 

Wagner & Pletsch, 1999). This paleodepositional model is discussed further in section 4.2. 

 

3.4.2 High amplitude, short term cyclic variations in TOC contents and Rock Eval 

hydrogen indices 

Superimposed on the long-term changes in TOC and sulfur content and shifts in biomarker 

distribution, are high amplitude, short-term cyclic variations that are especially pronounced in 

Unit 7b (Figure 3.4). These cycles are most prominent in the high-resolution TOC record, but 

are also visible in biomarker records (Figure 3.5, 3.6 and 3.7). The power spectrum of the high-

resolution TOC record from Unit 7b highlights the strong periodicity of organic rich black 

shales with a regular spacing of 46 cm (Figure 3.2 and Figure 3.3). The difference between the 

power spectra of the entirety of Unit 7b (Cores 42–45) and only Cores 42 and 43 likely stems 

from the large coring gaps in Unit 7b. Nonetheless, both records highlight the dominance of a 

46 cm periodicity. This observation suggests that rhythmically paced changes in the 

depositional environment occurred in the basin during the Early Cretaceous. This cyclicity 
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bears a strong resemblance to the astronomically paced formation of organic rich sapropels at 

Deep Ivorian Basin (ODP Site 959) during the Coniacian (Beckmann et al., 2005); at Demerara 

Rise (Leg 207) during the Cenomanian–Turonian (Flögel et al., 2008; Hofmann & Wagner, 

2011; Meyers et al., 2006); at Site 530 during the Cenomanian– 

Turonian (Arthur et al., 1984; Deroo et al., 1984; Forster et al., 2008; Stow and Dean, 1984); 

and at Site 1138 during the Cenomanian–Turonian (Dickson et al., 2017).  

To constrain these cycles to specific astronomical frequencies requires rigorous age constraints. 

Unfortunately, these are not available for Site 364 because Unit 7b does not have a precisely 

defined chronology and is characterized by coring gaps. However, the black shale layers appear 

to cluster in groups of five in the upper part of the section (Cores 42-45), bundled within the 

longer 2.4 m cycles (Figure 3.2 and Figure 3.3). Based on this cycle hierarchy, and considering 

the subtropical location of Site 364 (~25°S), we suggest that changes in depositional 

environment are related to eccentricity-modulated precession, where the primary periodicity of 

46 cm likely reflects the influence of precession (~21 kyr), and the 2.4 m periodicity may reflect 

the short eccentricity modulation of precession (~100 kyr). Below, we use detailed biomarker 

data to probe changes in the depositional environmental of the northern South Atlantic basin 

during the Aptian and across individual cycles. 

 

 
 

Figure 3.5. Total organic carbon (TOC) content (grey), sulfur content (red), free isorenieratane, 

lycopane ratio, C20 isoprenoid for the four representative cycles of Unit 7b, with a high-
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resolution sampling (10 cm-1). The peak in TOC cycles correspond to the maximum abundance 

of isorenieratane and lycopane (photic zone euxinia and water column anoxia) and the 

minimum of C20 isoprenoid thiophene ratio (hypersalinity).  

 

 

3.4.3 Redox changes associated with cyclicity in Unit 7b 
 
Multiple lines of evidence indicate that significant redox changes accompany the black shale–

carbonate cyclicity at Site 364; these include the laminations and high sulfur contents in the 

black shales (Figure 3.1 and Figure 3.4) as well as observations that they are devoid of or 

contain poorly preserved benthic foraminifera specimens (Leg 40 Shipboard Scientific Party 

1978; Kochhann et al. 2014). In addition, the pattern of lower HI index and higher Tmax in the 

carbonates strongly suggest development of more oxic diagenetic conditions when organic lean 

sediments deposited (Landais et al., 1991; Stein, 1991). Here, we explore evidence for the 

intensity of redox changes and their impact on OM character using biomarkers for sedimentary 

and water column redox conditions. These biomarkers provide evidence that low oxygen or 

even euxinic conditions extended into the water column (and photic zone) during intervals of 

black shale deposition. First, lycopane mainly occurs in black shales, with particularly high 

lycopane ratios (up to 5.5) in some horizons indicating low oxygen condition or anoxia in the 

water column (Sinninghe Damsté et al., 2003). Lycopane is not detected in most carbonate 

intervals, indicative of an oxygenated water column during periods of carbonate formation.  

The interpretation of a lower water column oxygenation during black shale deposition 

is further supported by the presence of thiophene compounds such as C20 isoprenoid (mid-

chain) thiophenes. Organic sulfur compounds (OSC) are thought to be formed under euxinic 

conditions (Sinninghe Damsté et al., 1989). Their distribution (( 011&01
1&11&111&10&0

), for details see 

Figure 3.8) has been proposed as an indicator of changes in salinity (Sinninghe Damsté et al., 

1989; Sinninghe Damsté & de Leeuw, 1990). The C20 isoprenoid thiophenes ratio, although 

variable across the record, suggests episodes of hypersalinity and stratification in some, but not 

all, euxinic periods (Figure 3.4 and Figure 3.5).  

Euxinia likely extended into the photic zone, as indicated by the presence of 

isorenieratane, a derivative of carotenoids of green sulfur bacteria (Imhoff, 1995; Koopmans 

et al., 1996a). Isorenieratene originates from brown colored strains of photosynthetic green 

sulfur bacteria (chlorobiacae) (Imhoff, 1995 and references therein) that thrive near the 

chemocline at depths of up to 150 m, where the light levels are less than 1% of sea surface 
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irradiance (Imhoff, 1995). In addition, the one desulfurized black shale sample contained 

chlorobactane. Chlorobactene is exclusively produced by the green strain of green sulfur 

bacteria (Imhoff, 1995 and references therein), which requires higher light intensity and thrives 

at shallower depths (<15 m) (Imhoff, 1995 and references therein). Assuming a similar light 

dependence for these phototrophic sulfur bacteria during the Early Cretaceous, the presence of 

chlorobactane indicates that the chemocline occasionally extended to very shallow depths 

during black shale deposition, although the limited number of samples we desulfurized 

precludes us from concluding that these conditions occurred during the deposition of all black 

shales. Altogether, the biomarker assemblage provides compelling evidence that during 

deposition of Unit 7b, the northern S. Atlantic water column periodically became profoundly 

depleted in oxygen, with anoxia and euxinia extending from the sediments to the (shallow) 

photic zone. Moreover, the basin was anoxic before, during and after the potential OAE 1a 

positive CIE, resembling conditions that have been reported from other basins during the 

Cretaceous (e.g. Site 959) (Beckmann et al., 2005; Hofmann et al., 2003; Wagner & Pletsch, 

1999). 
 

3.4.4 Biomarker evidence of cyclical changes in ecology 
 
The high OM preservation and reducing conditions during the deposition of black shales could 

have resulted from increased marine productivity which would have dynamically maintained 

a redox-stratified water column. This mechanism is consistent with the cyclic variations in the 

absence/presence and/or changes in the distribution of marine plankton community markers 

(Figure 3.6). For example, the abundance of (mainly algal-derived) steranes relative to 

bacterially derived hopanes, expressed as a sterane/hopane ratio (Summons et al., 2006 and 

references therein), as calculated for the most abundant sterane and hopane compounds, are 

slightly elevated in the black shales (mean ~ 0.86) compared to carbonates (mean ~ 0.76) 

(Figure 3.6). Consistent with this ecological change is the higher concentration of C30 steranes 

(24-npc) and particularly high (max ~0.4) dinoflagellate C30 methylsterane signal (dinosteranes 

and 4-methylstigmastanes) in the organic rich black shales (Figure 3.6). The C30 regular sterane 

(24-npc) is biomarker for predominantly marine pelaogophyte algae in Devonian and younger 

sedimentary rocks (e.g. Cao et al., 2009), whereas as dinosteranes are mainly derived from 

marine dinoflagellates in Mesozoic and younger rocks and oils (e.g. Summons et al., 1992). 

Cyclic changes in water column ecology are also indicated by the predominance of C27 over 

all regular steranes (C27–C30 (24-npc)) in black shales, a distribution that changes to a 

predominance of C29 regular sterane in carbonates (Figure 3.6). Numerous studies of regular 
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sterane (C27–C29) distributions and their specific precursors (Huang & Meinschein, 1979; 

Kodner et al., 2008; Volkman et al., 1994) have led to various suggestions regarding their 

utility in inferring changes in organic matter source (although such approaches must be done 

cautiously, e.g. Kodner et al., 2008). For instance, the C27 and C29 sterols are preferentially 

synthesized by red algae and green algae, respectively (e.g. Huang and Meinschein, 1979; 

Volkman et al., 1994; but see Kodner et al., 2008 for exceptions). Classically, higher relative 

abundances of C29 regular steranes have been interpreted as evidence of proportionally greater 

terrigenous inputs. Therefore, the observed variations in sterane distribution provide further 

evidence for ecological and/or OM source change, but the specific meaning of these changes 

is difficult to detangle. A shift to C27 sterane predominance is, however, consistent with a pulse 

of dinoflagellate activity during black shale deposition as dinoflagellates are from a derived 

red algal clade and C27 steranes are their major regular sterane marker (Volkman et al., 1994). 

Proportion of 4-methylstigmastane over dinosteranes as a signal of lacustrine fresh water 

(Goodwin et al., 1988; Hou et al., 2000; Summons et al., 1992, 1987) is higher in black shales 

(mean ~0.9) than carbonates (mean ~0.78), (Figure 3.6). 4-methylstigmastane and dinosteranes 

are indicators for marine (Goodwin et al., 1988; Moldowan et al., 1985; Summons et al., 1987) 

and non-marine dinoflagellates (Jiamo et al., 1990). The dominance of 4-methylstigmastane 

over dinosteranes in our samples strongly suggests a lacustrine fresh water origin (Goodwin et 

al., 1988; Hou et al., 2000; Summons et al., 1992, 1987). 4-methylstigmastane are not selective 

biomarkers of dinoflagellates (Volkman et al., 1990), however considering the higher 

proportion of C27 regular sterane in black shales, dinoflagellates are the likely source of 4-

methylstigmastane (Fowler and McAlpine, 1995) in black shales. The dominance of 4-

methylstigmastane in black shales (Figure 3.6) indicates the establishment of fresh (lower 

salinity) surface water layer and stratification in the basin particularly during the periods of 

enhanced terrestrial input and during the deposition of black shales, although the system 

remained marine (C30 regular steranes). Altogether, the biomarker evidence, alongside the high 

HIs in black shales indicates that high marine algal productivity drove the water column 

anoxic/euxinic in a restricted basin, likely aided by elevated nutrient inputs and stratification. 
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Figure 3.6. Total organic carbon (TOC) content (grey), sulfur content (red), C27-C30 (24-npc) 

steranes/ C27+C35 hopanes ratio, % C30 (24-npc) sterane, dinoflagellate C30 methylsterane 

signal, % C27 and % C29 regular steranes, 4-methylstigmastames/dinosteranes, for the four 

representative cycles of Unit 7b, with a high-resolution sampling (10 cm-1). Biomarkers 

distribution show that marine algal productivity was favored under photic zone euxinia 

condition, and stratification was established in the basin particularly during when black shales 

deposited. 

 

3.4.5 Methane cycling in Aptian South Atlantic  
 
Other changes in basin ecology are documented by the abundances of microbial biomarkers, 

providing insights into the Aptian methane cycle in the northern South Atlantic. Compound 

specific δ13C of the archaeal lipid PMI (δ13CPMI) (see section 3.5) suggests a methanogenic 

rather than methanotrophic archaeal origin in this setting (e.g. Schouten et al. 1997). 

Concentrations of PMI are higher in the organic lean carbonates than in the black shales (Figure 

3.7). However, the desulfurized polar fraction of the black shale sample is also dominated by 

PMI and the lower concentration of PMI in the aliphatic fraction of black shales is likely due 

to rapid sulfurization of PMI’s highly unsaturated precursor during the early stages of 
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diagenesis (sulfur incorporation reactions (Sinninghe Damsté and de Leeuw, 1990 and 

references therein)), rather than ecological changes. Our data suggest that methanogenesis as 

the final step of OM biodegradation was occuring consistently in both carbonates and black 

shales.  

 

 
Figure 3.7. Total organic carbon (TOC) content (grey), sulfur content (red), 3β methylhopane 

index and PMI relative abundance, for the four representative cycles of Unit 7b. The lower 

concentration of PMI in the aliphatic fractions of black shales than carbonates could be more 

attributed to the sulfur incorporation reactions rather than ecological changes. 

 

 

Another aspect to consider is the concentration of 3β-methylhopanes in both carbonates 

and black shales (Figure 3.7). The most likely source of 3β-methylhopanes in marine 

environments is Type I methanotrophs (reviewed by Farrimond et al., 2004). This assumption 

can be supported by depleted carbon isotope compositions (Ruble et al., 1994), but that was 

not possible here due to overall low concentrations of this biomarker. Methanotrophs are 

methane oxidizing bacteria that tend to live under microaerophilic conditions, such as the 
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chemocline in stratified environments (Hanson and Hanson, 1996). Because the 3β-

methylhopane ratios are low (1%–4%) throughout the entire studied section and in the typical 

range for Phanerozoic sediments (1%–3%; Cao et al., 2009), (i.e. there is no evidence for 

particularly enhanced abundances of aerobic methanotrophic bacteria), we suggest that the 

primary mode of methane oxidation was likely via anaerobic oxidation of methane (AOM) 

(e.g. Orphan et al., 2002), similar to what has been previously reported for the Black Sea water 

column (Wakeham et al., 2003). However, the elevation of the 3β-methylhopanes ratio 

e $]^	)_HaKTZbcZ[\ULKV
$]^	)_HaKTZbcZ[\ULKV&	$]d	Z[\ULK

f by ~2% in carbonates, when the water column was more 

oxygenated, suggests that different bacterial communities (potentially type I methanotrophic 

bacteria; reviewed by Farrimond et al., 2004) prevailed during carbonate deposition. We 

suggest that aerobic methanotrophy dominated during these times, whereas anaerobic 

oxidation of methane was more important when the water column was largely anoxic.  

 

3.4.6 Causes of sedimentary cycles 
 
As discussed above, during the initial opening stages of the northern South Atlantic, 

sedimentary deposition was characterized by putatively cyclic burial of OM, reflecting a 

regular alternation between oxic and anoxic/euxinic conditions. Crucially, the cyclic changes 

in the concentrations of lycopane and isorenieratane confirm that these variations were not 

restricted to sediments or bottom waters but extended into the water column and even photic 

zone. We attribute these cyclical (precession-driven) changes primarily to increased 

stratification but also increased productivity during black shale deposition, the latter inferred 

from changes in algal biomarker assemblages that document ecological change. Enhanced 

productivity was likely driven by an increased input of biolimiting nutrients.  

Wagner et al. (2013) presented a conceptual framework for the formation of proto Atlantic 

black shales in the (sub)tropics during the Cretaceous (Albian, Cenomanian–Turonian), linking 

the richness and quality of OM to changes in upwelling in the proto-Atlantic and continental 

runoff into the basin. However, in modern upwelling regions such as off the coast of Peru 

(Dugdale et al., 1977) and those in the Indian ocean (Ivanenkov and Rozanov, 1961) photic 

zone euxinia does not occur; furthermore, isoreniaretane (or its biological precursor 

isoreniaratene) is only found in the sediments and water column of stratified basins such as the 

Black Sea (Repeta et al., 1989). We therefore argue that the occurrence of anoxic/euxinic 

conditions during deposition of the Aptian black shale horizons at Site 364 was probably 

related to water column stratification combined with enhanced primary productivity driven by 
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terrestrial nutrient delivery. This situation is similar to what has been invoked for the formation 

of Coniacian-Santonian black shales (ODP Site 959) in the tropics (Beckmann et al., 2005; 

Flögel & Wagner, 2006; Wagner et al., 2013) and Albian black shale deposits of DSDP Site 

367 in the eastern North Atlantic (Hofmann et al., 1999; Wagner et al., 2013). This hypothesis 

is further supported by the dominance of 4-methylsteranes in C30 methylsteranes as an evidence 

for salinity stratification (Goodwin et al., 1988) in both carbonates and black shales. 

Additionally, the higher proportion of 4-methylstigmastane over dinosteranes in black shales 

(Figure 3.6) as a signal of lacustrine fresh water layer (Goodwin et al., 1988; Hou et al., 2000; 

Summons et al., 1987, 1992), and establishment of stratification in the basin, particularly 

during the periods black shale deposited.  In addition, overall low (<0.5) C20 isoprenoid 

thiophene ratio in black shale horizons at Site 364, suggests episodes of hypersalinity and 

stratification during (some) of the euxinic periods (Figure 3.4 and Figure 3.5).  Moreover, the 

pattern of HI and Tmax values in carbonates and black shales, propose a significant background 

composition of transported terrestrial organic matter (kerogen type III) in the organic lean 

carbonates. This is consistent with the pulses of high marine productivity dynamically 

maintaining reducing conditions within the water column during the deposition of black shales 

(kerogen type II).  

We argue that Aptian organic rich black shales (with high HI values) in Site 364 represent the 

strong influence of continental runoff from tropical South Africa, whereas carbonate horizons 

with low organic content (and low HI values) formed when the basin was influenced from the 

SW trade winds and more oxic conditions developed (when the Inter-tropical Convergence 

Zone (ITCZ) was located in a relatively northern position). Climate model simulations support 

our hypothesis, demonstrating that the appearance of the Atlantic Ocean led to significant 

changes in the hydrological cycle and modulated the monsoonal influenced regions (Ohba and 

UEDA, 2010).  

Crucially, the impact of these climatic factors was modulated by the evolution of the South 

Atlantic, which resulted in the formation of series of rift basins in the (sub)tropics which 

gradually became connected to the open ocean through the (Early) Cretaceous (e.g. Friedrich 

and Erbacher, 2006; Pérez-Diaz and Eagles, 2014). These rift basins and the early restricted 

South Atlantic were particularly sensitive to orbitally-controlled changes in monsoonal runoff 

and episodic formation of organic rich black shales. To the best of our knowledge, there is no 

other Aptian-age black shale or modelling study in the South Atlantic to help us build a wider 

concept regarding the formation of black shales in the region. However, our findings shed some 

light on the sedimentary pattern of Aptian black shales deposition, and in particular, they 

support the hypothesis that changes in organic carbon richness is controlled by orbitally-paced 
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variations in the hydrological cycle, as has been inferred for the Cretaceous (Hofmann and 

Wagner, 2011; Wagner et al., 2013) and Jurassic (Armstrong et al., 2016). Based on our results 

from Site 364 we argue that the southward development of the ITCZ (~25°S) during the Aptian 

alongside with the paleogeography of the region, made the South Atlantic sensitive to the 

orbitally forced variations in hydrology, and likely led to a widespread occurrence of Aptian 

black shales in the South Atlantic. A strength of the hydrologically-modulated mechanism is 

that it would have not only enhanced nutrient inputs but could have contributed to density-

driven water column stratification. This combination of enhanced productivity and 

stratification-limited oxygenation of deep waters could have combined to generate the 

particularly dramatic changes in TOC content and character, as has been invoked for Site 959 

(ODP Leg 159; the deep Ivorian Basin), (e.g. Wagner and Pletsch, 1999). Previous work 

(Słowakiewicz et al., 2015) has cautioned against interpreting basin-scale stratification on the 

basis of a single site, but the particularly high TOC contents observed here do suggest changes 

in productivity and ocean circulation. Crucially, the cyclic burial of such organic-rich 

sediments appears to have stimulated a particularly strong methane cycle. The very high 

concentration of PMI in desulfurized black shale extracts suggests intense methanogenesis in 

those horizons, whereas the 3ß-methylhopanes provide evidence for aerobic methanotrophy, 

perhaps in the water column. Altogether, the carbon cycle in the northern South Atlantic during 

the Aptian seems to have been controlled by astronomical forcing (precession), driving changes 

in the hydrological cycle that subsequently regulated the methane cycle via biodegradation of 

OM.  

Although our results are specific to Site 364 and the margins of northern South Atlantic, 

periodic black shales of similar age (Early Cretaceous) have been reported elsewhere in the 

proto-Atlantic, for example at Site 530 in the Angola basin (e.g. Deroo et al., 1984; Katz, 1984; 

Meyers et al., 1984; Rullkötter et al., 1984; Stow and Dean, 1984); Site 511 in the Falkland 

Plateau (e.g. Deroo et al., 1983), and Site 367 in Gambia Abyssal Plain (e.g. Hofmann et al., 

1999; Wagner et al., 2013). There are also numerous publications on the astronomically 

controlled formation of black shales in the Late Cretaceous, for example from Site 959 in the 

Ivorian Basin (Beckmann et al., 2005; Holbourn et al., 1999), Leg 207 (Sites 1257-1261) at 

Demerara Rise (Hofmann & Wagner, 2011; Meyers et al., 2006), Site 530 in the Angola basin 

(e.g. Arthur et al., 1984; Deroo et al., 1984; Forster et al., 2008; Stow and Dean, 1984), the 

Western Interior Seaway (Eldrett et al., 2015) and ODP Site 1138 in the Indian Ocean (Dickson 

et al., 2017). These results suggest that the proposed depositional mechanism for Site 364 of a 

hydrographically restricted basin that was pre-conditioned to astronomically-controlled 

variations in terrestrial runoff was probably a common feature of the proto-Atlantic region 
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during the Cretaceous. These observations highlight the strong links between climate, the 

hydrological cycle, terrestrial weathering and nutrient availability, primary production and 

deoxygenation in the marine system. 

 

3.5 Conclusions 
 
High-resolution geochemical data from DSDP Site 364 (Units 7b to 6) allows reconstruction 

of the intensity and persistence of redox conditions in the northern South Atlantic Ocean during 

its early opening phase in the Aptian. The opening history of the northern South Atlantic is 

documented by the accumulation of organic carbon, with the relatively high preservation of 

organic matter in the restricted basin (Unit 7b and to a less extent in unit 7a), terminated by 

continued rifting, basin deepening and increased connectivity with the open ocean by the late 

Aptian (Unit 6). High amplitude fluctuations in TOC and TS contents and HIs indicate that 

basin restriction alone did not cause anoxic conditions to develop, but instead preconditioned 

the basin for oxygen depletion during episodes of enhanced organic matter production and 

export. Productivity fluctuations most likely resulted from eccentricity-modulated precession 

changes in the delivery of biolimiting nutrients from weathering and terrestrial runoff. 

Enhanced terrestrial runoff, perhaps associated with a strengthened hydrological cycle, might 

also have caused salinity stratification in the upper ocean, as evidenced by elevated proportion 

of 4(ab)-methylstigmastane over dinosteranes during the periods of increased terrestrial input, 

also cyclic variations in C20 isoprenoid thiophene abundances. Regardless of the forcing 

mechanism(s), the impact of cyclical changes in climate on the South Atlantic was pronounced, 

evidenced by increased primary production and changes in algal assemblages; anoxic 

conditions in the water column, including photic zone euxinia and sometimes extending to very 

shallow water depths (<15 m); and a pronounced methane cycle. 
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Figure 3.8. The schematic molecular structure of lipid biomarkers analyzed in this paper. 
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Early Cretaceous record of tropical sea surface temperature 
(DSDP 364) 
 
 
 
 
 

Preface 
 
This chapter is based on a manuscript which is under modification and preparation for 

submission as an article to the journal Earth and Planetary Science Letters (EPSL). LB carried 

out analysis (unless stated), interpreted the organic geochemical data set and wrote the chapter. 

RP and DN made comments and suggestions on the initial draft made by LB. A. Dickson 

(Royal Holloway University of London) supported this project by analyzing carbon isotope 

measurements. 

 

Abstract  
 
While reconstruction of Cretaceous temperature is vital to understand the dynamics of a 

greenhouse Earth system, a complete record of sea surface temperature (SST) from the Albian 

is not yet available. Here, we provide a ~20 Myr long (late Aptian–late Albian) record of 

TEX86-based SSTs from the low latitude South Atlantic (DSDP Site 364). The record of TEX86 

during the Aptian (~0.95) indicate a rather steady SST for almost ~10 Myr (TEX86H-SST 

~37±2.5°C, TEX86–linear-SST ~45±2.0°C). The cooler TEX86-SST values of the late Albian–

Cenomanian (TEX86~0.85, TEX86H-SST was at ~33.7 ±2.5°C and TEX86–linear-SST at 

~38.7±2.0°C) associated with OAE 1d, could be as a result of local changes in the 

geomorphology or hydrography of the basin or a cooling episode during OAE 1d as previously 

observed during OAE 1a and OAE 2. Additionally, the Aptian–Coniacian records of δ13Corg 

provides evidence for the Cretaceous oceanic anoxic events in the South Atlantic. OAE 1a and 

OAE 1d, are recognized as the driving factors for the recorded carbon cycle perturbations in 

the basin.  



Chapter 4 

 62 

 
 

4.1. Introduction 
 
The Cretaceous period (~145-66 Ma) was characterized by a greenhouse climate (e.g. Clarke 

and Jenkyns, 1999; Friedrich et al., 2012; Hay, 2008; Huber et al., 2002; Littler et al., 2011), 

with elevated atmospheric CO2 levels (typically > 500 ppm, Freeman and Hayes, 1992; Naafs 

et al., 2016; Sinninghe Damsté et al., 2008; Wang et al., 2014), high terrestrial mean annual 

temperatures (MAT; Amiot et al., 2004; Herman and Spicer, 1996), warm deep oceans (Cramer 

et al., 2009; Friedrich et al., 2012), high sea surface temperatures (SSTs; e.g. Bice et al., 2006; 

Forster et al., 2007; Naafs and Pancost, 2016; O’Brien et al., 2017; Schouten et al., 2003), little 

or no polar ice (Huber et al., 2002; MacLeod et al., 2013; Miller et al., 2005), and a reduced 

latitudinal temperature gradient (Barron, 1983; Huber et al., 1995, 2002). The most pronounced 

sea surface warming is recorded during the Cenomanian–Turonian  (e.g. Clarke and Jenkyns, 

1999; Huber et al., 1995; Jarvis et al., 2011; Jenkyns et al., 1994; Macleod et al., 2011; 

Schouten et al., 2003; Wilson et al., 2002) followed by a significant cooling trend towards the 

end of Cretaceous, likely caused by a combination of ocean gateways rifting and atmospheric 

pCO2 decline  (Clarke and Jenkyns, 1999; Friedrich et al., 2012; Li and Keller, 1998; Miller et 

al., 2005; Thibault and Gardin, 2006). The Cretaceous greenhouse climate was interrupted by 

intervals of global cooling (e.g. Hong and Lee, 2012; Jenkyns et al., 2012; McAnena et al., 

2013; Mutterlose et al., 2009), i.e. the two cooling episodes; recorded during the Aptian 

(Dumitrescu and Brassell, 2006; Kim et al., 2010; Kuhnt et al., 2011; Pucéat et al., 2003). 

Superimposed on this general greenhouse climate were the Oceanic Anoxic Events 

(OAEs) (Jenkyns, 1980). OAEs record profound perturbations in global climate (e.g. OAEs are 

associated with thermal maxima), ocean chemistry and global biogeochemical cycles 

(reviewed by Jenkyns, 2010), reflected, for example, in the carbon isotope excursions (CIEs) 

that accompanied the main OAEs. The major forcing function behind OAEs is not well 

understood. However, since OAEs are classically associated with a negative carbon excursion, 

it is suggested that OAEs are accompany and triggered by a rapid injection of 13C depleted 

carbon to the ocean-atmospheric system (reviewed by Jenkyns, 2010). This influx of 

isotopically light carbon is associated with a record of negative carbon isotope excursion (CIE) 

in the OAEs organic carbon profile. Following the enhanced organic carbon burial, the sea 

water remains enriched in 13C, expressed as positive CIE. The early Aptian OAE (OAE 1a; e.g. 

Menegatti et al., 1998), early Albian OAE (OAE 1b; e.g. Kuypers et al., 2002; Tsikos et al., 

2004) and late Albian OAE (OAE 1d; Scott et al., 2013) have experienced both negative and 
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positive excursions (see review by Jenkyns, 2010). However, some OAEs are only associated 

with a positive CIE, e.g. Cenomanian–Turonian OAE (OAE 2; Forster et al., 2007b; Kuypers 

et al., 2002) and Coniancian–Santonian OAE (OAE 3; Jarvis et al., 2006; Wagreich, 2012).  

Reconstruction of past greenhouse climates is necessary in order to understand the 

performance of Earth climate system under a greenhouse condition. Therefore, there is much 

interest in the reconstruction of Cretaceous SST and the associated phenomena, particularly 

pCO2 and carbon cycle perturbations, as direct interactions. In spite of the large number of SST 

records from the Cretaceous (reviewed by O’Brien et al., 2017), an Albian record of SST, 

except for the Early Albian record of SST at Site 545 (McAnena et al., 2013), is not yet 

available. In addition, during the Albian Site 545 was located in the upwelling West African 

coast (Handoh et al., 2003; Hofmann et al., 2008; McAnena et al., 2013; Poulsen et al., 1999), 

and therefore the Early Albian record of TEX86-based SSTs might not be representative for the 

subtropical regions during the Early Cretaceous. 

This study fills the early Albian–mid Albian gap, and provides a ~20 Myr records of 

TEX86 to trace variations in sea surface temperatures (SST) during Aptian-late Albian. In 

addition, we present an Aptian–Coniancian record of δ13Corg to reconstruct carbon cycle 

perturbations.  
 

4.2. Samples and Methods 

4.2.1. Sampling location and lithology 
 
Deep Sea Drilling Project (DSDP) Site 364 (modern latitude: 11°34.32’S, 11°58.30’E, 2450 m 

water depth), is located in the Kwanza Basin of the South Atlantic, and was drilled on the 

seaward edge of the salt plateau at the transition from the outer Kwanza Basin to the Benguela 

Basin (Leg 40 Shipboard Scientific Party, 1978). Site 364 covers a 427 m cored section (46 

cores) to a bottom depth of 1086 meter below sea floor (mbsf) (top of the Aptian evaporite and 

salt formations), and consists of Pleistocene to Early Cretaceous sediments (Kochhann et al., 

2014; Leg 40 Shipboard Scientific Party, 1978). Site 364 is divided into seven lithological units 

(e.g. Leg 40 Shipboard Scientific Party, 1978; Matsumoto et al., 1978), with Units 7 to 5 

investigated here. During this time DSDP Site 364 was located at approximately 25°S. 

Sediments at Site 364 were deposited on a continental shelf setting (Kochhann, et al. 2014). 

Unit 5 (Late Albian–Santonian) is composed of marly chalk and black shale. On the basis of 

the proportion of black shales, Unit 5 (Leg 40 Shipboard Scientific Party, 1978) is divided into 

two subunits 5a (Cores 20-22) and 5b (Cores 23-25) with respectively less and more abundant 

black shales (Leg 40 Shipboard Scientific Party, 1978). Unit 6 (Late Aptian-Albian) ( 
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Kochhann et al., 2013; Kochhann et al., 2014; Leg 40 Shipboard Scientific Party, 1978) 

predominantly consist of calcium carbonate (limestone) (Leg 40 Shipboard Scientific Party, 

1978). The underlying Unit 7 (Aptian; Kochhann et al., 2014, 2013; Leg 40 Shipboard 

Scientific Party, 1978), the deepest lithological section of Site 364, comprises dolomitic 

limestones and thin black shales (Behrooz et al., 2018; Leg 40 Shipboard Scientific Party, 

1978; Matsumoto, 1978; Raynaud and Robert, 1978; Simoneit, 1978). On the basis of the 

proportion of black shales, Unit 7 is divided into two subunits: 7a (Cores 39 to 41) with fewer 

and 7b (Cores 42 to 46) with more abundant and more intense black shale horizons (Leg 40 

Shipboard Scientific Party, 1978).  

 

4.2.2. Dating of the studied sediments 
 
Coring gaps and calcium carbonate dissolution in some sections of Site 364 hinders precise 

age determination in some sections. Overall, the studied sections here, spanning ~400 meters 

of sediment, span the Aptian (Kochhann et al., 2013; Kochhann et al., 2014; Leg 40 Shipboard 

Scientific Party, 1978) to Coniancian, i.e. ~35 Myr based on the Geological Time Scale 

2012 (GTS 2012; Gradstein et al., 2012). 

Studied sediments of Unit 7 here are cores 39-41 (Unit 7a) and cores 42-45 (Unit 7b), 

Fig. 4.1. Sediments from Cores 43-45, although being devoid of planktonic foraminifera and 

suffering from very poor preservation of benthic foraminifera (Leg 40 Shipboard Scientific 

Party, 1978), have been assigned to lower-upper Aptian (Bralower et al., 1994). In addition, 

the later stage of OAE 1a (positive carbon isotope excursion) assigned to Aptian (Menegatti et 

al., 1998) is observed in Cores 44 and 43 (discussed in chapter 3, Fig 4.1). Based on both 

planktonic (Kochhann et al., 2013) and benthic (Kochhann et al., 2014) foraminifera, Cores 

39-42 are also assigned to the Aptian, Figure 4.2. Sediments of Unit 6 (Cores 38-26) span from 

Late Aptian-Late Albian. Both planktonic (Kochhann et al., 2013) and benthic (Kochhann et 

al., 2014) foraminifera concur with Core 38 (Aptian), Cores 37-33 (late Aptian), 32 (early 

Albian), 31-26 (late Albian), Fig. 4.1. Studied sediments of Unit 5 here are from cores 22-25 

(Figure 4.2). On the basis of benthic foraminifera, cores 24 and 25 are late Albian-early 

Cenomanian in age (Leg 40 Shipboard Scientific Party, 1978), however planktonic 

foraminifera are dispersed due to poor preservation or carbonate dissolution and age 

determination is not possible based on planktonic foraminifera. Dissolution is less pronounced 

in cores 22 and 23. Both planktonic and benthic foraminifera confirm aging in core 23 to be 

Upper Touronian–Lower Coniancian and core 22 to be upper Coniancian (Leg 40 Shipboard 



Early Cretaceous Record of Tropical SST 
 

 65 

Scientific Party, 1978). Likely a disconformity is present in Unit 5 where Cenomanian and 

Touronian are missing (Leg 40 Shipboard Scientific Party, 1978). 

 

4.2.2.1. Strengths and Weaknesses of the used age model at Site 364 

 

Overall, there is a general agreement on ageing at Unit 7 (cores 45–39) being assigned 

to Aptian (Bralower et al., 1994; Kochhann et al., 2014, 2013; Leg 40 Shipboard Scientific 

Party, 1978; Menegatti et al., 1998). Similarly, based on the high-resolution studies on both 

planktonic and benthic foraminifera (Kochhann et al., 2014, 2013), Unit 6 (Cores 38–26) is 

assigned to Late Aptian-Late Albian.  

However age definition at Unit 5 (cores 25–20), specially at the lower sections (cores 

25–23) is still under debate (Leg 40 Shipboard Scientific Party, 1978). While nanoplanktons, 

planktonic and benthic foraminifera assemblage indicate that the upper section at Unit 5 (cores 

22–20) is Upper Coniacian–Santonian; age determination is not possible at the lower section 

(cores 25–23), (Leg 40 Shipboard Scientific Party, 1978). Therefore, the part of this study 

which is related to cores 25–23 (Unit 5, Figure 4.1), suffers from age certainty (expanding from 

Upper Albian–Coniacian) raised from poor preservation of foraminifera, carbonate dissolution 

and the Cenomanian–Early Turonian hiatus (Leg 40 Shipboard Scientific Party, 1978). 

 

4.2.3. Opening of the equatorial Atlantic gateway 
 
The opening of the Atlantic, as the equatorial gateway connecting major ocean currents, is 

thought to be a controlling climate factor during the Cretaceous (Pérez-Díaz and Eagles, 2017; 

Tedeschi et al., 2017). Atlantic rifting process initiated in the Late Jurassic (e.g. Sibuet et al., 

1984; Dean et al. 1984; Zimmerman et al. 1987; Hartwig et al. 2012) . Furthermore, the recent 

models of South Atlantic indicate that the onset of spreading start at the latest by the Early 

Cretaceous (138Ma) (Pérez-Diaz et al., 2014).  

Recent plate kinematic models of the South Atlantic (Pérez-Diaz et al., 2014; Pérez-Díaz and 

Eagles, 2017) indicate that equatorial shallow and intermediate water connection commenced 

at Cenomanian (100 Ma) via the Agulhas Gap (Pérez-Díaz and Eagles, 2017), followed by the 

deep water exchange. Although according to the planktonic foraminifera, the connection 

between the South and North Atlantic commenced during the late Aptian (Kochhann et al., 

2013).  
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However, the connection between the isolated basins of the northern South Atlantic and the 

South Atlantic has developed earlier than the connection to the North Atlantic, i.e. in the mid-

Aptian (e.g. Sibuet et al., 1984). 
 
 

4.2.4. Analytical Method 
 
A total of 422 samples were obtained from the International Ocean Discovery Programme 

(IODP) Bremen Core Repository, Germany. Unit 7b was sampled with a resolution of ca. 10 

cm (253 samples; discussed in chapter 3 in more details). 14 samples from Unit 7a, 39 samples 

from Unit 6 and 116 samples from 5 were taken at a lower resolution. Bulk samples were 

freeze-dried to remove excess water and were powdered using either a ball-mill device or a 

mortar and pestle.  

 
 

4.2.4.1. Bulk Geochemistry 
 
Total carbon (C) and inorganic carbon (IC) contents were determined using a CHN elemental 

analyzer Eurovector EA 3000 and Strohlein Coulomat 702, respectively. All elemental 

analyses were performed in duplicate and the presented data reflect the mean of these 

duplicates. Total Organic Carbon (TOC) is determined by taking the difference between total 

carbon and inorganic carbon. To analyze bulk organic stable carbon isotopic ratios (δ13Corg), 

inorganic carbon was removed using 2M HCl acid. Sample tubes were placed in a water bath 

and heated at ~60°C to 80°C for 5 hours to aid the reaction (also ensuring the removal of 

pyrite). Samples were then re-powdered and dried in an oven at 50°C for 24 hours. Between 

10 and 25 µg of each sample (depending on TOC content) were used to measure δ13Corg at the 

Open University, UK. δ13Corg was measured using a Thermo Flash HT Elemental Analyser 

coupled to a Thermo Finnegan MAT 253 mass spectrometer (with the 1 σ uncertainty of 0.03 

‰, 0.09 ‰ and 0.01‰ for IAEA CH-6, NIST 8573 and IR-R041 standards, respectively; 

n=20).  

Rock-Eval analyses were performed on 126 sediments from Units 7b to 5 using a Rock-

Eval 6 instrument to obtain estimates of the hydrogen index (HI) and the temperature of 

maximum hydrocarbon generation (Tmax). Respective 2σ uncertainties were estimated with 

repeated measurements of an in-house shale standard (St. Audries Bay Shale) and were 3 mg 

HC/g TOC and 19 °C. Approximately 30–50 mg of dried sample powders was weighed for 

each measurement. 
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4.2.4.2. Biomarker Extraction 

 

124 samples were selected for detailed biomarker analysis. To obtain total lipid extracts 

(TLEs), 14 g of each sample was extracted with 20 ml of dichloromethane (DCM): methanol 

(MeOH) (9:1, vol) by microwave-assisted method (MILESTONIE Ethos Ex Microwave 

solvent extraction). The microwave program consisted of a 10 min ramp to 70°C (max. 1000 

W), followed by a 10 min hold at 70°C (max. 1000 W) and a 20 min cooling period. Activated 

copper turnings were added to the TLEs for 24 hrs to remove elemental sulfur. The TLE was 

then concentrated using rotatory evaporator and separated into three fractions (aliphatic, 

aromatic and polar) using short (4 cm) silica gel open column chromatography. Aliphatic, 

aromatic, and polar fractions were eluted using 3 ml of hexane, 4 ml of hexane:DCM (3:1) and 

4 ml of DCM:MeOH (1:2), respectively. All fractions were then dried under a gentle stream of 

N2.  
 
 

4.2.4.3. Biomarker Analysis 
 

Biomarker distributions in the aliphatic, aromatic and polar fractions were analysed using a 

Thermo ScientifictTM ISQ Series Single Quadruple gas chromatography mass spectrometry 

(GC-MS) system. Separation of compounds was performed on a Zebron non-polar column (50 

m x 0.32 mm, 0.10 µm film thickness). The injection volume was 1 µl. The GC programme 

was injection at 70 °C (1 min hold), heating to 130°C at a rate of 20°C/min, then to 300 °C at 

4 °C/min, followed by a 24 min hold. The mass spectrometer continuously scanned between 

m/z 50 and 650. Identification of biomarkers was carried out based on published retention times 

and spectra as well as comparison with standard samples.  

The distribution GDGTs (Glycerol Dialkyl Glycerol Tetraethers) in the polar fraction 

was determined using a High Pressure Liquid Chromatography-atmospheric pressure chemical 

ionisation-Mass Spectrometry (HPLC-APCI-MS) with a ThermoFisher Scientific Accela 

Quantum Access triple quadrupole MS in selected ion monitoring mode. Normal phase 

separation achieved with two HPLC BEH HILIC columns (2.1 mm x 150 mm, 1.7 µm i.d) at 

a flow rate of 0.2 ml/min. The initial solvent  hexane:iso-propanol (IPA) (98.2:1.8) eluted 

isocratically for 25 min, followed by an increase in solvent polarity to 3.5% IPA in 25 min, and 

then by a sharp increase to 10% IPA in 30 min (Hopmans et al., 2016). After separation, 
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isoprenoid and branched GDGTs were analysed using Selection Ion Monitoring (SIM) at m/z: 

1302, 1300, 1298, 1296, 1294, 1292, 1050, 1048, 1046, 1036, 1034, 1032, 1022, 1020, 1018, 

744, 653 to increase the sensitivity and reproducibility. Distribution of GDGTs was analysed 

in the respective molecular ion (M+) chromatograms. 

 
 

4.3. Results 

4.3.1. Elemental Analysis  
 
TOC contents at Site 364 vary significantly (Fig. 4.1), from less than 1 wt.% up to 40 wt.%. 

Highest TOC contents occur in Unit 7b, which displays regularly paced variations between 

organic lean carbonates with around 1 wt.% TOC and sapropelic black shales with up to 40 

wt.% TOC (discussed in chapter 3). Unit 7a is characterized by similar cyclic variations, but 

with a lower maximum TOC content up to 11 wt.%. Unit 6 consists predominately of 

carbonates with maximum TOC contents of 1-3 wt.%. TOC in Unit 5 varies from less than 1 

wt.% in carbonates to 32 wt.% occurring in sapropelic black shales. Elemental sulfur contents 

show similar variations as TOC contents, with the maximum values of 11 wt.% and 5 wt.% 

occurring in black shale horizons of Unit 7b and 5, respectively; and lowest values (<1 wt.%) 

in Units 7a and 6. Although Tmax values vary depending of their host rock (carbonates and 

black shales; Behrooz et al., 2018), generally remain < 420 °C at Site 364 and does not show 

any changes between the studied Units.  

 

4.3.2. TOC Stable Carbon Isotopes  
 
Bulk δ13Corg values vary between -28 and -24 ‰ across Unit 7b (Cores 45–42) (Fig. 4.1). There  

is no variation with lithology, but the δ13Corg record does exhibit a 2 ‰ positive excursion in 

Sections 2 and 3 of Core 43 at around 1035 mbsf (Fig. 4.1). δ13Corg values in the upper parts of 

the section (Unit 7a, 6 and 5) are stable, but values are lower than those of Unit 7b with values 

between -26 and -24‰. In Unit 5 δ13Corg record exhibits a 2 ‰ negative excursion in Cores 23 

to 25 with the most depleted δ13Corg values (-28 ‰) in Core 24.  
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Figure 4.1. Lithology (Leg 40 Shipboard Scientific Party, 1978), total organic carbon (TOC) 

content, bulk δ13org, sea surface temperature, hopane maturity ratio across Units 7b, 7a, 6, 

and Unit 5 (1070-610 mbsf) for DSDP Site 364. Note the presence of multiple core gaps. 

 

 

4.3.3. Distribution of Hopane 
 
The aliphatic hydrocarbon fractions of Unit 7b (broadly discussed in chapter 3), 7a, 6 and 5 

contain a wide range of n-alkanes, isoprenoids (pristane and phytane), steranes and hopanes. 
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Of interest of this project is the hopanes distribution. The C31 hopane maturity index (C31 
__

__&_`&`_
) in Units 5,6 and 7a is approximately 0.6, but values are much lower (~0.2) in Unit 

7b (Figure 4.2). Most samples from Unit 6, characterized by low TOC content, do not contain 

measurable amounts of hopanes. The low abundance of hopanes prevented us from measuring 

the hopane distribution in this part of the section. 

 

 

4.3.4. Distribution of GDGTs 
 
The polar fractions of Units 7a, 6 and 5 contain marine isoprenoid GDGTs, but branched 

GDGTs are not measurable. Isoprenoid GDGTs are dominated by crenarchaeol and 

crenarchaeol regioisomer.  Unit 7b samples did not show any measurable signals of GDGTs. 

The GDGT distribution can also be influenced by sedimentary methanogenic (Koga et al., 

1993; Weijers et al., 2006) and methanotrophic archaea (Pancost et al., 2001; Wakeham et al., 

2003). To evaluate these aspects, the following GDGT indices were used %GDGT-0 

(Sinninghe Damsté et al., 2012) and the Methane Index (MI) (Zhang et al., 2011):  

  

%GDGT-0 = ( EFEGH-
EFEGH-&$JKL

)× 100 

MI = EFEGH!	&	EFEGH"	&	EFEGH)
EFEGH!	&	EFEGH"	&	EFEGH)&$JKLQ

 

 

%GDGT-0 varies between 2-20, with the mean value of 7. MI values are generally about 

0.07, ranging between 0.02-0.25.  

To reconstruct SST, the TEX86 and the TEX86H (Kim et al., 2010) and TEX86-linear 

calibrations (O’Brien et al., 2017) are used.  

 

TEX86 = (EFEGH")&(EFEGH))&($JKL.¢)
(EFEGH!)&(EFEGH")&(EFEGH))&($JKL.¢)

  

 

TEX86 values are ~0.95 in Unit 7a, ~0.93 in Unit 6, and ~0.85 in Unit 5. TEX86H-SST vary 

between 37-32 ± 2.5°C, expressing a decreasing trend towards younger sediments (Fig. 4.1). 

TEX86–linear-SST values are higher; ranging from 45-38 ± 2.0 oC and the degree of cooling is 

amplified compared to that using TEX86H.  
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Figure 4.2. Schematic molecule structures of isoprenoidal glycerol dialkyl glycerol 

tetraethers (GDGTs) used to calculate TEX86 and related indices and their [M+H+] ion. 

 
 
 

4.4. Discussion 

4.4.1. Is the GDGT distribution reliable? 

 

Although Tmax values are in the same range in all the studied Units, the C31 hopane ratio varies. 

Particularly, the C31 hopane ratio is lower  (~0.2) in Unit 7b and indicates thermal alternation 

of the biological stereochemistry of the hopane stereoisomers. The mechanism causing the 

rapid decline in C31 hopane ratio in Unit 7b is currently not known. However, as GDGTs are 

sensitive to thermal maturity, and degrade when biomarker parameters indicate high levels of 

thermal maturities (Schouten et al., 2004), the absence of GDGTs in Unit 7b could be due to 

thermal alternation. However, if distribution of GDGTs is thermally altered, then the 

domination of GDGT0 is expected (Schouten et al., 2013, 2004). As discussed in Naafs and 

Pancost, (2014), the low abundance (or absence in the samples discussed in this paper) of 



Chapter 4 

 72 

GDGT0 in Unit 7b does not support the domination of thermal maturity as the controlling 

factor on GDGTs distribution.  

The higher values (~0.6) of the C31 hopane ratio in Units 5, 6 and 7a, express the 

biologically inherited stereochemistry in a significant portion of the hopanes stereoisomers, 

indicating a lower thermal maturity. The presence of isoprenoid GDGTs in these units allow 

us to calculate TEX86. Considerable work suggests that distribution of GDGTs is influenced 

by non-thermal sedimentary factors, e.g. input of soil derived GDGTs (Weijers et al., 2006), 

sedimentary methanogenesis (Koga et al., 1993; Weijers et al., 2006) and methanotrophic 

archaea (Pancost et al., 2001; Wakeham et al., 2003). The absence of branched GDGTs in Units 

7a, 6 and 5, i.e. BIT=0; suggest a low input of soil derived GDGTs. Methanogenic archaea can 

syntheses isoprenoid GDGTs, i.e. GDGT-0 and smaller quantities of GDGT-1 and GDGT-2 

and GDGT-3 (Koga et al., 1993; Weijers et al., 2006). The %GDGT-0 index (4.3.4; Sinninghe 

Damsté et al., 2012), is used to evaluate the contribution of methanogenesis derived GDGT-0. 

In our samples the %GDGT-0 index stays <20. If the %GDGT-0 index is >67 then lacustrine 

TEX86 values are considered to be biased by large contribution of methanogenesis derived 

GDGTs (Blaga et al., 2009; Sinninghe Damsté et al., 2012). Although a specific threshold is 

not yet available for marine sediments, considering the low %GDGT-0 index (<20) in the entire 

studied section, it seems unlikely that the GDGT distribution is biased by input from 

methanogenic archaea. To elucidate the input of methanotrophic archaea, the Methane Index 

(MI) is applied (Zhang et al., 2011). MI values stay below the threshold (<0.3) in the entire 

sedimentary section, suggesting normal sedimentary conditions. Ecological difference is 

another potential factor to bias TEX86, e.g. a systematic offset in TEX86 values between 

interbedded lithologies (Littler et al., 2014). However, we do not observe such regularity 

between carbonates and black shales of Unit 7a. Altogether, we therefore consider the 

distribution of GDGTs reliable for calculation of TEX86 and SST in the entire studied section.  

 

4.4.2. Calibration of TEX86 to sea surface temperature (SST) 

 

 The TEX86 values observed at Site 364 are significantly higher than observed in recent marine 

sediments (Kim et al., 2010), confirming that SST during the Early Cretaceous was notably 

higher than modern. The TEX86 values of ~0.9 from Aptian to late Albian are consistent with 

the previously reported high TEX86 values of a similar age (reviewed by O’Brien et al., 2017) 

in the low latitudes (30°N–30°S), i.e. Aptian records of TEX86 ~0.82 at DSDP 463 (17.2°S; 

Schouten et al., 2003), TEX86 ~0.8 at DSDP 545 (25.8°N; McAnena et al., 2013), TEX86 ~0.9 
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in ODP 1207 (2.6°S, Dumitrescu and Brassell, 2006) and the Albian record of TEX86 ~0.88 at 

Demerara Rise (8.2°N; Forster, 2007), all supporting the high (sub)tropical sea surface 

temperatures, Figure 4.3. Although the Aptian records of TEX86 at Cismon core (24.7°N; 

Bottini et al., 2015) shows lower values of ~0.65, these sediments are likely biased by thermal 

degradation of GDGTs.  

Regardless of the choice of calibration method, application of TEX86-SST calibration 

to high TEX86 values (>0.8, as here) requires extrapolations above the upper limit of modern 

core top data set, i.e. TEX86 <0.72 (Kim et al., 2010; Tierney and Tingley, 2015). The 

difference between these two calibrations (TEX86H and TEX86-linear) emerges from the 

logarithmic versus the linear approach differences. When TEX86 >0.7, the logarithmic SST 

calibration (TEX86H-SST) yields smaller differences as TEX86 increases, causing lower SSTs 

compared to TEX86–linear.  

 
 

Figure 4.3. The Early Cretaceous (Albian) map (Lunt et al., 2016) highlighting the schematic 

paleo-location of the DSDP and ODP Sites (<±30°) discussed in this chapter. i.e. DSDP 364 

(~25°S), ODP Site 1207 (~2.6°S, Dumitrescu and Brassell, 2006), DSDP Site 463 (~17.2°S, 

Forster et al., 2007b; Schouten et al., 2003), Cismon (~24°N, Bottini et al., 2015), DSDP Site 

545 (~25.8°N, Hofmann et al., 2008; McAnena et al., 2013; Wagner et al., 2008), ODP Site 

1258 (~8.2°N, Forster et al., 2007a).  
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4.4.3. Evolution of SST during the Aptian-upper Albian  
 
Irrespective of the calibration method, SSTs in Unit 7 (TEX86H-SST ~37±2.5°C, TEX86–linear-

SST ~45±2.0°C) and in Unit 6 (TEX86H-SST ~36.5±2.5°C and TEX86–linear-SST ~44.7±2.0°C) 

are significantly higher than modern (max. 30°C). Extremely high SSTs of  >35°C have also 

been recorded elsewhere at low latitudes (<±30°) during the early Aptian (Schouten et al., 

2003;  Forster et al., 2007a). On the contrary, the Aptian–Albian (~20 Myr) record of TEX 

from Site 545 at Mazagan Plateau, ~25 °N (McAnena et al., 2013) indicate lower SSTs in the 

subtropics during the Aptian (TEX86H-SST ~30±2.5°C, TEX86–linear-SST ~32.8±2.0°C) and 

Albian (TEX86H-SST ~30.7±2.5°C, TEX86–linear-SST ~34±2.0°C) (Figure 4.4). However TEX86 

values at Site 545 might have been influenced by local factors, i.e. upwelling (e.g. Hofmann et 

al., 2008; Wagner et al., 2008). Evidences such as the abundance of steryl alkyl ethers 

(Schouten et al., 2005; Wagner et al., 2008), distribution of HI and type of kerogen (Wagner et 

al., 2013), alongside with the enhanced accumulation of siliceous skeletons and a sharp 

increase in the abundance of benthic foraminifera simultaneously with a decrease in planktonic 

foraminifera diversity (Leckie, 1984), all acknowledge the existence of an upwelling system at 

Site 545  during the latest Aptian to middle Albian. Therefore, TEX86 values from Site 545 

might not be well representative for the sea surface temperature of the subtropical regions 

during the Early Cretaceous. 

The TEX86-SST values at Site 364 during the Aptian in the South Atlantic suggest quite 

stable subtropical SSTs for almost ~10 Myr (Figure 4.2). This bears a resemblance to the ~13 

Myr steady record of subtropical SST during the Valanginian–Hauterivian at Site 534, proto- 

North Atlantic (Littler et al., 2011), and may indicates the resistance of the (sub)tropical climate 

to transient changes. These stable SSTs were interrupted by a decrease (~2 °C) from late Aptian 

(Core 34) to Albian (Core 30), occurring simultaneously with a positive carbon isotope 

excursion (CIE ~+1.5 ‰) as δ13Corg values increase from ~–27 ‰ in the late Aptian to ~–25.5 

‰ during the Albian. This might be related to the late Aptian cold snap that has been also 

reported elsewhere (Clarke and Jenkyns, 1999; Fassell and Bralower, 1999; Herrle, 2006; 

Kemper, 1987; Mutterlose et al., 2009; Pirrie et al., 2004), e.g. TEX86-based SST and δ18O 

records from the North Atlantic Site 545 (McAnena et al., 2013; Mutterlose et al., 2009), and 

δ18O records at the Tethyan Ocean (ODP Sites 766, 511 and 693A, Vocontian Basin, Vöhrum 

section in North Germany, BGS Borehole 81/40 in the North Sea Basin) (Mutterlose et al., 

2009). McAnena et al. (2013) argued that the development and termination of the late Aptian 
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cold snap were caused by a combination of volcanism and tectonically induced changes in the 

rate of carbon burial. Taking the TOC values prior (~1%) and after (~0.1%) the Core 34 (Figure 

4.2) into account, the cooling event and the positive carbon isotope excursion, are likely 

promoted as the consequence of CO2 sequestration following the pronounced burial of organic 

matter during the Aptian to late Aptian. Following the carbon burial, and the consequent 

atmospheric pCO2 reduction, promoting SST cooling.  

GDGTs are absent in Cores 28 to 25 and this causes a disconnectivity in the TEX86 

record, however TEX86-SST records from Aptian (Unit 7a) to the late Albian–Cenomanian 

(Unit 5) express a cooling trend towards late Albian–Cenomanian (Figure 4.2). This implies 

that the South Atlantic experienced a colder climate during the late Albian–Cenomanian 

relative to the Aptian–mid Albian. During the late Albian–Cenomanian (Core 24, Unit 5), 

TEX86H-SST was at ~33.5 ± 2.5°C and TEX86–linear-SST at ~38.5 ± 2.0°C. This is comparable 

to the late Albian–Cenomanian records of SST in Demerara Rise (ODP 1258, 8.2°N), i.e. 

TEX86H-SST was at ~34.6 ±2.5°C and TEX86–linear-SST at ~40.2±2.0°C (Forster et al., 2007a). 

The absence of TEX data from before and after the low SST values in Core 24, makes it 

problematic for an accurate interpretation in Site 364. However, assuming that a cooling trend 

is recorded during the mid–late Albian, it bears a resemblance to the cooling trend at the late 

Albian recorded at Demerara Rise (Site 1258) (Forster et al., 2007).  

We suggest a few scenarios that could explain the colder SSTs from Unit 5. A) the 

cooling at Unit 5 might be derived from changes in local factors, which cause the late Albian–

Cenomanian SST to be colder comparing to mid Albian, e.g. local changes in the 

geomorphology of the basin, causes changes in the local oceanography condition. In line with 

that is the opening history of the northern South Atlantic basin where Site 364 is located. The 

South Atlantic rifting process initiated in late Jurassic (Dean et al., 1984). Although the deep 

ocean connectivity did not developed until late Cretaceous (Pérez-Díaz and Eagles, 2017), 

surface water connectivity with the open ocean developed earlier in the late Aptian to the North 

Atlantic ( Kochhann et al., 2013) and in the late Albian through the Walvis Ridge (Kennedy 

and Cooper, 1975; Reyment and Tait, 1972). Although this scenario might be unlikely, the 

cooccurrence of sea surface connection to the high latitudes of the South Atlantic and the low 

SST values at Site 5 are considerable. B) The next scenario is based on the fact that the record 

of low SST at Unit 5 is associated with an organic carbon isotope negative excursion ( 
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Figure 4.1) and high preservation of OM (TOC> ~20 wt.%;  
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Figure 4.1). This negative CIE is recorded simultaneously in the carbon isotope records 

of carbonates at DSDP 364 (Kochhann et al., 2013). Considering the age of sediments, the 

recorded CIE could be attributed to the short negative excursion prior to the OAE 1d positive 

excursion (e.g. Bornemann et al., 2005; Wilson and Norris, 2001; discussed below in 4.4.4). 

However, if we consider this scenario, then the low SST record would be in conflict with the 

occurrence of the negative excursion. Similarly, Wilson and Norris, (2001) report a decrease 

of sea surface temperature associated with the OAE 1d negative excursion prior to the 

development of black shale at Site 1052 (western N Atlantic). Since the decrease of sea surface 

temperature at Site 1052 is associated with an increase in thermocline temperature, the low 

record of SST is suggested to be related to hydrography and reduced stratification in the basin 

(Wilson and Norris, 2001). However, there is no evidence of thermocline temperature or 

hydrography changes at Site 364.  Alternatively, the low SST values at Unit 5 might be caused 
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by a potential cooling episode during the OAE 1d. The transient cooling episodes have been 

recorded during the OAE 1a and OAE 2 (Jenkyns, 2018) and might be a potential explanation 

for the record low SST values during OAE 1d.  

 
 

 
Figure 4.4. TEX86-SST reconstruction during Aptian-Albian, in Site 364 and compiled data 

from low latitudes (>± 30°, reviewed in (O’Brien et al., 2017), i.e. ODP Site 1207 (Dumitrescu 

and Brassell, 2006), DSDP Site 463 (Forster et al., 2007b; Schouten et al., 2003), Cismon 
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(Bottini et al., 2015), DSDP Site 545 (Hofmann et al., 2008; McAnena et al., 2013; Wagner et 

al., 2008), ODP Site 1258 (Forster et al., 2007a). 

 
 

4.4.4. Perturbations in the carbon cycle during Aptian-Coniancian  
 
As discussed in Behrooz et al (2018) (chapter 3) the positive excursion of OAE 1a ~120 Myr 

(~+2‰,  

 

 
 

Figure 4.1, Menegatti et al., 1998) was recognised in Unit 7b (Cores 44 and 43). OAE 1a is 

characterized by a brief negative and subsequent prolonged positive carbon isotope excursion 

(Menegatti et al., 1998). The positive carbon isotope excursion at Site 364 occurs directly 
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above a ~13 m long coring gap, and therefore the negative carbon isotope excursion that is 

characteristic for the onset of OAE 1a is not recovered here. As such, the sediments recovered 

in Cores 44 and 43 only represent the later stages of OAE 1a.  

At the beginning of Unit 5 (late Albian-Early Cenomanian, i.e. Cores 25 and 24), δ13Corg 

(also δ13Ccarbonate in Kochhann et al., 2013) indicate a major negative carbon isotope excursion 

(~ –3‰) in the basin. Considering the age of Unit 5, this excursion could be caused by latest 

Albian “Breistroffer event”, i.e. OAE 1d (e.g. Robinson et al., 2008; Wilson and Norris, 2001). 

OAE 1d is associated with the positive carbon excursion which is succeeding a short-term 

negative excursion (e.g. Bornemann et al., 2005; Wilson and Norris, 2001). Although the 

positive OAE 1d excursion here is not recovered at Site 364, due to the coring gap between the 

Cores 23 and 24 (~13 m,  
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Figure 4.1). The occurrence of OAE 1d in the Atlantic Ocean has been previously 

reported, e.g. at ODP Site 1052 in the North Atlantic (Wilson and Norris, 2001). The OAE 1d 

negative excursion in Unit 5 is also associated with an increase in the preserved organic carbon 

(TOC <~20 wt.%). The high OM burial accompanied OAE 1d is usually represented by several 

black shale horizons, e.g. in the Niveau Breistroffer ( SE France; Bornemann et al., 2005) and 

in the Monte Petrano (Italy, Giorgioni et al., 2015), such as appear in the cyclic nature of black 

shales at Cores 23 and 24. Wilson and Norris, (2001) have also attributed the occurance of Unit 

5 black shales at Site 364 to OAE 1d. 

However, in the general model for the development of anoxia during the OAEs a 

combination of warming, increased sedimentation rates, nutrient inputs and increased algal 

productivity, are invoked as the causes of anoxia and its consequent OM preservation (black 

shales) in the preconditioned basins. This model suggests an increase of pCO2 and tempratue 

in atmosphere-ocean system (SST), as triggering factors to the accelerated hydrological cycle, 

increased flux of nutrient to the ocean, intensified of upwelling and enhanced marine 

productivity (Jenkyns, 2010). Nevertheles there is no evidence of increased sea surface 

temprature during the presumed OAE 1d at Site 364, this contradict is explained in the previous 

section (4.4.3).  The low SST at Unit 5 might be derived from a prospective long-term cooling 

trend at Unit 5, ( 
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Figure 4.1), although the disconnectivity in SST record from mid–late Albian at Site 

364 is problematic and does not allow to reconstruct it.  

 

4.4.5. Comparison to climate models  
 
The GDGT record at Site 364 is mainly covering Aptian–Albian intervals (To the best of our 

knowledge, the current published SST models do not cover Aptian–Albian sections). However 

according to the published records and models, a decreasing SST trend towards the late 

Cenomanian (before OAE2) is expected (Barral et al., 2017; Bice et al., 2006; Forster et al., 

2007; Martin et al., 2014; O’Brien et al., 2017). For instance, TEX86 records (Forster et al., 

2007) from ODP Sites 1258 and 1259 and Mg/Ca and δ18O proxies from Site 1257 (Bice et al., 

2006) at Demerara Rise (North Atlantic) demonstrate a decreasing temperature trend before 
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OAE2, with the minimum temperature occurring in the mid to late Cenomanian. OAE 2 and 

so that the maximum temperature during the Cenomanian–Turonian is not recorded at Site 364 

(Leg 40 Shipboard Scientific Party, 1978). However the Earth system multi-proxy model zonal 

mean SSTs (Tabor et al., 2016) demonstrates the cooling trend after the Cenomanian-Turonian 

OAE towards the Late Cretaceous, as also recorded in TEX86 values at the tropical Atlantic 

(Demerara Rise, Forster et al., 2007) and Southern Tethyan (Alsenz et al., 2013).  
 
 

4.5. Conclusions 
 
The long-term records of TEX86 from DSDP Site 364 (Units 7a to 5) allow reconstruction of 

SST in the northern South Atlantic during the Aptian–Albian, alongside with the long term 

(Aptian–Coniancian) records of carbon cycle expressed by δ13Corg. The presented SST record 

once again confirms that the Early Cretaceous SST was significantly higher than modern ocean. 

The stability of SST values during the Aptian indicates the resistance of tropical climate to 

transient changes for about ~10 Myr. The cooler SST values at late Albian–Cenomanian 

(although associated with OAE 1d) could be as a result of either local changes in the 

geomorphology of the basin, a potential cooling episode during OAE 1d as invoked for OAE 

1a and OAE 2 (Jenkyns, 2018) or reduced stratification as invoked for the OAE 1d at Site 1052 

(Wilson and Norris, 2001). Evidence of Cretaceous oceanic anoxic events, i.e. OAE 1a and 

OAE 1d are recognised in the South Atlantic. 
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Chapter 5  
 
Photic zone euxinia and N cycle during the PETM  
 
 
 

Preface 
 
This chapter is under preparation and modification for submission as a research article to 

Nature Geoscience. The lead author of the paper is LB. LB carried out analysis (unless stated), 

interpreted the organic geochemical data set and wrote the chapter. RP and DN made comments 

and suggestions on the initial draft made by LB. Total lipid extraction, GC-MS and LC-MS 

analyses of Kheu River PETM sediments were performed by K. Taylor and R. Rees-Owen (as 

published in (Dickson et al., 2014b)), although the identification and integration of anoxia 

biomarkers were performed by LB. Total lipid extraction and GC-MS analysis of Zumaia were 

mainly performed by A. Ralph (project student, supervised by LB). Sediment samples are 

provided by collaborators; i.e. northern Peri-Tethys sediments by A. Dickson (Royal Holloway 

University of London), Dababiya samples by H. Khozyem (Aswan University, Egypt), Zumaia 

samples by H.R. Manners (National Oceanography Centre, UK) and S.T. Grimes (University 

of Plymouth, UK). d15Nbulk and d15NPorphyrin analyses were carried on lipid fractions prepared 

by LB by Prof. A. Pearson’s lab (Harvard University).  

 

Abstract 
 
Despite some similarities that the Paleocene–Eocene Thermal Maximum (PETM) shares with 

the Oceanic Anoxic Events (OAEs) of the Mesozoic, the extent and persistence of anoxia, and 

especially photic zone euxinia, during the PETM is still not well constrained. Moreover, 

although a negative bulk stable nitrogen isotope (d15Nbulk) excursion has been reported for the 

PETM, the dynamics of the PETM nitrogen cycle are still poorly understood. Here, we analyse 

a range of biomarkers in sediments from the margins of the northern Peri-Tethys (Central Asia: 

Guru-Fatima, Kheu River, and Dzhengutay) and North Atlantic (northern Spain: Zumaia 

section) that span the PETM. We focus on biomarkers that are indicators of past redox change 

and especially the presence/absence of green sulfur bacterial biomarkers. Collectively, these 

data, combined with previously published records, indicate an expansion of anoxia and photic 
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zone euxinia during the PETM, but only in restricted marginal and epicontinental basins that 

amplified nutrient trapping and not in open marginal settings. One of the consequences of an 

expansion of marine anoxia is an increase in denitrification, perturbating the marine nitrogen 

cycle. To explore this further, we measured d15NPorphyrin and d15Nbulk values in the Dzhengutay 

sediments and d15NPorphyrin at Guru-Fatima. d15Nbulk values are consistently more depleted (by 

–4‰) when the basin experienced photic zone euxinia during the PETM. However, the offset 

(epor‰) between d15NPorphyrin and d15Nbulk, suggests that cyanobacteria dominated marine export 

production during the PETM, which is different from that previously observed for the 

Mesozoic OAEs, suggesting that the marine N-cycle during the PETM might have operated 

different than during the OAEs.  

 

5.1. Introduction 
 
The Paleocene–Eocene Thermal Maximum (PETM; (Kennett and Stott, 1991) ~56 million 

years ago (Ma) was the largest hyperthermal event of the Cenozoic, and lasted for ~120-220 

ka (reviewed by McInerney & Wing, 2011). The PETM is defined by an abrupt increase in 

global temperature (5-8˚C in <10 ka; e.g. Frieling et al., 2014; Sluijs et al., 2006; Sluijs et al., 

2014, 2011; Zachos et al., 2006) and an associated negative stable carbon isotope (d13C) 

excursion (CIE) of 4.7 ± 1.5 ‰ for terrestrial and 2.8 ± 1.3 ‰ for marine records (reviewed by 

McInerney & Wing, 2011). Carbon cycle perturbation, as well as extensive dissolution of deep 

ocean carbonates due to a sudden rise in the calcite compensation depth (CCD), indicates that 

the rapid release of (isotopically light) carbon into the ocean-atmospheric system was the cause 

of the PETM (Dickens et al., 1997, 1995; Pagani et al., 2006; Panchuk et al., 2008; Zachos et 

al., 2005; Zeebe et al., 2009). In addition to evidence for warming and carbon cycle 

perturbations, the PETM is associated with changes in the hydrological cycle and associated 

increases in terrestrial sediment flux, nutrient inputs to the surface ocean and algal productivity 

(review by Carmichael et al., 2017).  

 The combination of warming, higher sedimentation rates, and increased nutrient inputs 

and algal productivity have all been invoked as causes of widespread anoxia during the Oceanic 

Anoxic Events (OAEs) of the Mesozoic and could have caused the same during the PETM 

(Sluijs et al., 2014). However, during the PETM, the deep (open) ocean evidently experienced 

only a minor deoxygenation in the deep Atlantic (e.g. Chun et al., 2010; Plike et al., 2014) and 

deep Pacific (Colosimo et al., 2006; Palike et al., 2014; Zhou et al., 2014). However, there is 

evidence of water column suboxic/anoxic conditions in shelfal and marginal marine settings 
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and restricted basins. These include evidence of water column deoxygenation in the marginal 

sediments of the North Atlantic, i.e. eastern Gulf of Mexico (Kopp et al., 2009; Lippert and 

Zachos, 2007; Stassen et al., 2012) and Bay of Biscay (e.g. Palike et al., 2014; Pardo et al., 

1997), Arctic Ocean (e.g. Sluijs et al., 2008; Stein et al., 2006), and Southwest Pacific (Kaiho 

et al., 1996; Nicolo et al., 2010). In addition, there is evidence from the Eurasian shelves (e.g. 

Boltovskoy et al., 1992; Gradstein et al., 1994; Pak & Miller, 1992; Pardo et al., 1997), 

including the Tethyan region; i.e. Western- (e.g. Braga et al., 1975; Egger et al., 2005), Eastern- 

(e.g. Bolle et al., 2000; Dickson et al., 2014a, 2014b; Gavrilov et al., 2003, 1997), and Southern 

margins (e.g. Ernst et al., 2006; Khozyem et al., 2013; Speijer and Wagner, 2002). 

 In a few continental shelf and marginal settings, water column anoxia developed to such 

an extent that photic zone euxinia occurred, indicated by the presence of biomarkers exclusive 

to green sulfur biomarkers, isorenieratane and other derivatives of isorenieratene (Summons 

and Powell, 1986). This includes marginal sites or restricted basins in the Arctic Ocean (IODP 

Site M0004; Sluijs et al., 2006); North Sea (Fur and Store Bælt; Schoon et al., 2013), West 

Siberian Sea (well 10; Frieling et al., 2014), Gulf Coastal Plain (Harrell Core; Sluijs et al., 

2014), and eastern shelf of the South Atlantic (Dahomey Basin; Frieling et al., 2017). In 

addition Gavrilov et al. (2003) invoked biomarkers derived from Chlorobium bacteria in the 

Peri-Tethys sediments (Tadjik depression, Kurpai) as evidence of photic zone euxinia although 

the specific biomarker is not specifically mentioned in that study. Thus, the PETM shares some 

characteristics with OAEs but appears to lack the magnitude of global marine anoxia (see 

review by Robinson et al., 2017). Moreover, although organic carbon burial could have been 

crucial to terminating PETM warming (e.g. John et al., 2008), it does not appear to be as strong 

as during OAEs that are characterized by a positive d13C anomaly (Jenkyns, 2010). Parsing the 

similarities and differences in these climatic and biogeochemical interactions among the PETM 

and OAEs, therefore, remains an important component to understanding all of these events, but 

it also requires a better understanding of the extent and nature of PETM marine anoxia/euxinia. 

This is especially true for shallow shelf margins, where the extent of water column anoxia 

remains unclear, and especially in the Peri-Tethys Ocean, where dy-oxygenation appears to 

have been particularly pronounced (Dickson et al., 2014b; Gavrilov et al., 2003). Here, we have 

analysed organic geochemical biomarkers, especially those for water column anoxia and photic 

zone euxinia, in PETM sediments from the northern Peri-Tethys (Guru-Fatima, Kheu River, 

and Dzhengutay), southern Peri-Tethys (Dababiya) and western Peri-Tethys (North Atlantic; 

Zumaia), Figure 5.1.  

In addition, we explore the impact of water column anoxia on the marine Nitrogen cycle 

using δ15Nbulk and the first to date δ15Npor for the PETM. Consequences of marine anoxia today 
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(e.g. Horak et al., 2016) and during OAEs (e.g. Higgins et al., 2012) are higher rates of 

denitrification and annamox, both of which lead to the loss of N from the ocean to the 

atmosphere. δ15Nbulk of sediments from Peri-Tethys region (Junium et al., 2018; Khozyem et 

al., 2015) and Arctic Ocean (Knies et al., 2008) display a negative excursion during the PETM. 

Similarly, a negative δ15Nbulk excursion has been reported during the Mesozoic OAEs (Jenkyns 

et al., 2007; Junium and Arthur, 2007; Kashiyama et al., 2008; Kuypers et al., 2004; Ohkouchi 

et al., 2006). Classically this negative excursion in δ15Nbulk is interpreted to reflect an increase 

in N2-fixing cyanobacteria (Kuypers et al., 2004; Rau et al., 1987). However, Higgins et al., 

(2012), used the stable nitrogen composition of porphyrins (δ15Nporphyrin) and suggested that N2 

fixing eukaryotes dominated during OAE 2, not N2-fixing cyanobacteria. However, whether a 

similar mechanism operated during the understanding of the PETM remains largely unclear.  

 

 

5.2. Samples and method 

5.2.1 Sampling of the PETM sections  
 
The occurrence of the PETM has been throughout the Peri-Tethys realm, and along the 

northern margin is commonly associated with the deposition of organic-rich sediments. 

Collectively, these sections allow Paleocene—Eocene organic rich shales to be traced across 

about 2500 km, from Central Asia to the Caucasus (e.g. Gavrilov et al., 2009, 2003), including 

the Guru-Fatima section located in the eastern (Central Asia) region and the Dzhengutay and 

Kheu River sections located in the western (Caucasus) regions (Figure 5.1), all three of which 

are studied here.  

The lithology of the Guru-Fatima section is comprised of grey calcareous mudstone (<1 wt.% 

TOC), overlain by an organic rich shale horizon (7–20 wt.% TOC), which is covered by a 

laminated mudstone (~3 wt.% TOC) and an organic lean mudstone (<1 wt.% TOC (Fig. 5.2, 

Dickson et al., 2014). Elemental sulfur increases from <1 wt.% in the deepest and top horizons 

to 3 wt.% in the organic rich horizon (Figure 5.2). A negative bulk δ13Corg excursion of 4 ‰ 

occurs in the section, with values of –26 ‰ in the deepest horizon (grey calcareous marls),  –

30 ‰ in the organic rich shale and –28 ‰ the overlying laminated mudstone (Dickson et al., 

2014; Figure 5.2). Guru Fatima sediments were sampled from an archived drill core at the 

Geological Institute of the Russian Academy of Science. 

The Dzhengutay section is composed of calcareous mudstone (<1 wt.% TOC) with an 

intermediate organic rich shale horizon (~3.5 wt.% TOC) (Dickson et al., 2014b; Figure 5.3). 
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The elemental sulfur content also increases from non-detectable values in the calcareous 

mudstone to ~1 wt.% in the organic rich horizons. A negative bulk δ13Corg excursion of 4‰ is 

expressed in the section, with values of –25 ‰ in the calcareous mudstone and –29 ‰ in the 

intermediate organic rich shale (Figure 5.3; Dickson et al., 2014b). Dzhengutay sediments were 

sampled from an outcrop exposure that had been cut back significantly to prevent (potentially) 

degraded and contaminated surface sediments from impacting biomarker analyses. 

The Kheu River section is composed of organic lean silty claystones (<1 wt.% TOC) 

with an intermediate organic rich shale (mean 5 wt.% TOC; Figure 5.4) (Dickson et al., 2014b). 

Elemental sulfur values also increase from <1 wt.% in the organic lean sections to ~4 wt.% in 

the organic rich horizon. A negative bulk δ13Corg excursion of –4.5 ‰ is expressed in the 

section, with values decreasing from –24 ‰ in the organic lean sediments to –30 ‰ in the 

organic rich horizon. Kheu River sediments were obtained from an outcrop exposure that had 

been cut back to avoid exposed materials and are the same as reported in Dickson et al. (2014). 

In addition to the northern Peri-Tethys sections, we analysed the Dababiya section 

located on the southern continental shelf (Khozyem et al., 2015) (Figure 5.1). The Dababiya 

section is a Global Stratotype Standard Section and Point (GSSP) (Aubry et al., 2007), and one 

of the most expanded PETM sections. The lithology of Dababiya is comprised of marl and 

marly shale overlain by non-calcareous clay, brown and laminated phosphatic shale, grey shale 

and grey marl to marly limestone. The TOC contents of Dababiya are generally low (<1 wt.% 

TOC) (Khozyem et al., 2015). The bulk δ13Corg values exhibit a 3‰ negative carbon isotope 

excursion in δ13Corg with values of –24 ‰ in the deepest and uppermost marly sections and –

28 ‰ in the intermediate non-calcareous and shale horizons (Figure 5.5) (Khozyem et al., 

2015). Dababiya sediments were sampled from an outcrop in the NW section, located 50 m 

northwest of the GSSP exposure, and as with other sections the outcrop was cut back to avoid 

exposed materials. 

The Zumaia section is located in the western Peri-Tethys and deposited in lower to mid 

bathyal settings, at about 1 km paleowater depth (Rodríguez-Tovar et al., 2011); it is the most 

complete and representative section of early Paleogene in the Pyrenees and a key reference for 

the Paleocene–Eocene boundary (Pujalte et al., 1998). The lithology is composed of alternating 

marl and limestone, interrupted by a 4 m horizon of reddish claystone and silty claystones (the 

Siliciclastic Unit (SU; Schmitz et al., 2001)). TOC content of Zumaia is low through the entire 

section (<1 wt.% TOC) (Manners et al., 2013). The bulk δ13Corg values at Zumaia express a 

negative CIE of 4 ‰, decreasing from –24 ‰ in the marly and carbonate sections to –28 ‰ in 

the Siliciclastic Unit (Figure 5.6) (Manners et al., 2013). Zumaia sediments were sampled from 

an outcrop, cutting back to avoid exposed materials. 
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Figure 5.1. Schematic of Paleocene-Eocene world map, highlighting the locations at which 

PZE during the PETM is observed. Positive-dark green symbols indicate evidence for PZE 

(this study), light green-positive symbols represent previously published evidence for PZE 

(Frieling et al., 2017, 2014; Gavrilov et al., 2003; Schoon et al., 2013; Sluijs et al., 2006; Sluijs 

et al., 2014), and negative-red symbols indicate lack of evidence for PZE (this study). 

 

 

5.2.2. Analytical methods 
 
Biomarker analyses were conducted on a total of 36 sediments, including 13 sediments from 

Dzhengutay, 10 sediments from Guru Fatima, 3 sediments from Dababiya and 10 rock samples 

from Zumaia. Biomarkers in Kheu River sediments have been previously published (Dickson 

et al., 2014), but here we report new data on isorenieratene and its derivatives. Prior to any 

treatment, Zumaia rock samples were washed (by methanol and dichloromethane (DCM)), and 

then the cleaned samples were powdered using ball mill. Sediments from other sites were too 

porous to allow rigorous washing and instead surface material was physically removed before 

extraction. 

 

5.2.2.1. Bulk geochemistry 
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The δ15Nbulk was determined for the Dzhengutay section using a Thermo Scientific Flash IRMS 

Elemental Analyzer, coupled to a Delta V Advantage IRMS through a Conflo IV universal 

interface. Dried sediments (not acidified) were transferred into tin capsules (Costech), which were 

folded and crushed before being analyzed on the IRMS. δ15N values were calculated using the 

authentic standards USGS40 and USGS41a (both are glutamic acid, purchased from USGS), along 

with several in-house laboratory standards (glutamic acid and tyrosine). The standard deviation 

(σ) for δ15Nbulk is ~0.3. For Dababiya samples, Tmax (an indicator of thermal maturity) was 

obtained using a Rock-Eval 6 instrument (with a σ of ±10°C). 
  

 5.2.2.2. Biomarker extraction 
 
The methods for Kheu River biomarker extraction, separation and analysis are explained in 

(Dickson et al., 2014b). To obtain total lipid extracts (TLEs) from the other sites, either about 

5 g (Dzhengutay and Guru Fatima) or 1 g (Dababiya) of sediment were extracted with 10 ml 

of a mixture of dichloromethane (DCM) and methanol (MeOH) (1:1, vol) by micro microwave-

assisted method (MILESTONIE Ethos Ex Microwave solvent extraction). The microwave 

program consisted of a 10 min ramp to 70 °C (max. 1000 W), followed by a 10 min hold at 70 

°C (max. 1000 W) and 20 min cooling period. After microwave extraction the samples were 

centrifuged (1500 rpm, 5 minutes) and the resulting supernatant collected. An additional 10 ml 

of DCM:MeOH were added to the sediment, centrifuged, and the supernatant again collected. 

This procedure was repeated four times. To obtain TLEs from the organic lean Zumaia 

sediments, 35 g of sediment were extracted with 220 ml of DCM:MeOH (1:1, vol) azeotrope 

using a Soxhlet apparatus for 24 hrs. Solvent-washed activated copper turnings were added to 

the TLE for 24 hrs to remove elemental sulfur. The TLE was then concentrated using rotatory 

evaporator.  

50% of each TLE from Dzhengutay, Guru Fatima, and Dababiya was used for GC-MS 

analysis. TLEs from organic rich samples with TOC >1 wt.% (a total of 7 samples from 

Dzhengutay and Guru Fatima), were separated into three fractions (aliphatic, aromatic and 

polar) using short (4 cm) silica gel open column chromatography. Aliphatic, aromatic, and 

polar fractions were eluted using 3 ml of hexane, 4 ml of hexane:DCM (3:1) and 4 ml of 

DCM:MeOH (1:2), respectively. For the other samples 50 % of the TLE was measured on the 

GC-MS. TLEs were derivatised (silylated) with BSTFA (N,O-bis(trimethylsilyl)-

trifluoroacetamide; 30 µl) and pyridine, and heated (70°C for 1 hr).  

The Zumaia TLEs (similar to those from Kheu River (Dickson et al., 2014b)) were 

separated into two fractions (fatty acid and neutral) using silica gel flash column 
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chromatography. Fatty acid and neutral fractions were eluted using 7 ml of chloroform and 7 

ml of chloroform:acetic acid (100:1), respectively. The neutral fraction was further separated 

into two fractions (apolar and polar) on an alumina column. Apolar and polar fractions were 

eluted using 5 ml of n-hexane:DCM (9:1) and 4 ml DCM:MeOH (1:2). The apolar fractions 

were used for GC-MS analysis.  

For all samples, prior to GC-MS analysis, a known amount of C36 n-alkane was added 

as an internal standard for the (semi-)quantification of the biomarkers of interest 

(isorenieratane). 

For samples from Dzhengutay and Guru Fatima the other 50 % of the TLE was used to 

obtain porphyrins. Porphyrin pre-purification was conducted using silica gel flash column 

chromatography. TLEs were separated in to four fractions, i.e. hexane, hexane:DCM (1:1), 

DCM and MeOH. Porphyrins (mixed porphyrin, i.e. Ni- and VO-chelated porphyrins) were 

eluted in the middle two fractions.  
 

5.2.2.3. Biomarker analysis 
 
Biomarker distributions were determined using a Thermo ScientifictTM ISQ Series Single 

Quadruple GC-MS system. Separation of compounds was carried out on a Zebron non-polar 

column (50 m x 0.32 mm, 0.10 µm film thickness), with He a carrier gas and an injection 

volume of 1 µl. The GC programme was: injection at 70 °C (1 min hold), heating to 130 °C at 

a rate of 20 °C/min, then to 300 °C at 4 °C/min, followed by a 24 min hold. The mass 

spectrometer continuously scanned between m/z 50 and 650, and identification of biomarkers 

was carried out based on published retention times and spectra as well as comparison with 

standard samples.  

δ15N of porphyrins was determined for the Guru Fatima and Dzhengutay sediments to 

explore the N cycle excursion during the PETM. Following the porphyrin pre-purification 

(5.2.2), porphyrin fractions were purified by prep. HP-LC (Agilent 1200 series) equipped with 

a multi-wavelength UV/Vis detector (Higgins et al., 2009). Porphyrin-containing fractions 

were injected onto two ZORBAX SIL columns (4.6 x 250 mm, 5 μm) and eluted at 1 mL min-

1. Porphyrin peaks were detected by absorbance at 393 and 405 nm. After purification 

δ15Nporphyrin was measured according to the methods in Higgins et al., (2009). Briefly, HPLC-

purified porphyrins were placed in quartz tubes and oxidized under UV light in a biosafety 

cabinet for six hours, then dried and chemically oxidized using re-crystallized 0.05 M K2S2O8 

dissolved in fresh 0.15 M NaOH. Nitrate concentration was measured using a 

chemiluminescent NOx analyser (Teledyne NO/NOx Analyzer 200E). δ15Nporphyrin values were 
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measured using the denitrifier method (Sigman et al., 2001), on a Delta V Advantage isotope 

ratio mass spectrometer. Isotopic measurements were calibrated based on the N2 reference scale 

using standard reference materials, i.e. IAEA N3 and USGS 34. Purification of porphyrin and 

δ15Nporphyrin measurements were conducted at Harvard University, USA.  

 

 

5.3. Results 

5.3.1. Bulk geochemistry and thermal maturity 
 
Bulk geochemical data (TOC contents and δ15Corg values) were obtained previously and 

described in the site descriptions above. New data presented here for the first time are the 

δ15Nbulk from the Dzhengutay section. These range from 2 ‰ prior to and after the PETM (as 

defined by the CIE) to –2 ‰ during the PETM, yielding a 4‰ negative excursion (Figure 5.3). 

The thermal maturity of Dababiya section as determined by Rock Eval Tmax values is 470-600 

°C. 

 

5.3.2. Aliphatic compounds  
 
The distributions of biomarkers in these sections provide insight into the changes in OM source 

during the PETM.  Although the differences in thermal maturity make it difficult to compare 

absolute values of various biomarker indices, we focus on relative trends within each section 

to qualitatively explore changes in inputs. We focus on the aliphatic fraction, which contains a 

range of algal, higher plant and bacterial biomarkers.  

The aliphatic fraction from the Guru Fatima section contains n-alkanes (C16-C35), 

isoprenoids (pristane, phytane and lycopane), steranes (ααα isomers of C27-C29 also methyl 

sterane) and hopanes (C27-C32, dominated by αβ isomers). The ratio of the short to long chain 

n-alkanes [C17/(C17+C31)] in the organic rich PETM horizons (~1) is slightly higher than pre-

PETM (~0.8) and post-PETM (~0.2) sediments (Figure 5.2). These values are consistent with 

a moderate thermal maturity and a mixture of algal and higher plant inputs. The odd-over-even 

carbon number predominance (carbon preference index, CPI; Bray and Evans, 1961) of the 

long-chain (C25-C37) n-alkanes during the PETM (~1) is lower than pre-PETM (~1.4) and post 

PETM (~2) (Figure 5.2). The lycopane ratio (lycopane/C31 n-alkane ratio; Sinninghe Damsté 

et al., 2003), is applied as a proxy for anoxic conditions. The lycopane/C31 n-alkane ratio is 
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<0.8 during the PETM, although it is lower (<0.3) in the pre- and post PETM sediments. The 

degree of hopane isomerisation 22S/(22S+22R) (Mackenzie et al., 1980) is 0.4. 

The aliphatic hydrocarbon fractions from Dzhengutay contain n-alkanes (C16-C35), 

isoprenoids (pristane, phytane and lycopane), steranes (ααα isomers of C27-C29 also methyl 

sterane) and hopanes (C27-C32, dominated by αβ isomers). Unlike at Guru-Fatima, pre- and 

post-PETM sediments at Dzhengutay are organic lean and do not yield long-chain n-alkanes 

and hopanes (Figure 5.3). The ratio of the short to long chain n-alkanes [C17/(C17+C31)] has 

relatively variable values around ~0.8 in the PETM black shale horizon. The CPI in the PETM 

horizon indicates a slight odd-over-even carbon number predominance (CPI~1.4; Figure 5.3). 

The lycopane/C31 n-alkane ratio is ~0.5 during the PETM (Figure 5.3), although was not 

measurable (~0) in the pre- and post PETM samples. The degree of hopane isomerisation 

22S/(22S+22R) (Mackenzie et al., 1980) is 0.4, similar to Guru Fatima. 

As previously reported (Dickson et al., 2014b), the apolar fraction from Kheu River 

contains abundant n-alkanes (C17-C35), isoprenoids (pristane, phytane, lycopane), and hopanes 

(C27-C31, ββ, αβ and βα isomers), as well as sterenes (C27-C29) and subordinate abundances of 

steranes. The ratio of the short to long chain n-alkanes [C17/(C17+C31)] is variable (<0.1–0.5) 

in the pre-PETM and the organic rich PETM horizon, although at the end of the PETM these 

values decrease and are not measurable post-PETM (Figure 5.4). The CPI is variable during 

the PETM horizon (0.4–2.5), but slightly higher than pre- and post-PETM (<1) sediments. The 

lycopane/C31 n-alkane ratio during the PETM organic rich sediments, although variable (0.1–

2), is higher than pre- to post-PETM (~0.5) horizons. The degree of hopane isomerisation 

22S/(22S+22R) (Mackenzie et al., 1980) is as low as 0.03. 

Based on the biomarker distribution (for instance presence of fatty acids and alcohols), 

the sediments from Zumaia are the least mature amongst the studied sections here, but organic 

lean. The biomarkers of interest; i.e. n-alkanes, isoprenoids, steranes, hopanes, and lycopane 

are largely absent in these TLEs (Figure 5.5). The apolar fraction from Zumaia is dominated 

by fatty acids.  

Sediments from Dababiya section are of the highest thermal maturity amongst the 

studied sections (over mature), and no biomarkers (including biomarkers of interest) were 

detected in our total lipid extracts (Figure 5.6). 

 
 
5.3.3. Aromatic compounds 
 
The aromatic fractions from all three northern Tethys marginal sections (Dzhengutay, Guru 

Fatima and Kheu River) contain isorenieratene derivatives, including isorenieratane (Figure 
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5.2, Figure 5.3, 5.4). The presence of derivatives of isorenieratene (e.g. isorenieratane) (Imhoff, 

1995; Koopmans et al., 1996a), a carotenoid that originates from brown coloured strains of 

photosynthetic green sulfur bacteria (chlorobiacae) (Imhoff, 1995 and references therein),  

indicates the establishment of photic zone euxinia. Isorenieratane is absent or below detection 

in all pre- and post-CIE (PETM) sediments at all three sites, and its concentration in the PETM 

sediments varies among the three sites. Concentrations are highest at Guru Fatima (Figure 5.2), 

varying between 50 to 200 µg g–1 sediment. Lower concentrations occur at Dzhengutay (~10 

µg g–1 sediments, Figure 5.3), which has a similar thermal maturity to Guru Fatima. Among 

the northern Tethyan sites, isorenieratane concentrations are lowest at Kheu River, commonly 

being below detection or having low concentrations (0.5 µg g–1 sediment) in the PETM interval. 

The Kheu River section is less thermally mature (discussed in 5.4.1), and it is possible that 

isorenieratene derivatives remain in the S-bound fraction. In contrast to the northern Tethys 

sites, the lipid extractions from Zumaia sediments do not contain isorenieratane or it is below 

the detection level. As Zumaia sediments are low in maturity (discussed in 5.4.1), the 

isorenieratene derivatives in these samples could be S-bounded (Sinninghe Damste et al., 

1990). The sediments of Dababiya are of high maturity (discussed in 5.4.1) and isorenieratene 

derivatives are absent in these sediments.  

 

 

5.3.4. Compound specific δ15Nporphyrin 

δ15Nporphyrin was determined on samples from the Guru Fatima and Dzhengutay sections, 

mainly from within the PETM black shales. In general, porphyrin concentrations were too 

low outside of the black shale interval to allow us to measure δ15Nporphyrin. In Guru Fatima, 

δ15Nporphyrin are obtained from pre-PETM and the PETM horizon (Figure 5.2). The δ15Nporphyrin 

values in the organic rich horizons are variable (–5 ‰ to 4 ‰), but generally higher than the 

pre-PETM value (2 ‰), expressing a 2 ‰ positive excursion during the PETM. In 

Dzhengutay, δ15Nporphyrin was obtained from PETM horizon only. The δ15Nporphyrin, although 

generally lower than Guru Fatima (Figure 5.3), are positive (~1 ‰–3 ‰).  
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Figure 5.2. Results from the Guru Fatima Section. Lithology, TOC, elemental sulfur, d13C, 

isorenieratane, lycopane ratio, CPI, the ratio of short to long chain n-alkanes, the ratio of algal 

to bacterial derived biomarkers, and d15Npor. The legend of lithology symbols used in this 

chapter. Bulk geochemical data are from Dickson et al., (2014b). Relative depth is based on 

the onset of the PETM CIE.  

 
 

 
Figure 5.3. Results from the Dzhengutay section. Lithology, TOC, elemental sulfur, d13C, 

isorenieratane, lycopane ratio, CPI, the ratio of short to long chain n-alkanes, the ratio of algal 

to bacterial derived biomarkers, d15Nbulk, d15Npor, epor. Bulk geochemical data are from Dickson 

et al., (2014b). Relative depth is based on the onset of the PETM CIE. The key for the lithology 

symbols is in Figure 5.3.  
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Figure 5.4. Results from the Kheu River section. Lithology, TOC, elemental sulfur, d13C, 

isorenieratane, lycopane ratio, CPI, the ratio of short to long chain n-alkanes. Bulk geochemical 

data are from Dickson et al., (2014b). Relative depth is based on the onset of the PETM CIE. 

The key for the lithology symbols is in Figure 5.3. 

 

 
Figure 5.5. Results from Dababiya NW section. Lithology, TOC, d13C, isorenieratane, 

lycopane ratio. Bulk geochemical data are from (Khozyem et al., 2015). Relative height (m) 

is based on the local surface. The key for the lithology symbols is in Figure 5.3. 
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Figure 5.6. Results from Zumaia section, Lithology, TOC, d13C, isorenieratane, lycopane ratio. 

Bulk geochemical data are from (Manners et al., 2013). Relative height (m) is based on the 

start of the Siliciclastic Unit (SU). The key for the lithology symbols is in Figure 5.3. 

 

5.4. Discussion 

5.4.1. Thermal maturity of the discussed sections 

 

The thermal maturity of the Dababiya section as determined by Rock Eval Tmax values of 470-

600 °C is high (over mature regarding the OM) and obtaining lipid biomarkers from this host 

rock was not achieved. Rock Eval was not performed on the other studied sections, therefore 

to compare the thermal maturity of the other studied sections, their obtained hopane 

distributions was assessed (explained in 5.3.2). The degree of hopane isomerisation 

22S/(22S+22R) (Mackenzie et al., 1980) indicate relatively lower thermal maturity in Kheu 

River (~0.03), and higher in Dzhengutay (~0.4) and Guru Fatima (~0.4). The biomarker 

distribution at Zumaia (see 5.3.2) does not contain hopanes to compare with other sections, 

however these samples contain fatty acids indicating a lower maturity of these samples 

compared to the other studied sections. Altogether, the maturity of organic matter at Dababiya 

(over mature) is more than Dzhengutay and Guru Fatima, which are per se at higher stage of 

maturity that Kheu River. Zumaia is the least mature among the studied sections.  
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5.4.2. Spread of photic zone euxinia in the Peri-Tethys margins during the PETM  
 
Multiple lines of evidence indicate significant redox changes during the PETM (CIE) in the 

northern margins of Peri-Tethys, i.e. in Guru Fatima, Dzhengutay and Kheu River sections. 

These include elevated TOC contents as some of the highest observed during the PETM 

(Dickson et al., 2014b; Gavrilov et al., 2003); high and dynamic abundances of redox sensitive 

trace metals, such as molybdenum (Mo), rhenium (Re), manganese (Mn) (Dickson et al., 2014); 

high abundances of Fe, and especially high proportions contained within reactive minerals 

(Dickson et al., 2014); and high burial rates of reactive phosphorus (P) (Dickson et al., 2014). 

These proxies suggest that anoxia occurred not only in sediments, but extended into the water 

column, although the extent remains unclear. Our data provide the first comprehensive 

evidence that anoxia, and even euxinia, extended into the photic zone of the water column in 

the northern Peri-Tethys during the PETM.  

Building on previous work (Dickson et al., 2014), we show that lycopane, a biomarker 

predominantly associated with anoxic oxygen minimum zones (Sinninghe Damsté et al., 2003), 

occurred across the Northern Tethys during the PETM. In Guru-Fatima (the eastern part of the 

basin), the lycopane ratio reaches ~0.7 during the PETM, although below the detection level 

in the pre- and post-PETM intervals, indicating an increase in the intensity of water column 

deoxygenation towards anoxia. The same increase occurs at the Dzhengutay and Kheu River 

sections, with maxima of ~0.6 and ~1, respectively. This suggests that Kheu River experienced 

the most pronounced water column anoxia, although this could be a consequence of its lower 

thermal maturity as isoprenoidal hydrocarbons will crack more readily than straight-chain 

components (e.g. Summons et al., 1988). In any case, the maximum PETM values at each site 

are consistent with those observed in recent sediments of the OMZ of the Arabia Sea (0.8, 

Schulte et al. 1999, Sinninghe Damsté et al. 2003) and across the Peruvian Shelf (2.5, 

Farrington et al. 1988; Sinninghe Damsté et al. 2003). Although, it is noteworthy that the 

lycopane ratio is generally interpreted as local relative changes with a sedimentary sequence 

rather than as absolute values (Sinninghe Damsté et al., 2003).  

The presence of isorenieratane in the PETM organic rich sediments of Guru Fatima, 

and below the detection level in the pre- and post-PETM horizons, indicates the establishment 

of photic zone euxinia during the PETM. The same holds for the occurrence of isorenieratane 

within the PETM organic rich horizons of Dzhengutay and Kheu River. The higher abundances 

of isorenieratane at Guru Fatima than at Dzhengutay and Kheu River suggests that the eastern 
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part of the basin experienced more pronounced water column anoxia/euxinia during the PETM.  

Similarly, the persistence of anoxia and photic zone euxinia biomarkers in Guru Fatima 

suggests persistent PZE, contrasting with the evidently episodic water column anoxia and PZE 

in the western basin. We note the much lower resolution of the biomarker data at Guru Fatima 

and Dzhengutay than at Kheu River, but our conclusions are consistent with those inferred 

from other geochemical proxies (Dickson et al., 2014b). Although, an episodic anoxia during 

the PETM has been previously attributed to episodic water column ventilation (Dickson et al., 

2014b, 2012; Friedrich, 2010; Kenig et al., 2004; Sluijs et al., 2014), the cyclic nature of anoxia 

in the western part of the basin could be raised from the astronomically controlled variations 

in the hydrological cycle activities which increase is expressed in the sedimentary cycles; i.e. 

a regular fluctuation of TOC content and carbonates is expressed in three and four cycles at 

Kheu River and Dzhengutay, respectively (Gavrilov et al., 2009).  

In the southern Peri-Tethys, i.e. Dababiya NE section, redox sensitive proxies (V, 

nickel (Ni), Mo, Mn and cerium (Ce) anomalies) reveal two intervals of anoxic/euxinic 

conditions during the early and middle PETM, each associated with high surface water 

productivity (Khozyem et al., 2015). Establishment of water column euxinic condition during 

the PETM (Schulte et al., 2011) and a general oxygen depleted sea floor with episodes of fully 

anoxic (or euxinic) condition (Soliman et al., 2006), based on the geochemical and 

mineralogical proxies) pyrite framboids, pseudomorphs of hematite spherules, calcite and 

detrital minerals), have also been inferred in the Dababiya GSSP and Quarry sections, 

respectively. However, in contrast to the northern Peri-Tethys sites, TOC content remains low 

(<1 wt.%) throughout the PETM (although they do increase). In fact, the sediments are so 

organic lean that no organic compounds, including those for anoxia or photic zone euxinia, 

were detected. Considering the high Tmax values of 470-600 °C, this could be due to thermal 

degradation of sedimentary organic content. Given the very low organic carbon contents, it 

seems unlikely that persistently anoxic conditions prevailed in Dababiya sediments – unlike 

those of the northern Peri-Tethys.  

In the western the Peri-Tethys, i.e. the upper to mid bathyal sequence of Zumaia, the 

negative CIE is associated with a planktic foraminiferal faunal turnover (Canudo et al., 1995; 

Molina et al., 1999), which has been invoked as evidence for development of a low oxygen 

minimum zone (suboxic condition). Specific evidence includes an increase in the abundance 

of the low oxygen tolerant genera such as Chiloguembelina spp (Canudo et al., 1995). 

However, neither anoxia nor photic zone euxinia biomarkers (lycopane and isorenieratene 

derivatives) were detected in the Zumaia sediments (Figure 5.6). Nor do TOC contents 

increase, although that could be due to the dramatic increases in sedimentation rate and changes 
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in lithology that occurred at Zumaia during the PETM (Manners et al., 2013). Given the bathyal 

location of Zumaia (Alegret et al., 2018) and the poor organic matter preservation, it is 

plausible that lycopane and isorenieratene derivatives were degraded during transport and 

burial. However, we have no evidence for that and it seems unlikely that PZE in this region 

would not be associated with any seafloor deoxygenation (e.g. Yao and Millero, 1995). Instead 

and consistent with foraminiferal assemblages, it appears that deoxygenation in the Zumaia 

section only developed to suboxic conditions at best (as indicated by planktic foraminiferal 

(Canudo et al., 1995; Molina et al., 1999))..  

The occurrence of widespread deoxygenation during the PETM is thought to reflect a 

response to a combination of an increased hydrological cycle (per se as a result of elevated 

temperature and pCO2; (Carmichael et al., 2017), warming and increased algal productivity 

due to increased continental chemical weathering and nutrient input (Bralower, 2002; Sluijs et 

al., 2014). This is similar to that invoked for the Mesozoic OAEs (Jenkyns, 2010). However, 

during the PETM deoxygenation was restricted to restricted basins and the open ocean appears 

to have only suffered from minor changes in oxygenation (Colosimo et al., 2006; Pälike et al., 

2014; Zhou et al., 2014). On the shelf, marginal marine settings and restricted basins where the 

nutrient trap efficiency is amplified, however, the PETM deoxygenation seem to be more 

intense (compared to deep ocean) and developed into suboxic/anoxic condition (e.g. Sluijs et 

al., 2008; Nicolo et al., 2010; Egger et al., 2005; Bolle et al., 2000; Dickson et al., 2012; Sluijs 

et al., 2006; Sluijs et al., 2014; Frieling et al., 2017); or even PZE (Frieling et al., 2014) as in 

the northern peri-Tethys (this study). The mechanism to explain PETM anoxia in the Peri-

Tethys must not only account for (a) the widespread deoxygenation of the water column at the 

PETM, and (b) apparently stronger and more persistent anoxic conditions along the northern 

margin (or within northern marginal basins) (e.g. Dickson et al., 2014b; Gavrilov et al., 2003; 

Junium et al., 2018) but also (c) must explain the apparent increase in anoxia from west to east 

of the basin and its apparently episodic (or cyclical) character in the west. 

An increase in marine productivity during the PETM anoxic horizons, comparing to the 

pre- and post PETM sediments, is highlighted by the change C17/ C17+ C31 ratio in the northern 

Peri-Tethys, although less obvious at Guru Fatima (Figure 5.2, Figure 5.3 and Figure 5.4). The 

connection of increased marine productivity and intensity of photic zone euxinia is especially 

manifest in the early stages of PETM at Kheu River where the pronounced increase of marine 

productivity accompanies PZE (Figure 5.4). The elevation in marine productivity accompanies 

an increase of nutrient availability. This appears in the carbon-preference index (CPI), as a 

proxy for estimating the potential contribution from higher terrestrial plants to sediments. The 

CPI values in the western part of the basin (Dzhengutay and Kheu River) increase during the 
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PETM (Figure 5.3 and Figure 5.4), indicating an increase in the higher terrestrial input during 

the PETM. Increase of CPI follows the same trend with marine productivity, suggesting that 

terrestrial input was the dominant source of nutrients into the western section. Although in 

Guru Fatima the CPI decreased during the PETM (Figure 5.4), this could result from the 

pronounced marine production which dilutes terrestrial OM. The influx of terrestrial nutrient 

input in Tethys releam is correlated with increased weathered lithogenic material, indicated by 

CIA and Ti/Al proxies (Dickson et al., 2014b).  

Altogether our results suggest that terrestrial input stimulated marine productivity, 

leading to anoxic/euxinic conditions in the northern Peri-Tethys margins. Therefore, the 

variation in the intensity of anoxia in the western and eastern part of the basin could result from 

variations in marine productivity, as a consequent of either variations in nutrient input quantity 

or differences in local properties of the basin (morphology) which influenced towards different 

responses to the nutrient elevation. The latter, however, seems more likely, when comparing 

the intensity of anoxia in the Zumaia bathyal section to the epicontinental sections of the 

northern Peri-Tethys. 

Collectively, based on the published and new results, we conclude that development of 

PZE during the PETM was well established in the restricted and epicontinental basins, i.e. the 

widen area of the northern Peri-Tethys margins from west to east; Kurpai  (Gavrilov et al., 

2003), Guru Fatima, Dzhengutay and Kheu River; as well as in the Arctic Ocean (IODP Site 

M0004; Sluijs et al., 2006); North Sea (Fur and Store Bælt; Schoon et al., 2013), West Siberian 

Sea (well 10; Frieling et al., 2014). PZE also developed in some marginal and continental shelf 

area as reported in the eastern Gulf of Mexico (Harrell Core; Sluijs et al., 2014) and eastern 

shelf of the South Atlantic (Dahomey Basin; Frieling et al., 2017). Development of photic zone 

euxinia in these basins, is likely driven by the morphology of the restricted basins, acting as 

nutrient traps that amplified productivity and intensified anoxia. In the open marginal settings 

(e.g. Zumaia), where the nutrient trap efficiency was not as high as epicontinental or marginal 

settings, deoxygenation only developed to suboxic condition.  

 

 

5.4.3. Marine N cycle during the PETM 
 
Nitrogen is a key-nutrient and a biolimiting factor for marine productivity (e.g. Redfield, 1934; 

Tyrrell, 1999). The marine N-cycle is tightly linked to the degree of oxygenation of the water 

column as anaerobic microbial activities lead to loss of bio-available nitrogen through 

denitrification and anammox. The dynamics of the marine N-cycle can be studied using δ15Nbulk 
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of sediments. An increase in loss of bio-available nitrogen is compensated by an increase in 

marine N2-fixers, which results in a decrease in δ15Nbulk. Depleted δ15Nbulk is reported from 

sapropels of the Eastern Mediterranean Sea (Möbius et al., 2010), the Cretaceous OAEs (Rau 

et al., 1987), and during the PETM in the Peri-Tethys (Junium et al., 2018; Khozyem et al., 

2015) and Arctic Ocean (Knies et al., 2008). Consistent with these findings is the δ15Nbulk 

measured at Dzhengutay, yielding a 4‰ negative excursion during the PETM (Fig. 5.3) which 

is similar to that observed in organic-rich OAE 2 sediments (Higgins et al., 2012) and the 

PETM section in Arctic ocean (Knies et al., 2008) and Kheu River (Junium et al., 2018) but 

smaller than those observed in other PETM sections in Tethys margins (Dababiya; Khozyem 

et al., 2015). Considering the occurrence of anoxic/euxinic condition in Peri-Tethys, intense 

denitrification in the anoxic water column and consequent nutrient limitation in the photic zone, 

likely favoured nitrogen fixing organisms. The difference (epor) between δ15Nporphyrin and 

d15Nbulk can provide insights into the relative contribution of eukaryotes and cyanobacteria N2 

fixers. The negative values of epor (–2.5‰ and –5‰) at Dzhengutay is the common feature of 

fresh water cyanobacteria (most likely Anabaena Variabills (Higgins et al., 2011)), expressing 

the dominant control of fresh water export during the PETM. Whereas, marine environment 

cyanobacteria (–2<epor <+2) (Higgins et al., 2011) and eukaryotic phytoplanktons 

(0<epor<10) (Beaumont et al., 2000; Higgins et al., 2011; Kennicutt et al., 1992; Sachs et al., 

1999) have a different range of epor values. Although δ15Nbulk was not measured at Guru Fatima,  

the positive δ15Nporphyrin values (~ +4‰ at 0.6 and 1 mbsf, Figure 5.2) during the PETM, 

assuming depleted δ15Nbulk values, is in line with Dzhengutay results on the fresh water 

cyanobacteria as the dominate nitrogen fixing organisms. Domination of fresh water 

cyanobacteria suggests that nitrogen supply to the photic zone was dominated by enhanced 

terrestrial run off, forming a lid of reduced salinity at the surface water on the top of the 

stratified basin and photic zone euxinia. Previous epor analysis suggest that during the OAE2 

the majority of export production was dominated by eukaryotes (Higgins et al., 2012). 

However, epor values in Peri-Tethys reveals that nutrient availability during the PETM was 

dominantly from a riverine source, which was intensified by accelerated hydrological cycle 

during the PETM. The value of δ15Nporphyrin at the onset of PETM in Guru Fatima is more 

depleted (~–5‰, Figure 5.2) than the upper section. The negative values of δ15Nporphyrin 

corresponds to the pronounced TOC values also the concentration of isorenieratane (Figure 

5.2). These might suggest a slightly different condition and domination of nitrogen fixing 

organisms by marine environment cyanobacteria (–2<epor <+2) (Higgins et al., 2011) or 

eukaryotic phytoplanktons (0<epor<10) (Beaumont et al., 2000; Higgins et al., 2011; Kennicutt 
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et al., 1992; Sachs et al., 1999) at the onset of PETM, although calculation of epor is not possible 

at Guru Fatima (δ15Nbulk is not measured). 

 
 

5.5. Conclusion 
 
Our results demonstrate that during the PETM, PZE only developed in the restricted marginal 

and epicontinental basins, but not in the open marginal settings. This could be influenced by 

the morphology of the restricted basins acting as nutrient traps that amplifies productivity and 

intensifies anoxic conditions. The d15Nbulk and d15Nporphyrin demonstrate a perturbation in the 

marine N cycle and suggest that fresh water N2 fixing cyanobacteria thrived in the water 

surface, fuelling primary productivity. The epor values in Peri-Tethys exhibits that nutrient 

availability was dominantly relied on the terrestrial riverine, which was intensified by 

accelerated hydrological cycle during the PETM.
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The carbon isotope pattern of marine algal biomarkers, with a 
new record of PETM sea surface temperature 
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Abstract 

 

The Paleocene-Eocene thermal maximum (PETM) corresponds to a massive release of 13C-

depleted carbon to the ocean-atmosphere system. However, the magnitude of the carbon 

isotope excursion (CIE) varies widely between different PETM records and is suspected to be 

biased through various factors, i.e. physiological, regional or local climate factors. Assessing 

the magnitude of these factors for individual records provide insights towards the calibration 

of the CIE records, leading to better understanding of the duration and magnitude of the PETM 

carbon cycle perturbation. Here, we analyse a range of marine biomarkers for compound 

specific δ13C in Paleocene-Eocene sediments from the northern Peri-Tethys (Guru-Fatima and 

Dzhengutay sections). These δ13C records are combined with TEX86-based sea surface 

temperature (SST) estimates from the Kheu River section, providing the first record of SST 

estimates for the PETM from the northern Peri-Tethys. Collectively, these data demonstrate 

that isotopic fractionation was stimulated by marine algae during the PETM and performed an 

important role in the response to the perturbated carbon cycle. The magnitude of fluctuation is 

varied between pristane and phytane, likely due to biological differences. In Guru-Fatima the 
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δ13CPr and δ13CPh CIE is likely influenced by enhanced marine productivity and physiological 

factors, while in Dzhengutay where marine productivity is relatively less, δ13CPr and δ13CPh 

demonstrate more 13C depleted values. Distribution of GDGTs at Kheu River indicate 

relatively high SSTs during the PETM (TEX86H-SST~37°C), with a 6°C cooling at the end of 

the PETM.  

 

 

6.1. Introduction 

 

The Paleocene-Eocene Thermal Maximum (PETM) (Kennett and Stott, 1991) is the most 

pronounced hyperthermal event of the Cenozoic. The PETM occurred ~56 million years ago 

(Ma)  and lasted for ~120–220 ka (reviewed by McInerney & Wing, 2011). The key feature of 

the PETM is an abrupt increase in global temperature, which is expressed in the negative 

excursion of foraminiferal δ18O (Cramer et al., 1999; Fricke et al., 2004; Kennett and Stott, 

1991; Kozdon et al., 2011; Thomas et al., 1999; Zachos et al., 2006, 2003, 2001), increase in 

foraminiferal Mg/Ca ratios (Tripati and Elderfield, 2005; Zachos et al., 2003) and relative 

increase in TEX86, based on the distribution of sedimentary isoprenoid glycerol dibiphytanyl 

glycerol tetraethers (isoGDGTs) (Frieling et al., 2014; Sluijs et al., 2006; Sluijs et al., 2014, 

2011). Although theses proxies and their attributed paleotemprature calibrations are influenced 

by local factors and come with their own uncertainties, they all infer an increase of 4 to 8°C in 

sea surface temperature (SST) during the PETM. A similar change in temperature (5–8°C) is 

recorded on land (Fricke et al., 2004; Koch et al., 2003; Sluijs et al., 2014; Weijers et al., 2007; 

Wing et al., 2005). The warming trend is coincident with a negative carbon isotope excursion 

(CIE), indicating a massive and rapid injection of isotopically light carbon into the ocean-

atmospheric system (e.g. Dickens et al., 1997; Pagani et al., 2006; Panchuk et al., 2008; Zachos 

et al., 2005; Zeebe et al., 2009). Despite a range of hypotheses (Deconto et al., 2012; Dickens 

et al., 1997, 1995b; Gutjahr et al., 2017; Higgins and Schrag, 2006; Kurtz et al., 2003; Svensen 

et al., 2004; Westerhold et al., 2009), the source, magnitude and mechanism of this carbon 

release is an ongoing debate (reviewed by McInerney & Wing, 2011), hindering a holistic 

understanding of the carbon cycle during the PETM. One of the problems is that the records of 

the CIE vary widely. The mean magnitude of CIE not only varies in different realms; i.e. –

4.7±1.5 ‰ in terrestrial records and –2.8±1.3 ‰ in marine deposits, but also differs within 

carbon types; i.e. bulk marine carbonate (–2.7±1.1 ‰), soil carbonate (–5.5±1.7 ‰), bulk 

marine organic carbon (–4.1±2.2 ‰), bulk organic soil matter (–3.5±0.6 ‰), benthic 
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foraminifers (–2.5±1.0 ‰), and planktic foraminifers (–2.7±1.0 ‰) (reviewed  in McInerney 

and Wing, 2011). These variations are driven by one or a combination of different factors e.g. 

changes in the isotopic composition of the carbon source, mixed components with different 

δ13C, changes in isotope fractionation through physiological changes (Sluijs and Dickens, 

2012), regional or local climate factors. For instance, δ13CTOC in marine sediment is influenced 

by changes in the amount of terrestrial input (Hilting et al., 2008), diagenesis (J. M. Hayes et 

al., 1989), and/or high organic matter preservation (high TOC) and burial of more depleted 

organic matter.  

 Therefore the magnitude of CIE across the PETM remains uncertain (Dickens, 2011). 

Assessing the magnitude of these biases using individual biomarker records of δ13C (that are 

not influenced by biases due to terrestrial input) provide insights into the duration and 

magnitude of the carbon cycle perturbation (PETM carbon cycle). However, there are only a 

few marine compound specific δ13Corganic records available for the PETM. Kodina et al., (1995) 

presents δ13Cisorenieratane, δ13Cpristane, δ13Cphytane and δ13Cchroman from black shales of the Kurpai 

PETM section in the eastern Causcus (central Asia), although pre-PETM measurements and 

therefore CIE is not recorded. A δ13C record of 4,24-dimethylcholestan-3-one  from the 

Aktumusk PETM section in the eastern Causcus (central Asia) (Bolle et al., 2000), although 

data from the pre-PETM data is not sufficient to resolve the magnitude of the CIE. Pagani et 

al., (2006b) analysed the δ13C records of marine derived n-alkanes (δ13C17) in the central Arctic 

Ocean (ODP Site 302), although the CIE recorded δ13C17 is suspected to be biased by an 

increased marine productivity during the PETM. The record of δ13Ccrenarchaeol in the North Sea 

spans the PETM, although suspected to be influenced depth-dependant variations (Schoon et 

al., 2013). The study of single-species δ13Cdinoflagellate cyst (Bass River) reveals variation in the 

δ13C values of different species, but is likely biased by ecological factors (Sluijs et al., 2018). 

Here we provide new insights into the PETM carbon perturbation, by investigation the 

magnitude of marine CIE records of δ13Cpristane and δ13Cphytane of marine sections from the 

margins of northern Peri-Tethys. We also present a TEX86-based sea surface record, as the first 

record of PETM SST in the northern Peri-Tethys.  

 

 

6.2. Samples and Methods 

6.2.1. Sampling of the PETM sections 
 
The occurrence of the PETM throughout the northern Peri-Tethys realm is commonly 

associated with the deposition of organic-rich sediments. Collectively, Paleocene-Eocene 
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organic rich shales can be traced across about 2500 km, from Central Asia to the Caucasus 

(e.g. Gavrilov et al., 2009, 2003), including the Guru-Fatima section located in the eastern 

(Central Asia) region, and Dzhengutay also Kheu River sections located in the western 

(Caucasus) regions (Figure 6.1) which are studied here.  

The Kheu River (KR) section is comprised of organic-lean silty claystones (<1 wt.% 

TOC) with an intermediate organic rich shale (mean 5 wt.% TOC; Figure 6.2) (Dickson et al., 

2014b). Elemental sulfur values also increase from <1 wt.% in the organic lean sections to ~4 

wt.% in the organic rich horizon. A bulk δ13Corg excursion of –4.5‰ is expressed in the section, 

with values decreasing from around –26‰ in the organic lean sediments to ~–30.5 ‰ in the 

organic rich horizon, representing the PETM (Dickson et al., 2014). Kheu River sediments 

were obtained from an outcrop exposure that had been cut back to avoid exposed materials and 

are the same as reported in Dickson et al. (2014).  

The Guru-Fatima section is comprised of grey calcareous mudstone (<1 wt.% TOC), 

overlain by an organic rich shale horizon (7–20 wt.% TOC), which is covered by a laminated 

mudstone (~3 wt.% TOC) and an organic lean mudstone (<1 wt.% TOC (Figure 6.3, Dickson 

et al., 2014). Elemental sulfur increases from <1 wt.% in the deepest and top horizons to 3 

wt.% in the organic rich horizon (Figure 6.3). The PETM is characterized by a bulk δ13Corg 

CIE of –4‰ in the section, with values of –26‰ in the deepest horizon (grey calcareous marls), 

–30‰ in the organic rich shale and –28‰ in the overlying laminated mudstone (Dickson et al., 

2014; Figure 6.3). Guru-Fatima sediments were sampled from an archived drill core at the 

Geological Institute of the Russian Academy of Science.  

The Dzhengutay section is comprised of calcareous mudstone (<1 wt.% TOC) with an 

intermediate organic rich shale horizon (~3.5 wt.% TOC) ((Dickson et al., 2014b), Figure 6.4). 

The elemental sulfur content also increases from non-detectable values in the calcareous 

mudstone to ~1 wt.% in the organic rich horizons. The PETM is reflected in a bulk δ13Corg 

excursion of –4‰ in the section, with values of –26‰ in the calcareous mudstone and –29‰ 

in the intermediate organic rich shale (Figure 6.4 (Dickson et al., 2014b)). Dzhengutay 

sediments were sampled from an outcrop exposure that had been cut back significantly to 

prevent potentially degraded and contaminated surface sediments from impacting biomarker 

analyses. 
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Figure 6.1. Schematic of the Paleocene-Eocene map, highlighting the location of Kheu River 

(KR), Dzhengutay (Dz) and Guru-Fatima (GF). Based on paleogeographic reconstructions 

from www.scotese.com  

 
 

 

6.2.2. Analytical methods 
 
Biomarker analyses were conducted on a total of 29 samples, including 13 from Dzhengutay, 

10 from Guru-Fatima and 6 from Kheu River. Biomarkers in Kheu River sediments have been 

previously published (Dickson et al., 2014), but here we expanded the sample set and report 

new data on the distribution of GDGTs and TEX86-based SSTs.  

 

 

6.2.3. Biomarker extraction and separation 
 
The methods for the Kheu River biomarker extraction, separation and analysis are explained 

in Dickson et al. (2014b). In addition to these, six organic lean sediments from pre and post 

PETM sections were analysed. To obtain TLEs from the organic lean sediments, higher 

volumes (~30g) of sediments were extracted with 220ml of a dichloromethane (DCM): 

methanol (MeOH) (1:1, vol) azeotrope using a Soxhlet apparatus for 24 hrs.  
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To obtain total lipid extracts (TLEs) from Guru-Fatima section and Dzhengutay, about 

5g of sediments were extracted with 10ml of dichloromethane (DCM): methanol (MeOH) (1:1, 

vol) by micro microwave-assisted method (MILESTONIE Ethos Ex Microwave solvent 

extraction). The microwave program consisted of a 10 min ramp to 70°C (max. 1000 W), 

followed by a 10 min hold at 70°C (max. 1000 W) and 20 min cooling period. After microwave 

extraction the samples were centrifuged (1500 rpm, 5 minutes) and the resulting supernatant 

collected. An additional 10 ml of DCM:MeOH were added to the sediment, centrifuged, and 

the supernatant again collected. Solvent-washed activated copper turnings were added to the 

TLE for 24 hrs to remove elemental sulfur. The TLE was then concentrated using rotatory 

evaporator. Samples with a higher TOC content (>1 wt.%) were separated into three fractions 

(aliphatic, aromatic and polar) using short (4 cm) silica gel open column chromatography. 

Aliphatic, aromatic, and polar fractions were eluted using 3 ml of hexane, 4 ml of hexane:DCM 

(3:1) and 4 ml of DCM:MeOH (1:2), respectively. All fractions were then dried under a gentle 

stream of N2. Samples with lower TOC content (<1 wt.%) used for GC-MS analysis as TLEs.  

To analysis glycerol dialkyl glycerol tetraether (GDGTs) the polar fractions or TLEs 

were dissolved in hexane:IPA (99:1) and passed through a 0.45 μm PTFE filter by a syringe 

with a bayonette adaptor. 

  

 

6.2.4. Biomarker analysis  
 
Biomarker distributions in the aliphatic fraction were determined using a Thermo ScientifictTM 

ISQ Series Single Quadruple GC-MS system. Separation of compounds was carried out on a 

Zebron non-polar column (50 m x 0.32 mm, 0.10 µm film thickness), with He a carrier gas and 

an injection volume of 1 µl. The GC programme was: injection at 70 °C (1 min hold), heating 

to 130°C at a rate of 20°C/min, then to 300°C at 4°C/min, followed by a 24 min hold. The mass 

spectrometer continuously scanned between m/z 50 and 650, and identification of biomarkers 

was carried out based on published retention times and spectra as well as comparison with 

standard samples.  

Distribution of large organic molecules of GDGTs in the polar fraction was determined 

using a High Pressure Liquid Chromatography-atmospheric pressure chemical ionisation-Mass 

Spectrometry (HPLC-APCI-MS) with a ThermoFisher Scientific Accela Quantum Access 

triple quadrupole MS in selected ion monitoring mode. Normal phase separation achieved with 

two HPLC BEH HILIC columns (2.1 mm x 150 mm, 1.7 µm i.d) at a flow rate of 0.2 ml/min. 

The initial solvent  hexane:iso-propanol (IPA) (98.2:1.8) eluted isocratically for 25 min, 
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followed by an increase in solvent polarity to 3.5% IPA in 25 min, and then by a sharp increase 

to 10% IPA in 30 min (Hopmans et al., 2016). After separation, to analyse isoprenoid and 

branched GDGTs, Selection Ion Monitoring (SIM) was performed at m/z: 1302, 1300, 1298, 

1296, 1294, 1292, 1050, 1048, 1046, 1036, 1034, 1032, 1022, 1020, 1018, 744, 659 to increase 

the sensitivity and reproducibility. Distribution of GDGTs was analysed in the respective 

molecular ion (M+) chromatograms. 

Compound specific δ13C of the saturated hydrocarbon fraction was determined using 

an Agilent Industries 7890A gas chromatograph coupled to an IsoPrime 100 GC-combustion-

isotope ration MS (GC-C-IRMS) system. Samples were injected onto a capillary column (50 

m x 0.32 m, 0.17 µm film thickness) using He for carrier gas. The GC oven temperature 

programme was the same as for GC-MS analyses. Samples were measured in duplicate and the 

presented value reflect the mean of duplicates. δ13C values were converted to Vienna Peedee 

Belemnite (VPDB) by bracketing with an in-house gas (CO2) of known δ13C value. Instrument 

stability was monitored by regular analysis of an in-house fatty acid methyl ester standard 

mixture; long-term precision is ± 0.3‰. 

 

 

6.3. Results 

6.3.1. Aliphatic compounds  
 
As previously reported (Dickson et al., 2014b), the apolar fraction of PETM sediments from 

Kheu River contains abundant n-alkanes (C17-–C35), isoprenoids (pristane, phytane, lycopane), 

and hopanes (C27-C31, ββ, αβ and βα isomers), as well as steranes (C27–C29) and subordinate 

abundances of steranes. Of interest to this project is the hopane distribution. The average C31 

hopane maturity index (C31 __
__&_`&`_

) is 0.7, indicating that the organic matter is relatively 

thermally immature (Figure 6.2), also the degree of hopane isomerisation 22S/(22S+22R) 

(Mackenzie et al., 1980) indicate relatively low thermal maturity in Kheu River (~0.03). 

The aliphatic fraction from the Guru-Fatima section contains n-alkanes (C16–C35), 

isoprenoids (pristane, phytane and lycopane), steranes (ααα isomers of C27–C29 also methyl 

sterane) and hopanes (C27–C32, dominated by αβ isomers). The average ratio of the short to long 

chain n-alkanes [C17/(C17+C31)] in the organic rich horizon is ~1, being (slightly) higher than 

pre-PETM (~0.8) and post-PETM (~0.2), Figure 6.3. The odd-over-even carbon number 

predominance (CPI) of the long chain (C25–C37) n-alkanes during the PETM is ~1 and is 

relatively lower than pre-PETM (~1.4) and post PETM (~2). Predominance of long and short 
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chain odd number n-alkanes are characteristic of terrestrial (Rieley et al., 1991) and marine 

(Jaffé et al., 2001) source of organic matter, respectively. Therefore, Terrestrial_Aquatic Ratio 

(TAR), ( 𝐶"' + 𝐶"( + 𝐶)!) (𝐶!% + 𝐶!' + 𝐶!(),⁄ 	 (Bourbonniere and Meyers, 1996) is 

established to investigate the changes in the relative contributions of organic matter from 

terrestrial and marine source; i.e. if the source of organic matter is terrestrial; TAR>1. 

Generally, TAR values in Guru Fatima remain<1 through the whole interval from pre- to post- 

PETM, and do not show any changes during the PETM. The hopane maturity index ( __
__&_`&`_

) 

is not measurable, as bb isomers are not detected, possibly due to relatively high thermal 

maturity of the host rock. The degree of hopane isomerisation 22S/(22S+22R) (Mackenzie et 

al., 1980) in Guru Fatima is ~0.4, indicating higher thermal maturity than Kheu River 

sediments.  

The aliphatic hydrocarbon fractions from the Dzhengutay contain n-alkanes (C16–C35), 

isoprenoids (pristane, phytane and lycopane), steranes (ααα isomers of C27–C29 also methyl 

sterane) and hopanes (C27–C32, dominated by αβ isomers). The ratio of the short to long chain 

n-alkanes [C17/(C17+C31)] is not measurable prior to- and after the PETM, but has relatively 

higher and variable values of ~0.8 in the black shale horizon. The long-chain n-alkanes are not 

detectable in pre- and post-PETM sediments, but in the organic rich horizon during the PETM  

have a slight odd-over-even carbon number predominance (CPI~1.4; Figure 6.4). TAR value 

is generally <1 where the peaks are strong enough to calculate. Similar to Guru Fatima, the bb 

isomers are not detected in the hopane distribution and therefore hopane maturity index 

( __
__&_`&`_

) is as low as 0, indicating the relatively high maturity of the host rock. The degree 

of hopane isomerisation 22S/(22S+22R) (Mackenzie et al., 1980) at Dzhengutay is ~0.4, 

indicating a similar thermal maturity as Guru Fatima sediments, although both sections are 

thermally more mature than Kheu River. 

 

 

6.3.2. Distribution of GDGTs 
 
The polar fractions from Kheu River contained isoprenoid GDGTs, but branched GDGTs were 

not detected. Isoprenoid GDGTs are dominated by crenarchaeol and crenarchaeol regioisomer 

(Figure 4.2, in chapter 4). GDGTs were not detected in pre-PETM samples. To reconstruct 

SST, TEX86H applied (Kim et al., 2010). TEX86H derived SST involves a combination of 

GDGT-1, GDGT-2, GDGT-3 and Crenarchaeol isomer (Cren.¢) (numbers refer to different 

GDGTs and are shown in the appendix). GDGT index-2 is defined as below:  
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TEX86 = (EFEGH")&(EFEGH))&($JKL.¢)
(EFEGH!)&(EFEGH")&(EFEGH))&($JKL.¢)

  

TEX86H-SST= 68.4 ´ (log (TEX86)) + 38.6 (calibration error: ± 2.5 °C)  

 

Samples from Guru-Fatima and Dzhengutay did not contain GDGTs (neither isoprenoid nor 

branched GDGTs), likely arising from the higher thermal maturity of these sediments 

(Schouten et al., 2004).  

 

 

6.3.3. Compound specific d13C 
 

The δ13C values of pristine (Pr), phytane (Ph) and n-Alkane C17 were measured in Guru-Fatima 

and Dzhengutay. The δ13CPr and δ13CPh in both sections show more depleted values through 

the PETM, comparing to pre- and post PETM. In Guru-Fatima, δ13CPr expresses a ~–4.6 ‰ 

excursion during the PETM, with values decreasing from ~–29.8 ‰ to ~–34.4 ‰, while δ13CPh 

decrease from ~–30‰ to ~–32.9 ‰ (~–2.9 ‰ excursion), Figure 6.3. Due to low abundance 

of biomarkers in pre- and post-PETM sediments of Dzhengutay, it was not possible to obtain 

compound specific δ13C from these intervals. δ13CPr and δ13CPh are only detected in the organic 

rich horizon, therefore analysing the CIE is not achievable. The values of δ13CPr (~–35 ‰) and 

δ13CPh (~–34 ‰) in Dzhengutay are lighter than those of recorded in the organic rich horizon 

of Guru-Fatima.  

 

 

 

 

 

 

 

 
A)  
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B)  

 
 

Figure 6.2. A) Kheu River section, relative depth is based on the sample expressing the start of 

the PETM CIE. Bulk geochemical data are from (Dickson et al., 2014b). Total organic carbon 

(TOC) content, sulfur content, bulk d13Corganic, the ratio of short and long chain n-alkanes, CPI, 

hopane ration, SST °C based on TEX-H. Grey box highlights PETM. B) Legend of lithology 

symbols used in this chapter. 
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Figure 6.3. Guru-Fatima section, relative depth is based on the sample expressing the start of 

the PETM CIE. Bulk geochemical data are from (Dickson et al., 2014b). Total organic carbon 

(TOC) content and sulfur content, TAR, the ratio of short and long chain n-alkanes, CPI, the 

ratio of steranes/hopanes, bulk d13Corganic (grey diamond), compound specific d13CPr (red 

triangle) and d13CPh (yellow triangle). The lithology symbol key is in Figure 6.2 (B). 
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Figure 6.4. Dzhengutay section, relative depth is based on the sample expressing the start of 

the PETM CIE. Bulk geochemical data are from (Dickson et al., 2014b). Total organic carbon 

(TOC) content and sulfur content, TAR, the ratio of short and long chain n-alkanes, CPI, the 

ratio of steranes/hopanes, bulk d13Corganic (grey diamond), compound specific d13CPr (red 

triangle), d13CPh (yellow triangle). The lithology symbol key is in Figure 6.2 (B). 

 
 

6.4. Discussion 
 
6.4.1. How the Peri-Tethys sea surface temperature (SST) changed during and after 

the PETM? 
 

Isoprenoid glycerol dibiphytanyl glycerol tetraethers (GDGTs), widespread in marine 

environment, are mainly biosynthesised by a dominant group of marine planktonic archaea 

(Thaumarchaeota) (See review Schouten et al., 2013). GDGTs are well established as a proxy 

for reconstruction of sea surface temperature (e.g. Kim et al., 2010; Schouten et al., 2002, 2013; 

Taylor et al., 2013). However, GDGTs are sensitive to thermal maturation, and degrade when 

biomarker parameters indicate some levels of thermal maturities, i.e. hopane (bb/bb+ab+ba) 

ratio <0.5 (Schouten et al., 2004). Therefore, the absence of GDGTs in Guru-Fatima and 

Dzhengutay is likely caused by high thermal maturity of these sediments which leads to the 

degradation of GDGTs. In Guru-Fatima and Dzhengutay sediments thermal maturity is quite 

high (Tmax ~ 435°C in Guru Fatima) and the biological isomers of hopane (bb) are not 

detected; i.e. hopane (bb/bb+ab+ba) ratio is 0. However, Kheu River sediments are less 

mature, hopane (bb/bb+ab+ba) ratio>0.5 (~0.6 and ~0.8 in post-PETM and PETM sediments, 

respectively; the difference is possibly related to the mineral matrix effects (Peters and 

Moldowan, 1991)), and GDGTs are detected in the PETM and post-PETM.  

The distribution of isoprenoid GDGTs varies between sub-tropical and sub-polar 

sediments and crenarchaeol regioisomer (Cren.¢) seems to be a more important factor in sub-

tropical temperature adaption, rather than in sub-polar. Therefore, two different calibrations 

are recommended; TEX86H for SST estimated to be >15°C and TEX86L for SST estimated to be 

<15°C (Kim et al., 2010). Considering that global temperature was high during the PETM (e.g. 

Frieling et al., 2014; Sluijs et al., 2011; Sluijs et al., 2006, 2014), TEX86H is the more 

appropriate calibration for PETM sediments. Moreover, the SST estimations of d18O of 

planktonic foraminifera from PETM sediments from Wilson lake in New Jersey (Zachos et al., 
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2006) shows more agreement with TEX86H -SST, rather than TEX86L-SST (Kim et al., 2010), 

also TEX86H calibration generates more realistic pre-PETM and PETM SST comparing to 

TEX86L in Gulf of Mexico (Sluijs et al., 2014). Here we applied TEX86H calibration to convert 

TEX86 values to SST. 

The TEX86H -SST indicate PETM SSTs to be consistently warmer than post PETM 

intervals (Figure 6.2).  TEX86H-SST values seem to be converged at 37°C during the PETM 

and decrease to 31°C towards the post PETM (Figure 6.2). The organic lean nature of the pre 

PETM sediments at Kheu River, did not allow an estimate of pre-PETM SST. However, we 

found evidence for a substantial SST cooling (~6°C) after the PETM, such as argued before in 

other PETM intervals (e.g. Frieling et al., 2014; Sluijs et al., 2014, 2011; Zachos et al., 2006). 

SST cooling occurs simultaneously with the recovery d13Corg towards the pre-PETM values 

and a significant reduction in carbon burial (TOC); and right after the organic-rich interval 

(Figure 6.2). We contend that the substantial photosynthesis and enhanced marine productivity 

in the Peri-Tethys during the PETM (Dickson et al., 2014; Chapter 5 of this thesis) played a 

rule in consuming the excessive atmospheric CO2. Following the drop of pCO2, temperature 

decreased (SST cooling trend, ~6°C), Figure 6.2. 

In the previously studied PETM sections where SST from both pre- and post-PETM 

are available, the pre-PETM values are slightly different (warmer) from the post-PETM SST. 

For instance, the PETM sequence in marine sediments of the Arctic region (Site 302-4A), 

where SST rose from 18°C to over 23°C and subsequently decrease to 17°C by end of the event 

(Sluijs et al., 2006) or in the Gulf of Mexico, where SST rose from 29°C to 35°C during the 

PETM, followed by a cooling to ~26–27°C in the post PETM sequence (Sluijs et al., 2014). 

Leading to estimate that Peri-Tethys SST warmed up for ~5–6°C during the PETM. Although 

our record of PETM SST is novel in the Tethyan mid-latitude (Kheu River paleolatitude ~ 

40°N; Winguth et al., 2012) and Peri-Tethys region, estimated warming of ~5–6°C is similar 

or slightly different comparing to the PETM record of the mid-latitude Atlantic; i.e. warming 

of 6°C in the Harrell Core, Gulf of Mexico ~32°N (Sluijs et al., 2014), or at higher latitudes 

i.e. 7°C  (to ~27°C) in the epicontinental west Siberian sea (paleolatitude ~58°N) (Frieling et 

al., 2014). Although TEX86H has a calibration error of 2.5°C, SST of 37°C in the Kheu River 

is higher than the HadCM3L climate model that reconstructs the global mean surface 

temperature anomaly for the PETM (Donkley Jones et al., 2013).  
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6.4.2. Stable carbon isotope patterns of marine biomarker lipids (pristane and 
phytane) during the PETM  

 
To evaluate the response of marine organisms across the PETM in the Peri-Tethys Ocean, we 

analysed the carbon isotopic composition of TOC and marine derived biomarkers; i.e. pristane 

(Pr: 2,6,10,14-tetramethylpentadecane) and phytane (Ph: 2,6,10,14-tetramethylhexadecane), as 

common biomarkers in geological records. Pr and Ph are presumed to predominantly originate 

from the phytyl side chain of chlorophyll pigments (Li et al., 1995; Volkman and Maxwell, 

1986). Chlorophyll and therefore Pr and Ph originate from either marine or terrestrial 

photosynthesis organisms. However, in the northern Peri-Tethys setting, the biomarker records 

do not support a predominant contribution of terrestrial organic matter, specifically during the 

PETM when the marine productivity is highly pronounced. As discussed in chapter 5, an 

increased marine productivity and domination of marine source organic matter in the pre-

Tethys during the PETM is evidenced by a general increase in the ratio of marine to terrestrial 

organic matter during the PETM as expressed in C17/(C17+C31) ratio, although less obvious in 

Guru Fatima. Similarly, is the Terrestrial_Aquatic Ratio (TAR) which is generally at the 

marine threshold in the Peri-Tethys sections (Figure 6.3 and Figure 6.4). Therefore, we argue 

that Pr and Ph in Guru-Fatima and Dzhengutay are predominantly originate from marine algae, 

rather than originating from a terrestrial source.  

In Guru-Fatima, d13CPr and d13CPh express a negative CIE at the onset of the PETM, 

similar to what is reflected in d13CTOC (Figure 6.3). The negative CIE for d13CPr and d13CPh are   

~–4.6‰ and ~–2.9‰, respectively. These negative excursions in d13CPr and d13CPh reflect an 

enhanced isotopic fractionation by marine algae as primary producers during the PETM.  

Although diagenesis factors alter the isotopic composition by 3‰ (Hayes et al., 1989) 

however the individual biomarkers of the photosynthesis organisms and primary production 

are expected to be less influenced (Hayes, 1993). Therefore, the difference (1.7‰) between the 

magnitude of CIE of 13dCPr (–2.9‰) and d13CPh (–4.6‰), could be attributed to the biological 

factors, similar to what is recorded in different dinoflagellate cyst species (Sluijs et al., 2018). 

The recorded CIEs (d13CPr and d13C) in Guru Fatima are in the same range as the previously 

reports of compound specific records during the PETM. The record of d13C17 in the PETM 

depositions of Arctic ocean record a CIE of –3.6‰, although a larger CIE is expected and the 

d13C17  values during the PETM are suspected to be influenced by physiological factors (Pagani 

et al., 2006b). The record of glycerol dipiphytanyl glycerol tetraether lipids (GDGTs) in the 

North Sea record a magnitude of –3.6‰, although these GDGT d13C values are suspected to 

be underestimated as are potentially masked by glacially disturbed intervals (Schoon et al., 
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2013). Although the study on the magnitude of CIE based on single-species dinoflagellate cyst, 

reflect the high influence of biological factors on their response to pCO2, the values vary 

between ~–2‰ and ~–4‰ (Sluijs et al., 2018). Unfortunately, the reports of compound specific  

d13C from the PETM horizons of Peri-Tethys; in Kurpai (Kodina et al., 1995) and Aktumusk 

(Bolle et al., 2000); obtaining the record CIE from marine algae was not plausible (due to the 

lack of marine compound d13C from pre-PETM sediments) to compare.  

δ13CTOC demonstrated the same CIE values (~–4‰) in either Dzhengutay and Guru 

Fatima. However, the δ13CPr (~–35 ‰) and δ13CPh (~–34 ‰) obtained from the Dzhengutay 

organic rich horizon (Figure 6.4), are more depleted (~1‰) than those of recorded in the 

organic rich horizon of Guru-Fatima. The relatively heavier d13CPr and d13Cph values (more 
13C-enriched) in Guru-Fatima comparing to Dzhengutay, could be caused by the physiological 

factors; i.e. increase in the volume of surface area of cells and algal growth rate (Popp et al., 

1998) that overwhelms the influence of the injected light carbon to the environment (as 

occurred during PETM). This has been also invoked for the d13C17 in the Arctic PETM section, 

where the marine sourced d13C17 values does not show the expected 13C depletion during the 

PETM (Pagani et al., 2006b). In Guru Fatima (TOC~20 wt.%), where the d13CPr and d13CPh are 

less depleted than Dzhengutay (TOC~4 wt.%), TOC and therefore marine productivity 

(Dickson et al., 2014; also discussed in chapter 5) are also more enhanced during the PETM 

(Figure 6.3 andFigure 6.4). Accordingly, we argue that the enhanced algal production and the 

attributed physiological factors could be the reason for the Guru Fatima record of less algal 

δ13C depletion as well. Considering the record of TOC and d13C Guru Fatima and Dzhengutay, 

it seems that enhanced marine productivity plays an important role in the response of carbon 

cycle to the perturbation in carbon cycle.  

 

 

6.5. Conclusion 
 
Our results (d13CPr and d13CPh) demonstrate that during the PETM, isotopic fractionation was 

enhanced by marine algae, and plays an important role in the response to the perturbated carbon 

cycle. However, this was influenced by enhanced marine productivity and physiological 

factors. The TEX86H-SST values indicate a decrease of SST from 37°C during the PETM to 

31°C towards the post PETM in the northern Peri-Tethys. We conclude that the substantial 

photosynthesis and enhanced marine productivity in the Peri-Tethys during the PETM played 
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an important role in consuming the excessive atmospheric CO2. Following the drop of pCO2, 

temperature decreased (SST cooling trend, ~6°C).  

 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 



 

Chapter 7   
 
Conclusions and future work 
 

 

Preface 
 

This chapter presents an overall conclusion on development of marine anoxia, based on the 

collection of data from different time intervals (presented and discussed in Chapters 3–6). The 

main objective of this thesis was to gain a better insight into the factors involved in 

development of anoxia during warm climates. For this purpose, a range of biomarkers was 

used, with emphasises on isorenieratane and lycopane. Given that warm climates amplify 

anoxia, SST variation was also calculated throughout these sections by applying TEX86. This 

conclusion provides a context for the future investigations on the triggers and consequences of 

marine anoxia.  

 

 

7.1 Answering research questions and presenting a context for the future work 

 

Here is a brief summary of the thesis answers to the specific questions discussed in chapter 1, 

alongside with a context for future explorations.  

 

 

7.1.1. To assess the drivers of anoxia and redox variability in the proto-South Atlantic 

basin during the Aptian  

 

As discussed in chapter 3, the variations in redox conditions in the northern South Atlantic was 

reconstructed by high-resolution bulk geochemical and biomarker data from DSDP Site 364 

(Figure 3.1.). During the Aptian, the South Atlantic was a restricted basin in its early opening 

phase. However, the high-amplitude fluctuations in redox condition (apparent in TOC, TS and 

HI) indicate that the restricted morphology of the basin per se did not cause anoxic conditions 

but instead preconditioned the basin for development of anoxia during episodes of enhanced 

OM production and export. The development of anoxic conditions in the water column, 
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including photic zone euxinia that sometimes extended to very shallow water depths (<15 m), 

is evidenced by the presence of the biomarkers such as lycopane, isorenieratane, and 

chlorobactene. Time series analyses of the high-resolution TOC dataset (Fig. 3.2 and 3.3) 

indicates that the fluctuating nature of nutrient availability likely resulted from eccentricity-

modulated precession changes in weathering and runoff. As the basin morphology changed 

during the late Aptian–Albian (towards a less restricted basin and/or due to deepening of Site 

364), the water column become dominantly oxygenated as evidenced by lack of anoxia 

biomarkers. Altogether, these results show that anoxia (and photic zone euxinia) only develop 

when a combination of increased nutrient availability and basin restriction coincide.  

 

 

7.1.2. To reconstruct sea surface temperature in the proto-South Atlantic basin during 

the Aptian–late Albian, and the perturbations in the carbon cycle 

 

As discussed in chapter 4, the Aptian–Coniancian sediments of Site 364 (Units 7a to 5), 

although suffering from numerous coring gaps, allowed a reconstruction of the long-term 

evolution of the carbon cycle (using δ13Corg) and on assessment of the influence of OAEs in 

the South Atlantic. The record of δ13Corg demonstrates a positive carbon isotope excursion 

(~2‰) during the Aptian, which I related to the later stages of OAE 1a, dated at ~120 Myr 

(Fig. 3.4. and 4.1). The characteristic negative excursion is missed in the core gaps. During the 

late Albian–Early Cenomanian, when the South Atlantic basin was larger and fairly 

oxygenated, the records of δ13Corg indicate a major negative carbon isotope excursion (~ 3‰) 

(Fig. 4.1). This excursion (alongside the increase in TOC at Site 364) is potentially the latest 

Albian “Breistroffer event”; OAE 1d. This indicates that OAE 1d was a strong triggering factor 

for the development of anoxia in the continental shelf of the South Atlantic when the basin was 

not restricted (as with OAE 1a).  

 

7.1.3. To reconstruct the spread of photic zone euxinia during the Paleocene-Eocene 

Thermal Maximum (PETM) 
 
As discussed in chapter 5, a collection of sediments from the margins of north eastern (Guru-

Fatima, Kheu River, and Dzhengutay sections), southern (Dababiya section) and western Peri-

Tethys (North Atlantic; Zumaia section) made it possible to explore the intensity of anoxia on 

the Peri-Tethys margin during the PETM. Analysing a range of biomarkers, particularly 

lycopane and isorenieratane show that photic zone euxinia was widespread in the northern Peri-
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Tethys continental shelf (from the east toward west: Guru-Fatima, Dzhengutay, and Kheu 

River (Figure 5.2, Figure 5.3,Figure 5.4). The lack of anoxia/PZE biomarkers in the southern 

Peri-Tethys, i.e. Dababiya section, is attributed to the post depositional factors and is not 

informative of the depositional environment (Figure 5.5). Similarly, in the western the Peri-

Tethys, i.e. upper to mid bathyal sequence of Zumaia, although lack of lycopane and 

isorenieratane can be caused by degradation during transport and burial, there is no evidence 

for the development of anoxia/PZE at this basin and it seems that deoxygenation in the Zumaia 

section only developed to suboxic conditions (as indicated by planktic foraminiferal (Canudo 

et al., 1995; Molina et al., 1999). Collectively, my results demonstrate that the expansion of 

anoxia and photic zone euxinia only developed in restricted marginal and epicontinental basins, 

not in the open marginal settings. This demonstrated the critical importance of basin 

morphology to amplify nutrient trapping during the PETM. Similar to Site 364 during the 

Aptian, with the correct basin morphology deoxygenation (anoxia and/or PZE) can developed 

during climate perturbations (in this case the PETM).   

 

 

7.1.4. To reconstruct the PETM record of sea surface temperature in the Peri-Tethys 
 
My results (chapter 5) demonstrate that during the PETM, anoxia/euxinia was well developed 

into the epicontinental basins of NE Peri-Tethys and played an important role in the response 

to the perturbated carbon cycle. Following that the TEX86H-SST values (chapter 6) indicate a 

decrease of SST from 37°C during the PETM to 31°C towards the post PETM in the northern 

Peri-Tethys (Kheu River section, Figure 6.2). This indicates that the enhanced photosynthetic 

activity and subsequent increase of marine productivity in the Peri-Tethys (chapter 5) played 

an important role in consuming the excessive atmospheric CO2. Following the drop of pCO2, 

temperature decreased (SST cooling trend, ~6°C). 

 

 

7.2. Final Remarks 
 
Considering that the spread of oceanic deoxygenation is expanding exponentially in the modern 

ocean, more understanding of the factors involved in the spread of anoxia under greenhouse 

climate is needed. This thesis attempts to make a better understanding of greenhouse climate 

and hyperthermal events that lead to the spread of marine anoxia. A wide range of biomarkers 

was used to gain a better insight into the climatic processes and mechanisms that lead to the 
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spread of marine anoxia during the past warm climates, more specifically the Cretaceous and 

Paleocene–Eocene. The key interpretations from this study are as follow: 

The intensity and persistence of redox variations in the proto South Atlantic during the Aptian–

late Aptian was reconstructed, using bulk data and biomarkers. The high preservation of 

organic matter in the restricted basin and development of anoxia/euxinia, terminated when the 

basin opening phases continued towards a non-restricted configuration. This confirms the 

important rule of basin morphology in development of anoxia. However, the high amplitude 

fluctuations in TOC, HI, TS, lycopane and isorenieratane indicate that basin restriction per se 

did not cause anoxic conditions to develop but preconditioned the basin. Based on the power 

spectrum, the fluctuations in marine productivity are resulted from eccentricity-modulated 

precession changes in the delivery of biolimiting nutrients from weathering and terrestrial 

runoff. Accompany of enhancement in nutrient availability and basin morphology, not only 

caused development of anoxia/euxinia it was expanded towards photic zone (photic zone 

euxinia). Development of anoxia returned to the continental shelves of the basin, triggered by 

OAE 1d even when the basin was not restricted.  

During the PETM, photic zone euxinia was only developed in the restricted marginal 

and epicontinental basins, and not in the open marginal settings. This is further evidence of 

high importance of the basin morphology as a nutrient trap for development of anoxia. d13CPr 

and d13CPh demonstrate that during the PETM, isotopic fractionation was enhanced by marine 

algae, although the CIE values are different, possibly as a result of biological factors. SST 

variations during the PETM was calculated for the first time in the Peri-Tethys. TEX86-SST 

shows a cooling trend from PETM towards the post PETM in the northern Peri-Tethys. The 

substantial photosynthesis and enhanced marine productivity in the Peri-Tethys during the 

PETM played an important role in consuming the excessive atmospheric CO2. Following the 

drop of pCO2, temperature decreased (SST cooling trend, ~6°C). 

 

7.2.1. Comparison between OAEs and PETM  

 

Despite many common features that PETM shares with the Mesozoic OAEs, i.e. being 

associated with warming, changes in the hydrological cycle, terrestrial sediment flux and 

nutrient inputs to the surface ocean, and algal productivity (Carmichael et al., 2017); the extent 

of ocean deoxygenation and spread of anoxia/euxinia during the PETM are not as expanded as 

the Mesozoic OAEs.  
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For instance during the OAE 2 (93.5 Ma), one the Cretaceous OAEs that is identified 

globally, seafloor anoxic/suboxic condition was widely established in Southwest Tethys Sea, 

Atlantic, equatorial Pacific and Indian oceans (Forster et al., 2008; Schlanger et al., 1987; 

Sepulveda et al., 2009; Sinninghe Damsté and Köster, 1998; Takashima et al., 2010). While 

during the PETM, the evidence of water column suboxic/anoxic conditions are mainly confined 

to shelf and marginal marine settings and restricted basins (Bolle et al., 2000; Dickson et al., 

2014; Egger et al., 2005; Kopp et al., 2009; Lippert and Zachos, 2007; Nicolo et al., 2010; 

Pälike et al., 2014; Pardo et al., 1997; Speijer and Wagner, 2002; Stein et al., 2006) and open 

ocean evidently experienced only a minor deoxygenation, i.e. in the deep Atlantic (Chun et al., 

2010; Pälike et al., 2014) and the deep Pacific (Colosimo et al., 2006; Pälike et al., 2014; Zhou 

et al., 2014). Furthermore, evidence of Photic zone euxinia during the OAE2 are expanded in 

the South and North Atlantic (Forster et al., 2008; Kuypers et al., 2004; Pancost et al., 2004), 

Southwest Tethys Sea (Pancost et al., 2004; Sinninghe Damsté and Köster, 1998), the 

Apennines (Pancost et al., 2004; Sinninghe Damsté and Köster, 1998), Oued Bahloul (Pancost 

et al., 2004) and Levant Platform (Sepulveda et al., 2009). While evidences of photic zone 

euxinia during the PETM are few and only confined to restricted and epicontinental basins, i.e. 

Arctic Ocean (Sluijs et al., 2006); North Sea (Schoon et al., 2013), West Siberian Sea (Frieling 

et al., 2014), Gulf Coastal Plain (Sluijs et al., 2014), and eastern shelf of the South Atlantic 

(Frieling et al., 2017), northern Peri-Tethys (Chapter 5 and Gavrilov et al., 2003).  

 According to the GENIE Earth System model (Ridgwell et al., 2007) observations, oceanic 

deoxygenation changes associated with OAE2 are mainly influenced by enhanced marine 

productivity, as a result of increased terrestrial riverine and nutrient availability (Monteiro et 

al., 2012). As discussed in Chapter 5, development of anoxia and PZE during the PETM is also 

directed by the enhanced nutrient input and marine productivity in the specific morphologies, 

i.e. restricted and epicontinental, that acted as nutrient trap (Although a model is not yet 

available for the PETM marine deoxygenation changes). While the mechanism of marine 

deoxygenation during the OAE2 and PETM seem to be similar, the reason for different 

response in terms of expansion of marine anoxia remains unclear. Although contrasting world 

geography and basin morphologies, as well as different oceanography and water circulations 

during these two time periods are some of the potential reasons, this question needs to be 

explored by using earth system data-models that includes detailed ocean biogeochemistry. 
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7.3. Future Works 

 
• This is the first ever study of Aptian aged anoxic environments in the South Atlantic, 

focusing on one basin. Reconstructing the extent of the impact of astronomical forcing 

on driving basins in the proto-South Atlantic anoxic, and providing a global image of 

Aptian climate, should be the focus of future studies. 

• In this thesis, the organic biomarkers in the sediments of Unit 5 – at the DSDP Site 364- 

are not studied through high resolution. The study of organic biomarkers in high 

resolution could release new insights into the intensity and persistence of OAE 1d 

anoxia in the South Atlantic. Therefore, it should be the focus of future studies. 

• As discussed in chapter 4, although Tmax values do not express any sudden change 

between Unit 7b and younger part of the sequence (Units 7a and 6- at the DSDP 364-), 

the C31 hopane ratio varies and sharply decrease from ~0.6 in Unit 7a to ~0.2 in Unit 

7b. This indicates thermal alternation of the biological stereochemistry of the hopane 

stereoisomers in a significant portion in Unit 7b. The mechanism causing the rapid 

decline in C31 hopane ratio in Unit 7b is currently not known and should be the focus 

of future study. 

•  The absence of GDGTs in Unit 7b could be raised from thermal alternation (Schouten 

et al., 2004). Presuming that distribution of GDGTs is thermally altered, then the 

domination of GDGT0 is expected (Schouten et al., 2013, 2004), however the absence 

of GDGT0 in the studied samples of Unit 7b in this thesis or their low abundance in the 

previous studied by Naafs and Pancost, (2014), does not follow the presumed 

distribution. Our data suggests that further researches should be focused on the 

influence of thermal maturity on the distribution of GDGTs. 

• Future research directions on the spread of photic zone euxinia during the PETM, as 

the best analogue for the potential impacts of future climate changing, involve obtaining 

a global overview, which demands organic geochemistry analysis on sediments from 

more locations.  

• The final question, which remains under debate, is “Why photic zone euxinia during 

the PETM only developed in restricted basins, while during the Mesozoic OAEs it is 

much more widespread?”. This is a highly recommended project; a possible method to 

explore this question is by using earth system models that include detailed ocean 

biogeochemistry. 
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Appendix 
 

 

Appendix 
 
 

This appendix provides supplementary information and further studies that has been done 

during this PhD.  

 

 

Appendix I 

Zumaia PETM Section 

In collaboration with: 

D. Naafs, A. Ralph, H.R. Manners, S.T. Grimes and R. Pancost 

 

Zumaia PETM section located in the western Peri-Tethys (paleo-location: western Peri-

Tethys (North Atlantic; Zumaia) is the most complete and representative section of early 

Paleogene of the Pyrenees and a key reference for the Paleocene–Eocene boundary (Pujalte et 

al., 1998). Zumaia sediments are deposited in lower to mid bathyal settings, at about 1 km 

depth (Rodríguez-Tovar et al., 2011). The δ13Corg values at Zumaia express a negative 

excursion (–4 ‰), decreasing from –28 ‰ in the marly and carbonate sections to –24 ‰ in the 

Siliciclastic Unit (SU) (Manners et al., 2013). Organic biomarkers obtained from 26 sediments 

of Zumaia sections (method explained in chapter 5) were studied from pre to post PETM 

section. A pilot study of fatty acids,  n-alkanes and reworked OM (UCM) demonstrated that 

terrestrial input was increased during the PETM comparing to the pre and post PETM section. 

Presuming the enhanced hydrological activities (per se as a result of elevated temperature and 

pCO2, Carmichael et al., 2017), the enhanced terrestrial input is expected. A pronounced 

increase in the terrestrial sediments accumulation rate during the PETM, is also observed in 

the  high resolution cyclostratigraphy study in the Zumaia PETM section (Jones et al., 2017). 

However, the fatty acids and apolar biomarker proxies demonstrate a cyclic variation in the 

intensity of terrestrial input, for example accumulation of fatty acids varies periodically during 

the PETM, Fig. A.1. The cyclic variations are likely caused by astronomical derived variations 

in hydrological cycle activities. The bulk geochemical proxies (Si/Fe) during the PETM 

demonstrate that the astronomically controlled on the silicate weathering during the PETM 

(Jones et al., 2017). Further detailed studies will be focused on the distribution and variations 

of biomarkers in Zumaia section. 



Appendix 

 129 

 

 

 

 

 
 

Figure A.1: Lithology and distribution of fatty acids in the Zumaia section. Relative height 

(m) is based on the start of the Siliciclastic Unit (SU). 
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