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Abstract 
 

Identifying and quantifying deep critical zone (CZ) weathering mechanisms is crucial 

to understanding the landscape evolution of the Earth’s surface and the 

development/regulation of the CZ as a whole (Buss et al., 2008; 2013; Dosseto et al., 

2012; Moore et al., 2014; 2015; 2017). Weathering along deep CZ rock fractures likely 

controls the solute weathering flux to the hydrosphere (Chapela Lara et al., 2017; Kurtz 

et al., 2011; Schopka and Derry, 2012; White et al., 1998) and the flux of nutrients to 

the subsurface biosphere (Buss et al., 2005; 2010) in humid tropical catchments with 

very high weathering rates. Chemical weathering is one of the primary rate-limiting 

steps of the global geochemical cycle as a whole (Barth, 1961). In this regard, chemical 

weathering also exerts a major control on the global carbon cycle, regulating 

atmospheric CO2 over geologic timescales (Berner et al., 1983; Walker et al., 1981); 

therefore, controls on deep chemical weathering processes may be critical in terms of 

understanding and modelling global climate. However, the relative importance of 

chemical weathering in the deep CZ versus that in soils, and the processes that control 

deep weathering rates are still poorly understood (Anderson and Dietrich, 2001; Buss 

et al., 2005; 2008; 2010; Tipper et al., 2006). 

This research examined the weathering of volcanic rocks in the tropics and determined 

that oxidative weathering is the key mechanism driving weathering deep in the 

subsurface CZ. By conducting weathering studies on a grain-scale and using U-series 

isotope data as a time constraint, mineral specific weathering rates were calculated, 

which converge with those determined experimentally. Comparison with weathering 

rates calculated on different timescales, spatial scales and lithologies provided useful 

insights into the key weathering mechanisms that drive chemical weathering in the 

tropics. 
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Chapter 1  

 

The significance of weathering in the 

Critical Zone: 

Concepts and considerations 
 

 

This chapter summarises the literature on critical zone science with a focus on the 

chemical weathering of its bedrock. 
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1.1 Thesis outline 

This thesis is part of a wider collection of work involving researchers from a range of 

disciplines and institutions across the world, focusing on Critical Zone Observatories 

(CZO). More specifically this work explores the role of chemical weathering on the 

initial formation of the critical zone, via groundwater flow through fractured bedrock 

and how this impacts solute fluxes, geomorphology and sequestration of carbon 

dioxide from the atmosphere. The current chapter presents the scope of this thesis, the 

overarching questions, objectives and approaches as well as the outline of the 

remainder of this work. 

Comprised of seven chapters, the thesis results from a comprehensive study of 

weathering mechanisms within volcanic rocks in the tropics, with particular attention 

to volcaniclastics.  

Chapter 1 reviews relevant published literature related to weathering; including rind 

formation, pore formation, groundwater weathering, weathering rate calculations and 

weathering dating techniques.  

Chapter 2 gives descriptions of the field sites, in addition to the experimental, 

analytical and computational techniques used throughout this body of work. Chapter 

2 is followed by four results and discussion chapters. 

Chapter 3 presents mm-scale elemental and mineralogical transects along the 

weathering profile of subsurface fractured volcaniclastic bedrock, from the rind 

surface into the unweathered parent material. Micro x-ray absorption florescence 

spectroscopy data is also presented to investigate the oxidation state of Fe and S within 

pores. By using U-series isotope data as a time constraint, the weathering advance rate 

is calculated for the fracture surface, allowing field calculated mineral specific 

dissolution rates to be calculated for key minerals in the rock.  Stream chemistry data 

is used to calculate a watershed averaged weathering advance rate and compared to 

that of the fracture surface and a regolith weathering advance rate for the watershed 

that has previously been published.  

Chapter 4 compares a spheroidally weathering volcaniclastic rock to the volcaniclastic 

described in Chapter 3 that weathers in a blocky manner. By comparing the two rocks 

from the same bedrock formation, the mechanisms that link chemical and physical 
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weathering can be ascertained. By using mm-scale elemental and mineralogical 

transects, plus micro x-ray absorption fluorescence spectroscopy data, the oxidative 

weathering mechanisms of the volcaniclastics can be investigated further. 

Chapter 5 examines if the same oxidative mechanisms identified in Chapters 3 and 4 

occur in other lithologies.  By studying a rhyolitic rock also from within the tropics, 

variables (e.g. mean annual temperature, mean annual rainfall) are kept moderately 

constant.  

Chapter 6 reports the results of a series of reactive transport models observing the 

effect of perturbations on a weathering system, to identify the rate-limiting step and 

driving force of weathering in the volcaniclastic rocks. The models investigate how 

the weathering advance rate is affected by mineralogy, pore oxygen content and pore 

carbon dioxide content.  

Chapter 7 summarises the findings of the previous chapters and compares the 

calculated rates to those in the literature. The appendix contains all supplementary 

material. 

 

1.2 Critical Zone science 

Defined as the Earth’s outer layer, the Critical Zone (CZ) stretches from the top of the 

vegetation canopy to the bottom of the active groundwater zone and includes 

everything in between (Figure 1.1). This encompasses the regolith, which we define 

here as all weathered material, including the mobile soil fraction and underlying 

weathered material, such as saprolite. Here we define saprolite as the isovolumetric 

weathering product of parent rock. 

The CZ couples chemical, biological, geological and physical processes and sustains 

most terrestrial life. When minerals that formed at high temperatures equilibrate with 

surface conditions they release bio-essential elements (e.g., Ca, Mg, K and P) and 

produce environmental gradients that nurture life (Navarre-Sitchler and Brantley, 

2007). At the same time, life can also drive changes in these gradients, resulting in a 

rapidly changing CZ. A key driver of change to the CZ is anthropogenic activity, 

resulting in a greater and greater need for environmental monitoring. Most current 

environmental monitoring is concerned with systems above ground such as surface 
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water and wildlife, however as human demands increase, changes in soil quality raise 

new problems for sustainable land management (Mobley, 2009). A sound 

understanding of how the CZ has reacted to perturbations in the past is crucial to 

understand how it will react in the future.  

Understanding CZ processes is no easy undertaking; due to the heterogeneity of the 

zone, it requires a multidisciplinary approach from a broad range of sciences including 

biology, ecology, geochemistry, geomorphology and hydrology (Anderson et al., 

2008). To foster research communities with these cross disciplinary skill sets and 

strategies, sites of intense research have been established throughout the world since 

2006, called Critical Zone Observatories (CZO’s). 

 

Figure 1.1. Boundaries of the Critical Zone and two example processes linking it to terrestrial life. If 

weathering at the base of the CZ is equal to the surface erosion rate, then the regolith maintains a 

constant thickness and is said to be in steady-state. 

 

Also in 2006, the U.S. National Science Foundation summarised four broad research 

questions for CZ scientists (Brantley et al., 2006): 
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1. How do perturbations in environmental forcing affect physical and chemical 

weathering rates? 

2. How do processes at CZ interfaces govern long-term sustainability of soil and 

water resources? 

3. How do CZ processes nourish ecosystems and how do external forces affect 

this relationship? 

4. What CZ processes govern biosphere-atmosphere exchanges of gases and 

particulates? 

The urgency with which these questions need to be answered is apparent; Latour 

(2014) likens CZO’s to intensive care units, with monitoring instruments tracking 

constant changes of highly stressed zones. The monitoring of the CZ is often related 

to changes in elemental gradients, which are primarily controlled by chemical 

weathering at the base of the CZ. 

 

1.3 Chemical weathering and rind formation 

Here we define weathering as the break-down of rocks at the Earth’s surface. The term 

alteration is also used to refer to weathering processes, except when explicitly referred 

to as hydrothermal or metamorphic alteration.  

The first systematic study of silicate weathering rates was more than 70 years ago 

(Goldich, 1938). The author’s study examined igneous rocks and observed that olivine 

and anorthite had a tendency to weather out first, as they were not present in the 

residual weathering material. In contrast, Goldich (1938) found that K-feldspar and 

quartz were the most stable of the primary minerals as they were often found in the 

weathering residue. The idea of minerals being ordered according to their stability 

essentially mimics Bowen’s reaction series for the order of crystallisation of a melt. 

Where, the phases that form at the lowest temperature are the most stable at Earth 

surface conditions and phases that form at higher temperatures are less stable (Bowen, 

1922). The Goldich Stability Series (also known as the weathering series and 

dissolution series) provides a framework for understanding the sequence of silicate 

reactivity (Figure 1.2). 
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Figure 1.2. Derived from Bowen’s reaction series (Bowen, 1922), the Goldich Stability Series shows 

that igneous minerals which crystallise at lower temperatures are relatively slower to dissolve (i.e., more 

stable) during Critical Zone weathering processes than those minerals which crystallise at higher 

temperatures. 

 

The Goldich Stability Series shown above (Figure 1.2) suggests that bonding within a 

mineral, controls its breakdown mechanism. The order of the series therefore reflects 

each silicate mineral’s structure. On both the sialic (right of Figure 1.2) and mafic (left 

of Figure 1.2) sides of the Goldich Stability Series, the degree of linkage between silica 

tetrahedra (the fundamental building block of silicates) increases from top to bottom. 

For example, olivine has no Si-O-Si bonds, meaning all silica tetrahedra are isolated 

(nesosilicate). Quartz however is comprised solely of silica tetrahedra, meaning that 

all bonds within its structure are Si-O-Si bonds. All other minerals in the series fall 

between these endmembers.  

Despite the Goldich Stability Series providing an overarching indication as to silicate 

reaction rates, in a field-setting it is much more complicated. Factors such as grain size 

and local grain-scale roughness, are primary controls on a mineral’s dissolution rate, 

as the smaller the grain size and the rougher the surface, the larger the potential reactive 

surface area (Sak et al., 2010). 
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There are also key areas on the Earth that lend themselves to high rates of weathering, 

dominating global weathering fluxes (Meybeck, 1987; Stallard and Edmond, 1983). 

Strakhov (1967) developed a model to describe weathering on a global scale and 

explore its relationship with climate. The model is summarised in an often-cited 

diagram which transects multiple latitudinal climatic zones (Figure 1.3).  

 
Figure 1.3. Schematic of relative depth of weathering and weathering products in relation to various 

climatic factors. Based on the Strakhov (1967). 

 

Strakhov noted that weathering profiles in the dry-warm deserts and dry-cool tundra 

were shallow, slightly deeper in the cool (humid mid-latitude) areas of the Earth and 

deepest in the wet-warm tropics. 

The tropics, despite only covering 25% of the Earth’s surface, contribute 38% of total 

dissolved ions, 50% of water and 65% of dissolved Si to the world’s oceans (Meybeck, 

1987; Stallard and Edmond, 1983). The tropics also report some of the highest 

weathering rates in the world (e.g. Buss et al., 2008; Dosseto et al., 2012; Schulz and 

White, 1999; White and Blum, 1995). 

As described above, Strakhov (1967) and others (e.g., Tardy and Roquin, 1992 and 

references therein) consider warm and humid conditions to be the dominant control on 

the depth of weathering profiles. However, many studies indicate that tectonic stability 
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and high CO2 concentrations in the atmosphere are more important controls on 

weathering profile depth (e.g., Anand and Paine, 2002; Brantley et al., 2014; Navarre-

Sitchler and Thyne, 2007). 

Deep weathering of bedrock can create weathering profiles enriched in Al, Fe and Ti, 

with a depletion of Si (e.g., Horbe and Anand, 2011; Pye, 1983,1988; Widdowson and 

Gunnell, 1999). This process is often referred to as laterization (e.g., Buchanan, 1807; 

Ollier and Galloway, 1990; Schellmann, 1981). Following the classical definition of a 

‘laterite’ (Schellmann, 1981), the degree of laterization is based upon the ratio of SiO2 

to (Fe2O3 + Al2O3), which can be readily plotted in a ternary diagram to assess the 

degree of weathering within a profile (Babechuk et al., 2014). 

Laterite weathering profiles are common throughought the tropics, particularly in 

continental land masses, such as parts of Australia, America and Asia (e.g., Babechuk 

et al., 2014; Horbe and Anand, 2011). The regolith formed on igneous rocks in these 

areas represents continuous and often cumulative weathering over a long period (e.g., 

Anand and Paine, 2002; Babechuk et al., 2014; 2015; Smith, 1996; Tardy and Roquin, 

1992) and are often studied for potential exploitation as metal resources (Zeissink, 

1969). 

Although there are similarities amongst tropical weathering profiles, there are also 

significant differences resulting from different parent rock compositions (Smith, 

1996). In parts of South America and Western Australia, laterites have formed on rocks 

from Precambrian shields, which are tectonically stable and have been exposed to 

weathering since the Late Paleozoic (e.g., Anand and Butt, 2003; Soler and Lasaga, 

2000). Within the Brazilian Amazonia, laterites are present atop Cretaceous 

sedimentary rocks developed from the Late Oligocene to the Early Miocene under 

tropical wet conditions (e.g., Bardossy and Aleva, 1990; Bogatyrev and Zhukov, 

2009). Because of the long weathering exposure ages of continental laterites, many 

profiles have undergone weathering associated with several superimposed climatic 

events (Salama et al., 2016). As a result, the interpretation and dating of the profiles 

can be complicated, particularly if there is also significant inputs from aeolian dust to 

the chemical profile (Handley et al., 2017). To overcome this difficulty, Babechuk et 

al. (2015) found that heavy isotopes, which are not significantly fractionated during 

incongruent dissolution, can be used to quantify the mass balance between indigenous 
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and foreign material. The authors were then able to distinguish between autochthonous 

and allochthonous sources in The Deccan Traps. 

The Deccan Traps (India), is a large continental flood basalt that has formed a lateritic 

soil in less than 60 Ma (e.g., Babechuk et al., 2014; Das et al., 2005). Weathering 

profiles of The Deccan Traps have additional complications other than the overprinting 

of different climatic regimes, relating to the formation of the bedrock. Weathering 

profiles within the Deccan Traps can develop across several flows, with each flow’s 

chemistry overprinting the last within the weathered profile (Babechuk et al., 2014). 

The weathering profiles of the Deccan Traps can also be complicated by aeolian inputs 

to the system, which are found to be significant enough between lava flows to change 

the chemistry of the profile (Babechuk et al., 2015). 

Weathering of large continental provinces, particularly in the tropics, represents a 

major sink of atmospheric CO2 (Babechuk et al., 2015). As a result, The Deccan Traps 

have been intensively studied (e.g., Babechuk et al., 2014; 2015; Das et al., 2005; 

Dessert et al., 2001) to understand the weathering rates of basalts and the primary 

factors that control them. Das et al., (2005) found that the rate of runoff is the dominant 

factor controlling the rate of basalt weathering and that the drawdown of CO2 is 1.5% 

of the continental silicate weathering budget. 

Volcanic islands are commonly found in the tropics, they are often regarded as 

weathering hotspots as they have relatively fresh minerals exposed at the surface due 

to eruptions. In particular, freshly exposed Ca and Mg bearing rocks on volcanic 

islands are estimated to sequester 30-35% of CO2 (Dessert et al., 2003). Of that 30-

35%, Schopka and Derry (2012) estimate that ~15 times more CO2 is consumed during 

groundwater flow along subsurface fractures within bedrock, than is consumed by 

weathering within the regolith.  

Chemical weathering of rocks commonly begins with grain-scale infiltration of 

meteoric water, which is largely controlled by the texture of the parent material (e.g., 

grain size distribution, permeability, porosity) (Bazilevskaya et al., 2013). Mineral 

dissolution rates tend to be slow at this initial stage (Navarre‐Sitchler et al., 2009), as 

they depend on the rate of diffusion into (and out of) the solid rock (transport-limited). 

Subsequent micro- or macro-fracturing allows advective infiltration of reactive fluids 

into the rock, enabling chemical weathering to proceed more rapidly (Buss et al., 
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2008). Various fracturing mechanisms have been proposed, including the oxidative 

expansion of Fe(II)-bearing phases to form Fe(III)-bearing phases (Eggler et al., 1969; 

Fletcher et al., 2006; Jamtveit et al., 2011), which in turn would be controlled by the 

oxygen content of pore water and the mineralogy of the bedrock. In lithologies with a 

low proportion of FeO, dissolution reactions may instead initiate both chemical and 

physical weathering (Bazilevskaya et al., 2015; Brantley et al., 2014). For example, 

White et al. (2001) identified the dissolution of ubiquitous micro-calcite to create 

initial pore space as the incipient weathering reaction in a wide range of rocks. 

Regardless of the incipient process by which water infiltrates the bedrock and initiates 

chemical weathering of silicate minerals, if left to continue with minimal physical 

erosion, a rind will form on a weathering surface. Weathering rinds are residual outer 

layers of chemical alteration, generally composed of secondary minerals (e.g., metal 

oxides) and weathering-resistant primary minerals (e.g., quartz) (Navarre-Sitchler et 

al., 2011; Pelt et al., 2008; Sak et al., 2004; 2010). Often visible to the naked eye, rinds 

are commonly denoted by discolouration and increased porosity, relative to the un-

weathered parts of the rock. A rind develops when the chemical weathering advance 

rate (WAR) through the material is greater than the rate of physical erosion/removal 

of material from the system, generally producing an isovolumetric weathering product 

on the surface. Once a rind has developed, grain-scale infiltration of meteoric water to 

the fresh rock is then controlled by the permeability and diffusivity of the rind’s pore 

network (Navarre‐Sitchler et al., 2009).  

Weathering rinds can be viewed as well-constrained examples of chemical weathering, 

as physical erosion is minimal, in addition to the fact the chemical composition of both 

the unweathered (bedrock) and weathered (saprolite) products can normally be 

established. In many instances however, physical weathering works in conjunction 

with chemical weathering. 

 

1.4 Coupling of physical and chemical weathering 

Rock weathering studies often distinguish between physical and chemical weathering 

(Bland and Rolls, 2016), however, the feedbacks between physical and chemical 

processes may be extremely important in controlling both chemical weathering rates 

and physical erosion rates, in addition to the infiltration of water (Anderson et al., 
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2004). Spheroidal weathering is a well-known weathering feature, occurring as a 

corestone of fresh parent rock surrounded by exfoliated concentric layers of saprock 

rindlets (Figure 1.4) (Ollier, 1971). Despite their common occurrence, the mechanisms 

by which these onion-like features form is still debated in the literature (e.g., Bisdom, 

1967; Chatterjee and Raymahashay, 1998; Fletcher et al., 2006; Fritz and Mohr, 1984; 

Heald et al., 1979; Ollier, 1967,1971; Ollier and Pain, 1996). 

 

 

Figure 1.4. Simplified diagram of spheroidal weathering (taken from Buss et al., 2008). The bedrock is 

jointed into blocks, which are then rounded and fracture concentrically, forming rindlets, which can be 

of uniform thickness, or thin with distance from the corestone as shown above (Ollier, 1971). The area 

immediately surrounding the rindlet-saprolite interface is termed here the “protosaprolite zone”. 

 

The corestone at the centre of Figure 1.4 is a block of parent bedrock that has 

weathered in-situ along joint planes within the rock, becoming more rounded at the 

corners where there is greater surface area (three sides of the block) (Linton, 1955; 

Ollier, 1967, 1971). A variety of terminology is used in the literature for the mm-cm 

thick layers of saprolite that form around the corestone, including scales, sheets, plates, 

shells and rindlets (Bisdom, 1967; Fritz and Mohr, 1984; Ollier, 1971; Patino et al., 

2003). For consistency of terminology with the rest of this thesis, which uses the word 

rind, the term rindlets shall be used herein to refer to these concentric layers (Buss et 

al., 2005; Buss et al., 2008; Fletcher et al., 2006; Fritz and Ragland, 1980; Turner et 

al., 2003). Following Buss et al. (2008) we refer to a set of rindlets as a rindlet zone 
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(Figure 1.4). The inner shells of the rindlet zone are noted be more spherical (Ollier, 

1971).  

Spheroidal weathering is most common in hard, uniform, jointed rocks such as granites 

dolerites and basalts (Buss et al., 2008; Ollier, 1971). They have also been noted on 

sandstones, greywackes, gneisses, andesites and schists (Chatterjee and Raymahashay, 

1998; Fritz and Mohr, 1984; Heald et al., 1979; Ollier, 1967). Interestingly Ollier 

(1971) finds that basalts have many thinner rindlets, whereas granites form fewer 

thicker rindlets, with all lithologies usually showing a uniform thickness in a specific 

locality (Ollier, 1967). 

There are many hypotheses that have been put forward to explain the cause of 

spheroidal weathering (Fritz and Mohr, 1984; Ollier, 1971; Fletcher et al., 2006), 

including:  

 thermal expansion  

 unloading  

 constant volume 

 Liesegang  

 micro-fractures  

 iron oxidation 

The expansion hypothesis relies on changes in temperature, however temperature 

drops are ineffectual in the absence of water and fire/lightening would cause only one 

layer of fracturing (Ollier, 1967). The unloading hypothesis involves rocks 

compressed deep in the earth, being uplifted, relieving the residual stress enforced by 

the overlying material and causing an expansion (Farmin, 1937). However spheroidal 

weathering also occurs in lithologies formed at or near the Earth’s surface. The 

constant volume hypothesis reasons that spheroidally weathering units normally occur 

adjacent to one another and if an expansion were to occur they would deform each 

other, which observationally is not the case. Therefore Ollier (1967) proposes periodic 

chemical alteration as the cause, maintaining a constant volume whilst altering primary 

minerals to less dense minerals. A mechanism that may cause this is the Liesegang 

hypothesis, where periodic wetting and drying occurs, creating diffusion rings of 

irreversible oxidation. Concentric cracks and colour zones are common in spheroidal 

weathering, which could result from the oxidation of Fe(II) and the formation of iron 
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oxides, followed by their subsequent shrinkage as a result of dehydration (Ollier, 

1971). The micro-crack hypothesis was first posed by Bisdom (1967), suggesting 

micro-crack (<10 µm) features are formed by weathering with amorphous iron 

hydroxides being released from biotite and hornblende, causing an expansion. The 

micro-cracks then develop into macro cracks (10 > 1000 µm) in subsequent rindlets. 

Despite numerous hypotheses being explored, which could all occur in different 

settings, several (constant volume, Liesegang, micro-fractures, and iron oxidation) are 

not necessarily mutually exclusive; the periodic chemical alteration of the constant 

volume hypothesis could be caused by the periodic wetting of the Liesegang 

hypothesis causing Fe(II) to oxidise to Fe(III) and creating micro-fractures. 

Isherwood and Street (1976) found the transformation of biotite into vermiculite in the 

presence of oxygen within granitic rocks occurred by an increase in the d(001) spacing 

of the biotite by 0.5 Å, suggesting biotite oxidation is the cause of spheroidal 

weathering for this lithology. Similarly, Buss et al. (2008) indicated the same biotite 

expansion mechanism for a quartz diorite, utilising the model of Fletcher et al. (2006) 

whereby step increases in elastic strain create micro-cracks. Physical weathering is not 

the only process that can be coupled to chemical weathering, biology is also found to 

play a role.  

 

1.5 Coupling of biology and chemical weathering 

There has been much research that explores the role that the biosphere plays in mineral 

dissolution and soil formation (e.g., Balland et al., 2010; Berner et al., 2004; Bray et 

al., 2015; Buss et al., 2005; Taylor et al., 2009). Plants are geochemical pumps that 

remove bio-essential elements from pore water to utilise in metabolic processes, store 

within their tissue and then return to the soil via litterfall, root decay and 

decomposition (Figure 1.5) (Amundson et al., 2007). The cycling of lithospheric 

elements by plants often leads to bio-lifting, where the enrichment of elements within 

surface soil is observed (e.g., Bullen and Chadwick, 2015; Moore et al., 2017). As a 

result, the immediate area around roots, termed the rhizosphere, is a locally extreme 

chemical environment (Richter et al., 2007).  
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Figure 1.5. The five key mechanisms of weathering induced by plants and their mycorrhizal fungi. 1: 

Exudates, including reactive species such as H+ and organic chelators; 2: Evapotranspiration increases 

the flow of water and other nutrients to plants and affects pore water residence times; 3: Decomposition 

increases the concentration of organic acids and other organic chelators in the soil pore water, fuels 

heterotrophic respiration and returns bio-essential elements from biota to soil porewater; 4: Erosion is 

reduced, due to the binding of soil particles by roots; 5: Respiration increases pCO2 of soil pore water 

(Figure from Taylor et al., 2009). 

 

Within the rhizosphere, plants take in solutes via ionic exchange, releasing H+ for Ca2+, 

Mg2+, Na+ and NH4
+ (Mechanism 1, Figure 1.5). The release of protons can decrease 

the pH to as low as 3 (Berner et al., 2004), greatly increasing mineral dissolution rates 

(Zhu et al., 2014). In addition, roots exude organic chelates, such as oxalate, which 

sorb to mineral surfaces and accelerate dissolution by destabilising the bonds between 

metal ions and lattice oxygens (Taylor et al., 2009). Soluble metal complexes of Al, 

Fe and other metals are released and deeper parts of the mineral structure are exposed, 

increasing the solubility of the mineral (Amundson et al., 2007) (Mechanism 1, Figure 

1.5). Buss et al. (2007) found that siderophores can produce etch pits in an artificial 

glass with the composition of hornblende (a common Ca and Mg bearing silicate). 

Therefore, ligand-promoted dissolution (e.g., by oxalate) may be more important than 

proton-promoted weathering if pH >4 (Berg and Banwart, 2000). Contrary to this, 

Lawrence et al. (2014) found that at depth, the presence of oxalate in the system 
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decreased mineral weathering rates. Using reactive transport modelling, Lawrence et 

al. (2014) found that at shallow depths, where high oxalate concentrations occur, 

feldspar dissolution was indeed accelerated due to undersaturation with respect to Al3+ 

via the formation of organic-metal complexes. Then as oxalate concentrations declined 

with depth, organic-complexed Al was liberated and soil pore water became 

oversaturated with respect to dissolving feldspar, slowing the reaction rate.  

On a regional-scale, evapotranspiration (Mechanism 2, Figure 1.5) can potentially 

increase weathering by providing water vapour to the atmosphere, which may fall 

again as rain (Berner, 1992). For example, the water that enters the Amazon basin from 

the Atlantic Ocean goes through several precipitation-evaporation cycles before being 

discharged into the river (Stallard and Edmond, 1981). As a result, each unit of water 

may pass through the soil zone multiple times, causing weathering on each pass. 

However, on a local scale evapotranspiration decreases runoff and infiltration leading 

to decreased weathering (Drever, 1994). 

Plants can also bind fine particles within soil (Mechanism 3, Figure 1.5). As a result, 

the fine particles are retained in the system (rather than being eroded) and have a high 

surface area so are readily weatherable (Hinsinger et al., 2006). 

Within soil, plant roots contribute ~50% of total soil respiration with microbial 

respiration making up the balance (Sanderman et al., 2003), leading to CO2 

concentrations several orders of magnitude greater than atmospheric levels (e.g., Buss 

et al., 2017). This CO2 forms carbonic acid which can attack silicate and carbonate 

minerals (Mechanism 5, Figure 1.5). In addition to respiration, when roots and litterfall 

decay, not only do they release bio-essential elements back into the soil, but also H+ 

ions and CO2 (Mechanism 4, Figure 1.5), which can act in the same way as 

Mechanisms 1 and 5 described above.  

Increased soil pCO2 has been found to be directly proportional to plagioclase 

dissolution rates (Navarre-Sitchler and Thyne, 2007) and to double weathering rates 

in a free-air experiment in Duke Forest, North Carolina (Andrews and Schlesinger, 

2001). However, Oh et al. (2007) found this was likely to be an overestimation due to 

soil heterogeneities at the studied site. Similarly, Berg and Banwart (2000) reviewed 

laboratory studies of the relationship between silicate weathering and pCO2, finding 



  

16 

 

little evidence of faster rates for biotite, that were expected from theory (Malmström 

and Banwart, 1997). 

Section 1.5 has discussed some of the roles that biology can play in weathering systems 

and also highlighted some of the debate as to how much of an impact they have. The 

balance of CO2 and O2 is an important aspect of weathering that can be controlled by 

both organic and inorganic processes. 

 

1.6 Coupling of CO2, O2 and chemical weathering 

The oxidation of biotite creating incipient pore space, via micro-fracturing has been 

described in Section 1.4. Oxidative weathering can occur for other minerals, but is 

generally dependent on the supply of O2. If a regolith is 10’s to 100’s of meters thick, 

as is common in the tropics (Buss et al., 2013) and/or the pores within the regolith are 

poorly connected, pore fluids are unable to equilibrate with atmospheric oxygen, often 

resulting in a depletion of O2 (aq) with depth (Figure 1.6). 
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Figure 1.6. Average pore concentrations of gaseous O2 with depth in regolith from the Luquillo Critical 

Zone Observatory (Puerto Rico), in the volcaniclastic watershed (Square: B1S1; Triangle: B1R) and the 

quartz diorite watershed (Circle: Rio Icacos) (Taken from: Buss et al., 2017). 
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Porewater oxygen concentration thus poses a possible feedback mechanism to 

maintain a steady-state weathering profile (Fletcher et al., 2006; Buss et al., 2008, 

2017), whereby as the regolith thickens, the oxygen concentration decreases at depth 

(e.g., at the bedrock-regolith interface) thus slowing the WAR. With continued surface 

erosion, the regolith will begin to thin, resulting in increased porewater oxygen at 

depth causing the WAR to increase again. 

Similarly to the case of O2 supply controlling the rate of oxidative reactions, so too 

does the supply of acid, which is primarily carbonic acid, depend upon the supply of 

CO2 from the atmosphere, microbial respiration and the decarboxylation of organic 

matter (Section 1.5). Carbonic acid is neutralised by the dissolution of alkali and 

alkaline earth components of a weathering silicate rock (Holland and Zbinden, 1988; 

Pinto and Holland, 1988), where two moles of CO2(aq) are fixed as bicarbonate for 

every mole of oxide dissolved: 

𝐶𝑎𝑂 + 2𝐶𝑂2 + 𝐻2𝑂 → 𝐶𝑎2+ + 2𝐻𝐶𝑂3
−                     Equation 1.1 

𝑀𝑔𝑂 + 2𝐶𝑂2 + 𝐻2𝑂 → 𝑀𝑔2+ + 2𝐻𝐶𝑂3
−                    Equation 1.2 

𝑁𝑎2𝑂 + 2𝐶𝑂2 + 𝐻2𝑂 → 2𝑁𝑎+ + 2𝐻𝐶𝑂3
−                    Equation 1.3 

𝐾2𝑂 + 2𝐶𝑂2 + 𝐻2𝑂 → 2𝐾+ + 2𝐻𝐶𝑂3
−                     Equation 1.4 

Over geologic timescales, the quantities of atmospheric O2 and CO2 are directly linked 

to weathering via the following three key chemical reactions, which control pCO2 and 

pO2, and therefore help to regulate a preindustrial global climate (Berner et al., 1983; 

Berner, 2006): 

Volcanic Degassing 

𝐶𝑂2 + (𝐶𝑎, 𝑀𝑔)𝑆𝑖𝑂3 ↔ (𝐶𝑎, 𝑀𝑔)𝐶𝑂3 + 𝑆𝑖𝑂2              Equation 1.5   

Chemical Weathering 

 

Organic Matter Formation 

𝐶𝑂2 + 𝐻2𝑂 ↔ 𝐶𝐻2𝑂 + 𝑂2                             Equation 1.6 

Organic Matter Decomposition 
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Pyrite Weathering 

15𝑂2 + 4𝐹𝑒𝑆2 + 8𝐻2𝑂 ↔ 2𝐹𝑒2𝑂3 + 8𝑆𝑂4
2− + 16𝐻+     Equation 1.7 

Pyrite Formation 

Where Equation 1.5 describes long-term controls on atmospheric pCO2, balancing 

chemical weathering (left-right) and volcanic degassing (right-left). Equation 1.6 

represents the release of O2 via the fixation of carbon into organic matter (OM) (left-

right) and the consumption of O2 during OM decomposition (right-left). The final 

reaction, Equation 1.7, depicts the control on pO2 due to pyrite weathering (left-right) 

and formation (right-left). The above reactions essentially describe the proton balance 

between basic weathering rock and various acids (carbonic, sulfuric and organic). 

Brantley et al. (2014) proposed that the balance of dissolution versus oxidation control 

of weathering fronts may depend upon the amount of FeO in the weathering material 

versus the amount of alkali/alkaline earth components. If the rock is rich in FeO, then 

O2 is used up quickly by the oxidation of Fe(II) in FeO-rich rocks (e.g., Equation 1.7), 

allowing the CO2-driven dissolution front to penetrate deeper. In contrast, 

alkali/alkaline earth rich (FeO-poor) rocks allow O2 to extend deeper whilst the 

carbonic acid is used up at a shallower depth.  

Determining whether the oxidation of Fe(II) has taken place can however be 

troublesome; the two main techniques to examine this are Mössbauer spectroscopy 

and synchrotron techniques such as X-ray absorption fine structure (XAFS). As 

Mössbauer is a bulk method, it is unable to determine Fe3+/∑Fe at the grain scale 

necessary for weathering rind studies. 

 

1.7 Theoretical determination of oxidation states using 

XAFS 

X-rays are a form of light with a high energy range (~500 eV to 500 keV) and short 

wavelength (~25-0.25 Å). As a result, if X-ray light is directed onto a material, an X-

ray photon can be absorbed by an electron in the quantum core level (e.g. 1s or 2p 

level) of an atom if the energy of the core level is less than the incident X-ray photon’s 

energy.  If absorption occurs the electron may be removed from its quantum level with 
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any excess energy ejected from the atom as a photoelectron. This process is known as 

the photo-electric effect (Figure 1.7). 

 

Figure 1.7. The photoelectric effect, in which an X-ray is absorbed and a core-level electron from the 

K energy is promoted from the atom. Sodium is given here as an example, however the X-ray edge 

energy required to promote a core-level electron is related to the atomic weight and therefore element 

specific. 

 

When attempting to quantify X-ray absorption, the likely depth at which X-rays will 

be absorbed, termed the absorption coefficient (µ) (cm-1) is of key interest, described 

by Beer’s Law: 

𝐼 =  𝐼0𝑒𝑥𝑝−µ𝑡                                        Equation 1.8 

Where I0 = X-ray intensity incident on the sample (counts per second), t = thickness 

of sample (cm-1) and I = intensity transmitted through the sample (counts per second), 

where the intensity is proportional to the number of X-ray photons. For most X-ray 

energies, the absorption coefficient is a smooth function of energy with a value roughly 

dependent upon sample density (ρ; g cm-3), atomic number (Z), atomic mass (A; 

AMU) and X-ray energy (E; eV): 

𝜇 ≈
𝜌𝑍4

𝐴𝐸3                                             Equation 1.9 
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The strong dependence of µ on Z and E is a fundamental property of X-rays, allowing 

them to be used for imaging techniques. For example, the absorption coefficients for 

O, Ca, Fe and Pb differ by several orders of magnitude, due to the dependence upon 

the atomic number (Z). Providing the X-ray energy (E) is adjusted accordingly, 

different materials with various thicknesses and elemental concentrations can therefore 

be easily differentiated (Newville, 2004). 

As previously described, when the energy of the incident X-ray is equal to that of the 

binding energy of a core electron, it is promoted, leading to a sharp rise in absorption 

known as an absorption edge. XAFS techniques are concerned with the intensity of µ 

as a function of E, at or near the energies of the absorption edge of the element of 

interest. An XAFS measurement is of the dependence of µ on E, at and above the 

binding energy of a known core level of a chosen element. As every atomic species 

has core-binding electrons with well-defined binding energies (usually within a tenth 

of one percent), the energy of the incident X-rays can be tuned to probe a specific 

element, such as Fe, producing an absorption edge/XAFS that is element specific (edge 

energies vary with atomic number by ~Z2). Most elements can be probed using XAFS 

with X-ray energies between 5 and 35 keV, as K and L edges can be used in the hard 

X-ray regime (greater than ~10 keV), in addition to the M level in the soft X-ray regime 

(less than ~10 keV) for heavy elements. Because an intense tunable energy is required, 

XAFS techniques usually necessitate use of a synchrotron. 

The X-ray absorption spectrum is typically divided into four sections (Figure 1.8), 

which relate to the energy (E) of the incident X-ray beam relative to the absorption 

threshold (E0): 1) pre-edge (E<E0); 2) X-ray Absorption Near Edge Structure 

(XANES) (E = E0 ± 10 eV); 3) Near Edge X-ray Absorption Fine Structure (NEXAFS) 

(E = E0 + 10 to 50 eV); 4) Extended X-ray Absorption Fine Structure (EXAFS) (E = 

E0 + 50 to 1000 eV). 
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Figure 1.8. A typical X-ray absorption spectrum for Fe within an epidote. Pre-edge: Energies lower 

than the absorption edge, where the X-ray energy is lower than the binding energy of a core electron; 

XANES (X-ray Absorption Near Edge Spectroscopy): Energies including the absorption energy of the 

X-ray, plus higher energies just after; NEXAFS (Near Edge X-ray Absorption Fine Structure 

Spectroscopy): Typically up to ~ 50 eV above the absorption edge. EXAFS (Extended X-ray Absorption 

Fine Structure Spectroscopy): Typically energies > 50 eV above the absorption edge. 

 

XAFS spectra can detail a wealth of information about an atom, such as the oxidation 

state, coordination number, coordination chemistry, distance and species of 

neighbouring atoms. Due to XAFS’ diversity, practicality and relative simplicity, it is 

regularly used in a range of research investigations, including catalyst research, 

environmental science and biology. Earth scientists now use X-ray synchrotron 

techniques in many contexts, such as rapid identification and unit cell characterisation 

of minerals (O'Day et al., 2004), in situ high temperature studies (Funamori and Yagi, 

1993), and the determination of oxidation states within weathering material (Buss et 

al., 2008).  

To understand the effect of environmental drivers, such as oxidation, on the evolution 

of the CZ, synchrotron radiation can prove highly useful, however in conjunction with 

this it is imperative to quantify natural weathering rates in the context of other critical 

zone processes. 
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1.8 Calculation of chemical weathering rates 

Some previous attempts to quantify weathering rates have extrapolated surface 

processes to the bedrock-regolith interface tens of meters below the surface (e.g., 

McKean et al., 1993; Pavich et al., 1985), or averaged elemental loss over the entire 

regolith profile or watershed (e.g., Gaillardet et al., 2011; Von Blanckenburg, 2005). 

These methods generally require the assumption of a steady-state weathering profile, 

whereby the weathering advance rate (WAR) through the bedrock must equal the 

surface erosion rate i.e., the denudation rate is constant (Fletcher et al., 2006; White, 

2002). The assumption of a steady-state weathering profile is often untested (Riebe et 

al., 2004). However, several studies have proposed mechanisms by which processes at 

the atmosphere-regolith interface are coupled with those at the regolith-bedrock 

interface, for example, via O2 infiltration (diffusing through pore water) (Fletcher et 

al., 2006; Riebe et al., 2004; West et al., 2005). Very few studies have tested the steady-

state assumption, for example, by comparing surface erosion rates determined from 

cosmogenic isotope abundances to regolith production rates calculated from U-Th 

disequilibria (e.g. Dosseto et al., 2008; 2012). 

Extrapolation of surface observations to the deep critical zone assumes that the same 

processes, with the same controls, function in both zones. Within much of the humid 

tropics, the surface ecosystem is separated from the deep by thick regolith (10s-100s 

of meters deep), depleted in base cations and mineral nutrients (Buss et al., 2013). This 

partitioning makes it probable that the weathering mechanisms at the bedrock-regolith 

interface are fundamentally different from those at the surface. 

If the weathering mechanisms at the surface are decoupled from those at depth, both 

zones must be examined individually at a spatial scale consistent with the extent of the 

reactions. For example, petrographic, mineralogical and elemental analysis across a 

granitic bedrock-regolith transition zone of about 50cm (Fletcher et al., 2006; Turner 

et al., 2003) underlying about 5-7 m of highly leached regolith revealed that complete 

depletion of plagioclase and apatite occurs over the 50cm transition and complete 

hornblende depletion only occurs over the outer 7cm of the transition (Buss et al., 

2008; 2010). In contrast, biotite depletion begins in the transition zone (Buss et al., 

2008), but continues throughout the overlying 4-6 m of saprolite (Murphy et al., 1998) 

and quartz dissolves partially only over the ~ 1m soil zone (Schulz and White, 1999). 

If weathering rates of these minerals were integrated over the entire regolith or 
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watershed, rates would be underestimated and their influence on spatially discrete 

critical zone processes (e.g., vegetation growth, subsurface microbial cycles, and 

groundwater evolution) may be misinterpreted. Furthermore, underestimation by 

averaging weathering data over entire regolith profiles or watersheds may contribute 

to the discrepancy of 2-5 orders of magnitude between lab calculated and field 

calculated mineral dissolution rates (e.g. White and Brantley, 2003).  

Assuming that rind thickness is directly related to the time over which weathering has 

occurred, mineralogical and elemental gradients across weathering rinds can be used 

not only to identify weathering mechanisms, but also to determine relative rates of 

mineral-specific reactions. However, for these processes to be directly comparable to 

other watersheds, a time constraint is needed in order to calculate absolute weathering 

advance rates and mineral-specific weathering rates. 

 

1.9 U-series isotopes  

Dating of geological events has long been employed to impose a time constraint on 

weathering profiles, for example, associating the onset of weathering with the timings 

of volcanic eruptions (e.g. Stretch and Viles, 2002), marine regressions (e.g. Sak et al., 

2004), or the glacial deposition of moraines (e.g. Etienne, 2002). In the absence of 

such geological indicators, cosmogenic isotopes such as 10Be (Heimsath et al., 1997), 

can be used to estimate an exposure age of the ground surface, from which an erosion 

rate can be calculated. Cosmogenic isotopes therefore can provide a weathering time 

constraint if the surface erosion rate is equal to the WAR (i.e., a steady-state 

weathering profile). To use the 10Be system to determine a weathering time constraint 

therefore requires further investigation to prove that the steady state assumption is 

reasonable.  

The application of the uranium-thorium (U-Th) decay series to directly measure the 

length of time since the introduction of water into a rock sample was first proposed in 

the 1960’s (Hansen and Stout, 1968; Rosholt et al., 1966). However, advances in the 

analytical precision of 238U nuclide measurements only led to a rapid increase in usage 

of the method since the late 1990’s (Chabaux et al., 2003; 2013; Dequincey et al., 

1999; 2002; Dosseto et al., 2008; 2012; Ma et al., 2010; 2012; 2013; Pelt et al., 2008).  
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The parent nuclide 238U decays with a half-life (T1/2) of ~4.5 Ga to 234U (T1/2 = 244 

kyr) which subsequently decays to 230Th (T1/2 = 75 kyr). The half-lives of the two 

daughter radionuclides are on comparable timescales to Earth surface processes such 

as chemical weathering. If a system remains undisturbed for 5 decay half-lives of 234U 

(roughly >1.3 Myr) then the U-series system is said to be in secular equilibrium (i.e., 

the flux from the daughter nuclide is equal to the flux of the parent to the daughter). 

When secular equilibrium is achieved, the daughter/parent activities (number of atoms 

of an isotope multiplied by its decay constant) are equal.  

The order of mobility of the U-series nuclides is generally viewed as 234U>238U>Th 

(Chabaux et al., 2003; Chabaux et al., 2008; Dosseto et al., 2008; Dosseto et al., 2012; 

Ma et al., 2013). The higher mobility of 234U is partially due to the α-recoil effect, 

whereby damage to the mineral lattice occurs when the parent nuclide decays to the 

daughter nuclide. Thereby a U-series disequilibrium (deviation from secular 

equilibrium) is established when U-bearing phases are exposed to reactive fluids (e.g., 

groundwater). Disequilibria in weathered material tends to show (234U/238U) < 1 and 

(230Th/238U) > 1 (parentheses indicate activity ratios, hereafter). The extent of 

disequilibria is temporally dependent and therefore its signature records the time 

passed since the mineral-water interfacial area was great enough to mobilise U. 

Common practice in the aforementioned studies is to measure the independent activity 

ratios (234U/238U) and (230Th/238U) for a series of samples parallel to the direction of 

propagation of the weathering front. By sampling in this manner, the assumption that 

weathering advance occurs in only one direction is implicit. Unknowns such as the age 

of chemical weathering of a sample, relative to a reference point (parent material), can 

be determined by then modelling the observed behaviour of U-series nuclides during 

weathering, with realistically estimated mobility parameters (nuclide loss and gain 

processes). From this variation in ages relative to the reference point, a U-Th 

calculated weathering advance rate for material such as a rind can be derived 

(WARrind) (Chabaux et al., 2013).  

Once a WAR has been derived for a weathering profile, reactive transport modelling 

can be used to develop answers for the overarching questions of CZ science posed in 

Section 1.2, i.e., How do perturbations in environmental forcing affect physical and 

chemical weathering rates? How do CZ processes nourish ecosystems and how do 

external forces affect this relationship? 
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1.10  Reactive transport modelling of bedrock weathering in 

the Critical Zone 

Reactive Transport Modelling (RTM) has proven to be a useful tool to understand the 

effect of individual mechanisms that are considered to play a fundamental role in the 

weathering of rock (referred to in modelling terms as porous media) (Steefel et al., 

2005). Once a model is accurately constrained by measured data, sensitivity analysis 

can be conducted to establish the driving mechanisms and rate limiting steps that 

control the speed at which minerals dissolve and ultimately govern the formation of 

the Critical Zone as a whole (Maher et al., 2009). Prior to the application of reactive 

transport modelling, it is useful to understand its context, limitations and the equations 

that govern it. 

Early modelling of water-rock interaction focused on geochemical processes from a 

predominantly thermodynamic approach, with little regard for transport processes 

(Steefel and Maher, 2009). Such approaches treated the investigation as a closed 

system, which is of limited interest to the study of the CZ, due to the importance of 

transport in the system. Therefore multi-component reactive transport models that 

could treat biogeochemical processes were developed in the early 1980’s, and used to 

describe the early diagenesis of marine sediments (Berner, 1980). The current 

discipline of RTM, draws (much like CZ studies) from many areas including 

hydrology, geochemistry, biogeochemistry, fluid dynamics and soil physics.  

Essentially, a RTM divides the spatial domain of interest into nodal blocks, where 

solute-bearing fluid enters the domain across one boundary, reacts with the porous 

medium, then exits at a second boundary. There are three major approaches to multi-

scale modelling of porous media: i) continuum models, ii) pore scale/pore network 

models and iii) hybrid (also referred to as multi-continuum) models (Steefel and 

Maher, 2009). Continuum modelling is the most commonly used for CZ modelling 

(e.g., Lawrence et al., 2014; Maher et al., 2009; Moore et al., 2012; Navarre-Sitchler 

et al., 2011), however it is important to understand its advantages and limitations.  

Porous media, such as rock or regolith, is highly heterogeneous in structure with pore 

walls marking discontinuities between the solid and the void (Steefel et al., 2015). It 

might seem intuitive, therefore, to model a system at the pore scale, however this 

rapidly becomes unfeasible as the size of the system increases. Continuum models 

provide a quantitative description of fluid transport and interaction through rock based 
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on a mathematical idealisation of the physical system referred to as a continuum 

(Steefel et al., 2015). Continuum models effectively upscale transport parameters (e.g., 

effective diffusivity and hydraulic conductivity) to extrapolate pore scale processes to 

the continuum scale (Navarre‐Sitchler et al., 2009; Saripalli et al., 2001; Steefel et al., 

2005). In these models, several assumptions/simplifications are made: i) solids and 

fluids coexist simultaneously within each nodal block; ii) reactions involving two 

separate phases across the same interface are uniformly distributed throughout the 

control volume, even if they are heterogeneous; iii) all physical phases are well-mixed, 

resulting in uniform reaction rates within the control volume (Bethke, 2007). By 

generalising to a larger scale, micro-scale processes may be neglected, highlighting 

the need to recognise the scale dependence of a model (Steefel et al., 2005). Despite 

the necessary simplifications, the continuum model has proven invaluable, used by 

many of the RTMs commonly employed today, including PHREEQC, PFLOTRAN, 

TOUGHREACT and CrunchFlow.  

CrunchFlow is a finite volume reactive transport model that uses a global implicit 

reactive transport (GIMRT), where transport and multicomponent reactions are solved 

simultaneously (Steefel and Lasaga, 1994; Steefel and MacQuarrie, 1996; Steefel et 

al., 2015). 

 

1.10.1 Diffusive Transport 

A fundamental part of continuum RTMs are the equations that govern transport 

processes. As previously discussed in Section 1.3, in a kinetic-limited weathering 

system, the continuous introduction of fresh reactive fluids drives mineral dissolution 

by keeping the fluid far from equilibrium with the solid phase. In this scenario, the 

system may still not be at equilibrium but reach steady state behaviour as described by 

the following reaction: 

𝑡𝑟𝑒𝑠

𝑡𝑟𝑒𝑎𝑐𝑡
=

𝑘𝑉

𝑄
                                           Equation 1.10 

Where tres is the fluid residence time (s-1); treact is the reaction time (s-1); k is the reaction 

rate constant (s-1); Q is the volumetric flow rate (cm3 s-1); and V is the volume of the 

reactor (cm3). This simple equation clearly shows the approach to equilibrium is 

independent of geologic time (Steefel and Maher, 2009). Similar concepts are 
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applicable to more complicated transport processes, such as diffusion through low 

permeability, low porosity rock; however, with some caveats as discussed below. 

To accurately upscale pore-scale transport processes to the continuum scale, it is 

necessary to account for tortuosity. Tortuosity (Tor; dimensionless) is a ratio of the 

path length a solute would flow in water alone (L) relative to the convoluted pathway 

it follows through the rock (Le) (Bear, 1972) and can be described by: 

𝑇𝑜𝑟(
𝐿

𝐿𝑒
)2                                              Equation 1.11 

Using this definition, tortuosity must always be <1 (the inverse of Equation 1.11 can 

also be used). If the tortuosity of a system is known it can be used to calculate the 

effective diffusion coefficient (De, cm2 s-1) in porous media: 

𝐷𝑒 = 𝑇𝑜𝑟𝐷𝑜                                          Equation 1.12 

Where Do = the diffusion coefficient in pure water (cm2 s-1). As porosity changes, so 

too does pore geometry (Navarre‐Sitchler et al., 2009) and therefore tortuosity (Shen 

and Chen, 2007). Thus, if porosity is allowed to vary in a diffusion dominated model, 

a relationship between porosity and effective diffusion must be defined. Commonly 

Archie’s law (Archie, 1942; Oelkers, 1996) is employed to estimate the effective 

diffusion coefficient of porous media (De, cm2 s-1), using: 

𝐷𝑒 = 𝐷𝑜Φ𝑚                                        Equation 1.13 

Where Φ = measured porosity (dimensionless) of the porous media and m = 

cementation exponent (dimensionless), experimentally determined by fitting 

diffusivity and porosity data of multiple samples (Dullien, 1992). The porosity in 

Equation 1.13, may either represent total porosity (ϕT) (dimensionless) or effective 

porosity (ϕe) (dimensionless), where effective porosity is defined as all porosity that is 

connected (ς = the fraction of ϕT that is connected) and able to transmit fluid (Tarafdar 

and Roy, 1998): 

𝜙𝑒 = 𝜍𝜙𝑇                                          Equation 1.14 

It is important to distinguish between ϕe and ϕT, as most continuum RTM’s only track 

total porosity as a function of mineral alteration and therefore used to estimate 
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diffusion coefficients. To be able to model mineral alteration, rate laws for dissolution 

and/or precipitation should be applied. 

 

1.10.2 Mineral dissolution/precipitation rate laws 

The kinetics of mineral dissolution are commonly described by a general form of 

Transition State Theory (TST), relating the local mineral reaction rate to the mineral 

volume, specific surface area, kinetic rate constant, dependence on aqueous activity 

and reaction affinity (degree of removal from equilibrium) (Aagaard and Helgeson, 

1982). TST in a general form is described by (Aagaard and Helgeson, 1982; Lasaga, 

1984): 

𝑅 = 𝑘 ∏ 𝑎
𝑗

𝑛𝑗[1 − 𝑒(
−∆𝐺𝑟
𝜎𝑅𝑇

)]𝑗                               Equation 1.15 

where R is the overall reaction rate (mol m-2 s-1), k is the intrinsic rate constant (mol 

m-2 s-1), -∆Gr/RT is the free energy of the reaction (i.e. reaction affinity), σ is 

Tempkin’s coefficient (dimensionless) and aj is the activity of any inhibitory or 

catalytic species dependent on nj, often used to adjust for the influence of pH (Palandri 

and Kharaka, 2004). Multiplying the reaction rate (R) by the surface area of the 

dissolving mineral per unit volume (m2 L-1) returns an estimate of the bulk rate (mol 

L-1 s-1). Aluminosilicates (such as feldspar) have dissolution rates that are sensitive to 

the pH of the reactive fluid, displaying a ‘u-shaped’ relationship (Gudbrandsson et al., 

2014) (e.g., Figure 1.9).  
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Figure 1.9. Schematic of albite reactivity, which is strongly pH dependent (Chou and Wollast, 1985). 

The albite curve is typical of most silicates. 

 

As a result, if pH is variable, a specific dependence on proton or hydroxyl activity 

should be included in the rate law. Variations of the above TST formulation can be 

used, such as the first order linear rate law (Lasaga, 1984): 

𝑅𝐿𝑇𝑆𝑇 = 𝑘1 ∗ [1 −
𝑄

𝐾𝑒𝑞
]                            Equation 1.16 

Where RLTST is the overall rate (mol m-2 s-1); k1 is the rate constant; Q is the ion activity 

product and Keq is the equilibrium constant. Equation 1.16 assumes a linear 

dependence on the approach to equilibrium and is equivalent to Equation 1.15, where 

the reaction affinity term (-∆Gr/RT) in Equation 1.15 is equal to the saturation index 

(Q) in Equation 1.16.  

However, to observe the changing dissolution rate with variable reaction affinity, a 

parallel rate law might be used, to sum one rate law for close-to-equilibrium (CTE) 

and one for far-from-equilibrium (FFE) (Hellmann and Tisserand, 2006): 

𝑅𝑃𝑅𝐿 = 𝑘2𝑎 [1 − 𝑚2 (
𝑄

𝐾𝑒𝑞
)

𝑚3

]
𝑚1

+ 𝑘2𝑏 ∗ [1 − 𝑚2 (
𝑄

𝐾𝑒𝑞
)

𝑚3

]
𝑚1

       Equation 1.17 

where k2a and k2b are the individual rate constants for CTE and FFE; m1, m2 and m3 are 

fitting parameters to describe the relationship of each rate to reaction affinity 
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(Hellmann and Tisserand, 2006). Albite’s dissolution rate has been shown to display a 

sigmoidal, highly non-linear relationship with reaction affinity (Figure 1.10A). A 

parallel rate law such as that described in Equation 1.17, has therefore been shown to 

better describe albite’s dissolution rate than a linear TST rate calculated using equation 

1.16 (Figure 1.10B) 

 

Figure 1.10. A) Rate of albite dissolution as a function of the change in gibbs free energy of the reaction 

(ΔGr), with a rate curve fit composed of two parallel rate laws for close to equilibrium and far from 

equilibrium. There are three distinct regions, whose exact boundaries are subjective: ΔGr < -70 kJ mol-

1 representing far from equilibrium; -70 ≤ ΔGr ≤ -25 kJ mol-1 representing the transition zone; and -25 

≤ ΔGr ≤ 0 kJ mol-1 representing close to equilibrium. B) Comparison of fitted parallel rate law (solid 

black line) and TST rate law (dotted black line) for albite. (Taken from Hellmann and Tisserand, 2006). 
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1.11  Summary 

Chemical weathering has long been recognised as one of the primary rate-limiting 

steps of the global geochemical cycle as a whole (Barth, 1961). In this regard, chemical 

weathering also exerts a major control on the global carbon cycle, regulating 

atmospheric CO2 over geologic timescales (Berner et al., 1983; Walker et al., 1981); 

Historically, weathering rates have been simplified to the stability of minerals at the 

Earth’s surface (Goldich, 1938). Despite mineral stability being an important factor, 

natural settings are far more complicated, with factors such as climate playing a role 

(Strakhov, 1967). 

 Because of the inherent complications involved in studying such a topic, the concept 

of Critical Zone science has been established.  The critical zone (CZ) spans from the 

top of the tree canopy to the bottom of the saturated groundwater zone and everything 

in between. Identifying and quantifying deep critical zone (CZ) weathering 

mechanisms is crucial to understanding the landscape evolution of the Earth’s surface 

and the development/regulation of the CZ as a whole (Buss et al., 2008; 2013; Dosseto 

et al., 2012). 

Weathering along deep CZ rock fractures likely controls the solute weathering flux to 

the hydrosphere (Chapela Lara et al., 2017; Kurtz et al., 2011; Moore et al., 2014; 

Schopka and Derry, 2012; White et al., 1998) and the flux of nutrients to the subsurface 

biosphere (Buss et al., 2005; 2010; Moore et al., 2015) in humid tropical catchments 

with very high weathering rates. Therefore, controls on deep chemical weathering 

processes may be critical in terms of understanding and modelling global climate. 

However, the relative importance of chemical weathering in the deep CZ versus that 

in soils, and the processes that control deep weathering rates are still poorly understood 

(Anderson and Dietrich, 2001; Buss et al., 2005; 2008; 2010; Moore et al., 2014; 2015; 

Tipper et al., 2006). 

 

1.12  Research objectives 

To elucidate the coupling of chemical weathering mechanisms and porosity 

development, particularly fracturing and how the relationship varies with scale, this 

thesis proposes to answer the following key questions: 
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I. Subsurface reactions and mechanisms: What are the mechanisms, mineral 

specific dissolution rates and sequence of mineral weathering reactions along fractures 

of soil-mantled hornfels bedrock?  

Based on the Goldich Stability Series and the effect of changing mineral grain size, we 

hypothesise that the initial order of mineral dissolution will be: sulfide minerals > glass 

matrix > Ca and Mg bearing aluminosilicates > Ca and Fe bearing aluminosilicates. In 

addition, we hypothesise that oxidative dissolution is the initial weathering 

mechanism, in particular of sulfide bearing minerals. The dissolution of these sulfides 

weather via the well-known acid mine drainage (AMD) reaction (Equation 1.7) lowers 

the pH of the porewater, aiding more rapid dissolution of the surrounding minerals. 

II. Variability of weathering mechanism with varying mineralogy and lithology: 

Do the weathering reactions/rates vary with mineralogy between two different hornfels 

bedrock sites? Do the weathering reactions/rates vary with lithology between hornfels 

and rhyolitic bedrock? How does the concentration of O2 in pore water affect the 

weathering mechanisms?  

I hypothesise that even if the subsequent weathering mechanisms, processes and 

mineral dissolution orders differ, the primary factor controlling weathering is the 

oxygen content of the reactive fluid regardless of variations in lithology and therefore 

that bedrock samples with a smaller ratio of oxidisable iron (FeO) to base oxides (CaO, 

MgO, Na2O and K2O) will have thicker weathering rinds. 

III. Perturbations to weathering mechanisms and processes: How do variations in 

the proportions of key minerals affect the mechanisms and rates of mineral 

dissolution? Does the oxygen content of pore-water play a critical role in the 

weathering advance rate of the bedrock?  

I hypothesise that weathering rates increase where there is a higher proportion of pyrite 

within bedrock, creating weathering hotspots.  In addition, we propose that the oxygen 

content of pore-water is the rate-limiting step for the weathering of the bedrock. 

Finally, we propose that once a critical threshold of porosity is reached, the weathering 

advance rate is directly proportional to the flow rate of groundwater through the 

bedrock up until the dissolution kinetic maximum is reached of the dissolving 

minerals. The reasoning for this is that the increased flow rate will aid in the transition 
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of the weathering system from one that is diffusion limited, to one that is advection 

limited. 

To address the questions posed above, a multiscale holistic approach has been adopted, 

integrating a variety of experimental and computational approaches. The methodology 

along with any relevant theoretical descriptions of these techniques is detailed within 

Chapter 2. Chapter 3 will then test the hypotheses posed for research Objective I by 

examining a hornfels bedrock. Chapter 4 will examine another hornfels rock with 

differing mineralogy to that studied in Chapter 3 to test the hypotheses of research 

Objective II related to changes in mineralogy. Chapter 5 will examine a rhyolitic rock 

to compare and contrast different lithologies and test the hypotheses posed in research 

Objective II. Chapter 6 will then utilise RTM to test the hypotheses posed in research 

Objective III by conducting sensitivity analysis, varying pyrite content, O2 content and 

CO2. 
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Sampling and analytical methods 
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of B1W1 core was conducted by the USGS in 2010 and sample collection of the 

Gunhill rock was conducted by R.S.J. Sparks.  
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2.1 Introduction 

This chapter details the experimental and analytical methods used to accomplish the 

research objectives stated in Section 1.12. The methods described in this chapter 

include information about the field sites studied, describing their climate, brief 

lithologies as described by the literature and sample locations. The techniques 

implemented to characterise the samples are presented, including scanning electron 

microscopy, electron probe microanalysis, U-series isotope analysis and synchrotron 

based X-ray absorption spectroscopy. Furthermore, the methods used to analyse the 

data are also included in this chapter, including weathering alteration analyses, U-Th 

disequilibria modelling and reactive transport modelling.  

Two sites were chosen from the Luquillo Critical Zone Observatory in NE Puerto Rico, 

as despite being of the same rock type (hornfels) and formation, their mineralogy 

varies as does their weathering style. By choosing these samples from nearby locations 

(~275 m apart), climatic conditions such as mean annual rainfall and mean annual 

temperature are kept constant, whilst varying only mineralogy. A third site with a 

rhyolitic lithology was selected from Montserrat, which is another island within the 

same island arc as Puerto Rico. This site was selected as it is also within the tropics, 

meaning that although not exactly the same, the climatic conditions are similar whilst 

varying the lithology. 
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2.2 Field sites 

2.2.1 Luquillo Critical Zone Observatory 

 

Figure 2.1. Map of Luquillo Critical Zone Observatory field site, including key lithological units. Dots 

represent sample locations. B1W1: Volcaniclastic fractured bedrock samples (this study); Stream 

gauge: Stream chemistry data (McDowell et al., 2010; 2012) and discharge data (Gonzalez, 2011); B1R: 

Regolith samples (Dosseto et al., 2012); Bisley 3 Watershed: Spheroidally weathered volcaniclastic 

samples (this study). 

 

The Luquillo Critical Zone Observatory (LCZO) is located in the humid tropical 

Luquillo Mountains of NE Puerto Rico. This area has been designated a long term 

ecological research (LTER) site by NSF since 1985 and a USGS Water Energy and 

Biogeochemical Budgets (WEBB) site since 1990. Within the LCZO, this study 
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focuses on the Bisley watershed. The Bisley site is comprised of five neighbouring 

catchments, numbered 1-5, within the Luquillo Critical Zone Observatory (LCZO) in 

NE Puerto Rico. This study focuses on the Bisley 1 and 3 watersheds (Figure 2.1). 

These catchments feed into the Mameyes River, which discharges into the Atlantic 

Ocean. The 30+ m thick regolith (Buss et al., 2013) is interspersed with bedrock 

corestones of the Fajardo formation. The Fajardo formation is a marine bedded meta-

volcaniclastic rock, ranging in composition from basaltic to andesitic, which was 

initially deposited in a near sea-surface complex ~100 Ma (Briggs and Aguilar-Cortés, 

1980; Jolly et al., 1998). The area then underwent low-grade contact metamorphism, 

including hydrothermal alteration, as a result of the subsequent intrusion of the nearby 

Río Blanco quartz diorite stock ~60 Ma (Smith et al., 1998). Topography at the Bisley 

watershed is characterised by steep slopes that vary in elevation from 260 to 400 

MASL over a 67 km2 area (Scatena, 1989), resulting in 50% of the watershed having 

a slope angle >24o but 85% with a slope <35o (Scatena, 1989). The climate is humid 

and subtropical, with precipitation in every month. Mean annual temperatures decrease 

with elevation, from around 23.5 oC to 27 oC in the lower elevations to 17 oC to 20 oC 

in the upper reaches (Schellekens et al., 2004). The soil overlaying the bedrock can be 

divided into four series (Johnston, 1992): 

 Humatas: a moderately well-drained clay soil, with an oxic horizon, indicating 

extensive weathering. This soil type occupies stable upland and ridgetop 

positions and displays no hydromorphic features. 

 Zarzal: a well-drained clay soil with orange mottles and black iron-manganese 

concretions. This soil is present on convex slope sides, in the upper regions. 

 Cristal: a moderately poor-drained clay soil which occupies the lower slope 

sides and concave toe slopes. This soil receives its water from upslope 

positions via runoff and sub-surface flow. The soil can be distinguished by 

iron-manganese concretions in addition to orange and white/grey mottles 

within 15 cm of the surface. 

 Coloso: a poorly-drained gleied clay soil, which occurs in low-lying 

depressions and stream channels and therefore constantly saturated. The soil 

has no structure and is grey to bluish-green in colour throughout. 

When compared to the soils from over 30 tropical montane forest pedons, the Bisley 

soil has average concentrations of exchangeable Ca, Mg, and K (Silver, 1994). Total 
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soil nitrogen is lower than in other tropical sites and exchangeable soil phosphorus is 

marginally higher (Scatena, 1995). 

The vegetation of the Bisley watersheds is mature, secondary Tabonuco (Dacryodes-

Sloanea) type forest vegetations (Scatena, 1989). Forests of this type are common on 

the higher elevation islands of the Lesser Antilles (Beard, 1949; Crow and Grigal, 

1979). Tabonuco is the dominant tree, growing primarily along ridges. A survey of the 

Bisley sites identified 336 plant species, 255 genera and 102 families (Chinea et al., 

1993). 

Rainfall in the Luquillo Mountains increases with altitude from about 2500 to 4500 

mm yr-1 over 1200 m of elevation (Garcia-Martino et al., 1996), with the Bisley 

watersheds experiencing an average rainfall of 3482 mm yr-1 between 1988 and 2003 

(Heartsill-Scalley et al., 2007). Of this rainfall, approximately 28% falls in less than 

10% of calendar days (Scatena, 1989), resulting in a rapid streamflow response that is 

dominated by fast, near-surface flow paths (Schellekens et al., 2004) (Figure 2.2). 

Despite the evident near-surface flow paths, deeper infiltration must occur, as the 

Bisley 1 stream flows year-round (Figure 2.3). 

 

 

Figure 2.2. Bisley 1 stream response to a large storm event that occurred on 13 May 1996, between the 

hours of 10.00 and 13.00; where the bar plot represents precipitation (mm) and the line plot represents 

stream discharge (l/s). (Taken from Schellekens et al., 2004). 
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Figure 2.3. Water height within the Bisley 1 stream over a 6 year period from January 2003 to January 

2009, measured at the stream gauge (Figure 2.1). Data from Gonzalez (2011).  
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2.2.2 Gunhill 

 

Figure 2.4. Map of Montserrat marking the Gunhill field site, including key lithological units and the 

deposition age of the closest sample point to Gunhill (Harford et al., 2002). 

 

The Gunhill field site is located on the island of Montserrat, found in the northern part 

of the Lesser Antilles island arc (Figure 2.4). Montserrat, which is approximately 17 

km long and 10 km wide, formed as a result of the westward subduction of the Atlantic 

oceanic plate underneath the Caribbean plate. As a result of volcanic activity, the 

island is formed almost entirely from three major massifs. The three massifs are 
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geomorphologically distinguishable by their weathering maturity, from oldest to 

youngest being Silver Hills, Centre Hills then South Soufriere Hills-Soufriere Hills 

(Davis, 1926). Specifically, Gunhill is located in the NNW of the island within the 

Centre Hills massif (~24 MASL), which comprises the majority of the central part of 

Montserrat, from the east to west coast. The entire Centre Hills massif is significantly 

eroded, however Harford et al. (2002) infer from higher cliffs on the west coast (where 

Gunhill is located), that weathering is faster on the west of the island than the east, due 

to prevailing easterly winds, resulting in heavy rainfall on the west of the island 

(Hemmings et al., 2015). The flanks of Centre Hills have shallow slopes (<10o) 

(Harford et al., 2002) that are deeply incised by valleys (locally known as ‘ghauts’) as 

a result of frequent heavy rainfall (Hemmings et al., 2015). The frequent heavy 

downpours occur in short (minute to hour) high intensity bursts throughout the year. 

However, the weather patterns display seasonality with a wet season from July to 

November (where tropical storms and hurricanes dominate), followed by a gradual 

decrease until a dry season from February to April, the end of which is often marked 

by high levels of precipitation in May. Average annual rainfall calculated from 1902 

to 1965 (non-consecutive) is 1543 mm (S.D. 237 mm), however due to high 

topographic variability this is heterogeneously distributed across the island. 

Hemmings et al. (2015) found annual recharge to be 12.5-17.9 % for the island, with 

a five-fold increase on bare soils/volcanic deposits, such as Gunhill (Walker, 1965). 

During periods of low or no volcanic activity, weathering profiles begin to form. Soil 

pits dug on Gunhill for a geotechnical report found the soil to be sandy, with some 

small clasts (referred to as gravel) down to a depth of 1.8 m (Public Works Engineering 

and Geotechnical Services Report, 2013). During the examination of these soil pits the 

engineers found no evidence of the water table or any water. For felsic rocks on other 

Lesser Antilles islands (Guadeloupe and Martinique), Rad et al. (2007) found that 

regolith of up to 70 m thick can form, comprised of clasts embedded within pyroclastic 

sandy soils; this same soil type is confirmed for Gunhill by the geotechnical report 

produced for the area. 

 

2.2.3 Palaeoclimate of the tropics 

In addition to examining the climatic conditions over recent times in the Caribbean, it 

is also important to briefly consider the climatic conditions for the last few thousand 
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years, the time period over which a weathering rind may form. Marcott et al. (2013) 

found that between the latitudes of 30oN and 30oS over the last 10 kyr, the atmospheric 

temperature has varied by a maximum of ~0.4oC. In a review paper combining 50 

global paleoclimate records, Mayewski et al. (2004) found that during the mid-

Holocene warm period (~6-5 kyr), whilst much of the earth became increasingly arid, 

the Caribbean became progressively wetter. Hodell et al. (1991) used δ18O from Lake 

Miragoane in Haiti to estimate ratios of precipitation to evaporation. They found the 

following: 

 5.2 – 3.2 kyr: Lake water levels were high, indicating greater precipitation than 

evaporation, supporting Mayewski et al. (2004)’s hypothesis of increased 

rainfall. 

 3.2-2.4 kyr: Lower lake levels suggests a trend to higher evaporation. 

 2.4-1.5 kyr: Dry period resulting from either low levels of precipitation or high 

evaporation. 

 1.5-0.9 kyr: Brief wetter period. 

 0.9 kyr to present day: A progressive increase in the ratio of evaporation to 

precipitation. 

 

2.3 Field sampling and sample preparation 

In 2010 a wireline drilling campaign was conducted by the US Geological Survey 

along Road 915 in the Bisley watershed, Puerto Rico, to investigate deep, fractured, 

bedrock corestones. Samples referred to as B1W1 (and examined in detail in Chapter 

3) originate from borehole B1W1 (N18 18.933 W 65 44.748, referenced to NAD83 

datum; Figure 2.1) drilled to 37.2 m depth (Buss et al., 2013). Drilling was conducted 

by Geo Cim Inc. (Guaynabo, Puerto Rico), using a hydraulic rotary drill with diamond 

impregnated drill bits (Figure 2.5A). Bisley 1 stream water was used as the only 

drilling fluid. 
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Figure 2.5. A) Start of the drilling campaign in the Bisley watershed to extract sample B1W1. B) 

Diagram of B1W1 borehole, showing locations of recovered rock samples. Grey = fractured rock; white 

= granular material (i.e., saprolite or sediment). Adapted from Buss et al., (2013). 

 

After extensive optical petrographic microscopy, preliminary SEM of thin sections and 

XRD analysis from throughout the boreholes (Buss et al., 2013), two adjacent samples, 

B1W1-1-5 and B1W1-1-4 (from a depth of 3.4 m) were selected as representative and 

used for in-depth study here, as they were closest to the mean mineralogy. These two 

samples are analogues, as they are the opposing sides of a fracture, meaning they have 

undergone the same degree of weathering for the same period of time and both display 

the same thickness of rind (6 mm). B1W1-1-5 was used for X-ray 

elemental/mineralogical analysis and cut perpendicular to the fracture surface (Figure 

2.6).  
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Figure 2.6. A: Photograph of core sample B1W1 1 5 showing position of thin sections. B: Scans of thin 

sections made from core sample B1W1 1 5 showing the position of the X-ray map transects. 
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Figure 2.7. Photograph of core sample B1W1-1-4. Drilled sample locations for U-series analysis and 

ICP-OES analysis are indicated in red and yellow, respectively. 

 

Sample B1W1-1-4 was reserved for U-Th analysis and ICP-OES analysis (Figure 2.7). 

During field work in February 2013, the Bisley 3 sample was extracted by hand at a 

depth of ~1 m, from a stream bank cut by the Bisley 3 stream within the Bisley 3 

watershed (Figure 2.1 and 2.8). The sample displayed spheroidal weathering and so 

sections of each rindlet were individually extracted and labelled up to and including 

the unweathered corestone. Three thin sections were sufficient to cover the corestone 

and the two rindlets (Figure 2.9). 
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Figure 2.8. Field sampling site of Bisley 3 sample. The sample is highlighted in yellow with a geological 

hammer (measuring ~35 cm) for scale. Note the rounded shape of the surrounding rocks, which are 

distinct from the angular rocks in the vicinity of the B1W1 samples (Appendix A). 
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Figure 2.9. Photographs of Bisley 3 sample showing A: Corestone sample, with the sample points for 

ICP-OES analysis (dots) and locations of transects for X-ray mapping (red dashed lines); B: Inner-

rindlet, showing varying degrees of weathering; C: Outer-rindlet. 

 

The Gunhill sample was collected from an outcrop exposed at the earth’s surface by a 

recent road cutting for a new hotel development (Figure 2.10). Two thin sections were 

sufficient to cover the entirety of the sample and therefore the entirety of the preserved 

weathering profile (Figure 2.11). 
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Figure 2.10. Road cutting on Gunhill, Montserrat as part of a hotel development (with a digger for 

scale). The sample was extracted by R. S. J. Sparks and it is unclear from where within the road cutting 

the Gunhill sample was taken. (Taken from Public Works Engineering and Geotechnical Services 

Report, 2013). 
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Figure 2.11. Photographs of Gunhill sample. A: Thin section with transects for X-ray mapping (red 

dashed lines); B: Hand sample, with the sampling points for ICP-OES analysis (dots) and locations of 

thin sections. 

 

All thin sections were prepared via the same method. Following vacuum impregnation 

with Epo-Tek 301 epoxy resin, multiple 30 µm thick petrographic thin sections were 

then made with dimensions of 27 x 46 mm (Spectrum Petrographics, Inc., Vancouver, 

WA) to span the entire weathering profile from fresh rock to weathered material. Thin 

sections were then finished with a 0.5 µm diamond polish. As the samples are water 

sensitive, the material was only exposed to an anhydrous cooling/lubricant fluid 

throughout the preparation process. 

 

2.4 Scanning electron microscopy 

A Hitachi S-3500N scanning electron microscope (SEM) was used in conjunction with 

a Thermo Scientific 10mm2 Silicon Drift Detector (SDD) (35o take off angle) to couple 

backscattered electron (BSE) imaging with micrometer scale elemental maps 

traversing from the unweathered parent material up to the edge of the weathered 

fracture surface. The SEM was operated at an accelerating potential of 20 kV for all 

X-ray elemental maps. The elemental maps were produced by rastering the electron 

beam automatically with the SDD recording the number of X-ray counts at different 
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excitation energies (which correspond to different elements). Elemental X-ray maps 

were produced with a 1024 x 1024 pixel resolution with 40 frames per map and a frame 

time of 100 s, resulting in an average dwell time of 95 µs. To determine mineral modal 

abundances, phase analysis was conducted on the X-ray maps using the Noran System 

Seven (NSS) V3.2 software, by grouping together pixels that are chemically similar. 

X-ray maps were produced perpendicular to the propagation of the weathering front 

running from the fracture surface into the parent rock (Figures 2.6, 2.9 and 2.11) to 

produce transects of elemental and mineralogical changes within the bedrock’s 

weathering profile. Five adjacent transects were collected for all samples. 

Five modal X-ray phase analysis maps from the furthest area inboard of the fracture 

surface, measuring 2.8mm by 2.1mm were averaged to calculate the mean volume 

percentages (vol%) of minerals within the parent material, with the uncertainty 

presented as the standard error of the mean. To obtain statistically significant counts 

and a good signal/noise ratio for the X-ray mapping, an accelerating voltage of 20 kV 

was necessary. This results in a greater excitation volume of the parent rock, meaning 

that due to their size and chemical similarity to augite, amphibole inclusions within 

the augite grains could not be differentiated. However, as amphiboles are scarce within 

the parent material (Buss et al., 2013), they are not critical for describing the 

weathering mechanisms of the rock as whole. Therefore, the minor amphibole is 

included in the pyroxene abundances. 

Mineral diameters were measured from BSE images using the ImageJ image 

processing software (National Institute of Mental Health, Maryland). The sample size 

was 50 for each mineral and the diameter is presented as the mean of this population 

in addition to one standard error of the mean (1SE). 

 

2.5 Inductively coupled plasma optical emission 

spectrometry (ICP-OES) 

To support the elemental results determined from EDS and the mineralogical results 

determined using X-ray phase analysis (both of which are semi-quantitative), ICP-

OES data was obtained. Ten points along the weathering transect of each sample 

(Figures 2.7, 2.9 and 2.11) were drilled using a 4 mm diameter carbide-tipped drill bit 

until a mass of ~1 g was obtained. Following lithium metaborate fusion, bulk rock 
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samples were analysed by inductively coupled plasma – optical emission spectrometry 

(ICP-OES). Although it is not possible to conduct a weathering study using ICP-OES 

at the same small scale as is possible using SEM techniques, coupling the two 

techniques has previously been shown to agree well (Moore et al., 2017). 

 

2.6 Electron microprobe analysis 

Element oxide compositions of minerals were determined quantitatively on a five-

spectrometer Cameca SX100 electron microprobe at the University of Bristol, run at 

20 KeV using a 10 nA regulated beam current, with a focused beam. To measure K, 

Ca, Cr and Ti, LPET crystals were used; TAP crystals for Na, Mg, Si and Al and an 

LLIF crystal for Fe and Mn. The set up was then calibrated against a range of mineral, 

oxide and metal standards. Counting times for most elements were 30 s on peak and 

15 s on the background. Na was measured first to prevent migration, however, due to 

the high concentrations of Na no mobility was observed. A diopside standard and 

amphibole standard were run in triplicate as unknowns at the beginning of each 

analysis session. 

 

2.7 X-ray Absorption Fluorescence Spectroscopy (XAFS) 

µXRF measurements were conducted on the Bisley bedrock thin sections (B1W1-10-

5) using the I18 beamline at Diamond Light Source, UK. For the duration of the 

experiments, the storage ring had operating conditions of 3 GeV electron energy and 

150 mA electron current. Standards with known oxidation states for the element of 

interest were not used, therefore the µXRF maps represent qualitative proportions of 

different oxidation states. 

Following collimation of the beam, excitation energies were selected using a liquid 

nitrogen-cooled Si(111) double crystal monochromator. The beam was then focused 

using non-chromatic Kirkpatrick-baez focusing mirrors to produce a spot size of 2 µm 

x 2 µm. A 0.1 mm thick aluminum filter was used to reduce the beam current. Samples 

were mounted at 45o to both the incident beam and a 6-element silicon drift detector 

(SiriusSD®, SGX Sensortech). All spectra were acquired in fluorescence mode and 
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the distance from the sample to the detector was adjusted so that that the total count 

rate was within the range of the processing electronics.  

 

2.7.1 Fe XAFS 

Prior to collecting data, the monochromator was calibrated by defining the first 

derivative peak of an Fe foil standard spectrum as 7112.0 eV with an energy resolution 

of 0.5 eV at the Fe K-edge. Fe K-edge spectra were recorded from 6987 to 7308 eV 

using step sizes of 5 ev for the baseline before the edge (6987 – 7099 eV), 0.5 eV for 

the edge region (7099 – 7137 eV), 1 eV for the XANES region (7137-7150) and 2eV 

for energies above 7150 eV. Due to the high concentrations of Fe in the samples, a low 

dwell time of ~0.1 s per point could be used. 

Maps of changing Fe oxidation states were produced by first locating spectral features 

in XANES that are sensitive to changes in oxidation state. Energies of 7119 eV and 

7130 eV were determined for Fe2+ and Fe3+, respectively, by comparison of XANES 

on the edge of a weathered pyrite grain, where oxidation is likely, and the centre of an 

unweathered pyrite grain where oxidation has not occurred or occurred to a lesser 

extent (Figure 2.12).  
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Figure 2.12. X-ray absorption near edge spectra (XANES) used to define the incident energies that 

correspond to Fe2+ and Fe3+ species. The unoxidised pyrite spectra is from the centre of a pyrite grain 

in sample B1W1-10-5 and the oxidised pyrite is from the edge of the same pyrite grain as the unoxidised 

sample. 

 

Next, maps of fluorescence intensity as a function of position were produced by 

rastering the stage both horizontally and vertically for excitation energies of 7080 eV 

(baseline), 7117 eV (Fe2+), 7130 eV (Fe3+) and 7400 eV (Fetotal). Each of the maps 

were then normalised to the beam intensity (I0) followed by the subtraction of the 

baseline map (7080 eV) from each of the other maps. The 7117 eV and 7130 eV maps 

were then each normalised to the 7400 eV map to account for concentration effects. 

After three trial maps were run, it became apparent that due to the low background 
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energy (7080 eV map), baseline subtractions made negligible difference. Therefore, 

subsequent maps were only normalised to the beam intensity. All data manipulation 

was performed in Microsoft Excel and the maps produced in PyMca (Software Group, 

European Synchrotron Radiation Facility). 

 

2.7.2 S XAFS 

S K-edge experiments were produced for sample B1W1 only, as there are no S bearing 

minerals in the Bisley 3 sample. All experiments were conducted in a helium 

environment to minimise absorption of the X-rays by air. The monochromator was 

calibrated by defining the first derivative peak of sulfate within the spectrum of a 

scotch tape (Czapla et al., 2012) standard as 2472 eV with an energy resolution of 0.3 

eV at the S K-edge. Quick XANES were conducted repeatedly on a single grain of 

pyrite to assess oxidation as a result of beam damage, with no oxidation detected. 

µXRF maps of S oxidation states were produced by collecting the S K fluorescence at 

2471 eV (S2-), 2482 eV (S6+) and 2600 eV (total fluorescence). The maps were then 

normalised as per the method described above for Fe µXRF maps. As the oxidation 

state of S increases, the absorption edge shifts to higher energies (e.g., Fleet et al., 

2005; Métrich et al., 2009; Wong et al., 1984). Therefore, the maximum normalised 

intensity (a.u.) at each of the energies above can be used to map changing S oxidation 

states. The S2- peak energy was identified by XANES on a pyrite grain within the 

sample (Figure 2.13). The S6- peak energy was selected from a value for barite in the 

literature (Métrich et al., 2009) and previous experiments on beamline I18 (Figure 

2.13). 
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Figure 2.13. X-ray absorption near edge spectra (XANES) used to define the incident energies that 

correspond to S2- and S6+ species. The unoxidised pyrite spectra is from the centre of a pyrite grain in 

sample B1W1-10-5. The oxidised pyrite spectra and the FeSO4 spectra were provided by William Nash 

(pers. Comm) which were also run on Beamline I18 at Diamond Light Source, within 20 days of the 

experiments in this study. 
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2.8 Quantification of weathering 

2.8.1 Chemical Index of Alteration 

The Chemical Index of Alteration (CIA) of silicate rocks documents the loss of mobile 

base cations Ca, Na and K relative to Al, which is assumed to be relatively immobile 

(Nesbitt and Young, 1982): 

𝐶𝐼𝐴 =  
𝐴𝑙2𝑂3

(𝐴𝑙2𝑂3 + 𝐶𝑎𝑂 + 𝑁𝑎2𝑂 + 𝐾2𝑂)
× 100 

Equation 2.1 

The amount of CaO involved in the CIA includes only that which is incorporated in 

silicate minerals and excludes the fraction in carbonates or phosphates, if present 

(Bahlburg and Dobrzinski, 2011; Fedo et al., 1995). However, as the CIA relates the 

losses to Al2O3, it actually documents the degree of weathering of aluminosilicate 

minerals, with particular note to feldspars weathering to clay minerals. Values of CIA 

for parent material are typically ≤50 and increase with the degree of weathering to a 

maximum of 100. The CIA can then indicate at what point in the sample no weathering 

has occurred and therefore determine at what depth samples can be assumed to be of 

parent composition.  

The use of CIA and other chemical weathering indices (such as the Weathering Index 

of Parker (WIP) and the Chemical Index of Weathering (CIW)) have been criticised 

as their calculations are too heavily constrained for the complexity involved in a 

natural system (Price and Velbel, 2003). Ohta and Arai (2007), propose an index using 

a principle component analysis approach termed the ‘W index’, which allows for 

greater variation in multiple-mineral phases. However, as this body of work uses the 

CIA value only with the support of mineralogical and mass transfer profiles, its use is 

justified. 

 

2.8.2 Mass transfer coefficient 

Chemical weathering produces four types of mass transfer processes: (i) the loss of 

mobile components (elemental or mineralogical) from the parent rock, (ii) the addition 

of components from external sources, (iii) the translocation of elements within the 

profile and (iv) the transformation (isotopic fractionation or oxidation/reduction) of 
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elements; that is, they record mass transfer processes. By definition, the total mass of 

an immobile component in a weathering profile remains the same in the weathered 

material as in the parent material. However, when mobile components are lost from 

the system, lowering the density of the material, the solid-state concentration (or mass 

fraction) of the immobile component increases. Therefore, by normalising the 

measured solid-state concentrations of mobile components (elements or minerals) to 

an immobile component, the net mass loss or gain of the mobile component, relative 

to the parent material can be determined (Anderson et al., 2002; Brimhall and Dietrich, 

1987): 

𝜏𝑖,𝑗 = (
𝐶𝑗,𝑤𝐶𝑖,𝑝

𝐶𝑗,𝑝𝐶𝑖,𝑤
) − 1 

Equation 2.2 

Where (τ) = mass transfer coefficient, tau; i = immobile component; j = component of 

interest; C = mass fraction; p = parent material; w = weathered material.  

When τ(i,j) = 0, no mobilisation of j has occurred relative to the parent composition. 

When τ(i,j) = -1, component j is completely depleted and when τ(i,j) >0, component j has 

been gained relative to the parent composition. Therefore, τ can be used to track the 

progress of weathering through a profile. Mass transfer can only be quantified using 

Equation 2.2 when the parent material has a homogeneous composition of the phases 

being studied (e.g., elements or mineralogy) and at least one immobile element is 

present in both the parent and weathered materials. If the parent material does not have 

homogenous composition, then increases or decreases could be misinterpreted as the 

effects of weathering. The Bisley bedrock (Fajardo formation) in Luquillo is of 

homogenous age (i.e., all deposited at roughly the same time, during the Albian) and 

possesses an immobile element in the parent and weathered material as determined 

above. The protolith composition of the rock ranges between andesite and basaltic 

andesite and the grain size varies (Buss et al., 2013); geochemical and textural 

heterogeneity were accounted for by averaging multiple transects along the thin 

sections from the parent material (Figure 2.9 and 2.6), through the rind to the fracture 

surface, perpendicular to the weathering front. 
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2.8.3 Mineral specific dissolution rates 

The mass transfer coefficient (τ) cannot be used to calculate mineral-specific 

dissolution rates because it is dimensionless. Therefore, we convert tau to an 

equivalent parameter, Cw (mol kg-1): 

𝐶𝑤 = 𝐶𝑗,𝑝(𝜏𝑖,𝑗 + 1) 

Equation 2.3 

This conceptual framework allows estimation of mineral-specific weathering rates 

directly from elemental or mineralogical profiles in a weathering material (e.g., 

regolith, saprolite or rind), regardless of transport mechanism. White (2002) showed 

that a solid-state depletion profile within regolith integrates the mass loss of a 

component over the age of the regolith as shown in Figure 2.14, to give the mineral 

specific dissolution rate. 
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Figure 2.14. Schematic diagram (after White, 2002) depicting the relationship between losses of mobile 

components from the bedrock, the WAR and the mineral dissolution rate. 

 

If the linear approximation described above assumes steady-state or quasi-steady state 

conditions such that the WAR is constant over the timescale at which the profile 

develops, mineral-specific dissolution rates can be determined from the gradient of the 

mineral weathering front and the WAR (White, 2002). If this is not possible, an 
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element associated with the specific mineral can also be used. Based on this model, 

Equation 2.4 can be derived: 

𝑟𝑠 = 10−3
1

𝜑𝑠
(

𝑊𝐴𝑅

𝑏𝑠

) 

Equation 2.4 

Where rs = mineral-specific, surface normalised dissolution rate based on solid-state 

gradient (mol m-2 s-1); φ = mass fraction of the mineral in the weathering material (g 

g-1); s = specific surface area of the mineral (m2 g-1); WAR = solid-state weathering 

advance rate (m s-1); bs = slope of solid-state weathering gradient (m kg mol-1) and  

10-3 is a unit conversion factor. 

 

2.8.4 Immobility of elements 

To calculate τ and Cw (mol kg-1), an immobile component must be selected for the 

normalisation. There are often several potential immobile elements within the bedrock. 

For basalt weathering profiles, monovalent elements such as K, Rb, Cs and Ti appear 

to be associated with pedogenetic clay minerals (Babechuk et al., 2014). Those with 

similar ionic radii behave similarly during weathering (Babechuk et al., 2014). The 

choice of an immobile component, should not be made solely on its mobility (although 

this is important). Potential immobile components should also be assessed based on 

how evenly they are distributed within the parent material, and also the readiness with 

which they can be analysed in the lab. The immobility of components can be tested 

using the volumetric strain calculation.  

Isovolumetric weathering involves the removal and/or addition of components to the 

weathering profile with neither compaction nor dilation occurring (Gardner, 1980). As 

weathering rinds are isovolumetric weathering products, it follows that the change in 

volume resulting from stress (volumetric strain) should be near zero for an immobile 

element (Ague, 1994; Brimhall and Dietrich, 1987), calculated by: 

𝜀𝑖,𝑤 =  
𝜌𝑝𝐶𝑖,𝑝

𝜌𝑤𝐶𝑖,𝑤
− 1 

Equation 2.5 

Where ε(i,w )= the volumetric strain in the weathered (w) sample (dimensionless) with 

respect to a putative immobile component (i); ρw = the bulk density of the weathered 



  

60 

 

material (rind) (g cm-3); ρp = the bulk density of the parent (p) material (g cm-3); C(i,w) 

= the mass fraction of component i in the weathered sample (g g-1) and C(i,p) = the mass 

fraction of component i in the parent material (g g-1). To calculate the bulk density of 

the parent material and weathered material, mineral densities from the literature can 

be used in conjunction with their volume percentage, determined using X-ray phase 

analysis. The mass fraction of the potential immobile component can be calculated in 

the same way, in the case of minerals, or from the weight percentage determined from 

elemental analysis in the case of elements. 

 

2.8.5 Mineral specific surface area 

To calculate the mineral specific surface area for Equation 2.4, a geometric approach 

can be used, based on the average mineral grain diameter, density, geometry and 

roughness: 

𝑠 =
𝜓Λ

𝜌𝑚𝐷
 

Equation 2.6 

Where, s = specific surface area of the mineral (m2 g-1); ψ = geometric parameter of 

grain (6 = cube; 3 = sphere); Λ = Roughness factor (m2 m-2) (found to be 7 for a wide 

range of silicate mineral sizes (White and Peterson, 1990)); ρm = mineral density (g 

cm-3); D = grain diameter (µm). 

 

2.8.6 Watershed calculated weathering advance rates 

Watershed averaged weathering advance rates (WARwatershed) can be calculated using 

the dissolved ions in stream/river chemistry as a flux and runoff as a time constraint. 

Water chemistry can first be corrected for atmospheric contributions by using a 

conservative tracer such as Cl. Then a WARwatershed (mm kyr-1) can be calculated using 

the method described by Gaillardet et al. (2011): 

𝑊𝐴𝑅𝑤𝑎𝑡𝑒𝑟𝑠ℎ𝑒𝑑 =
𝐶𝑊𝑅

𝜑𝑎𝑙𝑘𝜌𝑝(1 − Φ𝑜)∗
 

Equation 2.7 
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Where 𝜑𝑎𝑙𝑘 = average mass fraction of alkali and alkaline earth cations per g of parent 

rock (g g-1); 𝜌p = average bulk density of the parent (g cm-3); Φo = porosity of the 

parent material (m3 m-3) and CWR is the cation weathering rate (t(Na+K+Ca+Mg) km-2 

regolith yr-1) calculated by multiplying the concentration of cations (mg L-1) of the 

total dissolved solids, TDScat, by the runoff of the watershed (mm yr-1): 

𝐶𝑊𝑅 =  𝑇𝐷𝑆𝑐𝑎𝑡 ∗ 𝑅𝑢𝑛𝑜𝑓𝑓 

Equation 2.8 

An interesting comparison can then be made between a WAR calculated in this way 

which provides a contemporary ‘short-term’ weathering rate, versus a solid-state 

dissolution rate which provides a rate averaged over the kyr scale. To determine a CO2 

consumption rate (mol km-2 yr-1) for the watershed, Equation 2.9 can be used 

(Gaillardet et al., 2011): 

𝐶𝑂2 𝑐𝑜𝑛𝑠𝑢𝑚𝑝𝑡𝑖𝑜𝑛 𝑟𝑎𝑡𝑒 = [𝐻𝐶𝑂3
−] ∗ 𝑅𝑢𝑛𝑜𝑓𝑓 

Equation 2.9 

Where [HCO3
-] = concentration in mol km-3 and runoff is in km yr-1. HCO3

- 

concentration was calculated from stream chemistry charge balance, as the stream is 

not hydrothermally impacted (SO4
2- = 1.27 mg L-1) and the influence of seawater is 

relatively minimal (Cl- = 8.12 mg L-1), the cationic charge is dominated by HCO3
- 

(calculated as 40 mg L-1). Therefore Equation 2.9 could also be written as: 

𝐶𝑂2 𝑐𝑜𝑛𝑠𝑢𝑚𝑝𝑡𝑖𝑜𝑛 𝑟𝑎𝑡𝑒 = ([𝑁𝑎+] + [𝐾+] + 2[𝐶𝑎2+] + 2[𝑀𝑔2+]) ∗ 𝑅𝑢𝑛𝑜𝑓𝑓 

Equation 2.10 

Where [i] = average concentration in mol km-3 and runoff = km yr-1. 

 

2.8.7 Relating weathering profiles to O2 contents 

As discussed in Section 1.6 the relationship between pCO2, pO2 and chemical 

weathering necessitates a greater understanding not only on the global scale, but also 

on a weathering profile scale. Holland and Zbinden (1988) relate pCO2, pO2 and the 

chemical weathering of a profile by the ratio of the parent rock’s capacity to consume 

O2 versus CO2, termed here R0 (Brantley et al., 2014): 
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𝑅0 =
𝑀𝑂2

0

𝑀𝐶𝑂2

0 =
0.25𝑀𝐹𝑒𝑂

0

2(𝑀𝑁𝑎2𝑂
0 + 𝑀𝐾2𝑂

0 + 𝑀𝑀𝑔𝑂
0 + 𝑀𝐶𝑎𝑂

0 )
 

Equation 2.11 

where 𝑀𝑗
0 = moles of j per kg rock. It is not surprising that the capacity of the rock to 

consume O2 and CO2 is dominated by the five components given in Equation 2.11 if 

Equations 1.1-1.4 and Equation 1.7 are recalled. Additional terms could be added to 

Equation 2.11 to include other components, such as MnO for example, if their 

concentration in the bedrock is sufficient. The value for R0 can vary from ~0.08 for 

ultramafic rock, down to 0.010 for more felsic rocks (Brantley et al., 2014). This ratio 

can thus suggest how far O2 may be able to penetrate a rock, whereby the lower the 

number, the less FeO present and so the deeper into the rock O2 can reach. 

 

2.9 U-series Isotopes  

2.9.1 U-series sampling and analytical methods 

A transect of ten points was drilled on sample B1W1-1-4, extending 48 mm from the 

un-weathered interior of the rock (representing parent material) to the fracture surface 

(Figure 2.7). A sample at each point was extracted by drilling with a 3-mm diameter 

carbide-tipped drill bit until a mass of ~100 mg was obtained. Each sample was then 

homogenised and crushed using an agate mortar and pestle. Samples were then spiked 

with ~30 mg of a 236U-229Th enriched solution and dissolved in a mixture of HClO4, 

HF and HNO3. Once dissolved, samples were heated to 100 oC to evaporate fluorides 

and were then dried down by step evaporation at 150 oC, 170 oC and 200 oC. Samples 

were redissolved in 1.5 M HNO3 and loaded onto columns containing EichromTM TRU 

resin to separate U and Th (Luo et al., 1997). The U and Th isotope ratios were 

measured on a Thermo Neptune Plus multi-collector ICP-MS at the Wollongong 

Isotope Geochronology Lab, University of Wollongong, following the method 

described in Sims et al. (2008). The precision and accuracy of the activity ratios were 

determined by analysing the gravimetric standard, Quartz Latite (QLO-1) returning 

values of 1.006 ±0.001 (2SE) and 1.005 ±0.004 (2SE) for (234U/238U) and (230Th/238U), 

respectively. 
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2.9.2 U-series modelling 

The calculation of the weathering advance rate of the rinds (WARrind) assumes that U-

series isotope fractionation within the system is controlled by weathering processes 

(Chabaux et al., 2008; Chabaux et al., 2011; Chabaux et al., 2013; Dequincey et al., 

2002; Dosseto et al., 2008; Ma et al., 2010; Pelt et al., 2008). The fractionation (i.e., 

deviation from secular equilibrium) results from the mobilisation of radionuclides, 

which can be expressed in terms of loss and/or gain to the system. Loss processes 

include mineral dissolution and nuclide desorption from secondary minerals. Nuclides 

can be added to the system via illuviation processes plus sorption and/or co-

precipitation of nuclides to minerals such as Fe-oxides or clays. Assuming net losses 

and gains are consistent with time and the weathering advance is unidirectional, the 

temporal evolution of the number of these nuclides per gram of sample can be 

described by Equations 2.12-2.14 (Chabaux et al., 2013; Dequincey et al., 2002; 

Dosseto et al., 2008; Ma et al., 2012). All of these equations use first order kinetic rate 

laws (dependent on the concentration of one reactant) to describe continuous nuclide 

loss/gain (open system conditions) and zero order rate laws (independent of the 

concentration of the reactants) to describe nuclide gain. 

Δ238𝑈

Δ𝑡
= 𝑓238 𝑈0

238  − 𝑘238 𝑈238 −  𝜆238 𝑈238  

Equation 2.12 

Δ234𝑈

Δ𝑡
= 𝑓234 𝑈0

234 −  𝑘234 𝑈234 −  𝜆234 𝑈234 − 𝜆238 𝑈238  

Equation 2.13 

Δ230𝑇ℎ

Δ𝑡
= 𝑓230 𝑇ℎ0

230 − 𝑘230 𝑇ℎ230 −  𝜆230 𝑇ℎ230 + 𝜆234 𝑈234
 

Equation 2.14 

Where: 𝜆𝑗 = decay constant (yr-1) of nuclides 𝑗 (here 238U, 234U and 230Th); 𝑘𝑗 = first 

order rate constants (yr-1) for leaching of nuclides 𝑗; and 𝑓𝑗 = input fluxes (yr-1) of 

nuclides 𝑗 gained by the regolith. Input fluxes are presented as a proportion of the 

number of atoms of nuclides added per year to the assumed initial quantity (expressed 

as 𝜆𝑗𝑁0). 

By solving these equations, the theoretical activities of the different nuclides in the 

sample at time 𝑡 can be determined. These activities are then used to calculate the two 
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independent activity ratios (234U/238U) and (230Th/238U). The nuclide activities and the 

activity ratios are expressed as a function of the mobility parameters (𝑘𝑗 , 𝑓𝑗), the initial 

activities of the different nuclides and time (𝑡) (Chabaux et al., 2013). For all of these 

calculations, 𝑡 is the time elapsed between the initial reference state (𝑡 = 0) and the 

current stage of weathering. If 𝑡 = 0 is prior to the initiation of weathering (when 

mineral-water interactions are great enough that U series isotopic fractionation 

occurs), then 𝑡 represents the weathering age of the rock. The reference state, 𝑡 = 0, is 

usually the furthest sample inboard of the weathering front, with a distance of ℎ from 

the sample being considered. Even if the sample being used as the reference state has 

undergone weathering it can still be used to determine the WARrind, as 𝑡 (kyr) will be 

the interval of time passed since the considered sample was at the same relative 

position to the weathering front as the reference state, giving depth, 𝑧 (mm); WARrind 

i.e., velocity (mm kyr-1) is then calculated by Equation 2.15. 

𝑊𝐴𝑅𝑟𝑖𝑛𝑑 =  𝑧 ∆𝑡⁄  

Equation 2.15 

If all mobility parameters are constrained, and nuclide fractionation only occurs as the 

point travels through the weathering front, then the analysis of just two points (the 

reference state and a point that has undergone weathering) are required to calculate ∆𝑡 

and thus WARrind. Although this is theoretically sound, in practice, parent rock samples 

at secular equilibrium cannot always be found (i.e., all available samples have 

weathered to some degree) and the mobility parameters are not usually defined. 

For simplicity, the mobility parameters over the sampled transect (from the 

unweathered parent rock into the rind), can be assumed to be constant (Dequincey et 

al., 2002; Ghaleb et al., 1990; Ma et al., 2012). The measured disequilibria in all of the 

samples are then used to determine the mobility parameters and the age of the 

individual samples relative to the reference/parent sample (Chabaux et al., 2013). 

WARrind can then be calculated from the variation of weathering age of individual 

samples as a function of its depth (z) from the parent/reference sample, assuming that 

the WARrind is constant over z. As Th may be mobile (Ma et al., 2010; Dosseto et al., 

2014) this system has 7 unknowns: six mobility parameters (a leach and gain parameter 

for each isotope) to be determined plus one weathering age (t) for each sample. 

Analysis of one sample returns known values for two independent ratios [(234U/238U) 

and (230Th/238U)], which is insufficient to satisfy the differential equations above 
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(Equation 2.12-2.14). However, assuming that WARrind and the aforementioned 

mobility parameters are constant with time, a minimum of four samples from different 

depths in the weathering profile need be analysed. Once solved, these equations yield 

the individual change in time (Δt), since each sample at distance z from the reference 

sample resided in a spatially and chemically equivalent position as the reference 

sample (Equation 2.15) (Chabaux et al., 2013). By satisfying the two variables Δt and 

z for each sample, we can calculate the individual weathering age of each sample and 

then an average integrated WARrind of the profile. 

The unknown parameters and WARrind can be constrained using a model that utilises 

a non-linear, least-squares problem solving algorithm such as the MatLabTM function, 

lsqnonlin (e.g., Chabaux et al., 2011; Dosseto et al., 2014; Ma et al., 2012). The model 

is solved by minimising the sum of the squared differences between the known activity 

ratios, (234U/238U) and (230Th/238U), and the modelled activity ratios calculated with a 

set of random values for the unknowns. A large number of solution sets are iterated 

(>1,000), with variables constrained by upper and lower boundaries. The final solution 

set output by the model is the most commonly calculated values of the dataset. Similar 

algorithms have been successfully used to determine WARs in other studies (e.g., 

Chabaux et al., 2003, 2013; Dosseto et al., 2008, 2012; 2014; Ma et al., 2010, 2012).  

 

2.10  Summary of analyses 

Table 2.1. Summary of analyses conducted for each sample, that is included in this study. 
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B1W1-10-4 X X X X ✓ X X ✓ 

B1W1-10-5 ✓ ✓ ✓ ✓ X ✓ ✓ X 

Bisley 3 ✓ ✓ ✓ ✓ ✓ ✓ X X 

Gunhill ✓ ✓ ✓ ✓ ✓ X X X 
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2.11  Reactive Transport Modelling 

The formation of weathering rinds along fractures in the B1W1 core were modelled 

using CrunchFlow (Lawrence Berkeley National Laboratory, Berkeley, CA). 

CrunchFlow is a code designed to examine chemical weathering, contaminant 

transport and biogeochemical weathering. CrunchFlow is a finite volume reactive 

transport model that uses a global implicit reactive transport (GIMRT) approach, 

where transport and multicomponent reaction are solved simultaneously (Steefel and 

Lasaga, 1994; Steefel and MacQuarrie, 1996; Steefel et al., 2015). The reactive 

transport approach to simulate chemical weathering solves a set of nonlinear partial 

differential equations (Steefel and Maher, 2009). Secondary aqueous complexes are 

assumed to be at equilibrium to describe the chemistry of the aqueous solution and to 

model mineral solubility (Bethke, 2007). Time steps are adjusted based on user defined 

error tolerances or if non-convergence occurs, by convergence criteria. In the model, 

volume fractions (φv,0) of mineral j (vol vol-1), are updated at the end of each time step 

according to: 

𝜑𝑗 = 𝜑𝑚,𝑡−1 + 𝑉𝑚(𝑅𝑚Δ𝑡) 

Equation 2.16 

Where subscript of t-1 = parameter value from the time step before; Δt = length of the 

time step (yr-1); Vm is the molar volume of mineral m (m3 mol-1) and Rm is the mineral 

reaction rate (mol m-3 yr-1). The total porosity is updated after each time step, as too 

are the bulk parent mineral surface areas.  

The initial and boundary conditions were constrained from data collected for Chapter 

3. As a result, the details of the boundary conditions are discussed after this in the 

modelling results chapter (Chapter 6). 
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Chapter 3  
 

Deep Critical Zone weathering of the Bisley 

volcaniclastic rock 
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3.1 Introduction 

The review of the published literature presented in Chapter 1 highlighted the 

importance of chemical weathering to many global biogeochemical cycles, including 

the carbon and oxygen cycles. Chemical weathering within tropical areas was noted to 

play a particularly dominant role in these cycles, especially groundwater within 

bedrock fractures, deep within the CZ. Due to difficulties in accessing these deep 

fractures (particularly within tropical forest settings), mineral losses are sometimes 

averaged over the entire weathering profile. The extrapolation over the entire profile 

could explain the discrepancies reported between laboratory and field calculated 

dissolution rates. This results and discussion chapter reports data from a drill core of 

subsurface bedrock, to explore the chemical weathering rates and processes that occur 

over weathering rinds at the mm-scale. By then comparing to WARs calculated over 

other scales, we glean new insights. 

 

3.2 Results 

3.2.1 Parent rock composition 

Previous work on the lithology of the area (Briggs and Cortes-Aguilar, 1980) marked 

the Bisley watersheds as andesitic-basaltic. This is confirmed by the elemental 

composition of the rock determined by ICP-OES (Table 3.1).  Briggs and Cortes-

Aguilar (1980) mapped the area as outside of the metamorphic aureole of the Rio 

Blanco stock intrusion. However, the mineralogy is typical of an albite-epidote 

hornfels facies rock, displaying the characteristic primary minerals: albite, epidote and 

chlorite. Therefore, this low-grade contact metamorphic facies, clearly places it within 

the metamorphic aureole. The Winchester-Floyd plot (Figure 3.1) does however 

indicate that the protolith prior to metamorphism was andesite. Mineral proportionality 

is found to be relatively homogenous throughout the parent material, as evidenced by 

the low uncertainties in Table 3.2. 
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Figure 3.1. Winchester-Floyd plot of the unweathered bedrock composition for the B1W1 core. 

Increases in the Nb/Y ratio indicates increasing alkalinity in the parent magma. Elemental analysis 

determined from ICP-OES data (Appendix D), where Nb is below detection limit it is entered at 

detection limit (10 ppm). 
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Table 3.1. Parent rock solid-state elemental composition for B1W1. 

Element Unit Valuea 

Al2O3 wt% 15.5 ± 0.06 

CaO wt% 10.4 ± 0.01 

Cr2O3 wt% 0.02 ± 0.02 

Fe2O3
* wt% 7.62 ± 0.55 

K2O wt% 0.11 ± 0.01 

MgO wt% 2.65 ± 0.01 

MnO wt% 0.13 ± 0.01 

Na2O wt% 5.54 ± 0.04 

P2O5 wt% 0.25 ± 0.01 

SiO2 wt% 52.9 ± 0.9 

TiO2 wt% 0.64 ± 0.01 

Ba ppm 341 ± 10 

Nb ppm <10 

Sr ppm 261 ± 10 

Y ppm 15 ± 10 

Zn ppm 105 ± 5 

Zr ppm 105 ± 10 
aAll ICP-OES errors are reported as 1SE of repeat samples (n = 3) or where larger, the 
detection limit of the analysis. Data table is presented in Appendix D. 
*Total iron as Fe2O3. 

 

Plagioclase comprises the majority of phenocrysts measuring on average 126 ± 15 µm 

(1SE) along the long axis (Table 3.2), most of which is albite with occasional 

intergrowths of anorthite. The albite incorporates the vast proportion of the bedrock 

Na, with only trace amounts found in the pyroxene and amphibole. Pyroxene is present 

as an accessory mineral, predominantly in the form of augite, forming variably sized 

grains from 74 ± 8 µm (1SE) as phenocrysts to ≤11 ± 3 µm (1SE) when found in the 

matrix, with some occasional chloritisation. Epidote has an average grain size of 31 ± 

4 µm (1SE), with the typical monoclinic-prismatic crystal habit of epidote. Chlorite 

forms the majority of the matrix, however as it is microcrystalline, the average grain 

size was difficult to estimate. Therefore, the mean measurable chlorite grain size for 

this bedrock of 14 μm reported by Buss et al., (2017) is used (determined from SEM 

images) and thus chlorite surface area is likely underestimated. 

Quartz occurs as an accessory mineral with a fairly homogenous distribution 

throughout the sample, despite its variable grain size, forming 3.0 ± 0.9 m (1SE) 

sized grains, on average, for those that are measurable. In addition, microcrystalline 
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quartz comprises part of the matrix, but these grains were too small to measure on the 

SEM. Evidence of hydrothermal alteration includes occasional quartz veins and 

sphene, illite, apatite and pyrite. Sphene is concentrated within the matrix, around the 

edges of larger grains. Illite occurs as a component of minor sericitisation of 

plagioclase grains (Figure 3.2). Apatite resides within the matrix, forming small 

spherical/sub-spherical grains constituting the only measurable source of phosphorous. 

The distribution of pyrite is heterogeneous within the rock, forming grains of 14 ± 2 

m (1SE) in size. Trace barite, arsenopyrite and chalcopyrite also occur. 

 

 

Figure 3.2. False colour BSE image showing sericitisation of feldspar phenocrysts (dark grey) to illite 

(red) in the B1W1 sample. Minerals determined using X-ray phase analysis. 
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Table 3.2. Mineralogy of unweathered bedrock and mineralogy of weathered rind in B1W1 sample.* 

*Mineral data tables presented in Appendix E 

aDetermined using X-ray phase analysis as described in Section 2.4. Uncertainties represent 1SE (n= 5). 

bDetermined by point counting as described in Section 2.4. Uncertainties represent 1SE (n= 50). 

cDetermined from microprobe analysis. 

dBuss et al. (2017)  

eDeer et al. (1997) 

 fAnthony (1997) 

g not detected

 

            

Mineral 

Abundance of 

mineral in parent 

rocka 

Diameter  

of mineral 

(D)b 

Abundance of  

mineral in 

weathered rinda 

Mineral 

specific  

density (ρm) Mineral Formulac   

vol% µm vol%  (g cm-3)   

Albite 35.2 ± 0.7 126 ± 15 11.8 ± 0.7 2.6e (Na0.94,Ca0.02,Fe2+
0.01,Mg0.01)[Si2.96Al1.01O7.97] 

Chlorite 17.2 ± 0.7 14d 12 ± 1 3.0e  (Mg4.59,Ca0.57,Mn0.05,Fe2+
3.47,Fe3+

0.32,Al2.61)[(Si5.95,Al2.05)O20]OH16  

Epidote 14 ± 2 31 ± 4 4.7 ± 0.7 3.4e Ca2.11Fe3+
0.87Al2.23Si3.11 O12(OH) 

Quartz 11.0 ± 0.9 3 ± 1 11 ± 1 2.7e SiO2 

Pyroxene 7 ± 1 74 ± 8 0.0 ± 0.3 3.4e (Fe2+
0.03,Mg0.17,Ca0.78,Na0.02)(Ti0.01,Al0.04,Fe3+

0.07,Fe2+
0.14,Mg0.74)(Si1.89,Al0.11)O6 

Illite 5 ± 2   0.9 ± 0.7 2.8e   

Anorthite 4.4 ± 0.7   0.0 ± 0.0 2.8e   

Sphene 2.6 ± 0.9   3.1 ± 0.6 3.5e   

Pyrite 0.5 ± 0.2 14 ± 2 0.0 ± 0.0 5.0e FeS2 

Kaolinite 0.4 ± 0.4   20 ± 2 2.7e   

Apatite 0.4 ± 0.2   0.0 ± 0.0 3.3e   

Mn-oxide n.d.g   1.4 ± 0.8 3.0f   

Fe(III)-(hydr)oxide < 0.1   11 ± 1 4.3e   

Gibbsite < 0.2   3 ± 1 2.4e   

Porosity 0.9 ± 0.7   22 ± 3 0.0   
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3.2.2 Weathered mineralogy and profiles 

The order in which the onset of mineral dissolution occurs can be estimated from the 

depth of each mineral’s weathering reaction front (Figures 3.10 and 3.11) and SEM 

observations. Using this method, the order of mineral dissolution is found to be: pyrite 

> pyroxene > chlorite > anorthite > illite ≈ apatite > albite ≈ epidote. Quartz and sphene 

are conserved across the profile. Pyrite is often found in association with incipient pore 

space (Figure 3.3). With increased weathering of the rock, the pore space is frequently 

lined with Mn-oxide (MnO2) precipitates around the edges (Figure 3.4). Chlorite is the 

only parent mineral found to contain Mn and this is in trace amounts (Table 3.2). 

Gibbsite and kaolinite are also commonly found within pore space (Figure 3.5), but 

they form less thorough linings than the Mn-oxides. The presence of kaolinite and 

gibbsite is contrary to the SAF plot (Figure 3.6) which places all of the samples of the 

B1W1 transect above the boundaries of kaolinisation and weak laterization (mobility 

of Si). This observation highlights the sensitivity that can be gained from conducting 

weathering studies on a grain-scale.  

 

Figure 3.3. Back scattered electron (BSE) image of a B1W1 bedrock thin section showing a pyrite grain 

(Pyr) associated with pore space. 



  

74 

 

 

Figure 3.4. Back scattered electron (BSE) image of a bedrock thin section showing Mn-oxide 

precipitation within pore space of B1W1 sample. 

 

 

Figure 3.5. Back scattered electron (BSE) image of a bedrock thin section showing kaolinite 

precipitation within pore space of the B1W1 sample. 
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Figure 3.6. Mass SiO2–Al2O3–Fe2O3 (SAF) ternary plots showing the different degrees of weathering 

if loss of SiO2 occurs. Red data points = B1W1 samples determined by ICP-OES (Appendix D); Grey 

data points = Bisley regolith samples for reference (Taken from Buss et al., 2017). The boundaries for 

kaolinitisation and lateritization are calculated from the B1W1 parent material following Babechuk et 

al. (2014).   

 

Figure 3.7. Back scattered electron (BSE) image of a B1W1 bedrock thin section showing pitting within 

a B1W1 feldspar crystal. 
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Fe(III)-(hydr)oxides, kaolinite and gibbsite are all found to increase from ~35mm 

inboard of the fracture surface (Figures 3.11F, 3.11G and 3.11H), with a sharp increase 

from ~8mm in the case of kaolinite and Fe(III)-(hydr)oxides and ~6mm for gibbsite. 

The sharp increase in kaolinite at ~8mm from the fracture surface is coincident with 

losses of Na from albite increasing at the same point (Figure 3.10B). BSE images show 

the presence of pitting within albite grains (Figure 3.7). When pyroxene weathers 

within the B1W1 rock it displays distinctive jagged teeth (Figure 3.8). Due to the large 

uncertainties and low abundance associated with anorthite, it is not discussed further. 

The preservation of a minerals grain shape after having been dissolved (Figure 3.9) 

and the low volumetric strain values calculated for the rock (Figure 3.12 and Equation 

2.5) indicate that it is isovolumetrically weathered. 

 

 

Figure 3.8 Back scattered electron (BSE) image of a B1W1 bedrock thin section showing the 

dissolution of pyroxene (Pyx) in association with pyrite. 
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Figure 3.9 Back scattered electron (BSE) image of a B1W1 bedrock thin section showing the 

isovolumetric weathering of rock via preservation of mineral grain shape. Kaolinite (Kaol) along 

fracture surface (right of picture) with Fe-oxide layer between the kaolinite and the rest of the rock. 

 

 



  

78 

 

60

50

40

30

20

10

0

0 1 2 3 4 5 6 15 20 25 30 35

60

50

40

30

20

10

0

12 13 14 15 16 17 1 2 3 4 5 6 7 8 9

60

50

40

30

20

10

0

8 10 12 14 16 18 20 22 5 6 7 8 9 10111213141516

FE

D

B

C

 

 

Anorthite (Vol%)

D
is

ta
n

c
e

 f
ro

m
 f

ra
c

tu
re

 s
u

rf
a

c
e

 (
m

m
)

A

Visible rind Visible rind

 

Albite (Vol%)

Visible rind

 

 

Chlorite (Vol%)

D
is

ta
n

c
e

 f
ro

m
 f

ra
c

tu
re

 s
u

rf
a

c
e

 (
m

m
)

Visible rind

 

 

Pyroxene (Vol%)

Visible rind

 

 

Epidote (Vol%)

D
is

ta
n

c
e

 f
ro

m
 f

ra
c

tu
re

 s
u

rf
a

c
e

 (
m

m
)

Visible rind

 

 

Quartz (Vol%)

 

Figure 3.10 Mineral composition (vol%) of B1W1 parent minerals A) anorthite; B) albite; C) chlorite; 

D) pyroxene; E) epidote and F) quartz, determined via modal X-ray phase analysis. Each data point 

represents an average of 5 areas 2.8 × 2.1 mm of the same distance from the fracture surface. The dotted 

line at the top of each plot represents the visible rind. The hatched box represents the parent material 

composition ±1SE (n = 5). The grey shaded area is the uncertainty, presented as 1SE (n=5).
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Figure 3.11. Mineral volume % composition of B1W1 secondary hydrothermal alteration minerals (top row) and secondary weathering product minerals (bottom row). A) apatite; B) 

sphene; C) pyrite; D) illite; E) Mn-oxides; F) Fe(III)-(hydr)oxides; G) kaolinite; H) gibbsite; determined via modal X-ray phase analysis. Each data point represents an average of 5 

areas 2.8 × 2.1 mm of the same distance from the fracture surface. The dotted line at the top of each plot represents the visible rind. The grey shaded area is the uncertainty, presented 

as 1SE (n=5). The hatched box represents the parent material composition ±1SE (n = 5). 
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3.2.3 Element profiles 

The calculations of volumetric strain (Figure 3.12) suggest that Si, Al and Ti are 

largely conserved (immobile) within the weathering profile. However, when τ is 

calculated for Si and Al, with Ti as the immobile (Figure 3.13A), they both show slight 

relative losses compared to parent material. Conversely, when τ is calculated for Ti 

with either Al or Si immobile (Figure 3.13B and 3.13C), Ti shows enrichment. 

Therefore, Ti is likely slightly more immobile than Al and Si in the Bisley bedrock 

weathering profile.  
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Figure 3.12. Volumetric strain of less mobile element oxides A) Si, B) Al and C) Ti in the weathered 

material relative to parent material of the B1W1 sample. Volumetric strain calculated using Equation 

2.5. Where in an isovolumetric weathering product, values for an immobile element should remain close 

to zero. 
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Figure 3.13. Mass transfer (τ) of less mobile elements with A) Ti as the immobile, B) Al as the immobile 

and C) Si as the immobile, in the weathered material relative to parent material of the B1W1 sample. 

With Ti showing enrichment relative to the parent material when using the other two elements as the 

immobile. 

 

The ICP-OES data was produced to support the elemental X-ray mapping data, and 

the values agree remarkably well (Figures 3.14 and 3.15). However, as ICP-OES 

cannot be conducted on the same scale as X-ray mapping, hereafter we base the further 

analysis and discussion on the elemental X-ray mapping data. 

Calculations of the mass transfer coefficient using Ti (τTi,j) (Equation 2.2, presented in 

Figures 3.14 and 3.15) can be used to determine the depth at which each element begins 

to be lost from the system. From these depths, the order of cation mobility from the 

parent material, through the weathered rind, and to the fracture surface is determined 

as: Ca>Mg>Na≈Si≈Al with Fe conserved within the rind. Due to the high uncertainty 

associated with the low K and S concentrations and their heterogenous distribution, it 

is not possible to make any meaningful interpretations from their profiles and they are 

therefore not presented. The most substantial loss is shown by Ca, beginning at ~50 

mm, whereby 30% of the element is lost over 15 mm (Figure 3.14B) with a final loss 

of 60% over the final 10 mm, resulting in a total depletion of ~ 90% for Ca (τTi,Ca  =  -

0.90). There is no significant loss of Mg within the weathering profile, until the 
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shallowest ~20 mm where it undergoes gradual loss up to the fracture surface totalling 

~45% (τTi,Mg = -0.45) (Figure 3.14C). Na, Si and Al all display a similar trend of 

conservative behaviour over the majority of the profile until the visible rind (0-6 mm 

from the fracture surface) where they undergo losses of ~60 % (τTi,Na = -0.57), ~45 % 

(τTi,Si = -0.47) and ~50% (τTi,Al = -0.47), respectively (Figures 3.14D, 3.15A and 

3.15B). These losses correspond to losses of albite, which occurs over the same depth 

(Figure 3.10B). 
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Figure. 3.14. CIA and mass transfer (τ) profiles of the B1W1 samples. Where CIA: values <50 is 

unweathered, with increasing weathering >50 and a maximum of 100. Element j normalised to Ti (τTi,j), 

where: 0 = no change in net mass; -1 = total depletion; >0 = enrichment. The vertical dashed line in 

each plot represents the tau value of the unweathered parent rock and the dotted horizontal line 

represents the visible rind. Note differing tau scales. Solid symbols represent elemental X-ray data (data 

table in Appendix F) with the error being 1SE (n=5) of repeat tau profiles. The unfilled symbols 

represent ICP-OES data (data tables in Appendix D) with the error horizontal bars representing 1SE of 

an internal standard (or where larger the detection limit) and propagated through all calculations. The 

vertical error bars represent uncertainty during sampling due to the radius of the drill bit. 
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Figure. 3.15. Mass transfer (τ) profiles of the Bisley B1W1 samples. Element j is normalised to Ti 

(τTi,j), where: 0 = no change in net mass; -1 = total depletion; >0 = enrichment. The vertical dashed line 

in each plot represents the tau value of the unweathered parent rock and the dotted horizontal line 

represents the visible rind. Note differing tau scales. Solid symbols represent elemental X-ray data (data 

tables in Appendix F) with the error being 1SE (n=5) of repeat tau profiles. The unfilled symbols 

represent ICP-OES data (data tables in Appendix D) with the error horizontal bars representing 1SE of 

an internal standard (or where larger the detection limit) and propagated through all calculations. The 

vertical error bars represent uncertainty during sampling due to the radius of the drill bit. 
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3.2.4 U-series mobility and activity ratios 

The unaltered parent material has U and Th concentrations of 0.83 ppm and 1.26 ppm, 

respectively (Table 3.3). The U concentration is comparable to previous work on a 

landslide exposed outcrop of Bisley bedrock (Dosseto et al., 2012) whereas the Th 

concentration reported here is higher. Th is conserved throughout the profile (Figure 

3.15E), relative to the immobile component (Ti). We find that U is conserved 

throughout most of the profile, except for a slight enrichment of ~5% at ~20 mm from 

the fracture surface and a loss over the visible rind of ~8-9% (Figure 3.15F).  

 

Table 3.3. Uranium-series isotope results for the B1W1 samplea.  

Distance from 

fracture 

surface (mm) Th (ppm) U (ppm) U/Th (234U/238U) (230Th/238U) 

1.5  2.27 ± 0.00 1.4 ± 0.00 0.617 1.027 ± 0.001 1.069 ± 0.003 

4.5  1.51 ± 0.00 0.98 ± 0.00 0.649 1.014 ± 0.001 0.985 ± 0.003 

7.5  1.43 ± 0.00 0.9 ± 0.00 0.629 1.023 ± 0.001 0.999 ± 0.003 

10.5  2.1 ± 0.01 0.94 ± 0.00 0.448 1.011 ± 0.001 1.097 ± 0.008 

13.5  1.73 ± 0.00 0.93 ± 0.00 0.538 1.016 ± 0.001 1.02 ± 0.003 

16.5  1.39 ± 0.01 0.91 ± 0.00 0.655 1.016 ± 0.001 0.994 ± 0.007 

19.5  1.41 ± 0.01 0.88 ± 0.00 0.624 1.012 ± 0.001 1.018 ± 0.01 

22.5  1.42 ± 0.01 0.88 ± 0.00 0.620 1.012 ± 0.001 1.02 ± 0.019 

36.5  1.32 ± 0.02 0.83 ± 0.00 0.629 1.019 ± 0.002 1.001 ± 0.029 

46.5  1.26 ± 0.02 0.83 ± 0.00 0.659 1.021 ± 0.001 1.008 ± 0.033 

QLO-1       1.006 ± 0.001 1.005 ± 0.004 
aErrors for samples and rock standard QLO-1 are internal analytical uncertainties given at the 

2SE level. 
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Figure 3.16. Activity ratios of U-series nuclides A) (234U/238U) and B) (230Th/238U) in the weathering 

profile versus depth of the B1W1 sample. The dashed horizontal line represents the visible rind and 

the dashed vertical line represents secular equilibrium. 

 

Values of (234U/238U) are significantly greater than 1 across the entirety of the transect 

(Table 3.3 and Figure 3.16A), with an increase toward the rind compared to the deeper 

7 samples. The furthest sample inboard of the fracture surface (46.5 mm) also shows 

higher activity ratios, similar to the rind. Starting from close to secular equilibrium at 

the furthest sample inboard of the fracture surface, the (230Th/238U) ratios (Table 3.3 

and Figure 3.16B) show an increase >1 with decreasing distance from the fracture 

surface. Samples at 16.5 mm and 4.5 mm from the fracture surface are exceptions to 

this, with values slightly less than 1. An outlier exists with a (230Th/238U) ratio of 1.097 

at 10.5 mm inboard of the fracture surface, which also shows an increase of 50% in 

the τTi,Th profile, relative to the parent material (Figure 3.15E).  
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3.2.5 Porosity development and density changes 

Porosity, determined by X-ray phase analysis, remains close to zero from 56.5 mm 

(the sample furthest inboard of the fracture surface) to roughly 40 mm from the fracture 

surface (Figure 3.17). At this point it gradually increases by ~2-3 vol% until <10 mm 

from the fracture surface where a significant increase in porosity occurs across the 

weathering front and into the rind. A maximum porosity of 15.0 ± 3 vol% is reached 

within the rind. This porosity is slightly larger than the neutron scattering measured 

porosity of 8 ± 4 vol% calculated for the Bisley weathered rock by Buss et al. (2013), 

although these values overlap due to the large uncertainties.  
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Figure 3.17. Bottom x axis: density ratio (unitless) calculated by dividing the density of unweathered 

rock by the density of weathered rock as a function of distance from the fracture surface, whereby values 

of 1 = no change in density; >1 = decrease in density; <1 = increase in density. Rock densities 

determined via mineral densities (Table 3.2) and mineral volumes (Figures 3.10 and 3.11). Top x axis: 

Open porosity (vol %) determined via modal X-ray phase analysis as a function of distance from the 

fracture surface. Shaded area represents uncertainty at the 1SE level (n = 5) and propagated through all 

calculations. 
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Rock density was calculated using mineral density values taken from the literature 

(Table 3.2), and mineral volumes observed using X-ray phase analysis. Density 

calculated in this way gives a value of 2.9 g cm-3 for the bedrock parent material and 

2.2 g cm-3 for the rind material, compared with a bedrock density of 2.3 g cm-3 as 

measured by volume displacement (Buss et al., 2017). When normalised to the parent 

material density, very little change is noted in the weathered material density (Figure 

3.17) until the weathering rind, where the density ratio rises to ~1.24. 

 

3.2.6 Oxidation within pores 

The oxidation state of Fe in the unweathered pyrite is in its reduced form of +2 (Figure 

3.18A). The oxidation state of Fe in the surrounding chlorite grain is +3, with little Fe 

(either reduced or oxidised) found in other minerals present in the region analysed 

(mostly albite). There is also no definitive sign of Fe retention within pores. 

To investigate S oxidation in the weathering rock, fluorescence maps were produced 

of the same locations mapped for Fe oxidation analysis. As expected, the sulfur within 

the pyrite has an oxidation state of -2 (Figure 3.18B), with no other minerals in the 

map boundaries bearing any sulfur.  
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Figure 3.18. Micro X-ray fluorescence map (µXRF) overlaying a BSE image, showing A) 

qualitative Fe(II) and Fe(III) content of a pyrite grain, the neighbouring mineral (chlorite) and 

neighbouring pore space (partially filled with kaolinite and gibbsite). Cream = Fe(II); Blue = 

Fe(III); and greyscale represents no Fe content. B) Qualitative S(VI) and S(-II) content of a 

pyrite grain, neighbouring pore space (partially filled with kaolinite and gibbsite). White = S(-

II); Red = S(VI) and greyscale represents no S content. 
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3.3 Discussion 

3.3.1 Weathering mechanisms 

The abrupt increase in porosity (Figure 3.17) with decreasing depth from ~6 mm 

inboard of the fracture surface, suggests there could be a change in the dominant 

weathering system at this point, from a transport-limited (diffusion-dominated) to a 

kinetic-limited (advection-dominated) system. The increase in porosity also coincides 

with increases in the density ratio (Figure 3.17) and a decrease in the abundance of 

most parent minerals (Figure 3.10).  

The dissolution of pyrite is the first weathering reaction (furthest inboard of the 

fracture surface) observed in the Bisley bedrock using SEM-BSE imaging. Following 

the dissolution of pyrite, pyroxene and chlorite dissolve earlier than albite and epidote 

(Figures 3.10B-E). The earlier onset of pyroxene and chlorite dissolution could be due 

to several reasons: i) pore water is more undersaturated with respect to pyroxene and 

chlorite than to epidote and albite; ii) pyrite occurrences (which dissolve first creating 

incipient porosity and allow greater access of reactive fluids) are more closely 

associated with pyroxene and chlorite; iii) the products of oxidative pyrite dissolution 

act to catalyse the dissolution of pyroxene and chlorite.  

As the elements contained within epidote are also present in chlorite and pyroxene, it 

is unlikely to be undersaturation with respect to pyroxene and chlorite. It is possible 

that pyroxene is more accessible following pyrite dissolution due to its higher 

correlation with pyrite abundance (r2= 0.57, Appendix G-B) compared to albite (r2= 

0.47, Appendix G-C) and epidote (r2= 0.19, Appendix G-D), however chlorite shows 

the least correlation (r2= 0.12, Appendix G-A), suggesting this is not the primary cause 

for the earlier onset of pyroxene and chlorite dissolution. Analysis by µXRF of S 

oxidation states within a pyrite grain and pore space (Figure 3.18B), indicates that 

pyrite does undergo oxidative dissolution as the first reaction in the weathering profile.  

Pyrite dissolution in the presence of oxygen generates acidity (Equation 1.7), which 

would create a low-pH microenvironment on a mineral grain scale. It is possible that 

ferrous iron liberated in this reaction would then oxidise to ferric iron, which could 

then catalyse further pyrite dissolution and sulfur oxidation (Equation 3.1) and lower 

the pH in the local vicinity further: 
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𝐹𝑒𝑆2 +  14𝐹𝑒3+ + 8𝐻2𝑂 →  15𝐹𝑒2+ +  16𝐻+ +  2𝑆𝑂4
2−

 

Equation 3.1 

However, from the µXRF data (Figure 3.18A) there is no evidence that Fe3+ is retained 

within pores to catalyse the reaction. Regardless of whether or not Fe3+ acts as a 

catalyst, the oxidation of pyrite still increases proton activity. The abundant protons 

aggressively promote dissolution of the minerals surrounding the pyrite grain, 

consistent with our observations in the Bisley rock (e.g., Figure 3.3 and 3.8). 

Once minerals surrounding a pyrite grain have dissolved and created pore space, the 

second possibility for earlier dissolution of pyroxene and chlorite (described above) 

could become important, where reactive fluids are better able to penetrate the rock, 

possibly shifting the system from transport-limited to kinetic-limited. A dual-stage 

mechanism such as this is reflected in the τ profile for Ca (Figure 3.14B) where there 

is an initial loss much further inboard than the loss over the visible rind.  

The oxidation of Fe(II)-bearing minerals has previously been identified as the incipient 

weathering reaction in other lithologies in different watersheds, including the adjacent 

granitic watershed of Río Icacos (Buss et al., 2008), the Susquehanna Shale Hills CZO 

in central Pennsylvania, USA (Brantley et al., 2013), a charnockitic profile in Sri 

Lanka (Behrens et al., 2015) and a granite watershed in Virginia, USA (Bazilevskaya 

et al., 2015). Pyrite oxidation as the incipient reaction has also previously been 

proposed for the Bisley bedrock (Buss et al., 2013) and is demonstrated here by 

evidence of S oxidation within pores (Figure 3.18B). 

Pyroxene near pyrite grains is observed to dissolve second (Figure 3.8), and the 

pyroxene and pyrite abundances show the highest correlation (r2= 0.57, Appendix G-

B). Therefore, initial pyroxene dissolution is expected to occur largely via attack by 

sulfuric acid produced by the oxidative dissolution of pyrite, as observed in BSE 

imaging and EDS analysis: 

(Fe2+
0.03,Mg0.17,Ca0.78,Na0.02)(Ti0.01,Al0.04,Fe3+

0.07,Fe2+
0.14,Mg0.73)(Si1.89,Al0.11)O6 + 

1.66H2O + 3.62H2SO4  0.02Na2+ + 0.78Ca2+ + 0.07Fe3+ + 0.17Fe2+ + 0.9Mg2+ 

+ 0.01TiO2 + 0.08Al2Si2O5(OH)4 + 1.73H4SiO4 + 3.62SO4
2-      

Equation 3.2 

Closer to the rind, as the supply of pyrite dwindles, the porosity increases, and fresh 

reactive fluids are better able to penetrate, it is likely that the dissolution of pyroxene 
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will proceed at a higher pH via protons sourced dominantly from carbonic acid present 

in the infiltrating fluids: 

(Fe2+
0.03,Mg0.17,Ca0.78,Na0.02)(Ti0.01,Al0.04,Fe3+

0.07,Fe2+
0.14,Mg0.74)(Si1.89,Al0.11)O6 + 

1.66H2O + 7.24HCO3
-  0.02Na2+ + 0.78Ca2+ + 0.07Fe3+ + 0.17Fe2+ + 0.9Mg2+ 

+ 0.01TiO2 + 0.08Al2Si2O5(OH)4 + 1.73H4SiO4 + 7.24CO3
-     

                                                                Equation 3.3 

Chlorite is the next mineral to dissolve, at a similar depth to the oxidation of pyrite and 

dissolution of pyroxene, weathering to kaolinite as observed by SEM (Figure 3.5). 

Both albite and epidote abundances show a higher correlation with pyrite than chlorite 

does with pyrite (R2 = 0.47, 0.19 and 0.12, respectively; Appendix G-C, G-D and G-

A), perhaps suggesting that it is not association with pyrite that is the critical factor, 

but the mineral’s susceptibility to sulfuric acid promoted dissolution. The 

susceptibility of chlorite to attack via sulfuric acid, following the oxidation of trace 

pyrite, has previously been reported within the Marcellus shale, USA (Heidari et al., 

2017). Thus, we propose that chlorite dissolves via analogous reaction mechanisms to 

those described for pyroxene (sulfuric acid- or carbonic acid- promoted dissolution 

and production of kaolinite), with the following reaction for chlorite dissolution 

inboard of the rind: 

(Mg4.59,Ca0.57,Mn0.05,Fe2+
3.47,Fe3+

0.32,Al2.61)[Si5.95,Al2.05O20]OH16 + 9.11H2SO4 

4.59Mg2+ + 0.57Ca2+ + 0.05Mn2+ + 3.47Fe2+ + 0.32Fe3+ + 2.33Al2Si2O5(OH)4 

+ 1.29H4SiO4 + 9.87H2O + 3.32SO4
2-                                                                                                        

Equation 3.4  

Then chlorite continues to dissolve via the following reaction within the rind: 

(Mg4.59,Ca0.57,Mn0.05,Fe2+
3.47,Fe3+

0.32,Al2.61)[(Si5.95,Al2.05)O20]OH16 + 18.22HCO3
- 

4.59Mg2+ + 0.57Ca2+ + 0.05Mn2+ + 3.47Fe2+ + 0.32Fe3+ + 2.33Al2Si2O5(OH)4 

+ 1.29H4SiO4 + 9.87H2O + 18.22CO3
-
                                                                                                       

Equation 3.5 

Both albite and epidote dissolve only over the rind where the carbonic acid reaction 

mechanism dominates. The dissolution reaction for albite to kaolinite can therefore be 

written as: 

(Na0.94,Ca0.02,Fe2+
0.01,Mg0.01)[Si2.96Al1.01O7.97] + 4.38H2O + 1.04HCO3

- 

0.94Na2+ + 0.02Ca2+ + 0.01Fe2+ + 0.01Mg2+ + 0.51Al2Si2O5(OH)4 + 1.94H4SiO4 + 

1.04CO3
-               

Equation 3.6 
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And for epidote as:  

Ca2.11Fe3+
0.87Al2.23Si3.11O12(OH) + 0.56H2O + 5.84HCO3

-  2.11Ca2+ + 0.87Fe3+ 

+ 1.12Al2Si2O5(OH)4 + 0.87H4SiO4 + 5.84CO3
-                                                                       

Equation 3.7 

Previous work has found that feldspar is particularly susceptible to hydrogen ion 

promoted dissolution (e.g., Chou and Wollast, 1985), especially below pH 4.5. It is 

therefore surprising, that pyroxene and chlorite are found to dissolve in association 

with pyrite in the B1W1 sample and not albite. However, these differences can be 

reconciled, as at higher pH, hydrogen ion promoted dissolution is found to be 

important for silicates with high reaction orders (Drever and Stillings, 1997).  

As mentioned in Section 3.2.2, pore space is frequently lined with Mn-oxide 

precipitates between 48 mm and 10 mm from the fracture surface. The substantial 

MnO2 accumulations lining the pores (Figure 3.4) may lower the total reactivity of the 

rock, slowing the WAR by denying infiltrating fluids access to fresh parent minerals. 

Mn-oxides are also effective scavengers of metals, acting to retain dissolved cations 

within pores via adsorption (e.g., Peacock et al., 2009; Taylor and McKenzie, 1966; 

Vuorinen and Carlson, 1985). In the Bisley rocks, inhibition of weathering by Mn-

oxides would occur only from 40 – 10 mm distance from the fracture surface (Figure 

3.11E), where at 10 mm MnO2 is removed from the pores, likely due to increased fluid 

flow in the advection dominated rind. 

From the evidence above for a two-stage weathering mechanism: first by reaction with 

sulfuric acid in the fresh rock, followed by reaction with carbonic acid in the rind, it is 

likely that the initial reaction rate of pyrite oxidation, controls the onset of chemical 

weathering. In turn, the dissolution of pyrite is regulated by the concentration of an 

oxidising reactant such as O2, as previously proposed by Buss et al. (2013, 2017), 

therefore the diffusion rate of oxygen into the bedrock is the rate-limiting step. If 

porewater oxygen concentration is the rate-limiting factor, this could regulate a steady-

state weathering profile at the regolith scale. Because O2 concentration decreases with 

depth in the regolith (Buss et al., 2017), then as the WAR increases and the regolith 

thickens, the O2 concentration at the bedrock-regolith interface decreases. In turn, the 

decreased O2 concentration causes the WAR to slow, allowing surface erosion to thin 

the regolith and increase O2 at the bedrock-regolith interface again (Fletcher et al., 

2006). 



  

93 

 

3.3.2 Weathering gradients 

In a steady-state weathering profile, a gradient in the mass transfer of a mineral 

(Equations 2.2 and 2.3) with depth, indicates where in the profile a reaction is 

occurring. A positive gradient (mineral gain) or negative gradient (mineral loss) is 

inversely proportional to the rate (Equation 2.4; Figure 2.14). Locating the zone of 

reaction enables interpretation of rates in the context of other spatially variable 

parameters, such as porosity and pO2. The gradients presented here (Table 3.4 and 

Figure 3.19) are solid-state mineralogical weathering gradients (bs in m kg mol-1), 

which are determined from changes in mineral volume. Therefore, these gradients do 

not track the loss of individual elements and so do not capture incongruent dissolution; 

only total mineral dissolution or transformation into a secondary mineral (e.g., 

kaolinite) is observed. 

Table 3.4. Variables and results of mineral specific solid-state dissolution rate equation for 

B1W1. 

Mineral 

Mass fraction 

of mineral 

 in parent 

material (φ)a 

Specific 

surface 

area (s)b 

Weathering  

Gradient 

(bs)c Rsd Log R 

  

(g g-1)  (m2 g-1) (m kg mol-1) (mol m-2 s-1)   

Albite 0.31 ± 0.03 0.1 0.026 ± 0.012 9.2 × 10-13 ± 2.5 × 10-14 -12.04 

Chlorite 0.17 ± 0.01 1.0 0.222 ± 0.066 2.5 × 10-14 ± 3.2 × 10-16 -13.61 

Chloritee 0.17 ± 0.01 1.0 0.642 ± 0.008 8.6 × 10-15 ± 1.1 × 10-16 -14.07 

Epidote 0.18 ± 0.03 0.4 0.040 ± 0.004 3.6 × 10-13 ± 1.2 × 10-15 -12.44 

Pyroxene 0.08 ± 0.01 0.2 0.057 ± 0.012 1.2 × 10-12 ± 4.01 × 10-15 -11.91 

Pyroxenee 0.08 ± 0.01 0.2 0.120 ± 0.041 5.8 × 10-13 ± 1.9 × 10-15 -12.24 

Pyrite 0.01 ± 0.00 14 0.123 ± 0.009 1.5 × 10-12 ± 2.0 × 10-15 -11.83 
 

 

a Mass fractions were determined from mineral abundances and densities (Table 3.2). Errors are 1SE.  
b Calculated using Equation 2.6 and mineral data from Table 3.2.  
c Weathering gradients were determined from the slope of the normalised concentration plots (Figure 

3.19). The uncertainty of the weathering gradient is calculated as the maximum and minimum slope 

gradient from the standard error. 
d Rs was calculated using Equation 2.4, the data in this table and Table 3.2. Errors are 1SE and 

propagated fully through all calculations. 
e Mineral dissolution in association with pyrite. 

 

Changes in a mineral’s weathering gradient (bs) reflects a change in the mineral’s 

weathering rate, which could indicate a change in a key rate-controlling parameter 

(e.g., fluid saturation state associated with porosity change) or even a change in the 

chemical weathering reaction mechanism (Buss et al., 2008). In a multi-mineralic rock, 
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multiple minerals may weather simultaneously, and to varying extents (White, 2002). 

For example, in this study, chlorite and pyroxene weather initially by sulfuric acid 

produced during oxidative dissolution of pyrite (Equations 1.7, 3.2 and 3.4), yet this 

does not affect albite and epidote. In the more porous rind, dissolution is effected by 

carbonic acid, which dissolves all four of these parent silicate minerals to varying 

extents. 

Mineral gradients were calculated over the distance where each mineral shows 

pronounced losses, which for all minerals spans the visible rind and extends several 

mm deeper, as observed in the normalised mineral profiles (Figure 3.19). We also 

calculated additional, deeper gradients for the early stage sulfuric acid-driven 

dissolution of both chlorite and pyroxene (Figures 3.19D-E; Equations 3.2 and 3.4). 

The initial mineral to dissolve, pyrite, has a weathering gradient, bs, of 0.123 m kg 

mol-1 (Figure 3.19B). The weathering gradients for chlorite and pyroxene, in 

association with sulfuric acid, are 0.642 and 0.120 m kg mol-1 respectively (Figures 

3.19D-E). The weathering gradients for chlorite and pyroxene in the presence of 

carbonic acid are 0.222 and 0.057 m kg mol-1 respectively (Figure 3.19D-E). Albite 

and epidote undergo dissolution more readily within the rind, yielding gradient values 

of bs = 0.024 and 0.038 m kg mol-1, respectively (Figures 3.19A and 3.19C). Although 

albite and epidote show variation in their gradients inboard of the rind, SEM 

observations indicate that these result from heterogeneities within the rock, not 

weathering, and have therefore not been included in the calculation of the gradients 

for these minerals.  
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Figure 3.19. Weathering gradients (bs) of normalised concentrations for A: albite; B: pyrite; C: 

epidote; D: chlorite; E: pyroxene in the B1W1 sample calculated using Equation 2.3. With 

depletions relative to the parent material seen as decreases. All minerals show a linear trend for 

mineral dissolution. Chlorite and pyroxene show two linear trends, the deeper trend for dissolution 

in via sulfuric acid and the shallower for dissolution via carbonic acid.  
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To determine the mineral-specific dissolution rates from the calculated gradients, a 

time constraint must be determined. In this study, the time constraint is provided by 

U/Th isotope disequilibria data. To accurately model the time since the inception of 

chemical weathering by reactive fluids, using U and Th isotope ratios, their behaviour 

within the weathering profile must be first understood.  

 

3.3.3 U-series isotope behaviour across the weathering profile and 

derivation of the WAR 

Activity ratios of (230Th/238U) are ~1 (i.e., secular equilibrium) throughout most of the 

profile, suggesting no net loss or gain of 238U or 230Th (Figure 3.16B). However, within 

the top of the profile 230Th/238U ≠ 1, reflecting greater mobility. This is consistent with 

the τTi,U profile, which shows losses over the visible rind (Figure 3.15F) and the τ Ti,Th 

profile (Figure 3.15E), which shows Th to be conserved. All (234U/238U) activity ratios 

throughout the sampled profile are >1, suggesting a gain of 234U (Figure 3.16A). These 

observations can all be reconciled if the system is not simply described by U loss, but 

with U addition as well, where an overall loss of U occurs (as evidenced by τ Ti,U 

profile), but there is an addition of 234U relative to 238U, as evidenced by the increased 

(234U/238U) ratios (Figure 3.16A and Table 3.3), whilst 230Th is conserved, as evidenced 

by the (230Th/238U) profile (Figure 3.16B and Table 3.3) and the τ Ti,Th profile (Figure 

3.15E). 

It is likely there would be a greater addition of 234U than 238U from an external source, 

as it is a more soluble nuclide. At greater depths than the visible rind, fluid circulation 

through micro-fractures may have added 234U to the system, without sufficient 

weathering to liberate U from the minerals. A more likely explanation is that U 

leaching has occurred concurrently to 234U addition, but to a lesser extent. Sheng and 

Kuroda (1986) suggest that a phase may eject 234U into a less soluble phase as a result 

of alpha recoil, then when it is preferentially dissolved over the less soluble phase, the 

system’s (234U/238U) would be >1. All of these possibilities imply that mineral-water 

interaction has occurred throughout the entirety of this profile. The interpretation of 

weathering throughout the U-series sampled profile is supported to some degree by the 

CIA and τ profiles (Figures 3.14 and 3.15), both of which track weathering deeper into 

the rock than the U-series profiles.  
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An outlier exists at a depth of 10.5 mm, displaying an enrichment of Th of ~50% in 

the τ Ti,Th profile, compared to the parent material (Figure 3.15E), and the highest 

(230Th/238U) activity ratio in the profile (Figure 3.16B and Table 3.3).  Both of these 

observations could be explained by an infiltration of Th-rich hydrothermal fluids 

associated with the intrusion of the Rio Blanco stock intrusion near the study site. 

Table 3.5. Results of nuclide loss-gain model. 

Number of samples   10 

Initial Conditions   Secular equilibrium 

Parameter calculated valuesa   

k238 (yr-1)   2.39 × 10-5 ± 1.1 × 10-6 

k234/k238   0.88 ± 0.02 

k230/k238   6.12 × 10-5 + 9 × 10-6 / - 8 × 10-6  

f234/f238   0.80 ± 0.03 

      

Distance from fracture surface   Weathering ages (kyr)b  

1.5 mm   3190 ± 220 

4.5 mm   106 ± 16 

7.5 mm   379 ± 43 

10.5 mm   4210 ± 270 

13.5 mm   1184 ± 103 

16.5 mm   160 ± 20 

19.5 mm   1082 ± 96 

22.5 mm   1163 ± 102 

36.5 mm   436 ± 48 

46.5 mm   728 ± 72 
aUncertainty is presented as 2SE (n=1000); 
bUncertainty is presented as 1SE (n=1000); 

 

With an understanding of the behaviour of the U series isotopes across the weathering 

profile, the independent activity ratios for each point can be modelled in relation to 

addition and loss coefficients to determine the time since the inception of reactive 

fluids to the rock. Under the open system conditions of the Bisley watershed, the 

continuous loss/gain model described above can be fully solved utilising Matlab™’s 

lsqnonlin function (Modified from Dosseto et al., 2014). With the known input values 

of (234U/238U) and (230Th/238U) for 10 samples (Table 3.3) in addition to the initial 

conditions for the parent material set at secular equilibrium, we solved for the unknown 
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mobility parameters and time (t) (Table 3.5). The results of the model indicate the 

outermost rind sample has a weathering exposure age of ~3.2 kyrs. Using Equation 

2.15, an average WARrind can be calculated by plotting the weathering exposure ages 

as a function of distance from the fracture surface (Figure 3.20). Using this method 

produces an average WARrind of 31 ± 2 mm kyr-1 (Figure 3.20). By using a linear fit 

to calculate WARrind we assume isovolumetric weathering, which is reasonable 

because the volumetric strain values are near zero (Figure 3.12) and SEM observations 

indicate retention of the original mineral structures within the rind (Figure 3.9). 

Intriguingly, the model yields a k234/k238 ratio of 0.88. Although surprising, a value <1 

could indicate that the surrounding medium is very reactive with regard to Th or that 

234Th has nowhere to escape after recoil from the mineral lattice and is subsequently 

reincorporated into the medium before decaying to 234U. 
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Figure 3.20. Calculated weathering ages (in 1000’s of years) as a function of elevation (meters above 

sea level) at the rind scale (this study, site: B1W1) and regolith scale (Dosseto et al., 2012; site: B1R). 

Linear regressions represent average WAR’s. The rind transect represents the watershed’s weathering 

history for ≤ 5 kyr timescale with the regolith representing ~8-60 kyr timescale. y axes presented as 

elevation to highlight the continuous record of age with depth between WARrind and WARregolith. 
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3.3.4 Quantification of mineral weathering rates 

Here we estimate mineral-specific dissolution rates (Equation 2.4; Tables 3.2 and 3.4) 

for all parent minerals, excluding quartz (which is conserved), using the calculated 

WARrind (Equation 2.15 and Figure 3.20) as a time constraint. Field-measured mineral 

dissolution rates are not simply kinetic-controlled rates as are many laboratory 

determined rates, instead they reflect a multitude of variables, including saturation 

index of reactive fluids with respect to the mineral of interest (e.g., Zhu et al., 2004), 

past climatic conditions (e.g., Nagarajan et al., 2014), varying redox conditions (e.g., 

Fletcher et al., 2006) and the accessibility of the mineral within the rock to reactive 

fluids (e.g., Navarre-Sitchler et al., 2009). The accessibility of the mineral, in turn, 

depends on multiple controls including the dissolution rate of neighbouring minerals 

(to create porosity) and the degree to which the resulting pores are then lined with 

secondary phases, such as kaolinite and Mn-oxides. 

The complex nature of natural dissolution rates is highlighted in this study by the case 

of pyrite. Buss et al. (2013) previously proposed that the formation of the entire critical 

zone of the Bisley watershed is controlled by rind formation, which in turn is 

controlled by pyrite dissolution. Using the WARrind (Equation 2.15), and other 

parameters given in Tables 3.2 and 3.4, we calculated a pyrite dissolution rate 

(Equation 2.4) of 1.5 x 10-12 mol m-2 s-1 (log R= -11.8). This rate is several orders of 

magnitude slower than a laboratory-determined pyrite dissolution rate of log R= -9.64 

(Nicholson, 1994). Despite the latter being calculated at pH 3, the rates are comparable 

as Nicholson (1994) noted no significant variation at neutral pH, unless ρO2 is <0.05 

atm. Nicholson (1994)’s faster laboratory rate could be due to various issues such as 

pre-experimental cleaning processes, higher surface area and higher water:mineral 

ratios that exist in laboratory compared to field settings (White and Brantley, 2003). 

To our knowledge, this is, surprisingly, the first published, field-calculated pyrite 

dissolution rate. Despite the lack of field-calculated pyrite dissolution rates, much 

work has been done on the oxidative dissolution of pyrite. España et al. (2007) found 

that laboratory oxidation rates of Fe(II) in pyrite (10-8 to 10-10 mol L-1 s-1) were 2-3 

orders of magnitude slower than field determined rates (10-6 to 10-7 mol L-1 s-1), the 

inverse to the more often seen field-laboratory discrepancy, due to the influence of 

microbial oxidation on the field rates. However, Choppala et al. (2017) found biotic 

oxidation was only a minor contribution in field-settings, concluding that pyrite 

oxidation rates are surface area dependent, a relationship often assumed to be linear 
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(Lowson, 1982). The relationship between pyrite dissolution rates and mineral surface 

area is complicated by the non-uniform attack of oxidants (Bierens de Haan, 1991), 

which occurs at sites of high excess surface energy (e.g., etch pits, defects and grain 

edges) (McKibben and Barnes, 1986). The relationship of grain-size and oxidation 

rates may be complicated further by fundamental differences in the oxidative 

mechanism between submicron-sized particles and larger grains. After the initial first 

order reaction between pyrite and O2 in submicron particles, Gartman and Luther 

(2014) suggested a later stage of oxidation where electron shuttling occurs in the mixed 

valence oxide that has formed on the pyrite grain surface, whereas the oxide coating 

on larger particles grows in thickness until it forms an oxygen-limiting armour. 

Gartman and Luther (2014) concluded that most studies examine the relationship of 

particle size and oxidation rate by crushing larger grains, as opposed to examining 

submicron and nanoparticles, which they found could remain present in oxic seawater 

for years. The slower than expected oxidation rate of smaller particles, could explain 

why the pyrite dissolution rate for Bisley grains (~ 14 µm) is several orders of 

magnitude slower than lab reported dissolution rates.  One of the fastest rates of pyrite 

oxidation in the literature is within carbonate solutions, where it is hypothesised that 

iron solubility is increased and the solution buffered via carbonate ions that facilitate 

electron transfer from soluble Fe(II)-carbonate to oxygen (Caldeira et al., 2010). 

Electron transfer via carbonate ions would not be an issue for the Bisley rock, however, 

this may play a role in rocks where carbonate is ubiquitous (White et al., 2005). 

The dissolution rate determined for pyroxene in this study (Equation 2.4; Tables 3.2 

and 3.4) in the presence of sulfuric acid is 5.8 × 10-13 mol m-2 s-1 (log R = -12.2). In 

the presence of carbonic acid, pyroxene dissolves at a rate of 1.2 x 10-12 mol m-2 s-1 

(log R= -11.9), more than an order of magnitude faster than those previously 

determined within a basalt from another tropical catchment (log R= -13.2, Benedetti 

et al., 1994) in Paraná, Brazil. The pyroxene dissolution rate presented here is also two 

orders of magnitude faster than the experimental rates reported in Brantley and Chen 

(1995) of log R= -14.9 to -16.4 for near neutral pH. The high dissolution rate reported 

here may result from the low pH of the Bisley regolith porewater. Indeed, a higher 

dissolution rate for pyroxene, log R= -13.9, has been documented experimentally at a 

low pH of 2.5 (Sverdrup, 1990). 

The dissolution rate we derived for chlorite (Equation 2.4; Tables 3.2 and 3.4) in the 

presence of sulfuric acid is 8.6 × 10-15 mol m-2 s-1 (log R = -14.1). In the presence of 
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carbonic acid, chlorite is estimated to dissolve at a rate of 2.5 x 10-14 mol m-2 s-1 (log 

R = -13.6), which agrees moderately well with that calculated in the deep regolith of 

this watershed (log R = -13.05; Buss et al., 2017) and those experimentally-determined 

at pH 7.4 of log R = -12.55 by Gustafsson and Puigdomenech (2002). Buss et al. (2017) 

used Mg fluxes to estimate chlorite dissolution rates for the Bisley watershed, 

assuming congruent dissolution. Therefore, the slight discrepancy between their faster 

rates and the one calculated here based on direct observation of chlorite abundances, 

may indicate incongruent weathering of chlorite with preferential loss of Mg occurring 

during the earlier stages. In addition, the high porosity of the regolith (60 vol%; Buss 

et al., 2017) compared to the rinds (15 vol%) and non-rind rocks (0.5 vol%) allows 

better access of reactive fluids to the weathering minerals. Furthermore, the molecular 

mechanism of chlorite dissolution may also lead to faster regolith chlorite weathering. 

Lowson et al. (2007) describes clusters of partially hydrolysed silica tetrahedra 

remaining on chlorite surfaces following initial proton attack of the Al tetrahedral sites 

during dissolution. The rate-defining step of chlorite dissolution is the conversion of 

these hydrolysed silica species (via a precursor) into an aqueous silica species (Lowson 

et al., 2007). In turn, this rate will then be controlled by the concentration of said 

species in porewater fluids for the rind, which are likely to be more dilute for the 

regolith due to greater flow rates of groundwater. As one of the first parent silicate 

minerals to dissolve, it is interesting that chlorite has the slowest calculated dissolution 

rate for this watershed, highlighting the interplay of processes that affect dissolution 

within a multi-mineralic system, as described above. 

Both the pyroxene and chlorite dissolution rates calculated here in the presence of 

sulfuric acid are slower than those rates calculated for the same minerals in the 

presence of carbonic acid (Table 3.4). Contrary to this observation, chlorite has 

previously been modelled to weather faster in association with sulfuric acid than 

carbonic acid within a shale bedrock (Heidari et al., 2017). However, the mineral 

dissolution rates presented here would be controlled by the supply of sulfuric acid, 

which is limited by the oxidative dissolution rate of pyrite. The oxidative dissolution 

rate of pyrite in this study is several orders of magnitude slower than those previously 

determined in the literature, suggesting that its rate is also being limited, lending 

further support to the hypothesis that the diffusion rate of oxygen into the bedrock is 

the rate-limiting step. 



  

102 

 

We also calculate a plagioclase (albite) feldspar dissolution rate (Equation 2.4; Tables 

3.2 and 3.4) of 9.2 x 10-13 mol m-2 s-1 (log R= -12.0), which is an order of magnitude 

faster than that calculated for plagioclase (50:50 albite:anorthite) in the neighbouring 

granitic watershed (log R = -13; Buss et al., 2008). Our albite dissolution rate agrees 

well with lab determined rates using flow-through reactors at pH ~5 determined by 

Hamilton et al. (2000) and Knauss and Wolery (1986) of log R= -12.5 and -12.1 

respectively. Interestingly, our field determined dissolution rate calculated for epidote 

(Equation 2.4, Tables 3.2 and 3.4), 3.6 x 10-13 mol m-2 s-1 (log R= -12.4), is faster than 

experimental rates previously reported (log R= -14.9 to -16.20) by Sverdrup (1990) 

and Kalinowski et al. (1998). Those experimentally derived rates were calculated over 

a comparable pH range (5.5 to 4.5) to the Bisley porewater regolith range of pH 4.4 to 

5.7 (Buss et al., 2017). 

The much higher mineral dissolution rates calculated here, compared to field-

calculated dissolution rates previously published in the literature are not surprising, 

considering that the tropical temperatures and abundant rainfall in the Luquillo 

rainforest make fast weathering rates thermodynamically favourable. As a result, a 

large proportion of the parent minerals (~80% pyroxene, ~50% albite, ~40% epidote 

and ~20% chlorite) are lost over only several mm’s of weathering rinds. Such thin 

reaction fronts are considered diagnostic of a diffusion dominated transport system 

(Lebedeva and Brantley, 2013; Ma et al., 2011; Navarre-Sitchler et al., 2009; 2011; 

2013).  

Field-calculated mineral dissolution rates, such as those above, which match or exceed 

laboratory dissolution rates are rarely observed; instead many researchers have 

previously noted and discussed that mineral dissolution rates determined in the field 

are usually 2-5 orders of magnitude slower than those determined in the laboratory 

(e.g., White and Brantley, 2003).  

For example Zhu et al. (2004) examined the coupling of dissolution and precipitation 

kinetics, hypothesising that the rate limiting step for feldspar dissolution is clay 

precipitation, which removes solutes from the reactive fluid, keeping the fluid 

undersaturated with respect to the mineral. If the discrepancy between lab and field 

rates is an issue of fluid saturation (and therefore describes a transport-limited system), 

then it is more likely that fluid residence time is the rate-limiting step. Maher (2010) 

utilized reactive transport modelling to demonstrate that factors related to fluid 
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residence time, including fluid flow and pH, together with mineral solubility, are the 

dominant controls on dissolution rates in the field, not mineral surface area or mineral 

kinetics. In contradiction to these findings, Sak et al. (2010) found that local grain-

scale roughness has a primary control on dissolution rates. However, roughness at a 

certain scale is partly determined by the measuring resolution at that scale. For 

example, laboratory dissolution rates are normalised to the BET surface area of the 

dissolving mineral, whereas this is difficult to estimate for field systems, often 

necessitating normalisation to geographic surface area (Navarre-Sitchler et al., 2011). 

Therefore, to calculate appropriate surface areas for a given scale, a fractal dimension 

would be required (Navarre-Sitchler and Brantley, 2007).  

The mineral dissolution rates presented here, which converge with lab-calculated rates, 

demonstrate the importance of the spatial scale of analysis. Whereby calculating 

mineral dissolution rates only over the mm-scale at which they occur i) avoids 

underestimation of rates by over-scaling (being averaged over meters or kilometres); 

ii) minimises the effects of other Earth surface processes such as physical erosion, 

aeolian input and organic acid production, as the thick Bisley regolith likely decouples 

many deep and surface processes (e.g., Buss et al., 2013; 2017; Moore et al., 2014; 

2015; Pye, 1988); iii) circumvents temporal scaling issues associated with exposure 

time, such as armouring of mineral surfaces, as the rate is calculated at the weathering 

front where mineral surfaces are still fresh and iv) allows normalisation to the 

dissolving mineral’s surface area in a similar fashion to laboratory calculated rates. 

The issue of scale, both spatial and temporal, has previously been discussed with 

regard to the field-laboratory weathering rate discrepancy (e.g., Navarre-Sitchler and 

Brantley, 2007; White and Brantley, 2003). To investigate the issue further, different 

scales of study both spatially and temporally should be examined. 

 

3.3.5 Weathering advance rate across multiple scales 

When calculating a weathering advance rate at the watershed scale (WARwatershed) 

(Equation 2.7), the rate is normalised to a geographical area, compared to the mineral 

grain-scale area when calculating WARrind (Equation 2.4 and 2.15). In addition, 

WARwatershed uses stream or river data to calculate mass loss via solute concentration 

and the time constraint via runoff. As such, WARwatershed provides a contemporary 
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weathering rate for the snapshot moment at which the stream or river is sampled, 

compared to the kyr timescale used in the WARrind. By calculating WARwatershed we 

can therefore compare it to the WARrind to examine how WAR varies on multiple 

temporal and spatial scales. 

Here we calculate WARwatershed for the Bisley 1 watershed stream, following the 

method of Gaillardet et al. (2011). To calculate WARwatershed using Equations 2.7 and 

2.8, daily stream discharge from 2000 to 2005 (Gonzalez, 2011) was used to calculate 

run off, and weekly chemical composition of the stream and rainfall from 2000 to 2010 

(McDowell, 2010; 2012) was used to calculate rainfall corrected stream chemistry data 

(raw data from the LTER online data base http://luq.lternet.edu/data) (Table 3.6). We 

calculated a WARwatershed of 39 ± 9 mm kyr-1 (worked calculation is presented in 

Appendix H). This rate is within error of the calculated WARrind of 31 ± 2 mm kyr-1. 

The agreement in WAR between the rind and watershed scales has three key 

implications:  

1. Weathering solute fluxes of the Bisley 1 stream are dominated by weathering 

along bedrock fractures. This observation is supported by Chapela Lara et al. 

(2017), who estimated that during base flow, 84% of the Mg dissolved in the 

Bisley 1 stream originates from the dissolution of bedrock chlorite.  

2. WAR across the whole watershed appears to be constant, from the watershed 

scale (6.7 km2) down to the rind scale (<5 mm), supporting Hynek et al. 

(2017)’s hypothesis that regularly distributed fractures in the Bisley bedrock 

promotes relatively homogenous weathering rates across the watershed. The 

relationship between WARrind and WARwatershed is often assumed but not tested 

(e.g., Dessert et al., 2003; Gaillardet et al., 2011). The WARs presented here 

show that, in this case, the assumption is correct. Also by determining WAR 

via two independent methods makes the conclusions drawn more robust.  

3. WARwatershed is calculated from dissolved ions for the moment in time at which 

sampling took place (here from 2000-2010), thus recording the contemporary 

WAR, whereas the bedrock weathering profile took a maximum of 4.2 ± 0.3 

kyr to form, recording a longer-term WAR. For both the WARwatershed and 

WARrind to return roughly equal values suggests that the watershed has been in 

a weathering steady-state for at least the maximum exposure age recorded (4.2 

± 0.3 kyr).
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Table 3.6. Bisley 1 stream water chemistry and watershed averaged weathering advance rate (WARwatershed)a 

 

 

 

 

 

 

 

 

 

 

a all uncertainty represents 2 SE and is propagated through all calculations  
b data taken from: http://luq.lternet.edu/data  
c stream concentration 
d rainfall concentration  
e rainfall corrected data  
f Converted to [H+] mol L-1 for charge balance calculations 
g [TDScat] = [Na]*+[K]*+[Ca]*+[Mg]* 

h calculated from stream gauge height  
i calculated using Equation 2.8  
j calculated from elemental wt% 
k taken from Section 3.2.5 
l calculated using Equation 2.7 
m determined from charge balance 
n calculated from Equation 2.9  

Aqueous species Units [XS]b,c [XRF]b,d [X]*e 

Cl  mg L-1 8.1 ± 0.1 5.2 ± 0.4 0.0 ± 0 

NO3 mg N L-1 0.1 ± 0.0  0.0 ± 0.0 0.1 ± 0.1 

SO4 mg S L-1 1.3 ± 0.0 0.4 ± 0.0 0.6 ± 0.1 

PO4 mg P L-1 0.0 ± 0.0 0.0 ±0.0 0.0 ± 0.1 

DOC mg L-1 1.2 ± 0.2 4.0 ± 0.3 0.0 ± 0.0 

pHf mol [H+] 6.98 ± 0.03 5.38 ± 0.05 6.98 ± 0.03 

Na mg L-1 8.3 ± 0.2 3.0 ± 0.2 3.6 ± 0.2 

K mg L-1 0.9 ± 0.0 0.2 ± 0.0 0.6 ± 0.1 

Mg mg L-1 3.2 ± 0.1 0.4 ± 0.0 2.6 ± 0.3 

Ca mg L-1 6.6 ± 0.2 0.5 ± 0.0 5.8 ± 0.4 

NH4 mg N L-1 0.0 ± 0.0 14 ± 4 0.0 ± 0.0 

TDN mg L-1 0.2 ±0.0 0.1 ± 0.0 0.1 ± 0.0 

SiO2 mg L-1 as SiO2 33.8 ± 0.9 0.3 ± 0.1 33 ± 1.0 

TDScat
g t km-3     12610 ± 600 

Runoff b,h km yr-1     1.6 × 10-3 ± 4.0 × 10-4 a 

Cation weathering rate (CWR)i t(Na+K+Ca+Mg) km-2
regolith yr-1     19.7 ± 4.7 

Mass fraction of alkali and alkaline  

earth cations in parent rock (φ)j 
t t-1 of parent material 

    
0.18 ± 0.0 

Rock bulk density (ρp)k t km-3     2.9 × 109 ± 1.5 × 107 

Porosity (ϕ)k       0 ± 0 

WARwatershed
l mm kyr-1     39 ± 9 

Charge balance (cation-anion) meq L-1     0.66 ± 0.13 

Bicarbonate concentration ([HCO3
-])m mol km-3     6.6 × 108 ± 1.3 × 108 

CDCR (CO2 consump. rate)n mol km-2 yr-1     1.0 × 106 ± 3 × 105 
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The weathering advance rate for the regolith (WARregolith) of the Bisley catchment 

calculated by Dosseto et al. (2012) at site B1R (Figure 2.1), is 334 ± 46 mm kyr-1, 

calculated over ~16 m (Figure 3.20). The WARregolith (m-scale) represents an 

intermediate spatial scale between the WARwatershed (km-scale) and WARrind (mm-

scale), however the regolith has been exposed to reactive fluids for 60 kyr (Dosseto et 

al., 2012), a longer period of time than the bedrock fractures and rinds, thus also 

represents an older record of weathering. A WARregolith that is an order of magnitude 

faster than the calculated WARwatershed and WARrind suggests that weathering occurred 

at a much faster rate in the Bisley 1 watershed prior to the oldest rind exposure age of 

4.2 kyr. This supports previous findings, that precipitation was greater in the Caribbean 

prior to ~4 kyr ago (Hodell et al., 1991; Mayewski et al., 2004) which would result in 

a faster WAR (Strakhov, 1967). Interestingly, as the time difference between the oldest 

rind exposure age (4.2 kyr) and the youngest regolith exposure (8.4 kyr) (Figure 3.20) 

is relatively short, the majority of the Bisley watershed’s weathering history, from 60 

kyr to near present day, is captured. This is despite 3 orders of magnitude difference 

in spatial scale and infers that the present Bisley critical zone took ~60 kyr to form. 

Having examined chemical weathering in the Bisley watershed at the rind-scale, 

regolith-scale, and watershed-scale, we now assess it on a global-scale. To investigate 

the potential effect of the fast weathering in the Bisley watershed on the global silicate 

weathering-climate feedback, we can use the stream chemistry (Table 3.6) and 

Equation 2.9 to determine a CO2 consumption rate (CDCR) for the watershed. 

Following the method of Gaillardet et al., (2011), Equation 2.9 returns a CO2 

consumption rate for the Bisley watershed of ~ 1029 x 103 mol km-2 yr-1 (± 320 x 103 

mol km-2 yr-1). This rate compares well with others calculated for the Caribbean, such 

as in Guadeloupe with a median of ~1300 x 103 mol km-2 yr-1 (Gaillardet et al., 2011) 

and in Dominica with a range of 500 to 1500 x 103 mol km-2 yr-1 (Goldsmith et al., 

2010). If streams from tropical watersheds are compared to CDCR values calculated 

by Gaillardet et al. (1999) of major rivers in temperate latitudes such as 226 mol km-2 

yr-1 (Seine) and 542 mol km-2 yr-1 (Rhine), it is evident how important weathering in 

small tropical watersheds is to the global carbon cycle. 
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3.3.6 Conclusions 

The meta-volcaniclastic, albite-epidote-hornfels bedrock in the Bisley watershed 

weathers rapidly along deep subsurface fractures with the vast majority of parent 

minerals lost over several mm’s within the weathering rinds that form along fracture 

surfaces. The rate of parent mineral dissolution is accelerated via the dissolution of 

accessory pyrite, lowering the pH of porewater within the rock, despite pyrite only 

comprising ~0.5 vol% of the parent material. Pyroxene and chlorite are particularly 

susceptible to this reaction, dissolving in the presence of sulfuric acid at rates of log R 

= -14.1 and -12.2 mol m-2 s-1, respectively. Then pyroxene and chlorite dissolve within 

the rind in the presence of carbonic acid at rates of log R = -11.9 and -13.6 mol m-2 s-

1, respectively. Albite and epidote also dissolve more readily within the rind in the 

presence of carbonic acid, at rates of log R= -12.0 and -12.4 mol m-2 s-1, respectively. 

The WARwatershed, which records contemporary weathering rates, and WARrind, which 

records kyr-averaged weathering rates, are within error of each other (39 ± 9 mm kyr-

1 and 31 ± 2 mm kyr-1, respectively). The similarity in WAR calculated on these 

differing spatial and temporal scales suggests that the Bisley watershed has been 

weathering in steady-state for a minimum of ~4.2 ± 0.3 kyr. However, the WARregolith 

is much faster (334 ± 46 mm kyr-1) than the WARrind, possibly reflecting faster 

weathering before the time period recorded by the WARrind. 

The majority of mineral dissolution rates presented within this study are several orders 

of magnitude faster than field-determined rates previously reported in the literature 

and some match or are even faster than laboratory determined dissolution rates. This 

study calculates field-determined mineral dissolution rates only over the weathering 

front at which they occur (mm-scale in this study) avoiding issues relating to over-

scaling (to a m-scale or km-scale), mineral exposure time (ageing of mineral surfaces) 

and surface area normalisation; all of which have previously been suggested to slow 

mineral dissolution rates. Employing this method minimises, and in some cases, 

overcomes the field-laboratory discrepancy in dissolution rates, suggesting that scale 

is a key factor in calculating mineral dissolution rates. 

The mineral grain-scale mechanisms that drive weathering within the Bisley 

watershed, coupled with the insights gleaned from observing the system with various 

sized ‘rulers’ and ‘watches’, acts to highlight the need for further weathering studies 

to be conducted on multiple scales (both temporally and spatially), especially on a 
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mineral grain scale, which is only infrequently done. Approaching systems in this 

manner may solve the field-laboratory discrepancies in mineral dissolution rates by 

accounting for scaling issues. It would also strengthen the justifications of scaling up 

weathering rates spatially and also over long time-scales when modelling past, present, 

and future global carbon cycling. 
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Chapter 4  

 

Variation in mineralogy and the effect on physical 

and chemical weathering processes 
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4.1 Introduction 

Section 1.4 highlighted the discussion within the literature as to the causes of 

spheroidal weathering. Due to its common occurrence (Ollier, 1971) and the evidence 

to suggest it can be the incipient weathering mechanism (Buss et al., 2008), it is crucial 

to understand the mechanisms behind spheroidal weathering, to understand the initial 

formation of the CZ in many localities. This chapter examines the weathering 

mechanisms and processes of a sample from the Bisley 3 watershed in the Luquillo 

Critical Zone Observatory (Figures 2.1 and 2.8), located just 100’s of meters from the 

borehole sample of B1W1 that was discussed in Chapter 3. Despite being part of the 

same lithological unit (the Fajardo formation) and their close spatial proximity, many 

of the Bisley 3 rocks exhibit a spheroidal weathering style (Figure 2.9) as opposed to 

the blockier weathering style of the B1W1 samples and rocks found in the Bisley 1 

stream (Appendix A). It is likely therefore that the weathering mechanisms differ. For 

spheroidal weathering to occur, it is commonly reported in the literature that some 

physical expansion is required to create the spheroidal fractures (Section 1.4). This 

chapter explores the weathering profile of a Bisley 3 sample and poses a possible 

coupling of physical and chemical weathering. We also hypothesise that the likely 

cause of spheroidal weathering and creation of incipient pore space for this lithology 

is expansion during the oxidation of Fe(II) to Fe(III) at the surface of pyroxene grains. 

 

4.2 Results 

4.2.1 Parent rock composition 

The sample taken from the Bisley 3 watershed shows clear spheroidal weathering 

(Figure 2.9). The selected transects run from the inner corestone through two rindlets 

(termed here inner-rindlet and outer-rindlet). The corestone is ~70 mm in diameter, the 

inner-rindlet has a thickness of ~17 mm and the outer-rindlet has a thickness of ~8 mm 

(Figure 2.9). From areas within the corestone where there is little to no signs of 

weathering (determined from SEM-BSE observations), an average of five modal X-

ray phase analysis maps measuring 2.8mm by 2.1mm were used to determine the 

parent rock mineral abundances.  
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Figure 4.1. Winchester-Floyd plot of the unweathered bedrock composition for the Bisley 3 corestone. 

Increases in the Nb/Y ratio indicates increasing alkalinity in the parent magma. Elemental analysis 

determined from ICP-OES data (Appendix I), where Nb is below detection limit it is entered at detection 

limit (10 ppm). 
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Table 4.1. Parent material solid-state elemental composition for Bisley 3. 

Element Unit Valuea  

Al2O3 wt% 17.3 ± 0.06 

CaO wt% 7.51 ± 0.01 

Cr2O3 wt% 0.01 ± 0.02 

Fe2O3* wt% 9.76 ± 0.55 

K2O wt% 1.14 ± 0.01 

MgO wt% 6.00 ± 0.01 

MnO wt% 0.19 ± 0.01 

Na2O wt% 4.06 ± 0.04 

P2O5 wt% 0.19 ± 0.01 

SiO2 wt% 51.8 ± 0.9 

TiO2 wt% 0.80 ± 0.01 

Ba ppm 447 ± 10 

Nb ppm <10 

Sr ppm 280 ± 10 

Y ppm 33 ± 10 

Zn ppm 103 ± 5 

Zr ppm 118 ± 10 
aAll ICP-OES errors are reported as 1SE of repeat samples (n = 3) or where larger, the 

detection limit of the analysis. Data tables presented in Appendix I. 
*Total iron as Fe2O3. 

 

The mineralogy of the corestone parent material shows little variability (Table 4.1) 

and the Winchester-Floyd diagram indicates that the original lithology was of basaltic 

composition (Figure 4.1). However, with albite and epidote present in the mineralogy, 

it is evident the rock has been metamorphosed to an albite-epidote hornfels. The 

bedrock possesses ~50 wt % SiO2 (Table 4.1), but no quartz (Table 4.2). The rock has 

a porphyritic texture with large phenocrysts of pyroxene (mostly augite) that measure 

~1034 ± 89 µm, and feldspars (mostly albite) that measure ~663 ± 56 µm along the 

long axis, which can be seen with the naked eye (Figure 2.9). The unweathered rock 

has a porosity of 0-2 vol %.  

The large feldspar grains are mostly albite, with some anorthite and orthoclase (Figure 

4.2). The albite phenocrysts sometimes display sericitisation to illite, however illite 

more commonly occurs in the groundmass (Figure 4.3), which is composed mostly of 

epidote grains (181 ± 13 µm) embedded within microcrystalline chlorite. Sphene 

occurs as small grains within the groundmass, often lining the edges of grains. Pyrite 

occurs very infrequently within the parent rock 0.2 ± 0.2 vol % (Table 4.2). 
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Figure 4.2. False colour BSE image showing the presence of mixed feldspar (red) within albite grains. 

 

 

Figure 4.3. False colour BSE image showing sercitisation of feldspar phenocrysts (dark grey) to illite 

(orange), however the majority of illite is present in the matrix. 
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Table 4.2. Weathered and unweathered mineralogy of the Bisley 3 sample. 

a Determined using X-ray phase analysis. Data table presented in Appendix J. 
b Determined by point counting as described in Section 2.4.  
c Taken from Deer et al. (1997) 
d Determined from microprobe analysis.  

* Errors represent 1SE of the mean (n= 5 for mineral abundance; n= 100 for mineral diameter).  

            

Mineral 

Mean volume of 

mineral in parent 

rocka* 

Diameter  

of mineral 

(D)b* 

Mean volume of  

mineral in outer 

rindleta* 

Mineral 

specific  

density 

(ρm)c* Mineral Formulad*   

vol% µm vol%  (g cm-3)   

Albite 31.6 ± 0.6 663 ± 56 32.1 ± 5.6 2.6b (Na0.91,Ca0.04,Fe2+
0.01,Mg0.01K0.05)[Si2.96Al1.01O7.97] 

Pyroxene 23.6 ± 5.0 1034 ± 89 3.1 ± 1.3 3.4b (Fe2+
0.171,Mn0.01,Mg0.28,Ca0.50,Na0.04)(Ti0.01,Al0.20,Fe2+

0.30,Mg0.49)(Si1.93,Al0.07)O6 

Chlorite 18.1 ± 1.7 14a 0.0 ± 0 3.0b  (Mg4.32,Ca0.10,Mn0.06,Fe2+
3.66,Fe3+

0.40,K0.14Na0.12,Al2.76,)[(Si5.98,Al2.02)O20]OH16  

Mixed feldspar 10.4 ± 3.1 86 ± 5 1.5 ± 1.1 2.8b (Na0.42,Ca0.19,Fe2+
0.02,Mg0.01K0.11)[Si3.06Al1.20O8.39] 

Epidote 7.6 ± 0.4 181 ± 13 0.0 ± 0.0 3.4b Ca2.13Fe3+
0.82Al2.26Si3.12 O12(OH) 

Illite 4.3 ± 1.5   0.1 ± 0.1 2.8b   

Sphene 4.1 ± 0.5   3.7 ± 0.6 3.5b   

Pyrite 0.2 ± 0.2 35 ±1  0.0 ± 0.0 5.0b   

Porosity 0.1 ± 0.1   7.9 ± 2.7 0.0   

Quartz 0.0   8.0 ± 2.1 2.7b   

Kaolinite 0.0   31.7 ± 5.5 2.7b   

Apatite 0.0   0.0 ± 0.0 3.3b   

Fe-Oxide 0.0   12 ± 1.0 4.3b   
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4.2.2 Weathered mineralogy and profiles 

SEM observations and the mineralogical profiles (Figures 4.5 and 4.6) indicate that 

little to no weathering has occurred in the corestone of the Bisley 3 sample. CIA values 

for the Bisley 3 transect support this, remaining markedly low up to the corestone to 

inner-rindlet interface (~60 mm to ~ 28 mm), with a CIA value of ~53 (Figure 4.9A). 

There is then an increase within the inner rindlet to a CIA value of 58 and another 

increase in the outer rindlet to a CIA value of 64, indicating progressive increases in 

the degree of weathering from the inner rindlet to the outer rindlet. This observation is 

noted in many examples of spheroidal weathering (e.g., Buss et al., 2008; Ollier, 1967; 

Patino et al., 2003), where even if weathering has occurred to a high degree within the 

rindlets, there is a clear boundary at the corestone-inner rindlet interface, with little 

weathering in the corestone (Ollier, 1971).  

Within both rindlets, there is no clear single direction in which the weathering front 

propagates, particularly within the inner-rindlet where small clasts of relatively 

unweathered material are evident with the naked eye (Figure 2.9). As a result, a bulk 

analysis approach was necessary, whereby five areas within each rindlet were 

averaged. This means that the spatial resolution of the data decreases over the rindlets.  

Due to the decrease in spatial resolution from the corestone to the inner and outer 

rindlets, it is difficult to establish an order of mineral weathering. Pyroxene shows a 

gradual loss over the most of the transect (Figure 4.5B), decreasing from ~24 vol% in 

the corestone to ~3 vol% in the outer rindlet. Chlorite, epidote and illite (Figures 4.5C, 

4.5D and 4.5E) all display similar profiles to each other, dissolving substantially at the 

corestone inner-rindlet interface. Chlorite has a loss of ~21 vol% over this interface, 

with total depletion in the outer-rindlet. Epidote decreases from ~11 vol% in the 

corestone to ~1 vol% in the inner rindlet with total depletion in the outer-rindlet. Illite 

decreases from ~6 vol% in the corestone to 0.6 vol% in the inner rindlet and 0.1 vol% 

in the outer rindlet, although with large uncertainties related to illite’s heterogeneous 

distribution. Orthoclase and anorthite (grouped here as mixed feldspar) may be 

partially lost over the weathering profile, however, uncertainties associated with 

heterogeneous distribution are of similar magnitude to the apparent losses. 

Sphene, a titanium-bearing mineral, is conserved within the weathering profile, 

consistent with the immobility commonly attributed to Ti during weathering 
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(Babechuk et al., 2014; Hill et al., 2000; Hutton, 1977; Sudom and St. Arnaud, 1971). 

Albite is also conserved within the entire corestone-rindlet complex. 

Kaolinite is not found in the corestone but is present within the inner rindlet at ~23 

vol% which increases to 32 vol% in the outer rindlet. Interestingly, all data points plot 

above the line of kaolinisation in an SAF plot (Figure 4.4), reflecting the high 

sensitivity of the X-ray phase analysis method. It is also the case that SiO2 is conserved 

in the Bisley system as evidenced by the grey data points for the regolith, which is 

comprised of 20-60 wt% kaolinite.  Fe-oxides are also not present in the corestone but 

show abundances of ~12 vol% in both the inner and outer rindlets. There is no 

occurrence of quartz in the unweathered parent material, however residual SiO2 from 

the weathering of other minerals is conserved within the rindlets, showing a similar 

composition of ~8 vol%. Pyrite is not found within the rindlets and only very 

infrequently within the parent material and there are no Mn-oxides found throughought 

the entire weathering profile. As a result, pyrite and Mn-oxides will not be discussed 

further. 

 

Figure 4.4. Mass SiO2–Al2O3–Fe2O3 (SAF) ternary plots showing the different degrees of weathering 

if loss of SiO2 occurs. Red data points = Bisley 3 samples determined by ICP-OES (Appendix I); Grey 

data points = Bisley regolith samples for reference (Taken from Buss et al., 2017). The boundaries for 

kaolinitisation and lateritization are calculated from the Bisley 3 parent material following Babechuk et 

al. (2014).   
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Figure 4.5. Mineral abundance profiles for the Bisley 3 sample. A = albite; B = pyroxene; C = epidote; 

d = chlorite; E = illite; F = mixed plagioclase. Mineral abundances determined by X-ray phase analysis. 

Errors represent one standard error of the mean (n= 5) and give an indication to the heterogeneity of the 

rock. Data tables presented in Appendix J. The hatched box indicates the parent mineral plus and minus 

1SE. 
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Figure 4.6. Mineral abundance profiles for the Bisley 3 sample. A = sphene; B = quartz; C = kaolinite; 

d = Fe oxides. Mineral abundances determined by X-ray phase analysis. Errors represent one standard 

error of the mean (n= 5) and give an indication to the heterogeneity of the rock. Data tables presented 

in Appendix J. The hatched box indicates the parent mineral plus and minus 1SE. 

 

4.2.3 Major element profiles 

ICP-OES data is presented here to support the elemental profiles determined via X-ray 

elemental mapping. The ICP-OES results (data presented in Appendix I) agree well 

with the X-ray elemental map data (data presented in Appendix K). However, as ICP-

OES sampling cannot be conducted on the same resolution as X-ray mapping, only the 

X-ray mapping data will be discussed with regard to τ. Calculations of volumetric 

strain for Si, Al and Ti (Figure 4.7), suggests that all three elements are immobile 

within the weathering profile. Ti was therefore chosen as the immobile element to 

calculate the mass transfer coefficient (τTi,j) via Equation 2.2, as it is a commonly used 
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as the immobile element for mass transfer calculations (e.g., Babechuk et al., 2014; 

Maclean et al., 1997; Sak et al., 2004) and because we observed the main Ti-bearing 

mineral (sphene) to be conserved across the weathering profile (Figure 4.6A). 
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Figure 4.7. Variation in volumetric strain throughought the weathering profile of the Bisley 3 sample, 

where values closer to zero indicates lower mobility of the element. 

 

Si and Al show no losses or gains throughout the corestone (Figures 4.8A and 4.8B) 

and then an increase relative to the parent material of 25% and 18% within the rindlets, 

respectively (Ti,Si = 0.25; Ti,Al = 0.18). Fe is also conserved throughout the corestone 

and shows successive increases within each rindlet (Figure 4.9B) with a final net 

increase of ~45 % (Ti,Fe = 0.44). Ca and K show consistent proportions throughout the 

corestone (Figures 4.9D and 4.9F), with initial losses at the corestone-rindlet interface 

and 36 % and 40% losses, respectively (Ti,Ca = -0.36; Ti,K = -0.40) in the outer rindlet. 

Na shows no significant depletion over the weathering profile, consistent with our 

observation that albite (the primary Na-bearing mineral) is conserved within the 

weathering profile. Overall, losses of all minerals only occur within the rindlets of the 

weathering profile. 
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Figure 4.8. Mass transfer (τ) profiles of the Bisley 3 samples. Element j normalised to Ti (τTi,j), where: 

0 = no change in net mass; -1 = total depletion; >0 = enrichment. Line plots represent elemental X-ray 

data (data tables presented in Appendix K) and scatter plots represent ICP-OES data (data tables in 

Appendix I). 
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Figure 4.9. CIA and mass transfer (τ) profiles of the Bisley 3 samples. Where CIA: values <50 is 

unweathered, with increasing weathering >50 and a maximum of 100. Element j normalised to Ti (τTi,j), 

where: 0 = no change in net mass; -1 = total depletion; >0 = enrichment. The dotted line in each plot 

represents the tau value of the unweathered parent rock. Note differing tau scales. Line plots represent 

elemental X-ray data (data tables in Appendix K) and scatter plots represent ICP-OES data (data tables 

in Appendix I). 
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4.2.4 Porosity development and density changes 

Porosity, determined by X-ray phase analysis, increases from 0 vol% to ~ 5 vol% in 

the corestone followed by a rise within the rindlets to 8 ± 5 vol% in the outer rindlet 

(Figure 4.10). It is important to note that there are also microfractures at the corestone-

rindlet interface and rindlet-rindlet interface, that are not resolved in the porosity data 

shown in Figure 4.10 but shown in Figure 4.11. Porosity near the edge of the corestone 

is dominated by fractures measuring ~30 µm in aperture (Figure 4.11). SEM 

observations indicate that the initial small increases in porosity within the corestone 

are related to weathering within pyroxene grains, occurring predominantly along pre-

existing fractures (Figure 4.12).  

Within the rindlets, the fractures associated with weathering pyroxenes are coated in 

Fe(III)-(hydr)oxides (Figure 4.13), which were not observed in the corestone 

pyroxenes (Figure 4.12). The fractures and Fe(III)-(hydr)oxides extend along crystal 

grain boundaries (Figure 4.13A) or cut across grains, extending into other minerals 

(Figure 4.13B). 
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Figure 4.10. Porosity and density of the Bisley 3 sample. Bottom x axis: density ratio (unitless) 

calculated by dividing the density of unweathered rock by the density of weathered rock as a function 

of distance from the fracture surface, whereby values of 1 = no change in density; >1 = decrease in 

density; <1 = increase in density. Rock densities determined via mineral densities (Table 4.2) and 

mineral volumes (data tables in Appendix J). Top x axis: Open porosity (vol %) determined via modal 

X-ray phase analysis as a function of distance from the fracture surface. Shaded area represents 

uncertainty at the 1SE level (n = 5) and is propagated through all calculations. 
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Figure 4.11. BSE image of the edge of the Bisley 3 corestone, with increased fracturing, compared to 

the unweathered parent material (right of picture). 

 

Figure 4.12. BSE image of a pyroxene phenocryst within the Bisley 3 corestone, displaying evidence 

of fractures and porosity. 
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Figure 4.13. Fractured pyroxene crystals within rindlets of the Bisley 3 sample, showing secondary Fe-

oxides precipitated in the fractures A) with fractures through the crystal and around its edge and B) 

fractures through the crystal. 
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4.2.5 Oxidation of Fe within pyroxene grains 

Fe fluorescence maps of two pyroxene grains from the Bisley 3 corestone were 

produced at indicative energies of Fe(II) and Fe(III) (plus total fluorescence, as 

described in Section 2.7.1) at successive spatial points with a 1 µm spot size. Following 

normalisation to the beam energy, a ratio of these energies was then used to produce 

qualitative maps of Fe(II) versus Fe(III) of two pyroxene grains (Figure 4.14A and 

4.14B). The µXRF maps indicate that the iron in the unweathered pyroxene grains is 

almost entirely Fe(II), consistent with the charge balance of the microprobe-

determined mineral formulas (Table 4.2). However, within the fractures and at the 

boundaries of the pyroxene crystals, there is a clear increase in the concentration of 

Fe(III). This is not observed in the SEM images of the unweathered pyroxenes in the 

corestone (Figure 4.12) and should not be confused with the Fe-oxide precipitates, 

which were only observed within the rindlets (Figure 4.13A and Figure 4.13B). 
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Figure 4.14. X-ray fluorescence maps, showing qualitative proportions of Fe(III) and Fe(II) content in 

pyroxene crystals with the corestone of the Bisley 3 sample. A) Shows increases in Fe(III) around the 

edges of the grains with some in the cracks; B) Shows Multiple fractures with Fe(III) inside. 
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4.3 Discussion 

4.3.1 Comparison of the blocky and spheroidal weathering 

B1W1 rocks weather in a non-spheroidal, blocky style (Appendix A) and the Bisley 3 

rocks weather spheroidally. Being from the same lithological unit and exposed to the 

same climatic conditions, provide an opportunity to make direct comparisons to 

investigate the cause of spheroidal weathering (Table 4.3). The two samples can also 

be compared to the bedrock in the neighbouring Rio Icacos watershed, a spheroidally 

weathering granitic rock (tonalite) (Buss et al., 2008).  

 

Table 4.3 Comparison of bedrock parameters for spheroidally 

weathering and non-spheroidally weathering bedrock. 

  B1W1 Bisley 3 Rio Icacosa 

Spheroidal weathering X ✓ ✓ 

Pyrite ✓ X X 

Biotite X X ✓ 

Fe(II)-Inosilicate grain size (µm)b  74 ± 8 1034 ± 89 900-1000 

Fe(II)-Inosilicate vol%b 7.2 ± 1.1 24 ± 5 5 

Plagioclase grain size (µm) 126 ± 15 31.6 ± 0.6 200-1000 

Plagioclase vol% 35.2 ± 0.7 42.0 ± 8.1 50 

Quartz vol% 11 0 20 

R0   c 0.07 0.04 0.017d  
 

a Data taken from Buss et al. (2008) 

b Fe(II) bearing inosilicate, either pyroxene or hornblende. 
c R0 is the capacity of the parent rock to consume O2, calculated using Equation 2.11. 
d Typical value for a granite (Brantley et al., 2014) 

 

Ollier (1967) proposed that for spheroidal fracturing to occur, it is necessary for there 

to be a large abundance of quartz, so as to retain the structure of the rindlets whilst 

other minerals weather out. When comparing the Bisley 3 and the B1W1 parent 
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material, we find that there is no quartz in Bisley 3 and 11 vol% in B1W1 (Table 4.3). 

Therefore, although the presence of quartz may contribute to spheroidal weathering in 

some instances, it can’t be the dominant cause of the fracturing in the Bisley 3 

watershed.  

Ferry (1984) posed that a higher modal abundance of feldspar increases the likelihood 

of fracturing, whereby the weathering of feldspar to clay results in an increase in 

volume. As both Bisley samples contain similar proportions of feldspar, it is also 

unlikely that this is the cause of spheroidal weathering in the Bisley watershed.  

Previous work has suggested that a larger modal abundance of biotite increases the 

likelihood of cracking (Le Pera et al., 2000), either due to formation of hydrobiotite 

(e.g., Eggler et al., 1969) or via the oxidation of Fe(II) within the biotite grains causing 

an increase in the d(001) spacing of the biotite by 0.5 Å (Buss et al., 2008). The latter 

mechanism was previously suggested for the Rio Icacos granite (Buss et al., 2008), 

however, neither of the Bisley samples contain biotite.  

Fletcher et al. (2006) proposed the oxidation of Fe(II) from inosilicates to produce a 

larger volume Fe(III)-oxide precipitate, as a possible mechanism for spheroidal 

weathering within the Rio Icacos granitic bedrock. Fletcher et al. (2006) modelled the 

oxidation of Fe(II) in the corestone hornblende to Fe(III), with the increase in volume 

leading to a build-up of strain until the corestone fractures, producing a rindlet. The 

association of Fe-oxide and fractures noted in our samples (Figure 4.11) is consistent 

with this hypothesis.  

The relative abundance of Fe(II)-inosilicate minerals could explain why the Bisley 3 

sample weathers spheroidally yet the B1W1 sample from the same lithological unit 

weathers in a blocky style. Despite containing no hornblende, the Bisley 3 rock does 

contain another Fe(II)-bearing inosilicate, pyroxene. The Bisley 3 sample shows a 3-

fold greater abundance of pyroxene compared to the B1W1 sample and a ~14-fold 

higher grain size (Table 4.3). Additionally, pyrite is the first mineral to dissolve and 

create pore space in the Bisley 1 watershed (Moore et al., 2015) which could provide 

space for neighbouring minerals to expand into whilst weathering; this would reduce 

the internal stresses within the rock, making stress fractures less likely to occur. In 

contrast, the Bisley 3 bedrock contains little to no pyrite. 
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If chemically induced fracturing in the Bisley 3 rocks is a result of the oxidative 

weathering of pyroxene, O2 would need to be able to infiltrate deep into the rock, 

through the thick rindlets. As a result, the parent rock’s ability to consume O2 would 

need to be low. The R0 value for the spheroidally weathered Bisley 3 parent rock is 

lower than that for the B1W1 parent rock (0.04 and 0.07, respectively). Interestingly, 

the R0 value tends to be higher, at around 0.017, for granites (Brantley et al., 2014), 

due to their less mafic assemblage. Lower R0 values for granites and therefore a greater 

potential for O2 to infiltrate deeper could explain the observations by Ollier (1971), 

that granites tend to form thicker rindlets than basalts. To further evaluate the oxidation 

of pyroxene as the cause of spheroidal weathering in the Bisley 3 rocks, we determined 

the reaction mechanism, that is, the order of specific chemical reactions and their 

relationship to porosity development within the rock. 

 

4.3.2 Weathering mechanisms 

Pyroxene is the first mineral observed to weather (Section 4.2.2) and Fe(II) in the 

mineral (determined from Figure 4.14 and charge balance of mineral formulas, Table 

4.2) is oxidised at the surface of crystals and within crystal fractures (Section 4.2.5). 

Siever and Woodford (1979) examined the effects of oxygen content on the dissolution 

rate of hypersthene (orthopyroxene), which they inferred from the reactive fluid 

chemistry (at pH 4.5). They concluded that the presence of oxygen resulted in the 

precipitation of Fe-oxides on the surface of the crystals, protecting the mineral and 

decreasing the mineral dissolution rate. The same conclusions were also reached in an 

X-ray photoelectron spectroscopy (XPS) study at pH 6 (Schott and Berner, 1983,1985) 

of bronzite (orthopyroxene). 

White et al. (1985) experimentally investigated surface oxidation reactions of augite 

(clinopyroxene), reporting no loss of Fe at the mineral surface (> pH 6) using XPS and 

concurred with Siever and Woodford (1979), that surface Fe is dominated by Fe(III). 

With experiment durations over month-long periods, White et al. (1985) noted linear 

release rates of Si, K, Ca and Mg. Initially Fe2+ in solution increased rapidly, then 

decreased as Fe-oxides precipitated out of solution. The presence of an oxygenated 

atmosphere accelerated the rate of removal of Fe2+ from solution. They also found 

evidence for a surface-solution redox mechanism, where Fe3+ in solution is reduced by 

Fe(II) on the mineral surface: 
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[𝐹𝑒2+, 1/𝑧𝑀𝑧+]𝑠𝑢𝑟𝑓𝑎𝑐𝑒 + 𝐹𝑒3+∗ → [𝐹𝑒3+]𝑠𝑢𝑟𝑓𝑎𝑐𝑒 + 𝐹𝑒2+∗ + 1/𝑧𝑀𝑧+ 

Equation 4.1 

Where the “surface” subscript = mineral surface of Fe; *= Fe conserved in solution; 

M = cation; Z = charge of cation M. This mechanism is not to be confused with an ion 

exchange reaction, as the two different Fe atoms are conserved in their original phase. 

To maintain charge balance in the mineral, the oxidation of the surface Fe results in 

the release of a lattice cation. Because the surface layer is dominated by Fe(III), the 

Fe(II)surface that is accessed must come from several to tens of angstroms deep (White 

et al., 1985). Hydrolysis of the surface may also occur either simultaneously or 

subsequently: 

[𝐹𝑒2+, 1/𝑧𝑀𝑧+]𝑠𝑢𝑟𝑓𝑎𝑐𝑒 + 3𝐻+ → [3𝐻+]𝑠𝑢𝑟𝑓𝑎𝑐𝑒 + 𝐹𝑒2+∗ + 1/𝑧𝑀𝑧+ 

Equation 4.2 

Therefore, cations can be released from the pyroxene either by hydrolysis (uptake of 

protons at the surface) or by the oxidation of Fe(II) at the surface with no change in 

pH required. By adding ferric chloride to the reactive solution, White et al. (1985) 

found that the release rate of Ca from the mineral was increased, whilst the pH 

remained constant, indicating that the oxidation mechanism (Equation 4.1) dominated 

over the hydrolysis mechanism (Equation 4.2). Interestingly, for pre-weathered augite 

they found that the oxidation mechanism occurred before the hydrolysis mechanism, 

but that they occurred concurrently with fresh minerals.  

Several other authors have found that oxic conditions increase the dissolution rate of 

inosilicates (e.g., Brantley et al., 1993; Zhang et al., 1990) consistent with the data 

presented here, showing a clear oxidised layer at the surface of the pyroxene grains 

(Figure 4.14) and losses of Ca and K in the τ profiles (Figure 4.9D and 4.9F). Brantley 

and Chen (1995) point out that the bronzite studies (Schott and Berner, 1983; 1985) 

used Ti(III)-citrate as a reductant to regulate low oxygen levels in the anoxic 

experiments, and that the citrate may have caused the difference in rates between the 

oxic and anoxic experiments. 

Fracturing of the rock enables advective flow of water into the rock to dissolve the 

pyroxene further via the carbonic acid dissolution mechanism, as well as other 

minerals that show clear losses in the corestone, i.e., chlorite and epidote (feldspar is 
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excluded due to the high uncertainty relating to its heterogeneous distribution in the 

rock). 

Figure 4.4 indicates that silica is not mobilised within the Bisley 3 profile (i.e., all data 

plot above the weakly laterized boundary), therefore pyroxene, epidote and chlorite 

would dissolve in the presence of carbonic acid and oxygen to kaolinite, for pyroxene 

via: 

(Fe2+
0.17,Mg0.28,Mn0.01,Ca0.50,Na0.04)(Ti0.01,Al0.20,Fe2+

0.30,Mg0.49)(Si1.93,Al0.07)O6 + 

1.88H2O + 3.40HCO3
-  0.47Fe2+ + 0.77Mg2+ + 0.01Mn2+ + 0.50Ca2+ + 

0.04Na2+ + 0.01TiO2 +  0.14Al2Si2O5(OH)4 + 1.65H4SiO4  + 3.42CO3
2-

 

Equation 4.3 

epidote via: 

Ca2.13Fe3+
0.82Al2.26Si3.12O12(OH) + 0.6H2O + 5.76HCO3

- 2.13Ca2+ + 0.82Fe3+ 

+ 1.13Al2Si2O5(OH)4 + 0.86H4SiO4 + 5.76CO3
2- 

Equation 4.4 

and chlorite via: 

(Mg4.32,Ca0.10,Mn0.06,Fe2+
3.66,Fe3+

0.40,K0.14Na0.12Al2.76)[(Si5.98,Al2.02)O20]OH16 + 

1.64HCO3
- 4.32Mg2+ + 0.10Ca2+ + 0.06Mn2+ + 3.66Fe2+ + 0.40Fe3+ + 0.14K+ 

+ 0.12Na+ + 2.39Al2Si2O5(OH)4 + 1.20H4SiO4 + 9.69H2O  + 1.64CO3
2- 

Equation 4.5 

Now that a mechanism coupling chemical and physical weathering has been identified, 

we next calculate mineral specific dissolution rates for the Bisley 3 bedrock. Following 

this, a comparison can be made to the B1W1 sample, to see what effect reaction-driven 

fracturing has on the dissolution rates of minerals. 

 

4.3.3 Weathering gradients and quantification of mineral weathering 

rates 

Normalised concentration gradients can be determined for key minerals (Equation 2.4 

and Figure 4.15). In a steady-state weathering profile, any gradient in a plot of depth 

versus mineralogical composition, normalised to the parent material, reflects either a 
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loss (in the case of a negative gradient) or a gain (in the case of a positive gradient) of 

the mineral of interest (Section 2.8.3). The gradients presented here (Figure 4.14 and 

Table 4.4) are solid-state mineralogical weathering gradients (bs in m kg mol-1) 

following the method of White (2002) (Section 1.8). It is important to note that the 

mineralogical gradients express total dissolution only (not incongruent dissolution) 

and changes in a mineral’s weathering gradient (bs) likely reflect changes in its 

weathering process (Buss et al., 2008). 

0.06

0.05

0.04

0.03

0.02

0.01

0.00

0.0 0.2 0.4 0.6 0.8 1.0 1.2 1.4 1.6 1.8 0.0 0.1 0.2 0.3 0.4

0.06

0.05

0.04

0.03

0.02

0.01

0.00

0.0 0.1 0.2

 

 

Pyroxene (mol kg
-1
)

D
is

ta
n

c
e

 f
ro

m
 c

la
s

t 
s

u
rf

a
c

e
 (

m
)

bs = 0.032 m kg mol-1

bs = 0.034 m kg mol-1

 

 

Epidote (mol kg
-1
)

B

C

A

bs = 0.049 m kg mol-1

 

 

Chlorite (mol kg
-1
)

D
is

ta
n

c
e

 f
ro

m
 c

la
s

t 
s

u
rf

a
c

e
 (

m
)

Figure 4.15. Weathering gradients (bs) for A: Pyroxene; B: Epidote and C: Chlorite in the Bisley 3 

sample. With depletions relative to the parent material seen as decreases. All three minerals show a 

linear trend for mineral dissolution. 

 

A weathering gradient could not be established for albite as it is conserved within the 

rock. In addition, no gradient was calculated for the mixed feldspars due to the large 
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uncertainties associated with their mineral abundance profile (Figure 4.5F). 

Weathering gradients were therefore calculated for 3 of the 5 most abundant minerals 

within the sample. The gradients in Figure 4.15B and 14.15C represent the transition 

from the corestone to the rindlet, where the majority of the minerals are lost. However, 

the gradient in Figure 14.15A represents the pyroxene loss over the entire profile, as 

supported by the µXRF data (Figure. 4.14) and mineral profile (Figure 4.5B). 

To then determine the mineral-specific dissolution rates from the mineralogical 

gradients, a time constraint must be used. Due to the close proximity of the B1W1 

sample location (Figure 2.1) and that they are from the same geological formation, it 

is reasonable to assume that they have been exposed to weathering for roughly the 

same period of time. Using the oldest weathering age of ~4.2 ± 0.3 kyrs from the B1W1 

profile (Section 3.3.4) (Moore et al., 2015), we can integrate the age over the observed 

weathering profile of the Bisley 3 sample and find a WARrind of ~14 ± 1 mm kyr-1. 

Using this WARrind, Equation 2.4, the normalised concentration gradients (Figure 

4.15) and the data provided in Tables 4.2 and 4.4, we calculate mineral specific 

dissolution rates for the three minerals in the Bisley 3 sample that show clear depletion 

profiles in normalised concentration (Figure 4.15) chlorite, epidote and pyroxene. 

 

Table 4.4. Variables required to calculate solid-state dissolution rates for three abundant Ca 

and/or Mg bearing minerals in Bisley 3. 

Mineral 

Mass fraction of 

mineral  

in weathering 

material (φ)a* 

Specific 

surface 

area (s)b* 

Weathering  

Gradient 

(bs)c* Rsd* Log R 

  

(g g-1)  (m2 g-1) (m kg mol-1) (mol m-2 s-1)   

Chlorite 0.18 ± 0.01 1.0 0.049 ± 0.004  5.0 × 10-14 ± 3.1 × 10-16 -13.30 

Epidote 0.09 ± 0.03 0.1 0.034 ± 0.007 2.1 × 10-12 ± 5.7 × 10-15 -11.67 

Pyroxene 0.27 ± 0.01 0.01 0.032 ± 0.006  4.3 × 10-12 ± 2.4 × 10-14 -11.36 
a Determined from mineral abundances and densities (Table 4.2).  
b Calculated using Equation 2.6 and mineral densities (Table 4.2).  
c Determined from the slope of the normalised concentration plots (Figure 4.15).  

d Calculated using Equation 2.4 the data in this table and Table 4.2. 

*All errors are one standard error of the mean and propagated fully through the calculation for Rs.  

 

The mineral specific dissolution rate for chlorite in the Bisley 3 spheroidally weathered 

rock is calculated as 5.02 x 10-14 mol m-2 s-2 (Log R = -13.30; Table 4.3; Equation 2.4). 

The deep CZ chlorite dissolution rate calculated for B1W1 is slower in the presence 

of pyrite (Log R = -14.07) but similar within the B1W1 rind (Log R = -13.61). As the 
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Bisley 3 sample was extracted from the shallow regolith at the surface, it is also 

interesting that the chlorite dissolution rate calculated in the Bisley regolith (Log R = 

-13.05; Buss et al., 2017) is also broadly similar.  The slight discrepancy in the 

dissolution rate calculated by the mineral gradient in the rind (this study) and that 

calculated by regolith Mg concentration gradients (Buss et al., 2017) lends further 

evidence to the loss of Mg from chlorite via incongruent dissolution (as hypothesised 

in Section 3.3.4); where the preferential release of Mg would not be detected in the 

mineral gradients. The chlorite dissolution rate calculated for the Bisley 3 sample is 

also roughly an order of magnitude slower than those experimentally determined at pH 

7.4 of log R = -12.55 by Gustafsson and Puigdomenech (2002). 

The mineral specific dissolution rate calculated for epidote in the Bisley 3 study is 2.1 

x 10-12 mol m-2 s-2 (Log R = -12.14; Table 4.4), more than an order of magnitude faster 

than those experimentally determined, Log R = -13.61 to -16.30 (Kalinowski et al., 

1998; Sverdrup, 1990). 

 The mineral specific dissolution rate for pyroxene in the Bisley 3 spheroidally 

weathered rock is calculated as 4.32 x 10-12 mol m-2 s-2 (Log R = -11.36; Table 4.4). 

This is nearly an order of magnitude faster than the dissolution rate of Log R = -12.2, 

calculated for an inosilicate (hornblende) in the spheroidally weathering granitic rock 

of the Rio Icacos, Puerto Rico (Buss et al., 2008), where hornblende was often noted 

to be unchanged in the rindlet whilst other minerals weathered out. The much faster 

rate for the Bisley 3 sample likely reflects the impact of reaction-induced fracturing 

within the Bisley 3 rock, via the mechanism discussed in Sections 4.3.1 and 4.3.2 

where pyroxene fracturing would increase infiltration of reactive fluids into the 

mineral grain and speed up its dissolution.  

 

4.4 Conclusions 

The volcaniclastic rock of the Bisley 3 sample undergoes spheroidal weathering, 

coupling physical and chemical processes. By using synchrotron based µXRF to 

examine the oxidation state of Fe within pyroxene grains we glean new insights into 

mechanisms that may couple physical and chemical weathering. By comparing the 

B1W1, the Bisley 3 sample and data from a spheroidally weathered granite (Rio 
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Icacos), we find that the key difference between spheroidally and non-spheroidally 

weathered rock, is the abundance and grain size of Fe(II)-bearing inosilicates.  

The µXRF data also supports the hypothesis that the likely cause of spheroidal 

weathering and creation of incipient pore space for this lithology, is a solid-solution 

redox coupling where Fe(II) is oxidised to Fe(III) at the surface of pyroxene grains and 

Fe3+ in solution is reduced to Fe2+, as posed by White et al. (1985). As the reaction 

progresses, Fe-oxides are precipitated within the incipient pore space resulting in a 

volume increase that would build up stress, leading to fracturing. This initial 

weathering mechanism is therefore an oxidation reaction. 

Once the mechanism of initial weathering was established we used mineralogical and 

elemental data to calculate dissolution rates of parent minerals within the spheroidally 

weathered rock of the Bisley 3 sample. Here we find that the vast majority of mass 

loss occurs over the corestone to inner-rindlet interface, at a mm-scale. By averaging 

the mineral dissolution rates only over this scale, we find that chlorite dissolves at a 

similar rate to other field determined rates and slower than experimental rates 

published in the literature. This finding suggests either incongruent dissolution, or 

inhibition of mineral weathering. Further work is therefore required to explain this 

discrepancy. For epidote and pyroxene we find that they exceed experimental and field 

determined rates by an order of magnitude, demonstrating the importance of choosing 

the correct scale to calculate mineral dissolution rates. 
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Chapter 5  
 

Variations in lithology and chemical weathering of 

a rhyolitic rock 
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5.1 Introduction 

Chapter 3 and Chapter 4 presented calculated mineral specific dissolution rates from 

natural data and determined oxidative weathering as the dominant reaction mechanism 

that initiates weathering. This is in contrast to most commonly assumed or traditionally 

determined weathering sequences, in which the rate of weathering is controlled by the 

dissolution of minerals via carbonic acid (e.g., Berner et al., 1983; Holland, 1978). 

However, this body of work so far has examined the feedback mechanisms between 

chemical weathering and porosity formation within only one rock formation, with only 

brief comparisons to other lithologies. To understand if these can be applied more 

broadly to the tropics, different lithologies within the tropics should be examined. By 

examining a rhyolitic rock type from an area called Gunhill on the island of Montserrat 

(see Section 2.2.2 for a field site description), we are able to investigate if weathering 

mechanisms change with lithology, whilst keeping climatic conditions relatively 

constant. Of key interest will be if the rock has a lower R0, as expected for a more 

felsic rock type, and how this impacts the weathering rates and mechanisms of the 

rock.  

We hypothesise that as the rock is more felsic, CO2-driven dissolution will be the 

dominant weathering mechanism within the rock, dissolving the feldspar via carbonic 

acid attack. Whereas, O2 driven dissolution will still be the dominant mechanism for 

pyroxene dissolution. 

 

5.2 Results 

5.2.1 Parent rock composition 

The Gunhill sample was taken from the NW coast of Montserrat, from the Centre Hills 

rock units (Section 2.2.2 and 2.3). To calculate the parent rock mineralogical and 

elemental abundances, five areas deepest inboard of the clast surface (2.8mm by 

2.1mm) at a depth of ~60 mm were selected for modal X-ray phase analysis, where 

SEM observations showed the least weathering had occurred. Mineral proportionality 

throughout the unweathered sections of the clast show some variability, particularly in 

the abundance of clinopyroxene, feldspar (contained in the groundmass) and apatite 

(Figure 5.6D, 5.6F, 5.7D and Table 5.2). The rock type is rhyolitic (Figure 5.1) with 
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an SiO2 content of ~70 wt% (Table 5.1), slightly higher than the 48-64 wt% SiO2 

previously reported from surface samples taken from the Centre Hill rock units of 

Montserrat (Harford et al., 2002). The unweathered rock has a porosity of 8.2 vol%, 

which is dominated by vesicles. The rock displays porphyritic texture with large 

phenocrysts of up to ~300 µm within a microcrystalline matrix of predominantly 

quartz, with some feldspar (named feldsparGM from here on).  

 

Figure 5.1. Winchester-Floyd plot of the original bedrock composition for the Gunhill sample. 

Increases in the Nb/Y ratio indicates increasing alkalinity in the parent magma, whilst the SiO2 content 

reflects differentiation within the magma body. Elemental analysis determined from ICP-OES data (data 

tables in Appendix L), where Nb is below detection limit it is entered at detection limit (10 ppm). 
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Table 5.1. Solid-state elemental composition for Gunhill parent material. 

Element Unit Valuea 

Al2O3 wt% 7.34 ± 0.06 

CaO wt% 0.51 ± 0.01 

Cr2O3 wt% <0.01 

Fe2O3
* wt% 10.20 ± 0.55 

K2O wt% 0.11 ± 0.01 

MgO wt% 0.59 ± 0.01 

MnO wt% 0.16 ± 0.01 

Na2O wt% 1.22 ± 0.04 

P2O5 wt% 0.13 ± 0.01 

SiO2 wt% 70.1 ± 0.9 

TiO2 wt% 0.81 ± 0.01 

Ba ppm 217 ± 10 

Nb ppm <10 

Sr ppm 150 ± 10 

Y ppm 14 ± 10 

Zn ppm 70 ± 5 

Zr ppm 139 ± 10 
aAll ICP-OES errors are reported as 1SE of repeat samples (n = 3) or where larger, the 
detection limit of the analysis. Data tables presented in Appendix L. 

*Total iron as Fe2O3. 

 

Quartz is the most abundant mineral in the parent rock. Quartz not only forms the 

majority of the microcrystalline matrix, but also some phenocrysts measuring 113 µm 

(SE ±13) on average. Alkali feldspars comprise the majority of the larger phenocrysts 

(herein named feldsparpheno), measuring 261 µm (SE ±51) along the long axis. The 

feldsparpheno grains are mixed, with an average composition of 66.1% albite, 18.2% 

orthoclase and 15.7% anorthite and display oscillatory zoning (Figure 5.2 and Figure 

5.4A). 
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Figure 5.2. False colour BSE image showing the kaolinisation (yellow) of oscillatory zoning 

within feldspar phenocrysts (grey). The large white crystals are ilmenite. 

 

The oscillatory zones within feldspar phenocrysts regularly display kaolinisation. 

Large phenocrysts of amphibole measuring 244 µm (SE ±82) are present, however 

these are less abundant in the rock than feldsparpheno, as reflected by the differences in 

their respective vol% abundances (Table 5.2). Smaller phenocrysts of orthopyroxene 

measuring 89 µm (SE ±82) occur commonly throughout the parent material, 

comprising the second most abundant parent mineral. Ilmenite has the lowest 

abundance of the parent minerals (2.3 vol%, SE ±0.3) and forms the smallest 

phenocrysts, measuring 165 µm (SE ±31). Accessory clinopyroxene and apatite occur 

in trace amounts within the rock.
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Table 5.2. Weathered and unweathered mineralogy of the Gunhill sample. 

 

a Determined using X-ray phase analysis. Data tables presented in Appendix M. 
b Determined by point counting as described in Section 2.4. 
c Taken from Deer et al. (1997) 
d Calculated using Equation 2.6 
e Determined from microprobe analysis. 

*Uncertainty represents 1SE (n= 5 for mineral abundance; n= 100 for mineral diameter)

Mineral 

Mean volume of 

mineral in parent 

rocka* 

Diameter  

of mineral 

(D)b* 

Mean volume of  

mineral in weathered 

rinda* 

Mineral 

specific  

density (ρm)c 

Mineral specific  

geometric surface area 

(s)d 

Mass fraction of 

mineral  

in weathering material 

(φ) Mineral Formulae   

vol% µm vol%  (g cm-3)  (m2 g-1) (g g-1) 
  

Quartz 32.5 ± 4.0 113 ± 13 42.5 ± 3.6 2.7   0.34 ± 0.06 SiO2 

Orthopyroxene 9.9 ± 2.0 89 ± 9 0.4 ± 0.4 3.6 0.1  0.13 ± 0.03 
(Mg0.98,Fe2+

0.73,Ca0.04,Na0.02,Mn0.01,Al0.21
)[Si2.01O6] 

Kaolinitepheno 21.9 ± 7.5  - 2.7   0.22 ± 0.04   

KaoliniteGM 10.2 ± 9.0    5.5 ± 1.7 2.7   0.10 ± 0.08   

Porosity 8.2 ± 2.8   22.0 ± 1.7 0.0       

Feldsparpheno 8.0 ± 4.8 261 ± 51 - 2.6  0.1 0.08 ± 0.05 
(K0.13,Na0.46,Ca0.12,Fe2+

0.11,Mg0.18)[Si2.74Al1.01O7.97] 

Amphibole 3.4 ± 3.1 244 ± 82 - 3.4 0.1  0.04 ± 0.04 (Na0.02Mg3.62Ca0.59Fe2+
2.62Mn0.04)[Si7.86Al0.27O22](OH)2 

Ilmenite 2.9 ± 0.3 165 ± 31 8.1 ± 1.8 3.5   0.05 ± 0.01 FeTiO3 

Jarosite 2.0 ± 1.8   7.6 ± 2.6 3.1   0.02 ± 0.00   

FeldsparGM 0.4 ± 0.3   - 2.6   0.02 ± 0.00   

Clinopyroxene 0.5 ± 0.5   - 3.4   -   

Apatite -   - 3.3   -   

Mn-Fe Oxide -   13.8 ± 2.6 3.7   -   
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5.2.2 Weathered mineralogy and profiles 

The Gunhill rock weathers in a blocky style similar to B1W1 (Chapter 3). The rock 

transitions through three colour changes as it weathers from the dark brown parent 

material, ultimately to an orange (Fe-rich) rind (Figure 5.3). The order in which the 

onset of mineral dissolution occurs can be estimated from the depth of each mineral’s 

weathering reaction front and SEM observations. The order of mineral dissolution 

from the parent material to the clast surface is: feldsparpheno ≈ feldsparGM > amphibole 

> orthopyroxene, with quartz and ilmenite being conserved across the profile, i.e., both 

profiles show increases relative to other minerals being lost (Figure 5.6A and Figure 

5.7A). In the case of quartz, this is particularly apparent when compared to the 

orthopyroxene profile, which shows inverse trends to quartz (Figure 5.6C). Losses of 

orthopyroxene alone however, cannot account for the relative gains in quartz. The 

conservative nature of quartz in the system results in it comprising the majority of the 

weathered profile (~80 vol% from ~30 mm from the clast surface). 

 

Figure 5.3. Gunhill sample showing clear changes in colour with increased weathering. Colour changes 

are marked by red, blue and orange lines for reference to mineralogical and elemental profiles. 
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Feldsparpheno is the first mineral observed to dissolve, where kaolinisation of specific 

oscillatory zones within the phenocrysts are found even within the parent material at 

the greatest distance from the clast surface (Figure 5.4A). The presence of kaolinite is 

contrary to the SAF plot (Figure 5.5) which indicates that all data points plot above 

the kaolinisation line. This observation highlights the sensitivity of the X-ray phase 

mapping method to small changes in mineralogy. The volume fraction of feldsparpheno 

(8 ± 5 vol% in the parent composition) increases up to 30 vol% from 70 mm to 50 mm 

inboard of the clast surface (Figure 5.6E). Depletion of feldsparpheno then occurs 

steadily over the weathering profile until total depletion is reached by 16 mm from the 

clast surface. FeldsparGM tracks a similar pattern of depletion to feldsparpheno, over the 

same spatial scale but with lower volumes (Figure 5.6F) increasing from 0.4 vol% to 

~6 vol% then with total depletion by 16 mm. The presence of kaoliniteGM throughout 

the entire weathering profile is attributed to the weathering of feldsparGM (Figure 5.7D) 

and suggests (similarly to feldsparpheno) that dissolution has occurred even within the 

least weathered material. The decrease in kaolinite abundance with decreasing 

distance, suggests that it is also being weathered out (Figure 5.7C and 5.7D). The initial 

increases in feldsparGM are associated with large uncertainties (Figure 5.6F), reflecting 

heterogeneous distribution of the mineral within the sample. Amphibole is completely 

dissolved from the rock within <14 mm of the deepest sample point (weathering front 

= 70 mm to 54 mm from the clast surface) (Figure 5.6B). Orthopyroxene maintains a 

similar abundance of ~9 vol%, until a marked depletion beginning at ~35 mm from 

the fracture surface, resulting in total depletion by 30 mm (Figure 5.6C). The profile 

for quartz (Figure 5.5A) shows a fairly consistent abundance between 30 and 40 vol% 

up until 50 mm from the fracture surface, where there is a linear increase until 30 mm, 

followed by a constant volume of >80 vol% (± 2.94) until the last 2.69 mm, where 

quartz drops to ~43 vol% (Figure 5.6A).  
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Figure 5.4. BSE image of feldspar kaolinisation, Gunhill. A: Kaolinisation of feldspar 

phenocrysts (feldsparpheno); B: Kaolinisation of feldspar groundmass (feldsparGM). 
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Figure 5.5. Mass SiO2–Al2O3–Fe2O3 (SAF) ternary plots showing the different degrees of weathering 

if SiO2 is lost from the system. Red data points = Gunhill samples determined by ICP-OES (data tables 

in Appendix L); The boundaries for kaolinitisation and lateritisation are calculated from the Gunhill 

parent material following Babechuk et al. (2014).   
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Figure 5.6. Mineral abundance profiles for the Gunhill sample. A = quartz; B = amphibole; C = 

orthopyroxene; D = clinopyroxene; E = Feldsparpheno; F = FeldsparGM. Hatched boxes indicate 

abundance in parent rock ±1SE (if present). Coloured lines represent changes in colour within the profile 

marked in Figure 5.3.  Mineral abundances determined by X-ray phase analysis. Uncertainties represent 

1SE (n= 5), with greater uncertainties representing more heterogeneous distribution of the mineral. Data 

table presented in Appendix M. 
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Figure 5.7. Mineral abundance profiles for the Gunhill sample. A = ilmenite; B = apatite; C = 

kaolinitepheno; D = kaoliniteGM; E = Jarosite; F = Mixed Mn-Fe oxides. Hatched boxes indicate 

abundance in parent rock ±1SE, except for apatite, which due to its heterogenous distribution is not 

found in the parent material. Coloured lines represent changes in colour within the sample marked in 

Figure 5.3.  Mineral abundances determined by X-ray phase analysis. Uncertainties represent one 

standard error of the mean (n= 5), with greater uncertainties representing more heterogeneous 

distribution of the mineral. Data table is presented in Appendix M. 
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Not all minerals show a loss near the clast surface. Ilmenite displays a consistent 

volume of ~3 vol% with small fluctuations until 5 mm from the clast surface, where 

an increase to 8 vol% occurs (Figure 5.7A). This apparent increase results from the 

preferential weathering of other minerals, leaving the remaining material relatively 

enriched in ilmenite. 

Some components of parent minerals are retained during chemical weathering and 

form secondary minerals. Kaolinite occurs as the weathering product of feldspar within 

the matrix (named hereafter as kaoliniteGM) and also as zones within the large feldspar 

phenocrysts (kaolinitepheno). Unexpectedly, for a secondary mineral in a weathering 

profile, the abundance of kaolinitepheno decreases from the parent material, up towards 

the clast surface, with a marked decrease at ~40 mm from the clast surface (Figure 

5.7C), representing kaolinite breakdown. The vol% of kaoliniteGM is high within the 

parent rock (Figure 5.7D), but with high variability. From ~40 to 0 mm from the 

fracture surface, the uncertainties are smaller and the profile displays a moderate 

enrichment. Jarosite shows a gradual enrichment throughout the profile except within 

the first band of discoloration (Figure 5.7E) and a slight positive excursion away from 

this trend at ~25 mm (Figure 5.7E). Mn-Fe oxides occur concurrently at a spatial 

resolution that can’t be separated and so are therefore not separated. Mn-Fe oxides 

show a moderate increase from ~35 mm and a large increase within the heavily 

oxidised rind (marked in orange; Figure 5.7F) to ~14 vol%. 

 

5.2.3 Major element profiles 

ICP-OES data is presented here to support the elemental profiles determined via X-ray 

elemental mapping. The ICP-OES results (data presented in Appendix L) agree well 

with the X-ray elemental map data (data presented in Appendix N). However, as ICP-

OES sampling cannot be conducted on the same resolution as X-ray mapping, only the 

X-ray mapping data will be discussed with regard to τ.   

Calculations of volumetric strain (Equation 2.5) for possible immobile elements 

returned average values of εSi = -0.2; εTi = -0.3 and εAl = -6.4 (Figure 5.8). Despite 

Si appearing to be immobile within the rock, when plotted with Ti as the immobile it 

clearly shows losses within the rind. Ti is also commonly used within the literature 

(e.g., Babechuk et al., 2014; Maclean et al., 1997; Sak et al., 2004) as an immobile 
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element and is therefore used here to calculate the mass transfer coefficient (Ti,j) 

(Equation 2.2).  

All CIA values (Equation 2.1; Figure 5.9A) for the Gunhill weathering profile are >50. 

However, as weathering increases, the CIA value decreases. This is contradictory to 

the CIA values presented in Chapters 3 and 4, and to those in the literature (where 100 

= entirely weathered). The reason for this reversal in the CIA profile is that Al, which 

is used as an immobile in Equation 2.1 is readily lost from the profile (Figure 5.9B). 

This is also supported by the high volumetric strain values for Al (Figure 5.8B).  
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Figure 5.8 Variation in volumetric strain throughought the weathering profile of the Gunhill sample. 

Where values closer to zero indicates lower mobility of the element. Coloured lines represent changes 

in colour within the sample marked in Figure 5.3. 

 

The (Ti,P) and (Ti,K) profiles (Figures 5.9E and 5.9F) show no clear depletions and 

with large uncertainties involved in each. These large uncertainties are reflective of 

heterogeneity in the rock. The profiles are therefore not used to draw any conclusions, 

except that the elements are not evenly distributed.  

Ca and Mg, which play an important role in the long-term sink of atmospheric CO2 

within the carbon cycle (Equation 1.5), show clear depletion profiles (Figures 5.9C 

and 5.9D). Ca undergoes losses of 92% in the deepest 15 mm from the clast surface 

(Ti,Ca = -0.92) with near total depletion by ~30 mm (Ti,Ca = -0.98).  Mg undergoes 
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similar losses, but shallower within the profile, resulting in near total depletion of Mg 

by 30 mm from the clast surface (Ti,Mg  =  -0.99). Na also displays initial losses in the 

deepest ~45 mm from the clast surface of around 80% (Ti,Na = -0.82; Figure 5.10D), 

notably within the first band of discoloration within the sample (Figure 5.3). However, 

no more Na is lost then in the remainder of the profile. Fe and S (Figure 5.10A and 

5.10B) show no patterns within the profile except a sharp increase in both within the 

oxidised rind (Figure 5.3), both also show an increase at ~32 mm from the clast 

surface. 
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Figure 5.9. CIA and mass transfer (τ) profiles of the Gunhill sample. Where CIA: values <50 is 

unweathered, with increasing weathering >50 and a maximum of 100. Tau profiles: element j 

normalised to Si (Si,j), where: 0 = no change in net mass; -1 = total depletion; >0 = enrichment. The 

dotted line in each plot represents the tau value of the unweathered parent rock. Coloured lines represent 

changes in colour within the sample marked in Figure 5.3. Note differing tau scales. Uncertainty is 

presented as one standard error (n = 5), with high uncertainty resulting from either very low wt%’s 

and/or heterogeneous distribution. Data table presented in Appendix N. 
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Figure 5.10. Mass transfer (τ) profiles for the Gunhill sample: element j normalised to Si (Si,j), where: 

0 = no change in net mass; -1 = total depletion; >0 = enrichment. The dotted line in each plot represents 

the tau value of the unweathered parent rock. Coloured lines represent changes in colour within the 

sample marked in Figure 5.3. Note differing tau scales. Uncertainty is presented as one standard error 

(n = 5), with high uncertainty resulting from either very low wt%’s and/or heterogeneous distribution.  

Data tables presented in Appendix N. 
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5.2.4 Porosity development and density changes 

Porosity, determined by X-ray phase analysis, increases steadily from ~40 mm from 

the clast surface reaching nearly 20 vol% at the clast surface (Figure 5.11), with the 

most abrupt increase from 0 to 5 mm from the clast surface (an increase of 14 vol%).  
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Figure 5.11. Porosity and density of the Gunhill sample. Bottom x axis: density ratio (unitless) 

calculated by dividing the density of unweathered rock by the density of weathered rock as a function 

of distance from the fracture surface, whereby values of 1 = no change in density; >1 = decrease in 

density; <1 = increase in density. Rock densities determined via mineral densities (Table 5.2) and 

mineral volumes (Figures 5.6 and 5.7). Top x axis: Porosity (vol %) determined via modal X-ray phase 

analysis as a function of distance from the fracture surface. Shaded areas represent uncertainty at the 

1SE level (n = 5) and is propagated through all calculations. 

 

 

Rock density was calculated using mineral density values taken from the literature and 

mineral volumes observed using X-ray phase analysis (Table 5.2). Density calculated 
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in this way gives an average value of 2.6 g cm-3 for the parent material. This low value 

of density reflects the porous nature of the rock. An average of the 5 samples furthest 

from the clast surface was used as the parent density. The mineral calculated density 

for the rind material is 1.97 g cm-3. The ratio of the parent material density to the 

weathered material density increases (value >1) with decreasing distance from the clast 

surface (Figure 5.11). 

 

5.3 Discussion 

5.3.1 Weathering mechanisms 

The oscillatory zoning of feldsparpheno originates from changing conditions within the 

magma, prior to lithification (e.g., Pearce and Kolisnik, 1990; Vance, 1962). The 

kaolinisation of select zones suggests that they are being preferentially dissolved 

compared to the core which remains intact (Figure 5.4A). As SEM observations 

indicate that both feldsparGM and feldsparpheno grains show signs of weathering 

throughout the profile, they are assumed to weather first. However, as no intact section 

of the feldsparGM can be found to determine its composition, the composition of the 

remaining feldspar (feldsparpheno) is used to write a balanced dissolution reaction in the 

presence of carbonic acid to kaolinite. Feldspar weathering to kaolinite and not to 

gibbsite within the weathering profile is supported by SEM observations (Figure 5.2) 

and the observation that all data plots above the ‘weakly laterized’ boundary in the 

SAF plot (Figure 5.5). Grouping feldsparGM and feldsparpheno is a slight simplification; 

however, as feldsparpheno has a much higher abundance than feldsparGM, this is justified 

and as such can be written: 

(K0.13,Na0.46,Ca0.12,Fe2+
0.11,Mg0.18)[Si2.74Al1.01O7.97] + 3.5H2O + 1.92H2CO3

2-  

0.13K+ + 0.46Na2+ + 0.12Ca2+ + 0.11Fe2+ + 0.18Mg2+ + 0.51Al2Si2O5(OH)4 + 

1.72H4SiO4 + 1.92HCO3
- 

Equation 5.1 

From the mineral abundance profiles (Figures 5.6 and 5.7), the next mineral that begins 

to show depletions is amphibole, which would weather to form kaolinite: 
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(Na0.02Mg3.62Ca0.59Fe2+
2.62Mn0.04)[Si7.86Al0.27O22](OH)2 + 7.58H2O + 13.72H2CO3

2- 

 0.02Na2+ + 3.62Mg2+ + 0.59Ca2+ + 2.62Fe2+ + 0.04Mn2+ + 

0.14Al2Si2O5(OH)4 + 7.58H4SiO4 + 13.72HCO3
-    

Equation 5.2 

Orthopyroxene then weathers by the same reaction mechanism: 

(Mg0.98,Fe2+
0.73,Ca0.04,Na0.02,Mn0.01,Al0.21)[Si2.01O6] + 2.16H2O + 3.32HCO3

-  

0.98Mg2+ + 0.73Fe2+ + 0.04Ca2+ 0.02Na2+ + 0.01Mn2+ + 0.01TiO2 + 0.1Al2Si2O5(OH)4 

+ 1.81H4SiO4  + 3.32CO3
-   

Equation 5.3 

CIA values for unweathered rock are normally <50 rising to a maximum of 100 for 

highly weathered material (Section 2.8.1). The Gunhill sample shows values >50 in 

the entire profile, suggesting weathering has occurred throughout. It also shows the 

inverse trend to what is normally expected (value rises with increased weathering), 

reflecting the loss of Al from the system (Figure 5.9B). However, clear depletions in 

both mineralogical profiles (Figure 5.6) and elemental profiles (Figures 5.9 and 5.10) 

as well as clear changes in colour within the sample (Figure 5.3), suggest weathering 

has occurred at least as deep as ~56 mm. 

Although long known to be associated with weathering (e.g., Clauss, 1900; Ross and 

Kerr, 1931), kaolinite can also form via hydrothermal alteration of feldspar (e.g., 

Rowan et al., 2003; Steiner, 1968). However, this process would likely affect the 

feldspar within the microcrystalline groundmass to a greater extent than the 

phenocrysts (Gifkins and Allen, 2001; Humphris and Thompson, 1978), which is the 

opposite to what is observed in the Gunhill profile, where microcrystalline plagioclase 

is still present (Figure 5.6F). A common low temperature hydrothermal feature is the 

alteration of pyroxene to chlorite (e.g., Mercier, 1976; Milton and Grasty, 1969) 

however no chloritised pyroxene is observed, lending further support to the lack of 

hydrothermal alteration.  

The kaolinitepheno mineral profile appears to show the inverse to what we would 

normally expect for a weathering mineral, by decreasing in abundance as the degree 

of weathering increases. However, the decrease in volume may in part represent a 

break-up of the larger kaolinitepheno making it indistinguishable from kaoliniteGM. 

Kaolinite is also weathered out from the system as reflected in the large losses noted 

in the τ profile for Al (Figure 5.9B).  
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As feldsparpheno is one of the primary sources of alkali and alkali earth metals within 

the rock, its dissolution throughout the entire profile (Figure 5.4 and 5.6E) suggests 

that the CO2-driven dissolution front (Section 1.6) has penetrated farther than the 

deepest sampling point. Given that the CO2-driven dissolution front has migrated 

through the parent material, it is surprising that feldsparpheno and feldsparGM have 

similar depletion profiles. As the groundmass will have a much higher surface area, it 

would be expected to weather out first, as seen in other weathering studies (e.g., Grant, 

1964; Mulyanto et al., 1999). One explanation could be that at a distance from the 

fracture surface > 50mm, the dissolution rate of the feldspar is not limited by reactive 

surface area, but by the removal of dissolved species and/or supply of carbonic acid, 

causing the dissolution rate to slow (as the reaction affinity decreases). 

The proportion of jarosite increases towards the clast surface. Jarosite is an oxidation 

product commonly found in association with acid mine drainage (e.g., Akcil and 

Koldas, 2006; Singer and Stumm, 1970) and volcanism (e.g., Fulignati et al., 2002; 

Johnston, 1977). The source of sulfide is unlikely to be high temperature hydrothermal 

alteration as previously discussed, but as it is only found within pore space suggests 

transport prior to precipitation. A likely explanation is that waters of hydrothermal 

origin, rich in sulfates are weathering the rock. Jones et al. (2011) report subsurface 

and runoff water samples from Montserrat (Belham Valley) with high concentrations 

of up to ~21 nM of SO4 but at surface temperatures of ~27oC. Therefore, waters of 

hydrothermal origin (rich in sulfur) could be weathering the rock, but are too low in 

temperature to hydrothermally alter the rock. 

Most interestingly, because jarosite is an oxidation product, its presence indicates oxic 

conditions. Therefore, the deepest occurrence of jarosite (~50 mm), likely represents 

the depth of the oxidative weathering front. Sulfur rich fluids may have penetrated 

deeper than this, but if there was not sufficient O2, then jarosite would not have 

precipitated. The common primary minerals (orthopyroxene and amphibole) have Fe 

in their structure in its reduced form, Fe(II), so the abundances of these Fe minerals 

likely control the propagation depth of the O2 weathering front (Section 1.6) (Brantley 

et al., 2014). Interestingly this 50 mm depth is also coincident with a visible change in 

colour of the rock (Figures 5.3 and 5.7E).  

Oxidative weathering has previously been linked to the creation of incipient porosity 

(e.g., Bazilevskaya et al., 2013; 2015; Brantley et al., 2014; Buss et al., 2008) and 
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porosity is only created at shallower depths (~35 mm from the clast surface) than that 

of the O2 front (50 mm, as determined by the jarosite profile) (Figure 5.11). Navarre‐

Sitchler et al. (2009) found that below a critical value of ~9 vol%, pores in a basalt 

clast were largely unconnected, with diffusion increasing above this threshold. This 

critical value appears to hold true for the Gunhill sample, where the increase in 

porosity >9 vol% at ~30 mm from the clast surface (Figure 5.11) is coincident with 

the total depletion of orthopyroxene (Figure 5.6C) and large losses of feldsparpheno 

(Figure 5.6E), in addition to the dramatic mass losses (τ) seen for Mg (Figure 5.9C). 

The oxidative weathering process occurring could be similar to that described for the 

Bisley 3 sample in section 4.3.2. Whereby pyroxene surface Fe(II) is oxidised to 

Fe(III) in a coupled solid-solute redox reaction, by Fe3+ in solution (which is then 

reduced). The change in charge of the mineral would result in a cation being ejected 

from its structure. Oxidative weathering of the Gunhill sample via this method is 

supported by the large losses of Mg which is lost concurrently with orthopyroxene, at 

roughly the same depth as the O2 front, as inferred from the jarosite profile. Further 

investigation (such as µXRF) is required however to examine the variable oxidation 

state of Fe across pyroxene grains in this sample.  

Despite the CO2 reaction front having penetrated deeper than the O2 front into the 

Gunhill rock (as evidenced by weathering of feldspar throughout), the depth of the O2 

front is still the primary control on chemical weathering. The increase in porosity 

(possibly micro-fracturing by Fe(II) oxidative expansion), would allow increased 

transport of reactive fluids into the rock. Greater dissolution of parent minerals can 

then occur, as transport and therefore reaction affinity of minerals to dissolve increase. 

In summary, CO2 drives weathering in the Gunhill sample as the initial reaction, yet 

O2-driven weathering plays a crucial role in creating pore space. As this is the opposite 

to what is observed with the rocks in Chapters 3 and 4, it is important to establish what 

effect this has on mineral dissolution rates.  

 

5.3.2 Weathering gradients and mineral dissolution rates 

The mechanism by which the Gunhill sample weathers affects the rate of parent 

mineral dissolution, as reflected in the normalised mineralogical gradients with depth 

(Section 2.8.3 and Figure 2.14).  In a steady-state weathering profile, any gradient in 

a plot of depth versus mineralogical composition, normalised to the parent material 
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(Equation 2.3), reflects either a loss (in the case of a negative gradient) or a gain (in 

the case of a positive gradient) of the mineral of interest. The gradients presented here 

(Table 5.3 and Figure 5.12) are solid-state mineralogical weathering gradients (bs in m 

kg mol-1) following the method of White (2002) and described in Section 2.8.3. It is 

important to note that the mineralogical gradients express total dissolution only (not 

incongruent dissolution) and changes in a mineral’s weathering gradient (bs) likely 

reflects changes in its weathering mechanism. 

 

Table 5.3. Variables required to calculate solid-state dissolution rates for three parent Ca, Mg 

and Na bearing minerals in the Gunhill sample. 

Mineral 

Mass fraction of mineral  

in weathering material 

(φ)a* 

Weathering  

Gradient 

(bs)b* Rsc* LogR 

  

(g g-1) (m kg mol-1) (mol m-2 s-1)   

Amphibole 0.04 ± 0.04 0.230 ± 0.067 2.46 × 10-14 ± 1.99 × 10-17 -13.61 

Orthopyroxene 0.13 ± 0.03 0.049 ± 0.012 3.44 × 10-15 ± 1.51 × 10-17 -14.46 

Feldsparpheno 0.08 ± 0.05 0.025 ± 0.009 2.32 × 10-14 ± 4.20 × 10-17 -13.63 

 

a Determined from mineral abundances and densities (Table 5.2).  
b Determined from the slope of the normalised concentration plots (Figure 5.12).  

c Calculated using Equation 2.4 the data in this table and Table 5.2. 

*All errors are 1SE and propagated fully through the calculation for Rs.  
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Figure 5.12. Weathering gradients (bs) for A: amphibole; B: orthopyroxene and C: feldsparpheno in the 

Gunhill sample. Depletions relative to the parent material seen as decreases with decreasing distance. 

All three minerals show a linear trend for mineral dissolution. Y axis units are in meters, so that the 

calculation of rs (Equation 2.4) can be more readily followed. Blue line represents the O2 driven 

dissolution front, determined from the jarosite profile). 

 

A weathering gradient could not be established for clinopyroxene or apatite as they 

show no clear pattern of loss. However, as they are both accessory minerals, this is not 

critical here. Weathering gradients were calculated for the three most abundant 

minerals (excluding quartz, which is conserved): amphibole, orthopyroxene and 

feldsparpheno (Figure 5.12, Table 5.3). The gradient for feldsparpheno and amphibole 

represent losses partially from the CO2 driven dissolution front (infiltrated through the 

whole of the profile) and partly within the O2 driven dissolution front (~50 mm, 

inferred from jarosite precipitation). Orthopyroxene represents losses only over the 

O2-reaction driven front.  
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To then determine the mineral-specific dissolution rates (Equation 2.4, Table 5.3) from 

the calculated gradients, a time constraint must be used. The closest (~1.2 km away) 

published emplacement age from the same volcanic complex as Gunhill is 663 ± 49 

kyr (Harford et al., 2002) (Figure 2.4). It is reasonable to assume that soon after it was 

erupted onto the Earth’s surface, weathering began, with cooling times negligible 

compared to the total age of deposition and exposure. By integrating this age over the 

entire weathering profile (Equation 2.15), inferred from feldspar weathering 

throughout (Figure 5.6E), we derive a WARrind of 0.09 ± 0.01 mm kyr-1.  

Using this WARrind, Equation 2.4 and the data provided in both Tables 5.2 and 5.3, we 

derive mineral dissolution rates for amphibole of 2.5 x 10-14 mol m-1 s-1 (log R= -

13.61); for orthopyroxene of 3.4 x 10-15 mol m-1 s-1 (log R= -14.46) and for feldsparpheno 

of 7.2 x 10-15 mol m-1 s-1 (log R= -13.63) (with the propagated uncertainties presented 

in Table 5.3). All three mineral specific dissolution rates are comparable with one 

another (within an order of magnitude), yet the two fastest rates are those that dissolve 

over the CO2-driven front (as well as the O2-driven front), supporting the hypothesis 

that CO2-driven dissolution drives weathering in the Gunhill parent material. The 

weathering gradient of feldsparpheno occurs over a longer distance than that of 

amphibole and pyroxene (i.e., feldspar has a shallower weathering front). Direct 

comparisons can be made with the spheroidal weathering profile studied by (Buss et 

al., 2008), on the Rio Blanco quartz diorite in Puerto Rico, who also found that 

plagioclase dissolved over the entire profile distance of 50 cm, whereas amphibole was 

entirely lost over just 7 cm within the area immediately surrounding the rindlet-

saprolite interface. The mineral dissolution rates Buss et al. (2008) calculated are 

similar for plagioclase (Log R = -13), but more than an order of magnitude slower for 

amphibole (Log R = -12.2).  

The WARrind used to calculate the dissolution rate of feldsparpheno is an 

underestimation, as the length (60 mm) that the exposure age (663 ± 49 kyr) is 

integrated over does not capture the dissolution of feldsparpheno within the whole 

profile. However, if we recalculate feldsparpheno with a WARrind calculated over a 

hypothetically longer profile (~80 mm), the difference is negligible, returning a 

dissolution rate of Log R = -13.51 (compared to Log R= -13.63, as calculated above).  
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5.4 Conclusions 

The andesitic rock of Gunhill, Montserrat has been found to weather with two distinct 

weathering fronts. The deepest front is the CO2 front, which extends further than the 

depth profile of this study (and so therefore cannot be determined). The CO2 front 

preferentially weathers plagioclase groundmass and oscillatory zones in plagioclase 

phenocrysts, leaving the remaining minerals seemingly unaltered. This results in the 

dissolution of plagioclase over a longer distance, resulting in a weathering rate of 4.20 

x 10-17 mol m-1 s-1. The second, shallower front, is the O2-reaction front, which extends 

to ~50 mm into the rock from the clast surface (as inferred from jarosite precipitation). 

Within the O2 reaction front, orthopyroxene weathers with a sharp gradient and a 

weathering rate of 3.44 x 10-15 mol m-1 s-1. Amphibole weathers over both the CO2 

reaction front and then the O2 reaction front at a rate of 2.46 x 10-14 mol m-1 s-1.  

Here we find the likely cause for the rapid dissolution of inosilicates (orthopyroxene 

and amphibole) within the O2-reaction front is a solid-solution redox mechanism 

whereby Fe(II) at the mineral surface is oxidised by Fe3+ in solution (which is reduced 

during the reaction). The change in oxidation state of the Fe(II) at the mineral surface 

forces the mineral to eject a cation to maintain charge balance, which is supported by 

losses in the Mg and τ profiles. However, to confirm this, further work would be 

needed such as µXRF mapping, as has been performed for the B1W1 and Bisley 3 

samples (Sections 3.2.6 and 4.2.5). Unlike Chapter 3 (B1W1) and Chapter 4 (Bisley 

3), analysis of the Gunhill profile indicates that the carbonic acid weathering 

mechanism is the incipient chemical weathering reaction to occur. However, major 

losses only occur within the oxic weathering zone, suggesting that available O2 is still 

the driving factor of the chemical weathering rates. 
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Chapter 6  
 

Perturbations to the chemical weathering processes 

of the Bisley volcaniclastic rock 
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6.1 Introduction 

The purpose of this chapter is to utilise a reactive transport model (RTM) with a 

simplified mineralogy of the B1W1 bedrock to answer questions relating to research 

Objective III (Section 1.12) examining how perturbations to reactants and variations 

in mineralogy can affect the rate of chemical weathering. This model will allow testing 

of the hypothesis posed in Chapters 3, 4 and 5, namely that O2 concentration controls 

the creation of incipient porosity and to some extent the depth of mineral weathering 

fronts. By modelling changes in pyrite abundance, O2 and CO2 partial pressures, we 

can assess what effect these have on reaction front depths and weathering rates. 

Modelling increases in CO2 will also allow predictions to be made about the effect on 

deep weathering of future environmental forcings such as rising atmospheric CO2 

levels.  

We hypothesise that higher proportions of pyrite in the bedrock lead to faster 

weathering rates due to the lowering of pH (Equation 1.7) and subsequent proton attack 

of other mineral surfaces. In addition, we propose that the weathering rate will increase 

with increasing pore gas O2 content, as O2 concentration is thought to be the rate-

limiting step for the oxidation of pyrite and weathering of the bedrock (Section 3.3.1).  

Whilst the previous chapters have identified some of the processes that can govern the 

rates of chemical weathering (e.g., pyrite content, O2 content), it is difficult to enforce 

perturbation on a natural environment to assess their effect, and impossible to do this 

on a geological timescale. A powerful tool to overcome these limitations is RTM. 

RTM’s allow for one parameter to be varied whilst the rest of the system is constrained. 

By modelling perturbations in individual forcings, such as CO2 content, predictions 

can be made as to how chemical weathering rates might change in the future. We have 

also found in Chapters 3, 4 and 5, that the balance between the O2 front and the CO2 

front plays a crucial role in the depth of individual mineral reaction fronts and can 

explore these further using RTM. 

Chapter 6 utilises a reactive transport code called CrunchFlow, to model the evolution 

of the weathering profile of the B1W1 sample for its ~4000 yr weathering exposure 

age (Table 3.5). After accurately modelling the existing mineralogical profiles 

(Section 3.2.2), key factors such as pore gas pO2 and pCO2, plus pyrite abundance can 

be varied and the effect examined. Most importantly, by varying these constraints the 
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rate limiting step for the onset of weathering in the Bisley watershed can be 

established. 

6.2 Model domain and boundary constraints 

This section is placed here instead of the methods chapter (Chapter 2), as it utilises 

much of the data gathered from Chapter 3 to constrain the system. It also enables easier 

reference for examining the model output and consequently the choices of boundaries 

and constraints. Data from Chapter 3 that is used here is also reproduced in Table 6.1 

for ease of reference.  

The model domain is a one-dimensional 60 mm column of parent rock, consisting of 

60 nodes spaced at 1 mm increments. A Dirichlet boundary is applied for the 

groundwater condition to allow it to equilibrate with gas in the regolith pore space. A 

flux boundary is applied to the base of the simulated profile (i.e., 60 mm into the rock), 

as the model is examining weathering within bedrock. Therefore, there is no clearly 

defined bottom boundary. Model simulations were run for 4 kyr as per the oldest 

weathering age calculated for the B1W1 sample (Table 3.5), so that the accuracy of 

the model can be directly compared to the data. 

Porosity was input to the model as open porosity (not effective porosity), as this has 

been found to provide better prediction of diffusion into basalt and granite (Lever et 

al., 1985; Navarre‐Sitchler et al., 2009). Initial porosity, calculated from X-ray phase 

analysis (Figure 3.17) was ~0 vol % so a nominal initial value of 0.17 vol% was used 

in the model to allow diffusion to initiate. Porosity was allowed to vary with each time 

step, depending on if minerals dissolved or precipitated. Due to the low porosity of the 

rock, transport in the system was via diffusion only with no dispersion. Diffusivity was 

allowed to vary with changes in porosity via Archie’s law (Equation 1.13) as has been 

successfully modelled for diffusive weathering in basalts previously (Navarre-Sitchler 

et al., 2011). 

All mineral thermodynamic data was taken from the EQ3/6 database, except augite, 

which was recast to directly reflect the stoichiometry of the Bisley augite from 

microprobe data. The updated mineral entry is presented in Appendix P. Due to the 

large number of accessory minerals in the Bisley parent rock, only minerals with an 

abundance >5 vol% were input to improve model convergence. Exceptions to this are 

i) pyrite, which is hypothesised above (and in Section 1.12) to play a critical role in 
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the weathering of the B1W1 rock; and ii) chlorite and anorthite, which were found to 

hinder the convergence of the model. Therefore, the Fe(II)-bearing silicates in the rock 

are represented by pyroxene (augite) and the plagioclase feldspar minerals are 

represented by albite. Simplifying the mineralogy of complex systems has successfully 

been employed with RTM in the past (e.g., Lebedeva et al., 2007; Brantley et al., 

2014). Initial starting volumes vary only slightly from those presented in Table 3.2 so 

that a direct comparison can be made between the X-ray mapping transects and the 

model. To maintain the original low porosity, the excess volume was incorporated into 

the proportion of quartz, as this is found to be conserved throughought the profile 

(Figure 3.10F). Using quartz as an inert component is regularly done in RTM to 

maintain the structure of the rock during weathering (e.g., Brantley et al., 2014). To 

allow kaolinite to form as a secondary phase, a low volume fraction was included in 

the model to provide a ‘seed’ for precipitation to occur (Heidari et al., 2017). The data 

for this is not presented, however, as it primarily only reflects plagioclase dissolution. 

In addition, the primary focus of the model is to investigate the effect of variables on 

the depth of the reaction front for parent minerals, not secondary minerals. 

The surface areas of albite, pyroxene, epidote and pyrite were input into the model as 

specific surface area, calculated using Equation 2.6 and presented in Table 3.2 (also 

repeated below in Table 6.1). The surface area for kaolinite was taken from the 

literature (Kahr and Madsen, 1995) and quartz was given an arbitrary surface area as 

it is treated as an unreactive surface. For albite, augite and epidote, the initial 

dissolution rates were calculated from the solid state mineral dissolution gradients and 

Equation 2.4. The dissolution rate for kaolinite was calculated for the Bisley regolith 

by Buss et al. (2017). The dissolution rate for quartz was set to an arbitrary value of -

20 to ensure that it didn’t dissolve. 
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Table 6.1 Mineral modelling parameters for RTM. 

Mineral 

Mass fraction 

of mineral in 

parent material Specific surface area  Initial rate Model rate 

  vol/vola  (m2 g-1) (Log [mol m-2 s-1])   (Log [mol m-2 s-1]) 

Quartz 0.443 n/a n/a -20 

Albite (FFE) 0.31 0.1 b -12.04d 
-12.04 (FFE) 

-18.1 (CTE) 

Augite (pyroxene) 0.07 0.2 b -11.91d -12.9 

Epidote 0.17 0.4 b -12.44d -13.8 

Pyrite 0.006 14 b -11.83d -11.5 

Kaolinite 0.001 24c -13.4e -15.58 

 

a Mass fraction of minerals determined by X-ray phase analysis. Quartz fraction is higher here to 

maintain structure whilst simplifying mineralogy.  
b Calculated using Equation 2.6.  
c Kahr and Madsen (1995).  
d Calculated from solid state mineral gradients using Equation 2.4 and the parameters in Table 3.4 
e Taken from Buss et al. (2017). 

 

Albite dissolution is best described by the two parallel transition state theory (TST) 

rate laws (Equation 1.17), with one describing the dissolution rate close to equilibrium 

and one describing the dissolution rate far from equilibrium (Hellmann and Tisserand, 

2006). The boundaries for albite’s TST are set at ΔG = <-70 and >-25 kJ mol-1 for far 

from and close to equilibrium, respectively (with a transition in between) (Figure 

1.10A). The dissolution rate calculated in Section 3.3.4 for albite was used as the far 

from equilibrium rate. This is because the solid state mineral gradient was calculated 

over the steepest depletions of the profile. A steep gradient in a plot of depth over 

normalised concentration (Figure 2.14), indicates a faster weathering rate (rs) and 

therefore is likely far from equilibrium.  Kaolinite was best described with a TST rate 

law, to describe its pH dependence. The oxidation of Fe(II) in pyrite was modelled in 

a separate aqueous kinetics block of the code using two parallel transition state theory 

rates, one that is pH dependent and one that is pH independent. The dissolution of all 

other minerals was accurately described by dissolution only, first order rate laws. Once 

the rates were input, they were then adjusted by trial and error to fit the observed 

mineral weathering profiles.  

For the chemical composition of groundwater, lysimeter pore water data from the 

Bisley 1 watershed was used (Buss et al., 2017). The closest sample depth to B1W1 

(3.4 m) is at 4.3m, and the data is presented in Table 6.2. Buss et al. (2017) also 
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collected pore gas samples with the closest sample depth to B1W1 being 3 m. 

Concentrations of pore gas were 63,000 ppm and 120,000 ppm, for CO2 and O2 

respectively (for reference, atmospheric levels are CO2 = ~400 ppm and O2 = ~209,000 

ppm). The reactive fluids were allowed to equilibrate with these gaseous phases via 

the Dirichlet boundary condition.  

Once the model reflected the weathered mineralogy profiles determined from X-ray 

phase analysis (Section 3.2.2) (the fit is discussed in Section 6.3), models were run to 

conduct sensitivity analysis on three different variables, pyrite abundance, pore gas 

pO2 and pore gas pCO2, each with a high and a low condition (Table 6.3). Model 1 

varies the pyrite concentration by an order of magnitude above and below the 

measured value. Although the concentration represented by the high condition is not 

observed in the Bisley watershed, it is not unrealistic. The low condition for pyrite 

concentration (i.e., 0 vol%) is found within the Bisley 3 sample (Section 4.2.1).  

Model 2 varies pO2 concentration, where the high condition increases O2 by an order 

of magnitude compared to present atmospheric day levels. This would be impossible 

to achieve unless the many global sinks for O2 were outweighed by production (Lyons 

et al., 2014). However, a higher condition does serve the purpose of testing the main 

hypothesis that O2 concentration is the rate limiting step in the weathering of the Bisley 

bedrock. The lower condition pO2 serves to test what the impact would be if the system 

became more reducing due to increased microbial activity, longer groundwater 

residence times and/or if there was a higher proportion of mafic minerals present in 

the rock (i.e., a higher R0 value; Equation 2.11). 

Model 3 varies pore pCO2 in proportion to atmospheric levels. Where the low 

condition represents a proportional concentration in pore water compared to historic 

atmospheric pCO2 levels from 3,530 years ago. This was scaled down from the 

measured pCO2 in the regolith (Table 6.2) by the same proportion as modern 

atmospheric concentrations from Vostok ice cores (Barnola et al., 1987). The high 

condition for Model 3 is a similar proportional increase to the predicted atmospheric 

CO2 increase by the year 2100 of 1000 ppm, compared to the present-day value of 400 

ppm (IPCC, 2014). Increases in pCO2 within pore space could also result from 

microbial respiration (Section 1.5). 
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Table 6.2. Pore water and pore gas concentrations of the Bisley watershed. 

Pore watera     

pH -log10[H+] 4.7 

Na µM L-1 196 

Mg µM L-1 36 

Al µM L-1 6.7 

Si µM L-1 101 

K µM L-1 0.2 

Ca µM L-1 3.0 

Sr µM L-1 0.0 

Cl µM L-1 306 

SO4 µM L-1 3.0 

NO3 µM L-1 6.9 

      

Pore gas     

O2 ppm 120,000 

CO2 ppm 63,000 

 

a Taken from a depth of 4.3 m in the Bisley regolith (Buss et al., 

2017) high Cl    levels are typical of a   coastal watershed.  
b Taken from a depth of 3 m in the Bisley regolith (Buss et al., 2017). 

 

 

 

Table 6.3 Distinction between the various models compared in this study. 

  Variable Units Low condition Base case High condition 

Model 1 Pyrite  vol% 0 0.6 6 

Model 2 Pore Gas O2 ppm 60,000 120,000 240,000 

Model 3 Pore Gas CO2 ppm 47,250 63,000 157,500 

 

a Varies the proportion of pyrite by an order of magnitude and models the rock with 

no pyrite.  
b Varies pore gas pO2, high condition = pO2 is double that measured by Buss et al. 

(2017); low condition = is half the pO2.  

 

Once the boundaries and constraints on the system were defined, the model was run 

and the results for each of the scenarios is presented below in Section 6.3. To make 

the description and discussion of the results easier to follow, the attempt at modelling 

the actual data in each case will be referred to as the ‘base case’ (Table 6.3), the 

increase in variable as the ‘high condition’ and the decrease in variable as the ‘low 

condition’.   
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6.3 Results 

6.3.1 Model 1: variations in pyrite content 

 

Figure 6.1. Results of Model 1. A = open porosity; B = albite; C = epidote; D = pyroxene; as a function 

of varying pyrite content. Solid symbols: measured data; Error bars = 1 SE of mean (n = 5); red line: 

model of measured data (base case); blue dotted line: high condition; blue dash line: low condition. 

Hatched box represents the visible rind. 

 

Model 1 examines the effect of variations in pyrite abundance on the depth of the 

reaction front for key parent minerals. The red line shown in all plots of Figure 6.1 (A-

D) is the attempt to model the current conditions of the Bisley weathering profile (i.e., 

pyrite = 0.6 vol%).  
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Modelled porosity follows the measured small increase from 50-35 mm from the 

fracture surface either within error, or overpredicting porosity by ~1 vol% (Figure 

6.1A). From 30-10 mm, there is a slight reduction in the measured porosity, yet 

modelled porosity continues to grow in an exponential curve over the entire profile. 

This curve reflects the dissolution of albite (Figure 6.1B). Despite modelled porosity 

not accurately reflecting the abrupt increase in porosity over the rind, the model does 

predict the correct measured final volume. If no pyrite is present in the system i.e., the 

low condition (dashed line in Figure 6.1A), then porosity follows a similar trend to the 

base case however porosity is ~ 1-2 vol% less. The high condition also follows a 

similar trend to the base condition, however porosity is ~1-2 vol% higher. 

The parallel rate laws to describe the loss of albite close to equilibrium and far from 

equilibrium simulate the albite weathering data moderately well for the base case 

(Figure 6.1B). The model remains within error of the measured results up until ~17 

mm from the fracture surface, where the model then follows an exponential curve 

predicting the onset of albite dissolution earlier than is observed. In contrast, the 

observed data shows that albite dissolves abruptly over the visible rind. The model 

does, however, accurately predict the final abundance of albite within the rind.  

In the base case for epidote, the model does not accurately reflect the measured profile 

from ~60-10 mm from the fracture surface (Figure 6.1E). This is likely because of 

heterogeneities in epidote abundance in the parent rock. Instead, the model was set to 

run roughly through the average value of epidote abundance. However, from around 

8-9 mm from the fracture surface, the modelled epidote profile accurately reflects the 

abrupt loss over the visible rind (hatched box in Figure 6.1E). The model also 

accurately predicts the final abundance of epidote at the fracture surface. An order of 

magnitude increase in pyrite content (high condition) causes the epidote reaction front 

to progress ~2-3 mm deeper into the rock. The low condition (0 vol% pyrite) makes 

little difference to the depth of the epidote reaction front; this is hardly surprising as 

from the base case this is only a difference of 0.6 vol%. 

Pyroxene in the base case, shows a similar trend to the measured data, except much 

smoother (Figure 6.1D). Similarly to epidote, the model is unable to replicate parent 

variations in pyroxene. However, by tracking an average abundance between these 

variations the base case model is largely able to stay within error of the measured data. 

From ~18 mm to the fracture surface, the base case for pyroxene accurately models 
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the measured reaction front for pyroxene. The low condition case results in the 

pyroxene reaction front beginning several mm’s closer to the fracture surface. 

However, in the high case the model predicts that the pyroxene reaction front will 

progress ~11 mm deeper into the rock. In this case, the reaction front would be steeper, 

generally indicating slower weathering (e.g., Buss et al., 2008; 2017) and interestingly, 

this case predicts less pyroxene weathering overall (i.e., there is more left at the surface 

than in the other scenarios). 
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Figure 6.2. pH profiles as a result of varying pyrite content in Model 1. Starting groundwater pH is 4.7. 

Hatched box represents the visible rind. 

 

The pH profile for the groundwater shows that at the fracture surface (i.e., the upper 

model boundary), the water rapidly reacts with the rock, neutralising the groundwater 

by ~0.7 pH units (Figure 6.2) from the starting pH value of 4.7 (Table 6.2). The base 

case shows that the pH then gradually increases inboard of the fracture to about pH 

6.5. An increase by an order of magnitude in the abundance of pyrite acts to lower the 

pH by ~0.1 pH. Weathering the rock with no pyrite present (low condition) increases 

the pH at the bottom of the model by a further 0.1 pH. 
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6.3.2 Model 2: variations in pore O2 gas content 

 

Figure 6.3. Results of Model 2. A = open porosity; B = albite; C = epidote; D = pyroxene; as a function 

of varying O2 content. Solid symbols: measured data; red line: model of measured data (base case); blue 

dotted line: low condition; blue dash line: high condition. Hatched box represents the visible rind. 

 

Model 2 examines the effect of varying pO2 on the depth of the reaction front for key 

parent minerals. The base condition reflects pore pO2 gas measured in the regolith, 

whilst the low condition reflects half of this value and the high condition reflects 

double the measured pO2. It is unlikely that the high condition could occur, as 

explained in Section 6.2, however it serves to examine the effect of varying pO2 on the 
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depth of the mineralogic reaction fronts. The low case could easily occur within a 

weathering system where either the regolith thickens (creating a greater depth for O2 

to diffuse through and thus longer residence time) or by increased microbial activity. 

Model 2 shows that with higher pO2, porosity increases, still following the same trend 

as the base case but with increased porosity from a greater depth (Figure 6.3A). 

Decreases in O2 show that porosity also decreases by ~8 vol%. 

The high condition of pO2 results in the albite reaction front occurring ~15 mm deeper 

within the parent rock at a depth of ~50 mm from the fracture surface (Figure 6.3B). 

The low condition results in a shorter, shallower, less complete albite reaction front 

relative to the base case. However, it is more similar to the base case than the high 

condition. Indeed, the low condition model remains within error of the measured data 

over most of the reaction front, but with a smaller loss of albite at the end of the 4 kyr 

run. 

In the high condition, the reaction front for epidote occurs ~10 mm deeper within the 

parent rock than in the base case and measured data, whilst still showing a similar 

shape to the base case reaction front (Figure 6.3C). The decrease in pO2 leads to a 

steeper reaction front than in the base case, but again closer to the base case than the 

high condition. 

The pyroxene reaction front occurs ~13 mm deeper into the parent rock than the base 

case, when pO2 is increased (high condition). Pyroxene also shows a decrease in total 

loss and a shallowerer reaction front when pO2 is lowered. The decrease in weathering 

with decreasing O2 is more notable than for the other minerals modelled. 
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Figure 6.4. pO2 profiles as a function of varying pO2, where the high condition = 240,000 ppm pO2; 

base case = 120,000 ppm pO2; and the low condition = 60,000 ppm pO2. Hatched box represents the 

visible rind. 

 

Both the base case and low condition indicate that pO2 is zero at the bottom of the 

modelled profile (Figure 6.4). In the low condition, pO2 = 0 by ~40 mm and in the base 

case pO2 = 0 by ~45 mm from the fracture surface, despite having an initial pO2 that 

is greater than the low condition by an order of magnitude. The high condition 

maintains a high pO2 throughout the entirety of the profile, decreasing slightly to 

160,000 ppm from the initial 240,000 ppm starting value. 
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Figure 6.5. pCO2 profiles as a function of varying pO2. Where the high condition = 240,000 ppm pO2; 

base case = 120,000 ppm pO2; and the low condition = 60,000 ppm pO2. 

 

Figure 6.5 indicates that in the base, high and low conditions, there is a sharp decrease 

in pCO2 within the first few mm’s of the visible rind (hatched box in Figure 6.5). The 

high and low condition then follow the same trend as the base case (a sigmoidal 

decrease) but offset by ~5,300 ppm. pCO2 then reaches total depletion by ~53 mm in 

the low condition and in the base case reaches ~2000 ppm by the lower boundary of 

the model. In the high condition, pCO2 reaches the lower boundary of the model with 

a concentration of ~7,000 ppm. 
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6.3.3 Model 3: variations in pore CO2 gas content 

 

Figure 6.6. Results of Model 3. A = open porosity; B = albite; C = epidote; D = pyroxene; as a function 

of varying O2 content. Solid symbols: measured data; red line: model of measured data (base case); blue 

dotted line: low condition; blue dash line: high condition. Hatched box represents the visible rind. 

 

Model 3 indicates that increasing pCO2 results in large increases in the porosity, with 

decreases in pCO2 resulting in the opposite (Figure 6.6A). In the case of albite, an 

increase in pCO2 results in a deepening of the reaction front, whereas a decrease in 

pCO2 causes only a minor decrease to the depth of the reaction front, relative to the 

base case (Figure 6.6B). The reaction front for epidote deepens by ~5 mm when pCO2 
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increases (Figure 6.6C). When pCO2 decreases, the epidote reaction front still occurs 

at the same position as the base case, however the front is much steeper. In the high 

condition model, the pyroxene reaction front occurs deeper in the rock by ~20 mm 

when compared to the base case. When CO2 concentrations are decreased, the 

pyroxene reaction front occurs ~2mm shallower than the base case, at a depth of ~10 

mm from the fracture surface. 

 

Figure 6.7. pO2 profiles as a function of varying pCO2, where the high condition = 157,500 ppm CO2; 

base case = 47,250 ppm CO2; and the low condition = 63,000 ppm CO2. Hatched box represents the 

visible rind. 

 

As a result of decreasing pCO2, oxygen is consumed rapidly within the rind decreasing 

by ~25,000 ppm over several mm’s (Figure 6.7). The low condition then follows a 

sigmoidal curve and reaches total depletion by ~45 mm. In the high condition for CO2, 

oxygen is prevalent throughout, yet decreases from an initial 120,000 ppm to ~70,000 

ppm by the base of the model. 
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Figure 6.8. pCO2 profiles as a function of varying pCO2, where the high condition = 157,500 ppm 

CO2; base case = 47,250 ppm CO2; and the low condition = 63,000 ppm CO2. Hatched box represents 

the visible rind. Note the break in the x axis scale bar. 

 

When the model is run with high levels of CO2, as in the case for the high condition 

of Model 3, CO2 is found to be prevalent in great quantities throughout the model 

domain. The CO2 concentration starts at ~160,000 ppm and then gradually decreases 

in a sigmoidal pattern over the profile to 142,000 ppm (still 100,000 ppm higher than 

current measured concentrations in the Bisley porewater). The low condition, 

interestingly does not show the rapid depletion over the visible rind that the base case 

does (Figure 6.8). Instead, the low condition shows a gradual depletion, until reaching 

total depletion by ~45 mm from the fracture surface. 
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6.4 Discussion 

6.4.1 Role of pyrite content in weathering front propagation within 

Bisley parent rock 

Section 3.3.1 found that pyrite dissolution was the initial reaction to occur in the B1W1 

rock. The oxidative dissolution of pyrite has previously been found to be the incipient 

reaction in a CrunchFlow model of shale weathering (Heidari et al., 2017). Model 1 

(Figure 6.1), where the pyrite content of the rock is varied by an order of magnitude, 

indicates that pyroxene has the greatest susceptibility to weathering via the pyrite-

driven mechanism. Whereas, epidote and albite show less susceptibility to increases 

in pyrite, agreeing well with the findings from Chapter 3. Previous work has suggested 

that feldspars are particularly susceptible to hydrogen ion promoted dissolution (e.g., 

Chou and Wollast, 1985). However, at higher pH such as that indicated in Figure 6.2, 

hydrogen ion promoted dissolution is important for silicates with high reaction orders 

(Drever and Stillings, 1997). Decreasing the pyrite content to 0 vol % (and 

coincidentally more closely mimicking the Bisley 3 parent rock) makes very little 

difference to the depth of the reaction fronts for all minerals. This too is observed in 

Chapter 4, which found that the dissolution rate for minerals in both samples is broadly 

comparable. 

Variations in pH as a function of pyrite content are minimal (Figure 6.2) and overall 

the rock has a buffering effect on the groundwater. The small effect the modelled pyrite 

has on the pH is contradictory to the hypothesis posed in Chapter 3, that it creates a 

pH microenvironment that aids dissolution of neighbouring minerals. However, the 

model is set up at the continuum scale, meaning that in each node, all phases are well 

mixed (see Section 1.9 for further information). As a result, rather than modelling 

‘clusters’ of pyrite within the parent rock, the model assumes that the 0.6 vol% of 

pyrite (as in the base case) is evenly distributed over the entire model (Steefel et al., 

2015). This means that in any one node, there may not be sufficient pyrite to produce 

the pore-scale drops in pH. This is likely the same reason that the initial depletion in 

pyroxene (~52-41 mm from the fracture surface), hypothesised (Section 3.3.1) to be 

driven by pyrite-generated sulfuric acid, is not reflected by the model (e.g., Figure 

6.6D). Although epidote is not affected by the sulfuric acid dissolution reaction 

(Section 3.3.1), it is heterogeneously distributed throughout the rock, which for the 

same reasons given above, cannot be replicated by the model (e.g., Figure 6.6C). 
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6.4.2 Role of pO2 in weathering front propagation within Bisley 

parent rock 

All mineral weathering fronts deepen as a result of greater pO2. This finding supports 

the hypothesis put forward in Chapters 3, 4 and 5 that supply of O2 is the rate-limiting 

step in the initiation of chemical weathering. This supports the conclusions of Fletcher 

et al., (2006), that regolith thickness, and therefore bedrock WAR is regulated by pO2 

(see Section 1.6). At the higher concentration, the ability of the rock to consume O2 

(R0; Equation 2.11) would be overcome (Brantley et al., 2014), as indicated by the 

high pO2 pressures throughout the model (Figure 6.4) and allow weathering to progress 

deeper into the parent rock (Bazilevskaya et al., 2013). Pyroxene is affected the most 

(compared to the base case) when pO2 is reduced. This is contrary to Siever and 

Woodford (1979), who found that more oxidising conditions increased the armouring 

of pyroxene surfaces via precipitation of Fe-oxides, and therefore decreased the 

mineral dissolution rate. Additionally, decreases in pO2 cause much less of an effect 

than an increase in pO2, suggesting that the base case weathering (i.e., current B1W1 

system) is already limited by pO2. In the base case (Figure 6.4) pO2 reaches zero by 

45 mm inboard of the fracture surface, lending further evidence to O2 being limited in 

the system.  

The accelerated weathering induced by O2 also allows CO2 to diffuse deeper into the 

rock, whereas in the low condition and base case, CO2 is significantly lower at the 

bottom of the modelled profile. Interestingly, in the base case CO2 shows a sharp drop 

within the rind (Figure 6.5 and 6.8) that suggests it has been consumed in a weathering 

reaction. Both pyroxene and epidote have sharp weathering fronts within the rind that 

could explain this feature (Figures 6.3B, 6.3C and 6.3D). In the high condition, both 

CO2 and O2 are prevalent throughout the profile, yet this doesn’t deepen the mineral 

reaction fronts to the same depth, suggesting that in this model, the system is either 

kinetically limited by the mineral dissolution rates, or that mineral dissolution is then 

being limited by diffusion of solutes out of the system. Steefel and Lichtner (1998) 

found that even in high velocity fracture flow systems, diffusion out of the rock matrix 

can significantly reduce effective solute velocities and limit the progression of the 

reaction front. 
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6.4.3 Role of pCO2 in weathering front propagation within Bisley 

parent rock 

In a similar manner to pO2, increases in pCO2 result in deeper weathering fronts for all 

minerals, but to a lesser extent. However, decreases in pCO2 relative to the base case 

makes a larger difference to the depths of the reaction fronts, with the exception of 

albite. This suggests that in the base case, mineral dissolution isn’t limited by CO2, 

except for albite.  

Interestingly, when pCO2 is decreased (low condition), pO2 undergoes a sharp 

decrease within the rind. This suggests that the dominant mechanism for weathering 

within the rind has switched from CO2-driven dissolution to O2-driven dissolution, 

highlighting the complex interplay between the two reactants. Examining both profiles 

concurrently also raises two other interesting points:  

1) In the low condition for pCO2, both pCO2 and pO2 are totally depleted by 45 mm 

from the fracture surface. At this point, porosity is also low, suggesting that rather than 

both reactants having been consumed, it is likely that diffusivity is low.  

2) In the high condition of pCO2, both pO2 and pCO2 persist throughout the profile. 

Both of the above points suggest that pCO2 is the dominant reactant that creates 

porosity. Andrews and Schlesinger (2001) also concluded that CO2 was the dominant 

reactant in field studies of basalt, where an increase in CO2 by 55 %, resulted in a 

doubling of whole rock weathering rates. These findings concur with the model 

outputs showing that albite, the most abundant mineral in the model, is particularly 

susceptible to CO2-driven dissolution. Navarre-Sitchler and Thyne (2007) found that 

increases in plagioclase dissolution rates were directly proportional to pCO2. When 

porosity is increased by CO2, this then allows O2 to diffuse further into the profile. 
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6.5 Conclusions 

The three models in this chapter highlight several important points within the system, 

as follows: 

 Model 1 shows that the presence of pyrite creates a small change in porosity. 

However, at the continuum scale of the model, it is not able to reflect the pore-

scale changes to pH that the dissolution of small grains of pyrite is observed 

to have in the B1W1 sample. 

 Pyroxene is more susceptible to O2-driven dissolution and albite, epidote and 

pyroxene dissolution is limited by pO2 in pores. 

 Albite is more susceptible to CO2-driven dissolution than both epidote and 

pyroxene. Although the albite reaction front is deeper with increased pO2, this 

likely reflects the greater diffusivity of CO2 after incipient porosity is created 

by the oxidative dissolution of pyroxene. 

 If pO2 is low, then so too is pCO2 and the mineral reaction fronts are steeper.  

 If pCO2 is low, then more O2 is consumed within the rind, but both reactants 

have a low partial pressure at the bottom of the modelled profile. 

 If either reactant is high in concentration, then both are prevalent throughout 

the model boundaries and the minerals become either kinetically limited, or 

limited by the diffusion of solutes from the system (i.e., reach equilibrium with 

pore water). 

These observations suggest that when the model can’t reflect the oxidative dissolution 

of pyrite, then the oxidative dissolution of pyroxene is the initial reaction to occur, 

creating incipient pore space. This allows greater CO2 diffusion into the rock, which 

dissolves albite, creating the majority of the porosity. Once porosity is increased, both 

reactants can diffuse further into the rock and promote further weathering. 
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Chapter 7  
 

Conclusions and summary 
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7.1 Introduction 

This Chapter draws together all of the key findings from Chapters 3, 4, 5 and 6. It then 

places them in a larger global context to briefly compare the findings to other climatic 

zones and other studies of the tropics from within the literature. The initial research 

objectives posed in Section 1.12 are then answered and future directions for research 

in chemical weathering are proposed. 

 

7.2 Comparison of mineral dissolution rates at different 

scales 

Chapters 3, 4 and 5 calculated mineral specific dissolution rates only over the mm-

scale at which they were found to occur within the Bisley and Gunhill watersheds. In 

most cases, these rates far exceed previously determined field rates for those minerals 

(Table 7.1). Many of the rates presented in this body of work match, or in some cases 

exceed laboratory dissolution rates, bridging the gap of the reported lab-field 

discrepancy of 2-5 orders of magnitude (White and Brantley, 2003). 
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Table 7.1 Comparison of field and laboratory calculated mineral dissolution rates for similar 

minerals to those examined in this study. 

Mineral 

log R  

(mol m-2 s-1) Type Scale of study Reference 

Feldspars         

Albite -12.0 Field mm B1W1, this study 

Mixed feldspar -13.6 Field mm Gunhill, this study 

Mixed feldspar -13.0 Field cm Buss et al. (2008) 

Albite -16.4 Field m White et al. (2001) 

Albite -15.8 Field m White et al. (1996) 

Albite -15.3 Field m Sverdrup and Warfvinge (1995) 

Albite -12.5 Lab µm Hamilton et al (2000) 

Albite -12.1 Lab µm Knaus and Wolery (1986) 

          

Epidotes         

Epidote -12.4 Field mm B1W1, this study 

Epidote -11.7 Field mm Bisley 3, this study 

Epidote -14.9 Lab µm Sverdrup (1990) 

Epidote -16.2 Lab µm Kalinowski et al. (1998) 

          

Inosilicates         

Pyroxene -11.9 Field mm B1W1, this study 

Pyroxene -11.4 Field mm Bisley 3, this study 

Pyroxene -14.5 Field mm Gunhill, this study 

Amphibole -13.6 Field mm Gunhill, this study 

Hornblende -12.2 Field mm Buss et al. (2008) 

Pyroxene -13.2 Field m Benedetti et al. (1994) 

Hornblende -16.1 Field m White et al. (1996) 

Hornblende -16.4 Field m Swodoba-Colberg and Drever (1993) 

Pyroxene -13.9 Lab µm Sverdrup (1990) 

Hornblende -11.9 Lab µm Zhang and Bloom (1999) 

 

When the spatial scales of these studies are compared, the field dissolution rates from 

our study clearly align with those on the smaller scale conducted in the lab (e.g., 

Hamilton et al., 2000; Knauss and Wolery, 1986; Zhang and Bloom, 1999) and those 

calculated in the field on a smaller scale (e.g., Buss et al., 2008). This observation 

suggests that by carefully selecting the spatial scale at which a field weathering study 

is conducted, field mineral dissolution rates can converge with those calculated in the 

lab. Calculating a rate only over the weathering front at which dissolution occurs and 

conducting the study on a grain-scale, avoids several issues: 

 The underestimation of rates by over-scaling i.e., millimetre weathering fronts 

being averaged over the m-scale in the case of regolith studies, or km-scale in 

the case of watershed studies. 
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 Where rates are determined from bedrock with overlying regolith, 

complications of Earth surface processes such as physical erosion (e.g., 

Heimsath et al., 1997); aeolian input (e.g., Moore et al., 2017) and organic acid 

production (e.g., Lawrence et al., 2014) are minimised. 

 Temporal scaling issues associated with exposure time, such as the armouring 

of mineral surfaces (e.g., Sharmeen and Willgoose, 2006) are avoided, as 

mineral surfaces are still fresh. 

 By conducting the study on a grain-scale, the dissolution rate equation 

(Equation 2.4) can be normalised to the mineral grain surface area, not a 

geographical surface area. This has been suggested as the primary cause of 

disparity between field and laboratory rates within the literature (e.g., Navarre-

Sitchler and Brantley, 2007; Sak et al., 2010). 

The above observations concur with Navarre-Sitchler and Brantley (2007) and White 

and Brantley (2003), that the underlying cause for the discrepancy between lab and 

field calculated mineral dissolution rates is an issue of scale, be it temporal or spatial. 

If more field weathering studies were conducted that found dissolution rates that 

converged with those observed in the laboratory, this would make the extrapolation of 

lab rates to the field and their scaling up into global models of weathering more robust. 

 

7.3 Comparison of WAR at different scales 

Following the Strakhov diagram (1967) (Figure 1.3) it would be expected that with 

higher precipitation and/or temperature, the WAR would increase. In a plot of WARs 

from the literature and those calculated in this study (Table 7.2-7.4) and climate, there 

is a vague relationship within the data, which appears to be stronger with mean annual 

precipitation (MAP) (Figure 7.1) than mean annual temperature (MAT) (Figure 7.2). 

Runoff has previously been described as the key factor in controlling weathering rates 

(Bluth and Kump, 1994; Das et al., 2005; Louvat and Allègre, 1997). However, a lack 

of any strong correlation indicates that weathering is a lot more complex.  
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Figure 7.1. Relationship of weathering advance rate (WAR) to mean annual precipitation (MAP) 

calculated at various scales. Black points = Data from the literature, compiled and cited in Tables 7.2-

7.4; Red points = Bisley samples; Blue point = Gunhill sample. 
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Figure 7.2. Relationship of weathering advance rate (WAR) to mean annual temperature (MAT) 

calculated at various scales. Black points = Data from the literature, compiled and cited in Tables 7.2-

7.4; Red points = Bisley samples; Blue point = Gunhill sample. 

 

In Figures 7.1 and 7.2, the faster WAR’s are dominated by those calculated from 

WARwatershed. There appears to be a large disparity between values calculated for 

basalts at the WARwatershed and WARrind scale. Within the literature, basalt WARwatershed 

tends to estimate a much faster rate than WARrind. For example, the WARwatershed 

calculated for basalt on Guadeloupe is more than 400 times faster than that calculated 

for the WARrind (Gaillardet et al., 2011; Ma et al., 2012). This could either reflect faster 

contemporary weathering rates than in the past (i.e., not in temporal steady-state) or 

that the watershed is not weathering homogenously. The assumption that WARwatershed 

and WARrind are equal, and therefore that solute fluxes can be reliably used to calculate 

WAR, is rarely tested. The example above shows that to make robust conclusions, 

weathering rates should be examined at various scales, both spatially and temporally. 

Another example of why WARwatershed should be tested using other methods is that the 

mean WARwatershed for basalt in the sub-arctic (Table 7.2) is 37.8 (n = 2) which is still 

two orders of magnitude faster than WARrind calculated for Costa Rica and 

Guadeloupe. The WAR calculated for granites in Puerto Rico at the watershed scale 
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of 58 mm kyr-1 (White et al., 1998) and for the rind of 52 mm kyr-1 (Chabaux et al., 

2013) agree well. As do those for hornfels presented here for the watershed (39 mm 

kyr-1) and rind (31 mm kyr-1). 

Due to the lack of WARs published within the literature for hornfels, we compare the 

WARrind for B1W1 to those of andesites (the pre-metamorphism protolith composition 

of the B1W1 sample; Figure 3.1). We find that the WARrind of 31 mm kyr-1 for B1W1 

is 3 orders of magnitude greater than those calculated for andesite rinds in temperate 

climates, with a mean of 0.02 mm kyr-1 (Oguchi and Matsukura, 2000). Although, the 

temperate data is limited to one catchment, it suggests that andesite WARrind is 

sensitive to changes in climatic regimes. This is supported by the conclusions drawn 

in Section 3.3.5 that the faster WARregolith for the Bisley watershed is likely due to 

warmer and wetter palaeoconditions, prior to the formation of the B1W1 rind.
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Table 7.2 Comparison of WAR for basic lithologies, calculated at various scales within different climatic zones. 

Lithology Type Climate  WAR (mm kyr-1)  MAT (oC) MAP (mm yr-1) Field Area Reference 

Hornfels (protolith: basalt) Rind Tropics 14 25.3 3500 Puerto Rico Bisley 3, this study 

Basalt Rind Tropics 0.5 27.3 3085 Costa Rica Pelt et al., 2008 

Basalt Rind Tropics 0.21 24 4500 Guadeloupe Ma et al., 2012 

                

Basalt Regolith Tropics 8 20 2330 Hawaii Chadwick et al., 2003 

                

Basalt Watershed Tropics 27.5 25 770 India Das et al. (2005) 

Basalt Watershed Tropics 88.1 25 1150 India Dessert et al. (2001) 

Basalt Watershed Tropics 85 24 4500 Guadeloupe Gaillardet et al. (2011) 

Basalt Watershed 

Sub-

tropics 28.3 16 2330 Hawaii Dessert et al. (2003) 

Basalt Watershed Tropics 362 24.8 8128 Java  Dessert et al. (2003) 

Basalt Watershed Tropics 182 17 7000 

Reunion 

Island Louvat and Allegre (1997) 

                

Basalt Rind Temperate 0.015 9.4 390 Colorado Porter (1975) 

Basalt Rind Temperate 0.012 10.2 390 Montana Colman and Pierce (1981) 

Basalt Rind Temperate 0.008 11.1 950 Washington Colman and Pierce (1981) 

Basalt Rind Temperate 0.02 11.1 950 Washington Colman and Pierce (1981) 

Basalt Rind Temperate 0.007 11.1 950 Washington Colman and Pierce (1981) 

                

Basalt Watershed Sub-arctic 64.8 4 2200 Iceland Gislason et al. (1996) 

Basalt Watershed Sub-arctic 10.8 -2 1600 Canada Gaillardet et al. (2003) 
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Table 7.3 Comparison of WAR for intermediate lithologies, calculated at various scales within different climatic zones. 

Lithology Type Climate  WAR (mm kyr-1)  MAT (oC) MAP (mm yr-1) Field Area Reference 

Hornfels (protolith: andesite) Rind Tropics 31 25.3 3500 Puerto Rico B1W1, this study 

Andesite Rind Temperate 0.008 14 1060 California Colman and Pierce (1981) 

Andesite Rind Temperate 0.02 11.1 950 Washington Colman and Pierce (1981) 

Andesite Rind Temperate 0.035 11.1 1300 Japan Oguchi and Matsukura (2000) 

Andesite Rind Temperate 0.022 11.1 1300 Japan Oguchi and Matsukura (2000) 

Andesite Rind Temperate 0.013 11.1 1300 Japan Oguchi and Matsukura (2000) 

Andesite Rind Temperate 0.008 11.1 1300 Japan Oguchi and Matsukura (2000) 

                

Hornfels (protolith: andesite) Watershed Tropics 39 25.3 3500 Puerto Rico Bisley watershed, this study 

Andesite Watershed Tropics 291 26 3550 Martinique Rad et al. (2013) 

                

Andesite Regolith Tropics 334 25.3 3500 Puerto Rico Dosseto et al. (2012) 
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Table 7.4 Comparison of WAR for felsic lithologies, calculated at various scales within different climatic zones. 

Lithology Type Climate  WAR (mm kyr-1)  MAT (oC) MAP (mm yr-1) Field Area Reference 

Rhyolite Rind Tropics 0.09 17 1540 Montserrat Gunhill, this study 

Granite Rind Tropics 52 25.3 4200 Puerto Rico Chabaux et al. (2013) 

Granite Rind Tropics 7.5 27 1250 SE Brazil Migon et al. (2002) 

                

Granite Watershed Tropics 58 25.3 4200 Puerto Rico White et al. (1998) 

                

Granite Regolith Tropics 45 25.3 4200 Puerto Rico Chabaux et al. (2013) 

Granite Regolith Tropics 50 27 2300 Amazon Mathieu et al. (1995) 

Granite Regolith 

Sub-

tropics 0.0032 15 2100 Nepal 

Gardner and Walsh 

(1996) 

Granite Regolith 

Sub-

tropics 0.024 15 1700 

Georgia, 

USA 

Schroeder and West 

(2005) 

Granite Regolith Temperate 0.02 15 1200 

N. Carolina, 

USA Oh and Richter (2005) 

Granite Regolith Temperate 1.1 14 1060 California Dixon et al (2009) 

Granite 

Surface 

erosion Tropics 43 25.3 4200 Puerto Rico Brown et al. (1995) 
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Due to the lack of WARs published within the literature for hornfels, we compare the 

WARrind for Bisley 3 to those of basalts (the pre-metamorphism protolith composition 

of the Bisley 3 sample; Figure 4.1). The WARrind calculated for Bisley 3 is ~40 times 

greater than WARrind calculated for basalts elsewhere in the tropics (mean = 0.36 mm 

kyr-1) (Ma et al., 2012; Pelt et al., 2008) and ~3 orders of magnitude greater than those 

calculated for basalt rinds in temperate climates (mean = 0.012 mm kyr-1). WARwatershed 

for basalts in the tropics has an average of 128 mm kyr-1, which is roughly an order of 

magnitude faster than that calculated for the rind on the Bisley 3 sample, highlighting 

again the difference between WARwatershed values and WARrind. The WARrind for Bisley 

3 does however compare well with the WARregolith for a basalt on Hawaii with a rate 

of 8 mm kyr-1.  This is despite the Hawaiian rock having a MAT 5oC cooler and having 

~33% less precipitation (Table 7.2) (Chadwick et al., 2003). 

Due to a lack of WARs published within the literature for rhyolite, we compare the 

WARrind for the Gunhill sample to more felsic rocks such as granite. The WARrind for 

Gunhill (0.09 mm kyr-1) is 2-3 orders of magnitude slower than others calculated for 

granitic rinds in the tropics (mean = ~30 mm kyr-1). However, it does match more 

closely to WARregolith calculated for the sub-tropics and temperate zones (mean = 0.28 

mm kyr-1). The lower MAP for the Gunhill site (1540 mm yr-1) is much lower than the 

MAP for many of the tropics sites, and much more closely matches the MAP of the 

sub-tropic (mean = 1900 mm yr-1) and temperate sites (1130 mm yr-1). Thus, the slower 

WAR of rhyolite might reflect sensitivity to changes in MAP. 

The WARwatershed calculated for the Bisley watershed (39 mm kyr-1) agrees well with 

another tropical location, the Krishna basin in India, that has a WARwatershed of 27.5 

mm kyr-1 with a similar temperature, but much lower MAP (Table 7.2; Das et al., 

2005). It also agrees well with a basalt WARwatershed from the sub-tropics, Kohala 

Mountain in Hawaii, with a rate of 28.3 mm kyr-1, despite the area having a much 

lower MAT than Bisley. Although more sites would need to be compared to make a 

definitive conclusion, this comparison suggests that basalt weathering may be 

relatively unaffected by changes in climate, and perhaps another parameter controls 

basalt WAR. 

The above discussion and collation of WAR’s measured using different spatial scales 

in different lithologies and climatic zones, highlights the variations in WAR’s found 

within the literature. Many of the studies didn’t examine the WAR at multiple scales 
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which may have led to large unexplained differences in values between the WARrind 

and WARwatershed for an individual site, as in the Guadeloupe example above.  

 

7.4 Summary of research objectives and outcomes 

This body of work set out to answer key research questions about the formation of the 

CZ and to elucidate the coupling of chemical weathering mechanisms with porosity 

development, particularly fracturing, and how the relationship varies with scale. Here 

I summarise the primary research objectives and questions with our findings.  

We aimed to determine the mechanisms, mineral specific dissolution rates and 

sequence of mineral weathering reactions along fractures of soil-mantled hornfels 

bedrock.  

From studying petrographic thin sections using SEM, EPMA and µXRF, we find that 

the initial mechanisms that weather the Bisley volcaniclastics in NE Puerto Rico are 

oxidation reactions. In the case of the B1W1 sample the initial reaction is the oxidative 

dissolution of pyrite. The dissolution of pyrite lowers the pH of pore-waters, promoting 

rapid dissolution of the surrounding minerals. We find pyroxene and chlorite are 

particularly susceptible to this reaction, and using U-series isotopes as a time 

constraint, we were able to calculate dissolution rates for the parent minerals. By 

comparing different time and spatial scales, we also found that the weathering advance 

rate of the Bisley 1 watershed has been in steady-state for a minimum of ~4.2 ± 0.3 

kyr. The WARregolith suggests that prior to the time period recorded by the WARrind, 

weathering was much faster. 

Our second research objective was to establish if weathering reactions/rates vary with 

mineralogy between two different hornfels bedrock sites. Do the weathering reactions 

and rates vary with lithology between hornfels and rhyolitic bedrock? How does the 

concentration of O2 in pore water affect the weathering mechanisms?  

In the case of the spheroidally weathered Bisley 3 sample, µXRF showed that Fe(II) 

is oxidised at the surface of pyroxene grains. This is likely as a result of a mineral 

surface-solution redox coupling previously described by White et al. (1985), where 

aqueous Fe3+ is reduced and Fe2+ on the surface of pyroxene is oxidised. The resulting 

charge imbalance within the mineral leads to the ejection of another cation from within 
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the mineral lattice. Formation of Fe-oxides at the surface of pyroxene grains and within 

weaknesses caused by the ejection of cations, leads to a build-up of stress due to Fe-

oxides having a larger specific volume than Fe-silicates. The stress is then released by 

fracturing within the pyroxene grain.  

The incipient weathering reaction in the andesitic rock of Gunhill, Montserrat is the 

dissolution of oscillatory zones within feldspars. Evidence of this dissolution was 

found throughout the entirety of the profile. However, major losses of other minerals 

was only noted within the oxidised zone. The oxidation front within the Gunhill sample 

is marked by the presence of jarosite, an oxidative weathering product of sulfides. 

Pyroxene in the Gunhill sample is readily dissolved within this weathering front and it 

is likely that the pyroxene dissolution reaction proceeds via the same mechanism as 

described for Bisley 3, above.  The various mineral weathering rates for the Bisley 

watershed are broadly comparable to each other. However, where comparisons can be 

made, minerals in the Gunhill sample have dissolution rates ~ 2 orders of magnitude 

slower.  

 

Table 7.5 Compilation of mineral specific dissolution rates for the three lithologies. 

  B1W1 Bisley 3 Gunhill 

 Log R (mol m-2 s-1) 

Feldspar -12.04  -13.63 

Chlorite -13.61  -13.30  

Chlorite* -14.07   

Epidote -12.44 -11.67  

Pyroxene -11.91 -11.36 -14.46 

Pyroxene* -12.24   

Amphibole   -13.61 

Pyrite -11.83   

*Dissolution in the presence of pyrite. 

 

The third research objective was to assess how variations in mineral abundance affect 

the mechanisms and rates of mineral dissolution. Does the oxygen content of pore-

water play a critical role in the weathering advance rate of the bedrock?  
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We find that small increases in the proportion of pyrite in the Bisley bedrock results 

in small increases in porosity. We also find that whilst pyroxene is more susceptible 

to O2-driven dissolution, albite dissolution is controlled by changes in pCO2. Once 

incipient pore space is created by the dissolution of pyroxene, greater infiltration of 

water occurs and the dissolution of feldspar by carbonic acid leads to the majority of 

the porosity created in the rind. 

 

7.5 Recommendations for future work 

This body of work has highlighted some key issues regarding the study of weathering 

systems within the CZ. To improve our understanding of the key processes that drive 

chemical weathering, the following future work is proposed: 

 Within Puerto Rico, both for the Bisley watershed presented here and the Rio 

Icacos (Chabaux et al., 2013; White et al., 1998), WARrind and WARregolith are 

found to be comparable. However, generally there is a large discrepancy within 

the literature between WARwatershed and WARrind (Tables 7.2-7.4). The 

discrepancy could be a scaling issue and suggests that more studies should 

utilise at least two approaches to calculating WAR to ensure that the 

conclusions are robust. Analysis of WARrind for the many watersheds globally 

for which WARwatershed has been measured, would also elucidate if Puerto Rico 

is just a special case. 

 Whilst it is evident that the vast majority of weathering occurs within the 

tropics (e.g., Meybeck, 1987; Stallard and Edmond, 1983), most of these 

studies focus on island systems. Therefore, to gain a broader understanding of 

weathering in the tropics, more work should be conducted on the continental 

tropics. 

 Many of the weathering studies summarised in Tables 7.2-7.4 either focus on 

basic-intermediary or granitic lithologies. In the case of granite, this is due to 

the simpler mineralogy of the rock, which is easier to model. In the case of 

more basic compositions, this is likely because they tend to show a clearly 

defined rind and therefore weathering fronts can be more easily identified. 

Although there is a wealth of literature on the weathering of carbonates and 

other sedimentary rocks such as shale, few studies are conducted on 
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metamorphic lithologies. Many metamorphic rocks may have hydrothermal 

minerals such as pyrite within them that could vary the weathering mechanism 

and therefore warrant further investigation. 

 It is also recommended that future weathering studies sample pO2 and pCO2 

within ground water as part of the standard sampling routine where possible. It 

is common practice to record MAP and MAT, which may not show any clear 

correlation with WAR. Yet the study presented here suggests that pO2 and 

pCO2 may be more dominant factors.  

 Although Tables 7.2-7.4 are not an exhaustive list, it is evident from them that 

few weathering studies are conducted in the high latitudes. Therefore, to gain 

a better understanding of global weathering and its contributions to the long-

term carbon cycle more studies should be done in the arctic and sub-arctic 

climate zones. 

 Further work should be carried out using RTM to model the effect of low 

abundance pyrite within the Bisley rock. To do this effectively, heterogeneities 

should be developed within the model that localise the small proportion of 

pyrite into focused areas. 

 Further work should also be done using RTM to model the effect of variable 

flow along fractures upon the diffusion rate of solutes from the fracture surface. 

This would have key implications not only for modelling the release of solutes 

during storm events, but also help to understand the potential effects of 

fracking on solute release from bedrock. 

 Section 1.5 introduced some of the controversy surrounding the role that 

biology plays in weathering, particularly where the regolith is thicker 

(Lawrence et al., 2014), such as the tropics. Therefore, more work should be 

done to model what effect organic acids would have on the Bisley bedrock with 

varying thicknesses of overlying regolith from 10’s to 100’s of meters (Buss et 

al., 2013). 

 The RTM models for the Bisley bedrock in Section 6.3 found that both pO2 

and pCO2 exerted significant control on the depth to a mineral’s reaction front. 

Further work should be done to model the covariance of these controls on the 

dissolution rate of minerals, to elucidate what effect they have on each other. 
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7.6 Concluding remarks 

This body of work examined the mineral grain-scale mechanisms that drive weathering 

within tropical volcanic watersheds and found that O2-driven weathering is the 

incipient reaction in all studied cases. This is contrary to most commonly assumed, or 

traditionally determined weathering sequences, in which the rate is controlled by the 

dissolution of minerals via carbonic acid (e.g., Berner et al., 1983; Holland, 1978).  

Although limited to volcanics within the tropics, this work highlights techniques that 

could be employed to any weathering study to glean new insights, by observing the 

system with various sized ‘rulers’ and ‘watches’ (i.e., using various scales both 

temporally and spatially). Both the disparity in calculated WAR and mineral specific 

dissolution rates at different scales, highlights the underlying importance of scale. In 

particular, studies conducted on a mineral grain scale, which are only infrequently 

done, may bridge the gap between laboratory and field dissolution rates and lend 

robustness to the application of laboratory rates to global weathering models. 
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Abstract 

In the Bisley watershed of the Luquillo Critical Zone Observatory, northeastern Puerto 

Rico, chemical weathering along fractures within the volcaniclastic bedrock results in 

substantial losses of minerals at the mm-scale yet ultimately produces a regolith that 

is 10’s to 100’s of meters thick. Mineralogical and elemental profiles support SEM 

observations that trace pyrite is the first mineral to dissolve. Synchrotron-based micro 

X-ray fluorescence imaging at 2 µm resolution indicates that this incipient reaction is 

oxidative. The oxidative dissolution of pyrite produces a low pH microenvironment 

that aids the dissolution of pyroxene and chlorite. The rate-limiting step of weathering 

advance, and therefore the creation of the Critical Zone as a whole, is pyrite oxidation, 

despite the low abundance (~0.5 vol %) of pyrite in the parent rock. By combining the 

solid-state mineralogical gradients with weathering ages determined from U-series 

isotopes, mineral specific dissolution rates were calculated. Pyrite dissolves at a rate 

of log R = -11.83 mol m-2 s-1; pyroxene and chlorite dissolve in the presence of sulfuric 

acid at a rate of log R = -12.24 and -14.07 mol m-2 s-1, respectively; and in the presence 

of carbonic acid at a rate of log R = -11.90 and -13.61 mol m-2 s-1 respectively. Albite 

and epidote dissolve only in the presence of carbonic acid at a rate of log R = -12.04 

and -12.44 mol m-2 s-1, respectively. These naturally determined dissolution rates either 

approach, converge with, or in some cases exceed, those within the literature that have 

been experimentally determined. The U-series weathering age data on the mm-scale 

integrates the weathering advance rate over the ~4.2 ± 0.3 kyrs the weathering rind 

took to form. The weathering advance rate calculated at a watershed scale (from stream 

chemistry data) represents a contemporary weathering advance rate, which compares 

well with that calculated for the weathering rind, suggesting the Bisley watershed has 

been weathering at steady-state for the last ~4 kyrs.  

 

1. INTRODUCTION 

Identifying and quantifying deep Critical Zone (CZ) weathering mechanisms is crucial 

to understanding the landscape evolution of the Earth’s surface and the development 

and regulation of the CZ as a whole (Buss et al., 2008; 2013; Dosseto et al., 2012; 

Graham et al., 2010; Holbrook et al., 2014; Rempe and Dietrich, 2014; Riebe et al., 

2017; St. Clair et al., 2015). Weathering along deep CZ rock fractures likely controls 

the solute weathering flux to the hydrosphere (Chapela Lara et al., 2017; Kurtz et al., 



  

 

 

2011; Schopka and Derry, 2012; White et al., 1998) and the flux of nutrients to the 

subsurface biosphere (Buss et al., 2005; 2008; 2010) in humid tropical catchments with 

very high weathering rates. Chemical weathering is one of the primary rate-limiting 

steps of the global geochemical cycle as a whole (Barth, 1961). In this regard, chemical 

weathering also exerts a major control on the global carbon cycle, regulating 

atmospheric CO2 over geologic timescales (Berner et al., 1983; Walker et al., 1981). 

Therefore, controls on deep chemical weathering processes may be critical in terms of 

understanding and modeling global climate. However, the relative importance of 

chemical weathering in the deep CZ versus that in soils, and the processes that control 

deep weathering rates, are still poorly understood (Anderson and Dietrich, 2001; Buss 

et al., 2005; 2008; 2010; Tipper et al., 2006). 

On the Earth, there are key areas that lend themselves to high rates of weathering, 

dominating global silicate weathering fluxes. In particular, the tropical regions supply 

the majority of the dissolved Si that reaches the world’s oceans, despite covering only 

a quarter of the land mass (Meybeck, 1987; Stallard and Edmond, 1983) and report 

some of the highest weathering rates in the world (e.g., Buss et al., 2008; Dosseto et 

al., 2012; Schulz and White, 1999; White and Blum, 1995). Similarly, volcanic islands 

are weathering hotspots, where dissolution of Ca and Mg bearing silicate rocks leads 

to an estimated sequestration of 30-35% of global CO2 drawdown (Dessert et al., 

2003). On volcanic islands, deep CZ weathering rates are 2 to 5 times higher than 

surface weathering rates (Rad et al., 2007), resulting in ~15 times more CO2 (of the 

sequestered 30-35%) being consumed via groundwater flow along subsurface bedrock 

fractures, versus that consumed by surface waters reacting with regolith (Schopka and 

Derry, 2012). Throughout this study, regolith is defined as the products of bedrock 

weathering, including saprolite (an isovolumetric weathering product that retains the 

structure of the original parent material) and the overlying soil (the mobile portion of 

the weathering profile that no longer retains any of the parent structure).   

Some previous attempts to quantify weathering rates in the field have extrapolated 

surface processes to the deep (e.g., McKean et al., 1993; Pavich et al., 1985), or 

averaged elemental loss over the entire regolith profile or watershed (e.g., Gaillardet 

et al., 2011; Schulz and White, 1999; Von Blanckenburg, 2005; White et al., 2001). 

These methods generally require the assumption of a steady-state weathering profile, 

whereby the weathering advance rate (WAR) through the bedrock must equal the 

surface erosion rate i.e., the profile thickness is constant (Fletcher et al., 2006; White, 



  

 

 

2002). The assumption of a steady-state weathering profile is often untested (Riebe et 

al., 2004). However, several studies have proposed mechanisms by which processes at 

the atmosphere-regolith interface are coupled with those at the regolith-bedrock 

interface, for example, via O2 infiltration (Fletcher et al., 2006), temperature, runoff, 

erosion (West et al., 2005) and precipitation (Riebe et al., 2004). Very few studies have 

tested the steady-state assumption, for example, by comparing surface erosion rates 

determined from cosmogenic isotope abundances to regolith production rates 

calculated from U-Th disequilibria (e.g., Carretier et al., 2014; Dellinger et al., 2015; 

Dosseto et al., 2008; 2012). 

Extrapolation of surface observations to the deep critical zone assumes that the same 

processes, with the same controls, function in both zones. Within much of the humid 

tropics, the surface ecosystem is separated from deep ecosystems by thick regolith 

(10s-100s of meters deep), depleted in base cations and mineral nutrients and a sharp 

weathering front producing nutrients close to the bedrock-regolith interface (Buss et 

al., 2008; 2013; 2017). As a result, the surface ecosystem is reliant upon the closed-

system recycling of nutrients (Herrera et al., 1978a; 1978b; McDowell, 1998;  2001; 

Stark and Jordan, 1978; White et al., 1998) with atmospheric inputs an integral source 

of nutrients (e.g., McTainsh, 1980; Pett-Ridge, 2009; Stoorvogel et al., 1997). Also, in 

some regolith profiles, O2 concentrations decrease with depth as CO2 increases 

substantially (Brantley et al., 2014; Buss et al., 2017; Liptzin et al., 2011; Richter and 

Markewitz, 1995). This partitioning makes it probable that the weathering mechanisms 

at the bedrock-regolith interface are fundamentally different from those at the surface.  

If the weathering mechanisms at the surface are decoupled from those at depth, both 

zones must be examined individually at a spatial scale consistent with the extent of the 

reactions. For example, petrographic, mineralogical and elemental analysis across a 

granitic bedrock-regolith transition of about 50 cm (Fletcher et al., 2006; Turner et al., 

2003) underlying 5-9 m of highly leached regolith revealed that complete depletion of 

plagioclase, chlorite and apatite occurs over the 50 cm transition and complete 

hornblende depletion only occurs over the outer 7 cm of the transition (Buss et al., 

2008; 2010). In contrast, biotite depletion begins in the transition zone (Buss et al., 

2008), but continues throughout the overlying 4-6 m of saprolite (Murphy et al., 1998) 

and quartz dissolves (partially) over most of the saprolite profile (2.4 – 8.5 m) (Schulz 

and White, 1999). If weathering rates of these minerals were integrated over the entire 

regolith or watershed, as in the case of surface derived estimates, rates would be 



  

 

 

underestimated and their influence on spatially discrete CZ processes (e.g., vegetation 

growth, subsurface microbial cycles and groundwater evolution) may be 

misinterpreted. Furthermore, underestimation by averaging weathering data over 

entire regolith profiles or watersheds may contribute to the so-called field-laboratory 

discrepancy of 2-5 orders of magnitude between lab calculated and field calculated 

mineral dissolution rates (e.g. White and Brantley, 2003).  

Quantification of natural weathering rates, in the context of other CZ processes is 

essential to modeling the evolution of the continental surface. To establish and model 

the controls on the rate, and therefore the response of the CZ to current and future 

environmental drivers, the identification of the weathering mechanisms and rate-

limiting steps are also crucial. Extrapolating from chemical kinetics, the rate-limiting 

step can be conceptualized as the ‘bottleneck’ in the ‘supply chain’ of nutrients and 

soil from the bedrock to the rest of the CZ, limiting its overall productivity (Field et 

al., 2015). For instance, regardless of whether a mineral present in the rock has a fast 

kinetic dissolution rate or not, if the reactive fluid is highly saturated with regard to a 

product, or undersaturated with a reactant, then the mineral dissolution will proceed 

more slowly than the kinetic rate. For example, in the Landscape Evolution 

Observatory, Arizona, USA, (van Haren et al., 2017), found that weathering rates of a 

basalt can be limited by preventing an integral reactant, CO2, from diffusing into pore 

spaces.  

Due to issues of accessibility (e.g., vegetation cover, thick regolith and conservation 

restrictions), few studies are conducted to determine the weathering mechanisms (e.g., 

oxidation-induced expansion of iron-bearing minerals driving fracture development), 

rates and the rate-limiting step (e.g., diffusion of O2 into bedrock) along deep bedrock 

fractures, where the majority of weathering occurs in the tropics (Hynek et al., 2017). 

Here we document in-situ weathering processes that occur in a deep, tropical CZ, 

located on an island of volcanic origin. Using U-Th isotopic disequilibria data to 

provide a time constraint, field measured mineral-specific dissolution rates were 

calculated over a mm-scale capturing the majority of weathering (Buss et al., 2013; 

2017). This method affords a mechanistic understanding of the initial formation of the 

CZ based directly on observations of deep CZ weathering reaction fronts. 

 



  

 

 

1.1 Initial weathering reactions and rind formation 

Chemical weathering of rocks commonly begins with grain-scale infiltration of 

meteoric water, which is largely controlled by the texture of the parent material (e.g., 

grain size distribution, permeability, porosity) (Bazilevskaya et al., 2013). Mineral 

dissolution rates tend to be slow at this initial stage, as they depend on the rate of 

diffusion into (and out of) the solid rock (transport limited). Subsequent micro- or 

macro-fracturing allows advective infiltration of reactive fluids into the rock, greater 

access to fresh minerals and enables chemical weathering to proceed more rapidly 

(Buss et al., 2008; Mironenko and Cherkasova, 2017). Various fracturing mechanisms 

have been proposed, including the oxidative expansion of Fe(II)-bearing phases to 

form Fe(III)-bearing phases (Behrens et al., 2015; Eggler et al., 1969; Fletcher et al., 

2006; Goodfellow et al., 2016; Jamtveit et al., 2011), which in turn are controlled by 

the oxygen content of pore water and the mineralogy of the bedrock (Brantley et al., 

2017). In lithologies with a low proportion of FeO, dissolution reactions may instead 

initiate both chemical and physical weathering (Bazilevskaya et al., 2015; Brantley et 

al., 2014). For example, White et al. (2001) identified the dissolution of ubiquitous 

micro-calcite to create initial pore space as the incipient weathering reaction in a wide 

range of rocks. 

Regardless of the incipient process by which water infiltrates the bedrock and initiates 

chemical weathering, if left to continue with minimal physical erosion, a rind will form 

on a weathering rock surface. Weathering rinds are residual outer layers of chemical 

alteration, generally composed of secondary minerals (e.g., metal oxides and clays) 

and weathering-resistant primary minerals (e.g., quartz) (Buss et al., 2013; Navarre-

Sitchler et al., 2011; Pelt et al., 2008; Sak et al., 2004; 2010). Often visible to the naked 

eye, rinds are commonly denoted by discoloration and increased porosity, relative to 

the un-weathered parts of the rock. A rind develops when the chemical WAR is greater 

than the rate of physical erosion and removal of material from the system, generally 

producing an isovolumetric weathering product on the surface. Once a rind has 

developed, grain-scale infiltration of meteoric water to the fresh rock is then controlled 

by the permeability and diffusivity of the rind’s pore network (Navarre-Sitchler et al., 

2009).  

Weathering rinds can be viewed as well-constrained examples of chemical weathering, 

with erosion occurring to a lesser extent than chemical weathering, plus the chemical 



  

 

 

composition of both the unweathered and weathered material can often be established. 

Assuming that rind thickness is directly related to the time over which weathering has 

occurred, mineralogical and elemental gradients across weathering rinds can be used 

not only to identify weathering mechanisms, but also to determine relative rates of 

mineral-specific reactions. However, for these processes to be directly comparable to 

other watersheds, a time constraint is needed in order to calculate absolute weathering 

advance rates and mineral-specific weathering rates. 

 

1.2 U-Th Dating 

Dating of geological events has long been employed to impose a time constraint on 

weathering profiles, for example, associating the onset of weathering with the timings 

of volcanic eruptions (e.g., Stretch and Viles, 2002), marine regressions (e.g., Sak et 

al., 2004), or the glacial deposition of moraines (e.g., Etienne, 2002). In the absence 

of such geological indicators, cosmogenic isotopes such as 10Be (Heimsath et al., 

1997), can be used to estimate an exposure age of the ground surface, from which an 

erosion rate can be calculated. Cosmogenic isotopes therefore can provide a 

weathering time constraint if the surface erosion rate is equal to the WAR (i.e., a 

steady-state weathering profile). To use the 10Be system to determine a weathering 

time constraint therefore requires testing of the steady-state assumption.  

The application of the uranium-thorium (U-Th) decay series to directly measure the 

length of time since the introduction of water into a rock sample was first proposed in 

the 1960’s (Hansen and Stout, 1968; Rosholt et al., 1966). However, advances in the 

analytical precision of 238U nuclide measurements only led to a rapid increase in usage 

of the method since the late 1990’s (Chabaux et al., 2003; 2013; Dequincey et al., 

1999; 2002; Dosseto et al., 2008; 2012; Ma et al., 2010; 2012; 2013; Pelt et al., 2008).  

The parent nuclide 238U decays with a half-life (T1/2) of ~4.5 Ga to 234U (T1/2 = 244 

kyr) which subsequently decays to 230Th (T1/2= 75 kyr). The half-lives of the two 

daughter radionuclides are on comparable timescales to Earth surface processes such 

as chemical weathering. If a system remains undisturbed for 5 decay half-lives of 234U 

(roughly >1.3 Myr) then the U-series system is said to be in secular equilibrium (i.e., 

the flux from the daughter nuclide is equal to the flux of the parent to the daughter). 



  

 

 

When secular equilibrium is achieved, the daughter/parent activities (number of atoms 

of an isotope multiplied by its decay constant) are equal.  

The order of mobility of the nuclides is generally viewed as 234U>238U>Th (Chabaux 

et al., 2003; Chabaux et al., 2008; Dosseto et al., 2008; Dosseto et al., 2012; Ma et al., 

2013). The higher mobility of 234U is partially due to the α-recoil effect, whereby 

damage to the mineral lattice occurs when the parent nuclide decays to the daughter 

nuclide. Thereby a U-series disequilibrium (deviation from secular equilibrium) is 

established when U-bearing phases are exposed to reactive fluids (e.g., groundwater). 

Disequilibria in weathered material tends to show (234U/238U) < 1 and (230Th/238U) > 1 

(parentheses indicate activity ratios, hereafter). The extent of disequilibria is 

temporally dependent and therefore its signature records the time passed since the 

mineral-water interfacial area was great enough to mobilize U. 

Common practice in the aforementioned studies is to measure the independent activity 

ratios (234U/238U) and (230Th/238U) for a series of samples parallel to the propagation of 

the weathering front. By sampling in this manner, the assumption that weathering 

advance occurs in only one direction is implicit. Unknowns such as the age of chemical 

weathering of a sample relative to a reference point (parent material), can be 

determined by then modelling the observed behavior of U-series nuclides during 

weathering, with realistically estimated mobility parameters (nuclide loss and gain 

processes). From this variation in ages relative to the reference point, a U-Th 

calculated weathering advance rate for material such as a rind can be derived 

(WARrind) (Chabaux et al., 2013).  

 

2. METHODS 

2.1 Field site 

The Bisley 1 watershed is one of five neighboring catchments within the Luquillo 

Critical Zone Observatory (LCZO) in NE Puerto Rico (Fig. 1). These catchments feed 

into the Mameyes River, which discharges into the Atlantic Ocean. The 30+ m thick 

regolith (Buss et al., 2013) is interspersed with bedrock corestones of the Fajardo 

formation, a marine bedded meta-volcaniclastic rock that was initially deposited in a 

near sea-surface complex ~100 Ma (Briggs and Aguilar-Cortés, 1980; Jolly et al., 

1998). The area then underwent low-grade contact metamorphism, including 



  

 

 

hydrothermal alteration, as a result of the subsequent intrusion of the nearby Río 

Blanco quartz diorite stock ~60 Ma (Smith et al., 1998).  

The Bisley watershed’s topography is characterized by steep slopes that vary in 

elevation from 260 to 400 masl over a 6.7 km2 area (Scatena, 1989). The climate is 

humid and subtropical, with precipitation in every month. Mean annual temperatures 

decrease with elevation, from around 23.5-27 oC in the lower elevations to 17-20 oC 

in the upper reaches (Schellekens et al., 2004). Rainfall in the Luquillo Mountains 

increases with altitude from about 2500 to 4500 mm yr-1 over 1200 m of elevation 

(Garcia-Martino et al., 1996), with the Bisley watersheds experiencing an average 

rainfall of 3482 mm yr-1 between 1988 and 2003 (Heartsill-Scalley et al., 2007). Of 

this rainfall, approximately 28% falls in less than 10% of calendar days (Scatena, 

1989), resulting in a rapid streamflow response that is dominated by fast, near-surface 

flow paths (Schellekens et al., 2004). Despite the evident near-surface flow paths, 

deeper infiltration must occur, as the Bisley 1 stream flows year round. The deeper 

flow paths likely run through the bedrock which has regularly distributed fractures 

(Hynek et al., 2017). Indeed, Mg isotope signatures in the Bisley 1 stream water at 

base flow have been interpreted to reflect substantial chlorite dissolution (Chapela 

Lara et al., 2017), which only occurs at rock-regolith interfaces, deep in the Bisley CZ 

(Buss et al., 2017). 

 

2.2 Field sampling and sample preparation 

In 2010 a wireline drilling campaign was conducted along Road 915 in the Bisley 1 

catchment, to investigate deep, fractured, bedrock corestones (Buss et al., 2013). 

Samples in this work originate from borehole, B1W1 (N18 18.933 W65 44.748, 

referenced to NAD83 datum; see Fig. 1) drilled to 37.2 m depth (Buss et al., 2013). 

Drilling was conducted by Geo Cim Inc. (Guaynabo, Puerto Rico), using a hydraulic 

rotary drill with diamond impregnated drill bits. Bisley 1 stream water was used as the 

only drilling fluid. 

After extensive optical petrographic microscopy and preliminary SEM of thin sections 

from throughout this borehole and another borehole (Buss et al., 2013), two adjacent 

samples, B1W1-1-4 and B1W1-1-5 (from a depth of 3.4 m) were selected as 

representative and used for in-depth study here. These two samples are analogues, as 



  

 

 

they are from the opposing sides of a fracture, meaning they have undergone the same 

degree of weathering for the same period of time and both display the same thickness 

of rind. B1W1-1-5 was used for elemental and mineralogical analysis and cut 

perpendicular to the fracture surface (Fig. S1). Following vacuum impregnation with 

Epo-Tek 301 epoxy resin, multiple 30 µm thick petrographic thin sections were then 

made with dimensions of 27 x 46 mm (Spectrum Petrographics, Inc., Vancouver, WA) 

to cover the entire weathering profile of the sample. Thin sections were then finished 

with a 0.5 µm diamond polish. As the samples are water sensitive, the material was 

only exposed to an anhydrous cooling/lubricant fluid throughout the preparation 

process. Sample B1W1-1-4 was reserved for U-Th analysis and ICP-OES (Fig. S2). 

 

2.3 Microscopic analysis 

A Hitachi S-3500N scanning electron microscope (SEM) was used in conjunction with 

a Thermo Scientific 10mm2 Silicon Drift Detector (SDD) (35o take off angle) to couple 

backscattered electron (BSE) imaging with micrometer scale X-ray elemental maps 

traversing from the unweathered parent material up to the edge of the weathered 

fracture surface (Fig. S1B). The SEM was operated at an accelerating potential of 

20kV for all X-ray elemental maps. The elemental maps were produced by rastering 

the electron beam automatically with the SDD recording the number of X-ray counts 

at different excitation energies (which correspond to different elements). Elemental X-

ray maps were produced with a 1024 x 1024 pixel resolution with 40 frames per map 

and a frame time of 100 s, resulting in an average dwell time of 95 µs. To determine 

mineral modal abundances, phase analysis was conducted on the X-ray maps using the 

Noran System Seven (NSS) V3.2 software. During the collection of the maps, X-ray 

spectra are collected for each pixel of the scan area, then during analysis pixels that 

display similar spectra (i.e., are chemically similar) are grouped together. Five X-ray 

map transects were produced perpendicular to the propagation of the weathering front, 

running from the fracture surface into the parent rock (Fig. S1) and averaged to 

produce a profile of elemental and mineralogical changes within the bedrock’s 

weathering profile. The uncertainty is presented as one standard error of the mean 

(1SE) of the five transects and propagated through all calculations using standard error 

propagation rules. 



  

 

 

Five modal X-ray phase analysis maps from the furthest area inboard of the fracture 

surface, measuring 2.8mm by 2.1mm were averaged to calculate the mean volume 

percentages (vol%) of minerals within the parent material, with the uncertainty 

presented as 1SE. To obtain statistically significant counts and a good signal/noise 

ratio for the X-ray mapping, an accelerating voltage of 20kV was necessary. Higher 

accelerating voltages results in a greater excitation volume of the parent rock, meaning 

that due to their size and chemical similarity to augite, amphibole inclusions within 

the augite grains could not be differentiated. Therefore, the minor amphibole is 

included in the pyroxene abundances. X-ray phase analysis was used in favor of XRD 

due to the higher sensitivity of the method, previous XRD analysis of the Bisley 

bedrock has failed to detect the presence of pyrite (Buss et al., 2013; 2017). 

To support the results of the elemental X-ray maps, a transect was drilled in sample 

B1W1-1-4 (Fig. S2), then following lithium metaborate fusion the samples were 

analyzed by inductively coupled plasma – optical emission spectrometry (ICP-OES) 

for solid-state elemental concentrations. The uncertainty of the ICP-OES data is 

presented as the 1SE of an internal standard analyzed over several years, or where 

larger, the detection limit of the method. 

Element oxide compositions of minerals were determined quantitatively on a five-

spectrometer Cameca SX100 electron microprobe at the University of Bristol, run at 

20 KeV using a 10 nA regulated beam current, with a focused beam. To measure K, 

Ca, Cr and Ti, LPET crystals were used; TAP crystals for Na, Mg, Si and Al and an 

LLIF crystal for Fe and Mn. The set up was then calibrated against a range of mineral, 

oxide and metal standards. Counting times for most elements were 30 s on peak and 

15 s on the background. Na was measured first to prevent migration, however, due to 

the high concentrations of Na no mobility was observed. A diopside standard and 

amphibole standard were run in triplicate as unknowns at the beginning of each 

analytical session.  

Mineral diameters were measured from BSE images using the ImageJ image 

processing software (National Institute of Mental Health, Maryland). The sample size 

was 50 for each mineral and the diameter is presented as the mean of this population 

with the uncertainty presented as 1SE. An SEM image’s scale bar was measured 100 

times, to determine an accuracy of -0.06 % between the measured and actual length, 

with a precision of 3% from the average measured length. 



  

 

 

2.4 Weathering Alteration Analyses 

2.4.1 CIA 

The chemical index of alteration (CIA) of silicate rocks documents the loss of mobile 

base cations Ca, Na and K, relative to Al, which is assumed to be relatively immobile 

(Nesbitt and Young, 1982): 

𝐶𝐼𝐴 =  
𝐴𝑙2𝑂3

(𝐴𝑙2𝑂3+𝐶𝑎𝑂+𝑁𝑎2𝑂+𝐾2𝑂)
× 100                                               (1) 

The CaO included in the CIA calculation includes only that which is incorporated in 

silicate minerals and excludes the fraction present in carbonates or phosphates, if 

present (Bahlburg and Dobrzinski, 2011; Fedo et al., 1995). However, as the CIA 

relates the losses to Al2O3, it actually documents the degree of weathering of 

aluminosilicate minerals, with particular note to feldspars weathering to clay minerals. 

Values of CIA for parent material are typically ≤55 and increase with the degree of 

weathering to a maximum of 100 (Nesbitt and Young, 1982). The CIA therefore gives 

a rough indication as to what depth in the profile can be deemed as unweathered parent 

material for other analyses such as U-series and the mass transfer coefficient (as 

described below), where a parent sample is required. 

2.4.2 Mass transfer coefficient 

Chemical weathering produces profiles that record (i) the loss of mobile components 

(elemental or mineralogical) from the parent rock, (ii) the addition of components from 

external sources, (iii) the translocation of elements within the profile and (iv) the 

transformation (isotopic fractionation or oxidation/reduction) of elements; that is, they 

record mass transfer processes. By definition, the total mass of an immobile 

component in a weathering profile remains the same in the weathered material as in 

the parent material. However, when mobile components are lost from the system, 

lowering the density of the material, the solid-state concentration (or mass fraction) of 

the immobile component increases. Therefore, by normalizing the measured solid-

state concentrations of mobile components (elements or minerals) to an immobile 

component, the net mass loss or gain of the mobile component, relative to the parent 

material can be determined (Anderson et al., 2002; Brimhall and Dietrich, 1987): 

𝜏𝑖,𝑗 = (
𝐶𝑗,𝑤𝐶𝑖,𝑝

𝐶𝑗,𝑝𝐶𝑖,𝑤
) − 1                                                           (2) 



  

 

 

where (τ) = mass transfer coefficient, i = immobile component, j = component of 

interest, C = mass fraction (wt %), p = parent material and w = weathered material. 

When τi,j = 0, no mobilization of j has occurred relative to the parent composition. 

When τi,j = -1, component j is completely depleted and when τi,j >0, component j has 

been gained relative to the parent composition. Therefore, τ can be used to track the 

progress of weathering through a profile.  

To establish the least mobile component for the calculation of τ, the immobility of 

components were tested using volumetric strain. Isovolumetric weathering involves 

the removal and/or addition of components to the weathering profile with neither 

compaction nor dilation occurring (Gardner, 1980). As weathering rinds are 

isovolumetric weathering products, it follows that the change in volume resulting from 

stress (volumetric strain) should be near zero for an immobile element (Ague, 1994; 

Brimhall and Dietrich, 1987), calculated by: 

𝜀𝑖,𝑤 =  
𝜌𝑝𝐶𝑖,𝑝

𝜌𝑤𝐶𝑖,𝑤
− 1                                                       (3) 

where 𝜀𝑖,𝑤 = the volumetric strain in the weathered (w) sample with respect to a 

putative immobile component (i), 𝜌𝑤 = the bulk density of the weathered material (g 

cm-3), 𝜌𝑝 = the bulk density of the parent (p) material (g cm-3), 𝐶𝑖,𝑤 = the mass fraction 

of component i in the weathered sample (g g-1) and 𝐶𝑖,𝑝 = the mass fraction of 

component i in the parent material (g g-1). 

Mass transfer (τ) can be quantified using Eq. 2 when the parent material is 

homogeneous and an immobile element is present in both the parent and weathered 

materials. The Fajardo formation bedrock is of homogenous age (Albian) and 

possesses several relatively immobile elements (Ti, Al, Si) in the parent and weathered 

material as determined above. The composition of the rock ranges between andesite 

and basaltic andesite and the grain size varies (Buss et al., 2013); geochemical and 

textural heterogeneity were accounted for by averaging multiple transects along the 

thin sections from the parent material, through the rind to the fracture surface, 

perpendicular to the weathering front (Fig. S1).  

2.4.3 Mineral specific dissolution rates 

White (2002) showed that a solid-state depletion profile within regolith integrates the 

mass loss of a component over the WAR to give a rate of loss for the component (Fig. 



  

 

 

2). However, to calculate mineral-specific dissolution rates, τ cannot be used as it is 

dimensionless. Therefore, we convert τ to an equivalent parameter, Cw (mol kg-1): 

𝐶𝑤 = 𝐶𝑗,𝑝(𝜏𝑖,𝑗 + 1)                                                           (4) 

where Cj,p
 is the mass fraction of element j in the parent material. Assuming 1-D 

vertical transport, a linear decrease (Fig. 2) in the normalized concentration of a 

mineral or element from the initial mass fraction (e.g., g mineral g-1 rock) C0, at depth 

Z0, to a weathered state (Cw) at depth Z1, represents a loss of that component from the 

parent material (Buss et al., 2008; White, 2002). In the case of an element, this loss is 

only represented if it is not incorporated into a secondary mineral. In a soil or regolith 

profile formed on homogeneous parent material, the Cw of a weathering, mobile 

component generally decreases with distance from the parent material, describing a 

weathering reaction front in reference to the bedrock-regolith interface. In a 

weathering rind profile, it is more convenient to reference weathering reaction fronts 

relative to the fracture surface. In this case, the Cw of a weathering, mobile component, 

tracked from the un-weathered interior of the rock towards the fracture, decreases with 

decreasing distance to the fracture surface. In either case, the thickness of the 

weathering reaction front is inversely proportional to the reaction time, such that 

sample points closer to the fracture surface represent longer reaction times than those 

further inboard.  

If the weathering profile thickness is in steady-state or quasi-steady state (Lichtner, 

1988) and therefore conditions such as the WAR is constant over the timescale of the 

profile’s development, mineral-specific dissolution rates can be determined from the 

gradient of the mineral’s weathering reaction front and the WAR (Fig. 2) (White, 

2002). An element associated with the specific mineral can also be used. Based on this 

model, Eq. 5 can be derived: 

𝑟𝑠 = 10−3 1

𝜑𝑠
(

𝑊𝐴𝑅

𝑏𝑠
)                                                             (5) 

where rs = mineral-specific, surface normalized dissolution rate based on the solid-

state gradient (mol m-2 s-1); φ= mass fraction of the mineral in the weathering material 

(g g-1); s = specific surface area of the mineral (m2 g-1); WAR = solid-state weathering 

advance rate (m s-1); bs= slope of solid-state weathering gradient (m kg mol-1) and 10-

3 is a unit conversion factor. 



  

 

 

2.4.4 Geometric surface area 

Previous workers (Gautier et al., 2001; Mellott et al., 2002; White et al., 1996) have 

suggested that geometric rather than BET surface areas are more representative of 

reactive surface areas in the weathering environment. Therefore, to calculate the 

mineral specific surface area for Eq. 5, a geometric approach is used (Helgeson et al., 

1984; White and Brantley, 2003), based on the average mineral grain diameter, 

density, geometry and roughness: 

𝑠 =
6Λ

𝜌𝑚𝐷
                                                                   (6) 

where, s = specific surface area of the mineral (m2 g-1); Λ = roughness factor (m2 m-2) 

(found to be 7 for a wide range of silicate mineral sizes (White and Peterson, 1990); 

𝜌𝑚 = mineral density (g cm-3) and D = average mineral grain size diameter (µm). 

 

2.5 Sampling and analytical methods for U-Th 

A transect of ten points was drilled on sample B1W1-1-4, extending 48 mm from the 

un-weathered interior of the rock (representing parent material) to the fracture surface 

(Fig. S2). A sample at each point was extracted by drilling with a 3-mm diameter 

carbide-tipped drill bit until a mass of ~100 mg was obtained. Each sample was then 

homogenized and crushed using an agate mortar and pestle. Samples were then spiked 

with ~30 mg of a 236U-229Th enriched solution and dissolved in a mixture of HClO4, 

HF and HNO3. Once dissolved, samples were heated to 100oC to evaporate fluorides 

and were then dried down by step evaporation at 150oC, 170oC and 200oC. Samples 

were redissolved in 1.5 M HNO3 and loaded onto columns containing EichromTM TRU 

resin to separate U and Th (Luo et al., 1997). The U and Th isotope ratios were 

measured on a Thermo Neptune Plus multi-collector ICP-MS at the Wollongong 

Isotope Geochronology Lab, University of Wollongong, following the method 

described in Sims et al. (2008). The precision and accuracy of the activity ratios were 

determined by analyzing the gravimetric standard, Quartz Latite (QLO-1) returning 

values of 1.006 ±0.001 (2SE) and 1.005 ±0.004 (2SE) for (234U/238U) and (230Th/238U), 

respectively.  

 



  

 

 

2.6 U-Th Modelling 

The calculation of the weathering advance rate of the rinds (WARrind) assumes that U-

series isotope fractionation within the system is controlled by weathering processes 

(Chabaux et al., 2008; 2011; 2013; Dequincey et al., 2002; Dosseto et al., 2008; Ma et 

al., 2010; Pelt et al., 2008). The fractionation (i.e., deviation from secular equilibrium) 

results from the mobilization of radionuclides, which can be expressed in terms of loss 

and/or gain to the system. Loss processes include mineral dissolution and nuclide 

desorption from secondary minerals. Nuclides can be added to the system via 

illuviation processes plus sorption and co-precipitation of nuclides to minerals such as 

Fe(III)-(hydr)oxides or clays. Aeolian deposition can be another source of nuclides; 

however, this is irrelevant to weathering rind studies. Assuming net losses and gains 

are constant with time and the weathering advance is unidirectional, the temporal 

evolution of the number of these nuclides per gram of sample can be described by Eq. 

7 to 9 (Chabaux et al., 2013; Dequincey et al., 2002; Dosseto et al., 2008; Ma et al., 

2012). All of these equations use first order kinetic rate laws (dependent on the 

concentration of one reactant) to describe continuous nuclide loss or gain (open system 

conditions) and zero order rate laws (independent of the concentration of the reactants) 

to describe nuclide gain. 

d238𝑈

d𝑡
= 𝑓238 𝑈0

238  − 𝑘238 𝑈238 −  𝜆238 𝑈238                                          (7) 

 

d234𝑈

d𝑡
= 𝑓234 𝑈0

234 −  𝑘234 𝑈234 −  𝜆234 𝑈234 − 𝜆238 𝑈238                             (8) 

 

d230𝑇ℎ

d𝑡
= 𝑓230 𝑇ℎ0

230 − 𝑘230 𝑇ℎ230 −  𝜆230 𝑇ℎ230 + 𝜆234 𝑈234                        (9) 

where: 𝜆𝑗 = decay constant (yr-1) of nuclides 𝑗 (here 238U, 234U and 230Th); 𝑘𝑗 = first 

order nuclide loss constant (yr-1) for leaching of nuclides 𝑗; and 𝑓𝑗 = nuclide constant 

(yr-1) of nuclides 𝑗 gained by the regolith. Input fluxes are presented as a proportion of 

the number of atoms of nuclides added per year to the assumed initial quantity 

(expressed as 𝜆𝑗𝑁0). 



  

 

 

By solving Eq. 7 to 9, the theoretical activities of the different nuclides in the sample 

at time 𝑡 can be determined. These activities are then used to calculate the two 

independent activity ratios (234U/238U) and (230Th/238U). The nuclide activities and the 

activity ratios are expressed as a function of the mobility parameters (𝑘𝑗 , 𝑓𝑗), the initial 

activities of the different nuclides and time (𝑡) (Chabaux et al., 2013). For these 

calculations, 𝑡 is the time elapsed between the initial reference state (𝑡 = 0) and the 

current stage of weathering. If the reference state sample has not undergone sufficient 

weathering (where mineral-water interactions are great enough that U series isotopic 

fractionation occurs), then 𝑡 represents the weathering age of the rock. The reference 

state, 𝑡 = 0, is usually the furthest sample inboard of the weathering front, with a 

distance of 𝑧 from the sample being considered. Even if the sample being used as the 

reference state has undergone weathering it can still be used to determine the WARrind, 

as 𝑡 (kyr) will be the interval of time passed since the considered sample was at the 

same relative position to the weathering front as the reference state, giving depth, 𝑧 

(mm); WARrind i.e., velocity (mm kyr-1) is then calculated by Eq. 10. 

𝑊𝐴𝑅𝑟𝑖𝑛𝑑 =  𝑧 𝑑𝑡⁄                                                          (10) 

If all mobility parameters are constrained, and nuclide fractionation only occurs at the 

weathering front, then the analysis of just two points (the reference state and a point 

that has undergone weathering) are required to calculate 𝑑𝑡 and thus WARrind. 

Although this is theoretically sound, in practice, parent rock samples are not always at 

secular equilibrium and the mobility parameters are not usually defined.  

For simplicity, nuclide loss and gain are assumed to be constant across the sample 

(from the unweathered parent rock into the rind) (Dequincey et al., 2002; Ghaleb et 

al., 1990; Ma et al., 2012). The assumption of constant loss and gain is valid because 

the processes governing the gain and loss of nuclides is likely to be the same across 

the mm-scale of the study. The measured disequilibria in all of the samples are then 

used to determine the mobility parameters and the age of the individual samples 

relative to the parent sample (Chabaux et al., 2013). WARrind can then be calculated 

from the variation of weathering age of individual samples as a function of depth (𝑧) 

from the parent sample, assuming the WARrind is constant over 𝑧. As Th may be mobile 

(Ma et al., 2010; Dosseto et al., 2014) this system has 7 unknowns: six mobility 

parameters (a leach and gain parameter for each isotope) to be determined plus one 

weathering age (t) for each sample. Analysis of one sample returns known values for 



  

 

 

two independent ratios [(234U/238U) and (230Th/238U)], which is insufficient to satisfy 

the differential equations above (Eq. 7 to 9). However, assuming that WARrind and the 

aforementioned mobility parameters are constant with time, a minimum of four 

samples from different depths in the weathering profile need be analyzed. Once solved, 

these equations yield the individual change in time (𝑑𝑡) since each sample at distance 

z from the reference sample resided in a spatially and chemically equivalent position 

as the reference sample (Eq. 10) (Chabaux et al., 2013). By satisfying the two variables 

𝑑𝑡 and z for each sample, we can calculate the individual weathering age of each 

sample and then an average integrated WARrind of the profile. No volume correction 

is required as the profile weathers isovolumetrically (Fig. S3).  

The unknown parameters and WARrind can be constrained using a model that utilizes 

a non-linear, least-squares problem solving algorithm such as the MatLabTM function, 

lsqnonlin (e.g., Chabaux et al., 2011; Dosseto et al., 2014; Ma et al., 2012). The model 

is solved by minimizing the sum of the squared differences between the known activity 

ratios, (234U/238U) and (230Th/238U), and the modelled activity ratios calculated with a 

set of random values for the unknowns. A large number of solution sets are iterated 

(>1,000), with variables constrained by upper and lower boundaries. The final solution 

set output by the model is the most commonly calculated values of the dataset. Similar 

algorithms have been successfully used to determine WARs in other studies (Chabaux 

et al., 2003, 2013; Dosseto et al., 2008, 2012; 2014; Ma et al., 2010, 2012).  

 

2.7 Micro X-ray Fluorescence Spectroscopy (µXRF) 

µXRF measurements were conducted on the Bisley bedrock thin sections (B1W1-10-

5) using the I18 beamline at Diamond Light Source, UK. For the duration of the 

experiments, the storage ring had operating conditions of 3 GeV electron energy and 

150 mA electron current. Standards with known oxidation states for the element of 

interest were not used, therefore the µXRF maps represent qualitative proportions of 

different oxidation states. 

Following collimation of the beam, excitation energies were selected using a liquid 

nitrogen-cooled Si(111) double crystal monochromator. The beam was then focused 

using non-chromatic Kirkpatrick-baez focusing mirrors to produce a spot size of 2 µm 

x 2 µm. A 0.1 mm thick aluminum filter was used to reduce the beam current. Samples 



  

 

 

were mounted at 45o to both the incident beam and a 6-element silicon drift detector 

(SiriusSD®, SGX Sensortech). All spectra were acquired in fluorescence mode and 

the distance from the sample to the detector was adjusted so that that the total count 

rate was within the range of the processing electronics.  

2.7.1 Fe oxidation state maps 

Prior to collecting data, the monochromator was calibrated by defining the first 

derivative peak of an Fe foil standard spectrum as 7112.0 eV with an energy resolution 

of 0.5 eV at the Fe K-edge. Fe K-edge spectra were recorded from 6987 to 7308 eV 

using step sizes of 5 ev for the baseline before the edge (6987 – 7099 eV), 0.5 eV for 

the edge region (7099 – 7137 eV), 1 eV for the XANES region (7137-7150) and 2eV 

for energies above 7150 eV. Due to the high concentrations of Fe in the samples, a low 

dwell time of ~0.1 s per point could be used. 

Maps of changing Fe oxidation states were produced by first locating spectral features 

in XANES that are sensitive to changes in oxidation state. Energies of 7119 eV and 

7130 eV were determined for Fe2+ and Fe3+, respectively, by comparison of XANES 

on the edge of a weathered pyrite grain, where oxidation is likely, and the center of an 

unweathered pyrite grain where oxidation has not occurred or occurred to a lesser 

extent (Fig S4). Next, maps of fluorescence intensity as a function of position were 

produced by rastering the stage both horizontally and vertically for excitation energies 

of 7080 eV (baseline), 7117 eV (Fe2+), 7130 eV (Fe3+) and 7400 eV (Fetotal). Each of 

the maps were then normalized to the beam intensity (I0) followed by the subtraction 

of the baseline map (7080 eV) from each of the other maps. The 7117 eV and 7130 eV 

maps were then each normalized to the 7400 eV map to account for concentration 

effects. After three trial maps were run, it became apparent that due to the low 

background energy (7080 eV map), baseline subtractions made negligible difference. 

Therefore, subsequent maps were only normalized to the beam intensity. All data 

manipulation was performed in Microsoft Excel and the maps produced in PyMca 

(Software Group, European Synchrotron Radiation Facility). 

2.7.2 S oxidation state maps 

All experiments were conducted in a helium environment to minimize absorption of 

the X-rays by air. The monochromator was calibrated by defining the first derivative 

peak of sulfate within  the spectrum of a scotch tape (Czapla et al., 2012) standard as 

2472 eV with an energy resolution of 0.3 eV at the S K-edge. Quick XANES were 



  

 

 

conducted repeatedly on a single grain of pyrite to assess oxidation as a result of beam 

damage, with no oxidation detected. 

µXRF maps of S oxidation states were produced by collecting the S K fluorescence at 

2471 eV (S1-), 2482 eV (S6+) and 2600 eV (total fluorescence). The maps were then 

normalized as per the method described above for Fe µXRF maps. As the oxidation 

state of S increases, the absorption edge shifts to higher energies (e.g., Fleet et al., 

2005; Métrich et al., 2009; Wong et al., 1984). Therefore, the maximum normalized 

intensity (a.u.) at each of the energies above can be used to map changing S oxidation 

states. The S2- peak energy was identified by XANES on a pyrite grain within the 

sample (Fig. S4). The S6- peak energy was selected from a value for barite in the 

literature (Métrich et al., 2009) and previous experiments on beamline I18 specifically 

(Fig. S5). 

 

3. RESULTS 

3.1 Parent rock mineralogy 

Mineral proportionality is found to be relatively homogenous throughout the bedrock 

drill cores (Table 1). The mineralogy is typical of an albite-epidote hornfels facies 

rock, displaying the characteristic primary minerals: albite, epidote and chlorite. 

Interestingly, previous work on the lithology of the area (Briggs and Cortes-Aguilar, 

1980) marked the Bisley watersheds as outside of the metamorphic aureole of the Rio 

Blanco stock intrusion, however this low-grade, contact metamorphic facies clearly 

places it within the aureole.  

Plagioclase comprises the majority of phenocrysts measuring on average 126 ± 15 µm 

(1SE) along the long axis, most of which is albite with occasional intergrowths of 

anorthite. The albite incorporates the vast proportion of the bedrock Na, with only trace 

amounts found in the pyroxene and amphibole. Pyroxene is present as an accessory 

mineral, predominantly in the form of augite, forming variably sized grains from 74 ± 

8 µm (1SE) as phenocrysts to ≤11 ± 3 µm (1SE) when found in the matrix, with some 

occasional chloritization. Epidote has an average grain size of 31 ± 4 µm (1SE), with 

the typical monoclinic-prismatic crystal habit of epidote. Chlorite forms the majority 

of the matrix, however as it is microcrystalline, the average grain size was difficult to 

estimate. Therefore, the mean measurable chlorite grain size for this bedrock of 14 μm 



  

 

 

reported by Buss et al., (2017) is used (determined from SEM images) and thus chlorite 

surface area is likely underestimated. 

Quartz occurs as an accessory mineral with a fairly homogenous distribution 

throughout the sample, despite its variable grain size, forming 3.0 ± 0.9 m (1SE) 

sized grains, on average, for those that are measurable. In addition, microcrystalline 

quartz comprises part of the matrix, but these grains were too small to measure on the 

SEM. Evidence of hydrothermal alteration includes occasional quartz veins and 

sphene, illite, apatite and pyrite. Sphene is concentrated within the matrix, around the 

edges of larger grains. Illite occurs as a component of minor sericitization of 

plagioclase grains (Fig. 3A). Apatite resides within the matrix, forming small 

spherical/sub-spherical grains constituting the only measurable source of phosphorous. 

The distribution of pyrite is heterogeneous within the rock, forming grains of 14 ± 2 

m (1SE) in size. Trace barite, arsenopyrite and chalcopyrite also occur. 

 

3.2 Weathered mineralogy and profiles 

The order in which the onset of mineral dissolution occurs can be estimated from the 

depth of each mineral’s weathering reaction front (Fig. 4 and 5) and SEM observations. 

Using this method, the order of mineral dissolution is found to be: pyrite > pyroxene 

> chlorite > anorthite > illite ≈ apatite > albite ≈ epidote. Quartz and sphene are 

conserved across the profile. Incipient pore space is frequently lined with Mn-oxide 

(MnO2) precipitates around the edges (Fig. 3B). Chlorite is the only primary mineral 

found to contain Mn and this is in trace amounts (Table 1). Gibbsite and kaolinite are 

also commonly found within pore space, but they form less thorough linings than the 

Mn-oxides (Fig. 3C). Due to the large uncertainties and low concentration associated 

with anorthite, it is not discussed further. 

Fe(III)-(hydr)oxides, kaolinite and gibbsite all begin to increase from ~35mm inboard 

of the fracture surface (Fig. 5F, 5G and 5H), with a sharp increase from ~8mm in the 

case of kaolinite and Fe(III)-(hydr)oxides and ~6mm for gibbsite. The sharp increase 

in kaolinite at ~8mm from the fracture surface is coincident with losses of Na from 

albite increasing at the same point (Fig. 6D). BSE images show the presence pitting 

within albite grains (Fig. 3D).  



  

 

 

3.3 Major element profiles 

The calculations of volumetric strain (Fig. S3) suggest that Si, Al and Ti are largely 

conserved (immobile) within the weathering profile. However, when τ is calculated 

for Si and Al, with Ti as the immobile (Fig. S6A), they both show slight relative losses 

compared to parent material. Conversely, when τ is calculated for Ti with either Al or 

Si immobile (Fig. S6B and S6C), Ti shows enrichment. Therefore,  Ti is likely slightly 

more immobile than Al and Si in the Bisley bedrock weathering profile.  

The ICP-OES data was produced to support the elemental X-ray mapping data, and 

the values agree remarkably well (Figs. 6 and 7A-D). However due to the larger 

uncertainties associated with the ICP-OES data, hereafter we base the further analysis 

and discussion on the elemental X-ray mapping data. 

Calculations of the mass transfer coefficient using Ti (τTi,j) (Eq. 2, presented in Figs. 6 

and 7) can be used to determine the depth at which each element begins to be lost from 

the system. From these depths, the order of cation mobility from the parent material, 

through the weathered rind, and to the fracture surface is determined as: 

Ca>Mg>Na≈Si≈Al with Fe conserved within the rind. Due to the high uncertainty 

associated with the low K and S concentrations and their heterogenous distribution, it 

is not possible to make any meaningful interpretations from their profiles and they are 

therefore not presented. The most substantial loss is shown by Ca, beginning at 

~50mm, whereby 30% of the element is lost over 15 mm (Fig. 6B) with a final loss of 

60% over the final 10 mm, resulting in a total depletion of ~ 90% for Ca (τTi,Ca  =  -

0.90). There is no significant loss of Mg within the weathering profile, until the 

shallowest ~20 mm where it undergoes gradual loss up to the fracture surface totaling 

~45% (τTi,Mg  =  -0.45) (Fig. 6C). Na, Si and Al all display a similar trend of 

conservative behavior over the majority of the profile until the visible rind (0-6 mm 

from the fracture surface) where they undergo losses of ~60 % (τTi,Na  =  -0.57), ~45 

% (τTi,Si  =  -0.47) and ~40% ~60 % (τTi,Al  =  -0.47), respectively. These losses 

correspond to losses of albite, which occurs over the same depth (Fig. 5B). 

 

 

 



  

 

 

3.4 U-Th mobility and activity ratios 

The unaltered parent material has U and Th concentrations of 0.83 ppm and 1.26 ppm, 

respectively (Table 2). The U concentration is comparable to previous work on a 

landslide exposed outcrop of Bisley bedrock (Dosseto et al., 2012) whereas the Th 

concentration reported here is higher. Th is conserved throughout the profile (Fig. 7E), 

relative to the immobile component (Ti). However, the τTi,Th profile displays two 

outliers at 10.5 mm and 13.5 mm from the fracture surface, which contain anomalously 

high concentrations of Th relative to the parent material. We find that U is conserved 

throughout most of the profile, except for a slight enrichment of ~5% at ~20 mm from 

the fracture surface and a loss over the visible rind of ~8-9% (Fig. 7F).  

Values of (234U/238U) are significantly greater than 1 across the entirety of the transect 

(Table 2 and Fig. 8A), with an increase toward the rind compared to the deeper 7 

samples. The furthest sample inboard of the fracture surface (46.5 mm) also shows 

higher activity ratios, similar to the rind. Starting from close to secular equilibrium at 

the furthest sample inboard of the fracture surface, the (230Th/238U) ratios (Table 2 and 

Fig. 8B) show an increase >1 with decreasing distance from the fracture surface. 

Samples at 16.5 mm and 4.5 mm from the fracture surface are exceptions to this, with 

values slightly less than 1. An outlier exists with a (230Th/238U) ratio of 1.097 at 10.5 

mm inboard of the fracture surface, which also shows an increase of 50% in the τTi,Th 

profile, relative to the parent material (Fig. 7E).  

 

3.5 Porosity development and density changes 

Open porosity (Φo) remains close to zero from 56.5 mm (the sample furthest inboard 

of the fracture surface) to roughly 40 mm from the fracture surface (Fig. 9). At this 

point it gradually increases by ~2-3 vol% until <10 mm from the fracture surface where 

a significant increase in porosity occurs across the weathering front and into the rind. 

A maximum Φo of 15.0 ± 3 vol% is reached within the rind. This porosity is slightly 

larger than the neutron scattering measured porosity of 8 ± 4 vol% calculated for the 

Bisley weathered rock by Buss et al. (2013), although these values overlap due to the 

large uncertainties. Porositytotal (Φt) includes Φo in addition to kaolinite, gibbsite, iron 

oxides and birnessite. Starting from ~0 vol%, Φt tracks a similar, but more pronounced, 



  

 

 

pattern to Φo, with an increase between ~40 mm to 20 mm (Fig. 9). A significant 

increase is then noted within the rind, culminating in >40 vol% Φt within the rind. 

Rock density was calculated using mineral density values taken from the literature 

(Table 1), and mineral volumes observed using X-ray phase analysis. Density 

calculated in this way gives a value of 2.9 g cm-3 for the parent material and 2.2 g cm-

3 for the rind material, compared with a bedrock density of 2.3 g cm-3 as measured by 

volume displacement (Buss et al., 2017). When normalized to the parent material 

density, very little change is noted in the weathered material density (Fig. 9) until the 

weathering rind, where the density ratio rises to ~1.24. 

 

3.6 Oxidation within pores 

The oxidation state of Fe in the unweathered pyrite is in its reduced form of +2 (Fig. 

10A). The oxidation state of Fe in the surrounding chlorite grain is +3, with little Fe 

(either reduced or oxidized) found in other minerals present in the region analyzed 

(mostly albite). There is also no definitive sign of Fe retention within pores. 

To investigate S oxidation in the weathering rock, fluorescence maps were produced 

of the same locations mapped for Fe oxidation analysis. As expected, the sulfur within 

the pyrite has an oxidation state of -2 (Fig. 10B), with no other minerals in the map 

boundaries bearing any sulfur. X-ray phase analysis indicates that there is sulfur within 

the pore space (Fig. 3E) in association with secondary minerals such as kaolinite and 

gibbsite, µXRF indicates that this is oxidized sulfur (+6). 

 

4. DISCUSSION 

4.1 Weathering reactions 

The abrupt increase in porosity (Fig. 9) with decreasing depth from ~6 mm inboard of 

the fracture surface, suggests there could be a change in the dominant weathering 

system at this point, from a transport-limited (diffusion-dominated) to a kinetic-limited 

(advection-dominated) system. The increase in porosity also coincides with increases 

in the density ratio (Fig. 9) and a decrease in the abundance of most primary minerals 

(Fig. 4).  



  

 

 

The dissolution of pyrite is the first weathering reaction (furthest inboard of the 

fracture surface) observed in the Bisley bedrock using SEM-BSE imaging. Following 

the dissolution of pyrite, pyroxene and chlorite dissolve earlier than albite and epidote 

(Fig. 4B-E). The earlier onset of pyroxene and chlorite dissolution could be due to 

several reasons: i) pore water is more undersaturated with respect to pyroxene and 

chlorite than to epidote and albite; ii) pyrite occurrences (which dissolve first creating 

incipient porosity and allow greater access of reactive fluids) are more closely 

associated with pyroxene and chlorite; iii) the products of oxidative pyrite dissolution 

act to catalyze the dissolution of pyroxene and chlorite.  

As the elements contained within epidote are also present in chlorite and pyroxene, it 

is unlikely to be undersaturation with respect to pyroxene and chlorite. It is possible 

that pyroxene is more accessible following pyrite dissolution due to its higher 

correlation with pyrite abundance (r2= 0.57, Fig. S7B) compared to albite (r2= 0.47, 

Fig. S7C) and epidote (r2= 0.19, Fig. S7D), however chlorite shows the least 

correlation (r2= 0.12, Fig. S7A), suggesting this is not the primary cause for the earlier 

onset of pyroxene and chlorite dissolution. Analysis by µXRF of S oxidation states 

within a pyrite grain and pore space (Fig. 10B), indicates that pyrite does undergo 

oxidative dissolution as the first reaction in the weathering profile.  

Pyrite dissolution in the presence of oxygen generates acidity (Eq. 11), which would 

create a low-pH microenvironment on a mineral grain scale. 

𝐹𝑒𝑆2 + 3.5𝑂2 +  𝐻2𝑂 →  𝐹𝑒2+ +  2𝐻+ + 2𝑆𝑂4
2−

                              (11) 

It is possible that ferrous iron liberated in this reaction would then oxidize to ferric 

iron, which could then catalyze further pyrite dissolution and sulfur oxidation (Eq. 12) 

and lower the pH in the local vicinity further: 

𝐹𝑒𝑆2 + 14𝐹𝑒3+ +  8𝐻2𝑂 →  15𝐹𝑒2+ +  16𝐻+ +  2𝑆𝑂4
2−

                     (12) 

However, from the µXRF data (Fig. 10A) there is no evidence that Fe3+ is retained 

within pores to catalyze the reaction. Regardless of whether or not Fe3+ acts as a 

catalyst, the oxidation of pyrite still increases proton activity. The abundant protons 

aggressively promote dissolution of the minerals surrounding the pyrite grain, 

consistent with our observations in the Bisley rock (e.g., Fig. 3F and H). 



  

 

 

Once minerals surrounding a pyrite grain have dissolved and created pore space, the 

second possibility for earlier dissolution of pyroxene and chlorite (described above) 

could become important, where reactive fluids are better able to penetrate the rock, 

possibly shifting the system from transport-limited to kinetic-limited. A dual-stage 

mechanism such as this is reflected in the τ profile for Ca (Fig. 6B) where there is an 

initial loss much further inboard than the loss over the visible rind.  

The oxidation of Fe(II)-bearing minerals has previously been identified as the incipient 

weathering reaction in other lithologies in different watersheds, including the adjacent 

granitic watershed of Río Icacos (Buss et al., 2008), the Susquehanna Shale Hills CZO 

in central Pennsylvania, USA (Brantley et al., 2013), a charnockitic profile in Sri 

Lanka (Behrens et al., 2015) and a granite watershed in Virginia, USA (Bazilevskaya 

et al., 2015). Pyrite oxidation as the incipient reaction has also previously been 

proposed for the Bisley bedrock (Buss et al., 2013) and is demonstrated here by 

evidence of S oxidation within pores (Fig. 10B). 

Pyroxene near pyrite grains is observed to dissolve second (Fig. 3H), and the pyroxene 

and pyrite abundances show the highest correlation (r2= 0.57, Fig. S7B). Therefore, 

initial pyroxene dissolution is expected to occur largely via attack by sulfuric acid 

produced by the oxidative dissolution of pyrite, as observed in BSE imaging and EDS 

analysis: 

(Fe2+
0.03,Mg0.17,Ca0.78,Na0.02)(Ti0.01,Al0.04,Fe3+

0.07,Fe2+
0.14,Mg0.73)(Si1.89,Al0.11)O6 + 

1.66H2O + 3.62H2SO4  0.02Na2+ + 0.78Ca2+ + 0.07Fe3+ + 0.17Fe2+ + 0.9Mg2+ 

+ 0.01TiO2 + 0.08Al2Si2O5(OH)4 + 1.73H4SiO4 + 3.62SO4
2-                                  (13) 

Closer to the rind, as the supply of pyrite dwindles, the porosity increases, and fresh 

reactive fluids are better able to penetrate, it is likely that the dissolution of pyroxene 

will proceed at a higher pH via protons sourced dominantly from carbonic acid present 

in the infiltrating fluids: 

(Fe2+
0.03,Mg0.17,Ca0.78,Na0.02)(Ti0.01,Al0.04,Fe3+

0.07,Fe2+
0.14,Mg0.74)(Si1.89,Al0.11)O6 + 

1.66H2O + 7.24HCO3
-  0.02Na2+ + 0.78Ca2+ + 0.07Fe3+ + 0.17Fe2+ + 0.9Mg2+ 

+ 0.01TiO2 + 0.08Al2Si2O5(OH)4 + 1.73H4SiO4 + 7.24CO3
-                                  (14) 

Chlorite is the next mineral to dissolve, at a similar depth to the oxidation of pyrite and 

dissolution of pyroxene, weathering to kaolinite as observed by SEM (Fig. 3C). Both 



  

 

 

albite and epidote abundances show a higher correlation with pyrite than chlorite does 

with pyrite (R2 = 0.47, 0.19 and 0.12, respectively; Fig. S7C, S7D and S7A), perhaps 

suggesting that it is not association with pyrite that is the critical factor, but the 

mineral’s susceptibility to sulfuric acid promoted dissolution. The susceptibility of 

chlorite to attack via sulfuric acid, following the oxidation of trace pyrite, has 

previously been reported within the Marcellus shale, USA (Heidari et al., 2017). Thus, 

we propose that chlorite dissolves via analogous reaction mechanisms to those 

described for pyroxene (sulfuric acid- or carbonic acid- promoted dissolution and 

production of kaolinite), with the following reaction for chlorite dissolution inboard of 

the rind: 

(Mg4.59,Ca0.57,Mn0.05,Fe2+
3.47,Fe3+

0.32,Al2.61)[Si5.95,Al2.05O20]OH16 + 9.11H2SO4 

4.59Mg2+ + 0.57Ca2+ + 0.05Mn2+ + 3.47Fe2+ + 0.32Fe3+ + 2.33Al2Si2O5(OH)4 

+ 1.29H4SiO4 + 9.87H2O + 3.32SO4
2-                                                                    (15) 

Then chlorite continues to dissolve via the following reaction within the rind: 

(Mg4.59,Ca0.57,Mn0.05,Fe2+
3.47,Fe3+

0.32,Al2.61)[(Si5.95,Al2.05)O20]OH16 + 18.22HCO3
- 

4.59Mg2+ + 0.57Ca2+ + 0.05Mn2+ + 3.47Fe2+ + 0.32Fe3+ + 2.33Al2Si2O5(OH)4 

+ 1.29H4SiO4 + 9.87H2O + 18.22CO3
-                                                                    (16) 

Both albite and epidote dissolve only over the rind where the carbonic acid reaction 

mechanism dominates. The dissolution reaction for albite to kaolinite can therefore be 

written as: 

(Na0.94,Ca0.02,Fe2+
0.01,Mg0.01)[Si2.96Al1.01O7.97] + 4.38H2O + 1.04HCO3

- 

0.94Na2+ + 0.02Ca2+ + 0.01Fe2+ + 0.01Mg2+ + 0.51Al2Si2O5(OH)4 + 1.94H4SiO4 + 

1.04CO3
-                                                                                                                   (17) 

And for epidote as:  

Ca2.11Fe3+
0.87Al2.23Si3.11O12(OH) + 0.56H2O + 5.84HCO3

-  2.11Ca2+ + 0.87Fe3+ 

+ 1.12Al2Si2O5(OH)4 + 0.87H4SiO4 + 5.84CO3
-                                                      (18) 

As mentioned in Section 3.2, pore space is frequently lined with Mn-oxide precipitates 

between 48 mm and 10 mm from the fracture surface. The substantial MnO2 

accumulations lining the pores (Fig 3B) may lower the total reactivity of the rock, 

slowing the WAR by denying infiltrating fluids access to fresh primary minerals. Mn-



  

 

 

oxides are also effective scavengers of metals, acting to retain dissolved cations within 

pores via adsorption (e.g., Peacock et al., 2009; Taylor and McKenzie, 1966; Vuorinen 

and Carlson, 1985). In the Bisley rocks, inhibition of weathering by Mn-oxides would 

occur only from 40 – 10 mm distance from the fracture surface (Fig. 5E), where at 10 

mm MnO2 is removed from the pores, likely due to increased fluid flux in the advection 

dominated rind. 

From the evidence above for a two-stage weathering mechanism: first by reaction with 

sulfuric acid in the fresh rock, followed by reaction with carbonic acid in the rind, it is 

likely that the initial reaction rate of pyrite oxidation, controls the onset of chemical 

weathering. In turn, the dissolution of pyrite is regulated by the concentration of an 

oxidizing reactant such as O2, as previously proposed by Buss et al. (2013, 2017), 

therefore the diffusion rate of oxygen into the bedrock is the rate-limiting step. If 

porewater oxygen concentration is the rate-limiting factor, this could regulate a steady-

state weathering profile at the regolith scale. Because O2 concentration decreases with 

depth in the regolith (Buss et al., 2017), then as the WAR increases and the regolith 

thickens, the O2 concentration at the bedrock-regolith interface decreases. In turn, the 

decreased O2 concentration causes the WAR to slow, allowing surface erosion to thin 

the regolith and increase O2 at the bedrock-regolith interface again (Fletcher et al., 

2006). 

 

4.2 Weathering gradients 

In a steady-state weathering profile, a gradient in the mass transfer of a mineral (Eqs. 

2 and 4) with depth indicates where in the profile a reaction is occurring. A positive 

gradient (mineral gain) or negative gradient (mineral loss) is inversely proportional to 

the rate (Eq. 5; Fig. 2). Locating the zone of reaction enables interpretation of rates in 

the context of other spatially variable parameters, such as porosity and pO2. The 

gradients presented here (Table 3 and Fig. 11) are solid-state mineralogical weathering 

gradients (bs in m kg mol-1), which are determined from changes in mineral volume. 

Therefore, these gradients do not track the loss of individual elements and so do not 

capture incongruent dissolution; only total mineral dissolution or transformation into 

a secondary mineral (e.g., kaolinite) is observed. 



  

 

 

Changes in a mineral’s weathering gradient (bs) reflects a change in the mineral’s 

weathering rate, which could indicate a change in a key rate-controlling parameter 

(e.g., fluid saturation state associated with porosity change) or even a change in the 

chemical weathering reaction mechanism (Buss et al., 2008). In a multi-mineralic rock, 

multiple minerals may weather simultaneously, and to varying extents (White, 2002). 

For example, in this study, chlorite and pyroxene weather initially by sulfuric acid 

produced during oxidative dissolution of pyrite (Eqns. 9-11), which does not affect 

albite and epidote. In the more porous rind, dissolution is effected by carbonic acid, 

which dissolves all four of these primary silicate minerals to varying extents. 

Mineral gradients were calculated over the distance where each mineral shows 

pronounced losses, which for all minerals spans the visible rind and extends several 

mm deeper, as observed in the normalized mineral profiles(Fig. 11). We also 

calculated additional, deeper gradients for the early stage sulfuric acid-driven 

dissolution of both chlorite and pyroxene (Fig. 11D-E; Eq. 13 and 15). The first 

mineral to dissolve, pyrite, has a weathering gradient, bs, of 0.123 m kg mol-1 (Fig. 

11B). The weathering gradients for chlorite and pyroxene, in association with sulfuric 

acid, are 0.642 and 0.120 m kg mol-1 respectively (Fig. 11D and 11E). The weathering 

gradients for chlorite and pyroxene in the presence of carbonic acid are 0.222 and 

0.057 m kg mol-1 respectively (Fig. 11D and 11E). Albite and epidote undergo 

dissolution more readily within the rind, yielding gradient values of bs = 0.024 and 

0.038 m kg mol-1, respectively (Fig. 11A and 11C). Although albite and epidote show 

variation in their gradients inboard of the rind, SEM observations indicate that these 

result from heterogeneities within the rock, not weathering, and have therefore not 

been included in the calculation of the gradients for these minerals.  

To determine the mineral-specific dissolution rates from the calculated gradients, a 

time constraint must be determined. In this study, the time constraint is provided by 

U/Th isotope disequilibria data. To accurately model the time since the inception of 

chemical weathering by reactive fluids, using U and Th isotope ratios, their behavior 

within the weathering profile must be first understood.  

 

 



  

 

 

4.3 Uranium-series isotope behavior across the weathering profile and 

derivation of the WAR 

Activity ratios of (230Th/238U) are ~1 (i.e., secular equilibrium) throughout most of the 

profile, suggesting no net loss or gain of 238U or 230Th (Fig. 8B). However, within the 

top of the profile 230Th/238U ≠ 1, reflecting greater mobility. This is consistent with the 

τTi,U profile, which shows losses over the visible rind (Fig. 7F) and the τ Ti,Th profile 

(Fig. 7E), which shows Th to be conserved. All (234U/238U) activity ratios throughout 

the sampled profile are >1, suggesting a gain of 234U (Fig. 8A). These observations can 

all be reconciled if the system is not simply described by U loss, but with U addition 

as well, where an overall loss of U occurs (as evidenced by τ Ti,U profile), but there is 

an addition of 234U relative to 238U, as evidenced by the increased (234U/238U) ratios 

(Fig. 8A and Table 2), whilst 230Th is conserved, as evidenced by the (230Th/238U) 

profile (Fig. 8B and Table 2) and the τ Ti,Th profile (Fig. 7E). 

It is likely there would be a greater addition of 234U than 238U from an external source, 

as it is a more soluble nuclide. At greater depths than the visible rind, fluid circulation 

through micro-fractures may have added 234U to the system, without sufficient 

weathering to liberate U from the minerals. A more likely explanation is that U 

leaching has occurred concurrently to 234U addition, but to a lesser extent. Sheng and 

Kuroda (1986) suggest that a phase may eject 234U into a less soluble phase as a result 

of alpha recoil, then when it is preferentially dissolved over the less soluble phase, the 

system’s (234U/238U) would be >1. All of these possibilities imply that mineral-water 

interaction has occurred throughout the entirety of this profile. The interpretation of 

weathering throughout the U-series sampled profile is supported to some degree by the 

CIA and τ profiles (Fig. 6 and 7), both of which track weathering deeper into the rock 

than the U-series profiles.  

An outlier exists at a depth of 10.5 mm, displaying an enrichment of Th of ~50% in 

the τ Ti,Th profile, compared to the parent material (Fig. 7E), and the highest 

(230Th/238U) activity ratio in the profile (Fig. 8B and Table 2).  Both of these 

observations could be explained by an infiltration of Th-rich hydrothermal fluids 

associated with the intrusion of the Rio Blanco stock intrusion near the study site. 

With an understanding of the behavior of the U series isotopes across the weathering 

profile, the independent activity ratios for each point can be modeled in relation to 



  

 

 

addition and loss coefficients to determine the time since the inception of reactive 

fluids to the rock. Under the open system conditions of the Bisley watershed, the 

continuous loss/gain model described above can be fully solved utilizing Matlab™’s 

lsqnonlin function (Modified from Dosseto et al., 2014). With the known input values 

of (234U/238U) and (230Th/238U) for 10 samples (Table 2) in addition to the initial 

conditions for the parent material set at secular equilibrium, we solved for the unknown 

mobility parameters and time (t) (Table 4). The results of the model indicate the 

outermost rind sample has a weathering exposure age of ~3.2 kyrs. Using Eq. 10, an 

average WARrind can be calculated by plotting the weathering exposure ages as a 

function of distance from the fracture surface (Fig. 12). Using this method produces 

an average WARrind of 31 ± 2 mm kyr-1 (Fig. 12). By using a linear fit to calculate 

WARrind we assume isovolumetric weathering, which is reasonable because the 

volumetric strain values are near zero (Fig. S3) and SEM observations indicate 

retention of the original mineral structures within the rind (Fig. 3G). Intriguingly, the 

model yields a k234/k238 ratio of 0.88. Although surprising, a value <1 could indicate 

that the surrounding medium is very reactive with regard to Th or that 234Th has 

nowhere to escape after recoil from the mineral lattice and is subsequently 

reincorporated into the medium before decaying to 234U. 

 

4.4 Quantification of mineral weathering rates 

Here we estimate mineral-specific dissolution rates (Eq. 5; Tables 1 and 3) for all 

primary minerals excluding quartz (which is conserved), using the calculated WARrind 

(Eq. 10) as a time constraint. Field-measured mineral dissolution rates are not simply 

kinetic-controlled rates as are many laboratory determined rates, instead they reflect a 

multitude of variables, including saturation index of reactive fluids with respect to the 

mineral of interest (e.g., Zhu et al., 2004), past climatic conditions (e.g., Nagarajan et 

al., 2014), varying redox conditions (e.g., Fletcher et al., 2006) and the accessibility of 

the mineral within the rock to reactive fluids (e.g., Navarre-Sitchler et al., 2009). The 

accessibility of the mineral, in turn, depends on multiple controls including the 

dissolution rate of neighboring minerals (to create porosity) and the degree to which 

the resulting pores are then lined with secondary phases, such as kaolinite and Mn-

oxides. 



  

 

 

The complex nature of natural dissolution rates is highlighted in this study by the case 

of pyrite. Buss et al. (2013) previously proposed that the formation of the entire critical 

zone of the Bisley watershed is controlled by rind formation, which in turn is 

controlled by pyrite dissolution. Using the WARrind (Eq. 10), and other parameters 

given in Tables 1 and 3, we calculated a pyrite dissolution rate (Eq. 5) of 1.5 x 10-12 

mol m-2 s-1 (log R= -11.8). This rate is several orders of magnitude slower than a 

laboratory-determined pyrite dissolution rate of log R= -9.64 (Nicholson, 1994). 

Despite the latter being calculated at pH 3, the rates are comparable as Nicholson 

(1994) noted no significant variation at neutral pH, unless ρO2 is <0.05 atm. Nicholson 

(1994)’s faster laboratory rate could be due to various issues such as pre-experimental 

cleaning processes, higher surface area and higher water:mineral ratios that exist in 

laboratory compared to field settings (White and Brantley, 2003). To our knowledge, 

this is, surprisingly, the first published, field-calculated pyrite dissolution rate. Despite 

the lack of field-calculated pyrite dissolution rates, much work has been done on the 

oxidative dissolution of pyrite. España et al. (2007) found that laboratory oxidation 

rates of Fe(II) in pyrite (10-8 to 10-10 mol L-1 s-1) were 2-3 orders of magnitude slower 

than field determined rates (10-6 to 10-7 mol L-1 s-1), the inverse to the more often seen 

field-laboratory discrepancy, due to the influence of microbial oxidation on the field 

rates. However, Choppala et al. (2017) found biotic oxidation was only a minor 

contribution in field-settings, concluding that pyrite oxidation rates are surface area 

dependent, a relationship often assumed to be linear (Lowson, 1982). The relationship 

between pyrite dissolution rates and mineral surface area is complicated by the non-

uniform attack of oxidants (Bierens de Haan, 1991), which occurs at sites of high 

excess surface energy (e.g., etch pits, defects and grain edges) (McKibben and Barnes, 

1986). The relationship of grain-size and oxidation rates may be complicated further 

by fundamental differences in the oxidative mechanism between submicron-sized 

particles and larger grains. After the initial first order reaction between pyrite and O2 

in submicron particles, Gartman and Luther (2014) suggested a later stage of oxidation 

where electron shuttling occurs in the mixed valence oxide that has formed on the 

pyrite grain surface, whereas the oxide coating on larger particles grows in thickness 

until it forms an oxygen-limiting armor. Gartman and Luther (2014) concluded that 

most studies examine the relationship of particle size and oxidation rate by crushing 

larger grains, as opposed to examining submicron and nanoparticles, which they found 

could remain present in oxic seawater for years. The slower than expected oxidation 

rate of smaller particles, could explain why the pyrite dissolution rate for Bisley grains 



  

 

 

(~ 14 µm) is several orders of magnitude slower than lab reported dissolution rates.  

One of the fastest rates of pyrite oxidation in the literature is within carbonate 

solutions, where it is hypothesized that iron solubility is increased and the solution 

buffered via carbonate ions that facilitate electron transfer from soluble Fe(II)-

carbonate to oxygen (Caldeira et al., 2010). Electron transfer via carbonate ions would 

not be an issue for the Bisley rock, however, this may play a role in rocks where 

carbonate is ubiquitous (White et al., 2005). 

The dissolution rate determined for pyroxene in this study (Eq. 5, Tables 1 and 3) in 

the presence of sulfuric acid is 5.8 × 10-13 mol m-2 s-1 (log R = -12.2). In the presence 

of carbonic acid, pyroxene dissolves at a rate of 1.2 x 10-12 mol m-2 s-1 (log R= -11.9), 

more than an order of magnitude faster than those previously determined within a 

basalt from another tropical catchment (log R= -13.2, Benedetti et al., 1994) in Paraná, 

Brazil. The pyroxene dissolution rate presented here is also two orders of magnitude 

faster than the experimental rates reported in Brantley and Chen (1995) of log R= -

14.9 to -16.4 for near neutral pH. The high dissolution rate reported here may result 

from the low pH of the Bisley regolith porewater. Indeed, a higher dissolution rate for 

pyroxene, log R= -13.9, has been documented experimentally at a low pH of 2.5 

(Sverdrup, 1990). 

The dissolution rate we derived for chlorite (Eq. 5, Tables 1 and 3) in the presence of 

sulfuric acid is 8.6 × 10-15 mol m-2 s-1 (log R = -14.1). In the presence of carbonic acid, 

chlorite is estimated to dissolve at a rate of 2.5 x 10-14 mol m-2 s-1 (log R = -13.6), 

which agrees moderately well with that calculated in the deep regolith of this 

watershed (log R = -13.05; Buss et al., 2017) and those experimentally-determined at 

pH 7.4 of log R = -12.55 by Gustafsson and Puigdomenech (2002). Buss et al. (2017) 

used Mg fluxes to estimate chlorite dissolution rates for the Bisley watershed, 

assuming congruent dissolution. Therefore, the slight discrepancy between their faster 

rates and the one calculated here based on direct observation of chlorite abundances, 

may indicate incongruent weathering of chlorite with preferential loss of Mg occurring 

during the earlier stages. In addition, the high porosity of the regolith (60 vol%; Buss 

et al., 2017) compared to the rinds (15 vol%) and non-rind rocks (0.5 vol%) allows 

better access of reactive fluids to the weathering minerals. Furthermore, the molecular 

mechanism of chlorite dissolution may also lead to faster regolith chlorite weathering. 

Lowson et al. (2007) describes clusters of partially hydrolyzed silica tetrahedra 

remaining on chlorite surfaces following initial proton attack of the Al tetrahedral sites 



  

 

 

during dissolution. The rate-defining step of chlorite dissolution is the conversion of 

these hydrolyzed silica species (via a precursor) into an aqueous silica species (Lowson 

et al., 2007). In turn, this rate will then be controlled by the concentration of said 

species in porewater fluids for the rind, which are likely to be more dilute for the 

regolith due to greater flow rates of groundwater. As one of the first primary silicate 

minerals to dissolve, it is interesting that chlorite has the slowest calculated dissolution 

rate for this watershed, highlighting the interplay of processes that affect dissolution 

within a multi-mineralic system, as described above. 

Both the pyroxene and chlorite dissolution rates calculated here in the presence of 

sulfuric acid are slower than those rates calculated for the same minerals in the 

presence of carbonic acid (Table 3). Contrary to this observation, chlorite has 

previously been modelled to weather faster in association with sulfuric acid than 

carbonic acid within a shale bedrock (Heidari et al., 2017). However, the mineral 

dissolution rates presented here would be controlled by the supply of sulfuric acid, 

which is limited by the oxidative dissolution rate of pyrite. The oxidative dissolution 

rate of pyrite in this study is several orders of magnitude slower than those previously 

determined in the literature, suggesting that its rate is also being limited, lending 

further support to the hypothesis that the diffusion rate of oxygen into the bedrock is 

the rate-limiting step. 

We also calculate a plagioclase (albite) feldspar dissolution rate (Eq. 5, Table 1 and 

Table 3) of 9.2 x 10-13 mol m-2 s-1 (log R= -12.0), which is an order of magnitude faster 

than that calculated for plagioclase (50:50 albite:anorthite) in the neighboring granitic 

watershed (log R = -13; Buss et al., 2008). Our albite dissolution rate agrees well with 

lab determined rates using flow-through reactors at pH ~5 determined by Hamilton et 

al. (2000) and Knauss and Wolery (1986) of log R= -12.5 and -12.1 respectively. 

Interestingly, our field determined dissolution rate calculated for epidote (Eq. 5, Tables 

1 and 3), 3.6 x 10-13 mol m-2 s-1 (log R= -12.4), is faster than experimental rates 

previously reported (log R= -14.9 to -16.20) by Sverdrup (1990) and Kalinowski et al. 

(1998). Those experimentally derived rates were calculated over a comparable pH 

range (5.5 to 4.5) to the Bisley porewater regolith range of pH 4.4 to 5.7 (Buss et al., 

2017). 

The much higher mineral dissolution rates calculated here, compared to field-

calculated dissolution rates previously published in the literature are not surprising, 



  

 

 

considering that the tropical temperatures and abundant rainfall in the Luquillo 

rainforest make fast weathering rates thermodynamically favorable. As a result, a large 

proportion of the primary minerals (~80% pyroxene, ~50% albite, ~40% epidote and 

~30% chlorite) are lost over only several mm’s of weathering rinds. Such thin reaction 

fronts are considered diagnostic of a diffusion dominated transport system (Lebedeva 

and Brantley, 2013; Ma et al., 2011; Navarre-Sitchler et al., 2009; 2011; 2013).  

Field-calculated mineral dissolution rates, such as those above, which match or exceed 

laboratory dissolution rates are rarely observed; instead many researchers have 

previously noted and discussedthat mineral dissolution rates determined in the field 

are usually 2-5 orders of magnitude slower than those determined in the laboratory 

(e.g., White and Brantley, 2003). Slower field-calculated rates have previously been 

ascribed to the presence or absence of organic acids (Drever and Stillings, 1997); 

armoring of mineral surfaces (Nugent et al., 1998); physical erosion of weathered 

material influencing interpretations of chemical weathering rates (Bluth and Kump, 

1994) or affinity effects related to secondary precipitates . For example Zhu et al. 

(2004) examined the coupling of dissolution and precipitation kinetics, hypothesizing 

that the rate limiting step for feldspar dissolution is clay precipitation, which removes 

solutes from the reactive fluid, keeping the fluid undersaturated with respect to the 

mineral. If the discrepancy between lab and field rates is an issue of fluid saturation 

(and therefore describes a transport-limited system), then it is more likely that fluid 

residence time is the rate-limiting step. Maher (2010) utilized reactive transport 

modeling to demonstrate that factors related to fluid residence time, including fluid 

flow and pH, together with mineral solubility, are the dominant controls on dissolution 

rates in the field, not mineral surface area or mineral kinetics. In contradiction to these 

findings, Sak et al. (2010) found that local grain-scale roughness has a primary control 

on dissolution rates. However, roughness at a certain scale is partly determined by the 

measuring resolution at that scale. For example, laboratory dissolution rates are 

normalized to the BET surface area of the dissolving mineral, whereas this is difficult 

to estimate for field systems, often necessitating normalization to geographic surface 

area (Navarre-Sitchler et al., 2011). Therefore to calculate appropriate surface areas 

for a given scale, a fractal dimension would be required (Navarre-Sitchler and 

Brantley, 2007).  

The mineral dissolution rates presented here, which converge with lab-calculated rates, 

demonstrate the importance of the spatial scale of analysis. Whereby calculating 



  

 

 

mineral dissolution rates only over the mm-scale at which they occur i) avoids 

underestimation of rates by over-scaling (being averaged over meters or kilometers); 

ii) minimizes the effects of other Earth surface processes such as physical erosion and 

organic acid production, as the thick Bisley regolith likely decouples many deep and 

surface processes (e.g., Buss et al., 2013; 2017); iii) circumvents temporal scaling 

issues associated with exposure time, such as armoring of mineral surfaces, as the rate 

is calculated at the weathering front where mineral surfaces are still fresh; and iv) 

allows normalization to the dissolving mineral’s surface area in a similar fashion to 

laboratory calculated rates.  

The issue of scale, both spatial and temporal, has previously been discussed with 

regard to the field-laboratory weathering rate discrepancy (e.g., Navarre-Sitchler and 

Brantley, 2007; White and Brantley, 2003). To investigate the issue further, different 

scales of study both spatially and temporally should be examined. 

 

4.5 Weathering advance rates across multiple scales 

When calculating a weathering advance rate at the watershed scale (WARwatershed), the 

rate is normalized to a geographical area, compared to the mineral grain-scale area 

when calculating WARrind. In addition, WARwatershed uses stream or river data to 

calculate mass loss via solute concentration and the time constraint via runoff. As such, 

WARwatershed provides a contemporary weathering rate for the snapshot moment at 

which the stream or river is sampled, compared to the kyr timescale used in the 

WARrind. By calculating WARwatershed we can therefore compare it to the WARrind to 

examine how WAR varies on multiple temporal and spatial scales. 

Here we calculate WARwatershed for the Bisley 1 watershed stream, following the 

method of Gaillardet et al. (2011): 

𝑊𝐴𝑅𝑤𝑎𝑡𝑒𝑟𝑠ℎ𝑒𝑑 =
𝐶𝑊𝑅

𝜑𝑎𝑙𝑘𝜌𝑝(1−Φo)∗                                          (19) 

where: 𝜑𝑎𝑙𝑘 = average mass fraction of alkali and alkaline earth cations per g of parent 

rock (g g-1); 𝜌p = average bulk density of the parent (g cm-3); Φo = porosity of the 

parent material (vol %) and CWR is the cation weathering rate calculated by 



  

 

 

multiplying the concentration of cations (mg L-1) of the total dissolved solids, TDScat, 

by the runoff of the watershed (mm yr-1): 

𝐶𝑊𝑅 =  𝑇𝐷𝑆𝑐𝑎𝑡 ∗ 𝑅𝑢𝑛𝑜𝑓𝑓                                              (20) 

To calculate WARwatershed using Eq. 19 and 20, daily stream discharge from 2000 to 

2005 (Gonzalez, 2011) was used to calculate run off, and weekly chemical 

composition of the stream and rainfall from 2000 to 2010 (McDowell, 2010; 2012) 

was used to calculate rainfall corrected stream chemistry data (raw data from the LTER 

online data base http://luq.lternet.edu/data) (Table 5). We calculated a WARwatershed of 

39 ± 9 mm kyr-1. This rate is within error of the calculated WARrind of 31 ± 2 mm kyr-

1. The agreement in WAR between the rind and watershed scales has three key 

implications: Firstly, weathering solute fluxes of the Bisley 1 stream are dominated by 

weathering along bedrock fractures. This observation is supported by Chapela Lara et 

al. (2017), who estimated that during base flow, 84% of the Mg dissolved in the Bisley 

1 stream originates from the dissolution of bedrock chlorite. The second implication 

is that the WAR across the whole watershed is constant, from the watershed scale (6.7 

km2) down to the rind scale (<5 mm), supporting Hynek et al. (2017)’s hypothesis that 

regularly distributed fractures in the Bisley bedrock promotes relatively homogenous 

weathering rates across the watershed. The third and most intriguing implication is that 

the WARwatershed is calculated from dissolved ions for the moment in time at which 

sampling took place (here from 2000-2010), thus recording the contemporary WAR, 

whereas the bedrock weathering profile took a maximum of 4.2 ± 0.3 kyr to form, 

recording a longer-term WAR. For both the WARwatershed and WARrind to return 

roughly equal values suggests that the watershed has been in a weathering steady-state 

for at least the maximum exposure age recorded (4.2 ± 0.3 kyr). 

The weathering advance rate for the regolith (WARregolith) of the Bisley catchment 

calculated by Dosseto et al. (2012) at site B1R (Fig. 1), is 334 ± 46 mm kyr-1, calculated 

over ~16 m (Fig. 12). The WARregolith (m-scale) represents an intermediate spatial scale 

between the WARwatershed (km-scale) and WARrind (mm-scale), however the regolith 

has been exposed to reactive fluids for 60 kyr (Dosseto et al., 2012), a longer period 

of time than the bedrock fractures and rinds, thus also represents an older record of 

weathering. A WARregolith that is an order of magnitude faster than the calculated 

WARwatershed and WARrind suggests that weathering occurred at a much faster rate in 

the Bisley 1 watershed prior to the oldest rind exposure age of 4.2 kyr. Interestingly, 



  

 

 

as the time difference between the oldest rind exposure age (4.2 kyr) and the youngest 

regolith exposure (8.4 kyr) (Fig. 15) is relatively short, the majority of the Bisley 

watershed’s weathering history, from 60 kyr to near present day, is captured. This is 

despite 3 orders of magnitude difference in spatial scale and infers that the present 

Bisley critical zone took ~60 kyr to form. 

Having examined chemical weathering in the Bisley watershed at the rind-scale, 

regolith-scale, and watershed-scale, we now assess it on a global-scale. To investigate 

the potential effect of the fast weathering in the Bisley watershed on the global silicate 

weathering-climate feedback, we can use the stream chemistry (Table 5) to determine 

a CO2 consumption rate (CDCR) for the watershed (Gaillardet et al., 2011): 

𝐶𝑂2 𝑐𝑜𝑛𝑠𝑢𝑚𝑝𝑡𝑖𝑜𝑛 𝑟𝑎𝑡𝑒 = [𝐻𝐶𝑂3
−] ∗ 𝑅𝑢𝑛𝑜𝑓𝑓                                   (21) 

where [HCO3
-] = concentration of HCO3

- in mol km-3 and runoff is in km yr-1. HCO3
- 

concentration was calculated from stream chemistry charge balance, as the stream is 

not hydrothermally impacted, the cationic charge is dominated by HCO3
-. This 

equation could therefore also be written as: 

𝐶𝑂2 𝑐𝑜𝑛𝑠𝑢𝑚𝑝𝑡𝑖𝑜𝑛 𝑟𝑎𝑡𝑒 = ([𝑁𝑎+] + [𝐾+] + 2[𝐶𝑎2+] + 2[𝑀𝑔2+]) ∗ 𝑅𝑢𝑛𝑜𝑓𝑓    

(22) 

where [i] = concentration in mol km-3 and runoff = km yr-1. The above equations return 

a CO2 consumption rate for the Bisley watershed of ~ 1029 x 103 mol km-2 yr-1 (± 320 

x 103 mol km-2 yr-1). This rate compares well with others calculated for the Caribbean, 

such as in Guadeloupe with a median of ~1300 x 103 mol km-2 yr-1 (Gaillardet et al., 

2011) and in Dominica with a range of 500 to 1500 x 103 mol km-2 yr-1 (Goldsmith et 

al., 2010). If streams from tropical watersheds are compared to CDCR values 

calculated by Gaillardet et al. (1999) of major rivers in temperate latitudes such as 226 

mol km-2 yr-1 (Seine) and 542 mol km-2 yr-1 (Rhine), it is evident how important 

weathering in small tropical watersheds is to the global carbon cycle. 

 

5. Conclusions 

The meta-volcaniclastic, albite-epidote-hornfels bedrock in the Bisley watershed 

weathers rapidly along deep subsurface fractures with the vast majority of primary 



  

 

 

minerals lost over several mm’s within the weathering rinds that form along fracture 

surfaces. The rate of primary mineral dissolution is accelerated via the dissolution of 

accessory pyrite, lowering the pH of porewater within the rock, despite pyrite only 

comprising ~0.5 vol% of the parent material. Pyroxene and chlorite are particularly 

susceptible to this reaction, dissolving in the presence of sulfuric acid at rates of log R 

= -14.1 and -12.2 mol m-2 s-1, respectively. Then pyroxene and chlorite dissolve within 

the rind in the presence of carbonic acid at rates of log R = -11.9 and -13.6 mol m-2 s-

1, respectively. Albite and epidote also dissolve more readily within the rind in the 

presence of carbonic acid, at rates of log R= -12.0 and -12.4 mol m-2 s-1, respectively. 

The WARwatershed, which records contemporary weathering rates, and WARrind, which 

records kyr-averaged weathering rates, are within error of each other (39 ± 9 mm kyr-

1 and 31 ± 2 mm kyr-1, respectively). The similarity in WAR calculated on these 

differing spatial and temporal scales suggests that the Bisley watershed has been 

weathering in steady-state for a minimum of ~4.2 ± 0.3 kyr. However, the WARregolith 

is much faster (334 ± 46 mm kyr-1) than the WARrind, possibly reflecting faster 

weathering before the time period recorded by the WARrind. 

The majority of mineral dissolution rates presented within this study are several orders 

of magnitude faster than field-determined rates previously reported in the literature 

and some match or are even faster than laboratory determined dissolution rates. This 

study calculates field-determined mineral dissolution rates only over the weathering 

front at which they occur (mm-scale in this study) avoiding issues relating to over-

scaling (to a m-scale or km-scale), mineral exposure time (ageing of mineral surfaces) 

and surface area normalization; all of which have previously been suggested to slow 

mineral dissolution rates. Employing this method minimizes, and in some cases 

overcomes, the field-laboratory discrepancy in dissolution rates, suggesting that scale 

is a key factor in calculating mineral dissolution rates. 

The mineral grain-scale mechanisms that drive weathering within the Bisley 

watershed, coupled with the insights gleaned from observing the system with various 

sized ‘rulers’ and ‘watches’, acts to highlight the need for further weathering studies 

to be conducted on multiple scales (both temporally and spatially), especially on a 

mineral grain scale, which is only infrequently done. Approaching systems in this 

manner may solve the field-laboratory discrepancies in mineral dissolution rates by 

accounting for scaling issues. It would also strengthen the justifications of scaling up 



  

 

 

weathering rates spatially and also over long time-scales when modelling past, present, 

and future global carbon cycling. 
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Fig. 1. Map of field site, including key lithological units within the Luquillo Critical Zone Observatory 

(LCZO). Dots represent sample locations. B1W1: Bedrock fracture samples (this study); Stream gage: 

Stream chemistry data (McDowell, 2010; 2012); B1R: Regolith samples (Dosseto et al., 2012). 



  

 

 

 

Fig. 2. Schematic diagram (after White, 2002) depicting the relationship between losses of mobile 

components, the mineral weathering rate and velocity. 



  

 

 

 

Fig. 3. Back scattered electron (BSE) images of bedrock thin sections. A) X-ray phase map, false colour 

image showing sericitization of albite (Alb) with illite (ILL, in red). Chl = chlorite, Epi = epidote. B) 

Mn-oxide precipitation in pore space. C) Kaolinite precipitation in pore space. D) Pitting of albite grain, 

darker grey areas are depleted in Na. E) Pyrite grain (Pyr) associated with pore space. Sulfur content 

shown in yellow indicates sulfur retention in pore space. F) Creation of incipient porosity in association 

with pyrite. G) Isovolumetric weathering of rock via preservation of mineral grain shape. Kaolinite 

(Kaol) along fracture surface (right of picture) with Fe-oxide layer between the kaolinite and the rest of 

the rock. H) Dissolution of pyroxene (Pyx) in association with pyrite. 
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Fig. 4. Mineral composition (vol%) of primary minerals A) anorthite; B) albite; C) chlorite; D) 

pyroxene; E) epidote and F) quartz, determined via modal X-ray phase analysis. Each data point 

represents an average of 5 areas 2.8 × 2.1 mm of the same distance from the fracture surface. The hashed 

box at the top of each plot represents the visible rind. The grey shaded area is the uncertainty, presented 

as 1SE (n=5).
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Fig. 5. Mineral volume % composition of secondary hydrothermal alteration minerals (top row) and secondary weathering product minerals (bottom row). A) apatite; B) sphene; C) 

pyrite; D) illite; E) Mn-oxides; F) Fe(III)-(hydr)oxides; G) kaolinite; H) gibbsite; determined via modal X-ray phase analysis. Each data point represents an average of 5 areas 2.8 × 

2.1 mm of the same distance from the fracture surface. The hashed box at the top of each plot represents the visible rind. The grey shaded area is the uncertainty, presented as 1SE 

(n=5). 
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Fig. 6. A: Chemical index of alteration for the weathering profile. B-D: Mass transfer (τ) profiles of 

elements in the weathering profile, calculated using Eq. 2, with Ti as the immobile element. The scatter 

plots represent the ICP-OES data with the error bars representing 1SE of an internal standard and 

propagated through all calculations. The line plots represent the elemental X-ray data with the grey 

shaded area representing 1SE of the mean and propagated through all calculations. The dotted line in 

each plot represents the tau value of the unweathered parent rock and the hatched box represents the 

visible rind. Note differing tau scales.  
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Fig. 7. A-D: Mass transfer (τ) profiles for more elements in the weathering profile; The scatter plots 

represent the ICP-OES data with the error bars representing 1SE of an internal standard and propagated 

through all calculations. The line plots represent the elemental X-ray data with the grey shaded area 

representing 1SE of the mean and propagated through all calculations. E-F: Mass transfer (τ) profiles 

for U-series elements in the weathering profile. All mass transfer coefficients are calculated using Eq. 

2, with Ti as the immobile.  The dotted line in each plot represents the tau value of the unweathered 

parent rock and the hatched box represents the visible rind.  Note differing tau scales for each plot.  
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Fig. 8. Activity ratios of U-series nuclides A) (234U/238U) and B) (230Th/238U) in the weathering profile 

versus depth. The hashed boxes represent the visible rind. 
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Fig. 9. Bottom x axis: Open porosity (vol %) and total porosity (vol %) determined via modal X-ray 

phase analysis as a function of distance from the fracture surface. Total porosity was estimated by 

summing open porosity plus secondary mineral weathering products: kaolinite, gibbsite, Fe-oxides and 

Mn-oxides. Top x axis: density ratio (unitless) calculated by dividing the density of unweathered rock 

by the density of weathered rock. Rock densities determined via mineral densities (Table 1) and mineral 

volumes (Fig. 4 and 5). 



  

 

 

 

Fig. 10. Micro X-ray fluorescence map (µXRF) overlaying a BSE image, showing A) 

qualitative Fe(II) and Fe(III) content of a pyrite grain, the neighboring mineral (chlorite) 

and neighboring pore space (partially filled with kaolinite and gibbsite). Cream = Fe(II); 

Blue = Fe(III); and colorless represents no Fe content. B) Qualitative S(VI) and S(-II) 

content of a pyrite grain, neighboring pore space (partially filled with kaolinite and 

gibbsite). White = S(-II); Red = S(VI) and colorless represents no S content. 
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Fig. 11. Weathering gradients (bs) of normalized concentrations for A: albite; B: pyrite; C: epidote; D: 

chlorite; E: pyroxene in the B1W1 sample calculated using Eq. 4. With depletions relative to the parent 

material seen as decreases. All minerals show a linear trend for mineral dissolution. 
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Fig. 12. Calculated weathering ages (in 1000’s of years) as a function of depth (meters above sea level) 

at the rind scale (this study, site: B1W1) and regolith scale (Dosseto et al., 2012; site: B1R). Linear 

regressions represent average WAR’s. The rind transect represents the watershed’s weathering history 

for ≤ 5 kyr timescale with the regolith representing ~8-60 kyr timescale. Note the different scales of the 

y axes. 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 



  

 

 

 

Table 1. Mineralogy of unweathered bedrock and mineralogy of weathered rind in B1W1 sample. 

 
aDetermined using X-ray phase analysis as described in Section 2.3. Uncertainties 

represent 1SE (n= 5). 
bDetermined by point counting as described in Section 2.3. Uncertainties represent 1SE 

(n= 50). 
cDetermined from microprobe analysis. 

dBuss et al. (2017)  
eDeer et al. (1997) 

 fAnthony (1997) 
g not detected 

            

Mineral 

Abundance of 

mineral in parent 

rocka 

Diameter  

of mineral 

(D)b 

Abundance of  

mineral in 

weathered rinda 

Mineral 

specific  

density (ρm) Mineral Formulac   

vol% µm vol%  (g cm-3)   

Albite 35.2 ± 0.7 126 ± 15 11.8 ± 0.7 2.6e (Na0.94,Ca0.02,Fe2+
0.01,Mg0.01)[Si2.96Al1.01O7.97] 

Chlorite 17.2 ± 0.7 14d 12 ± 1 3.0e  (Mg4.59,Ca0.57,Mn0.05,Fe2+
3.47,Fe3+

0.32,Al2.61)[(Si5.95,Al2.05)O20]OH16  

Epidote 14 ± 2 31 ± 4 4.7 ± 0.7 3.4e Ca2.11Fe3+
0.87Al2.23Si3.11 O12(OH) 

Quartz 11.0 ± 0.9 3 ± 1 11 ± 1 2.7e SiO2 

Pyroxene 7 ± 1 74 ± 8 0.0 ± 0.3 3.4e (Fe2+
0.03,Mg0.17,Ca0.78,Na0.02)(Ti0.01,Al0.04,Fe3+

0.07,Fe2+
0.14,Mg0.74)(Si1.89,Al0.11)O6 

Illite 5 ± 2   0.9 ± 0.7 2.8e   

Anorthite 4.4 ± 0.7   0.0 ± 0.0 2.8e   

Sphene 2.6 ± 0.9   3.1 ± 0.6 3.5e   

Pyrite 0.5 ± 0.2 14 ± 2 0.0 ± 0.0 5.0e FeS2 

Porosity 0.9 ± 0.7   22 ± 3 0.0   

Kaolinite 0.4 ± 0.4   20 ± 2 2.7e   

Apatite 0.4 ± 0.2   0.0 ± 0.0 3.3e   

Mn-oxide n.d.g   1.4 ± 0.8 3.0f   

Fe(III)-(hydr)oxide < 0.1   11 ± 1 4.3e   

Gibbsite < 0.2   3 ± 1 2.4e   



  

 

 

Table 2. Uranium-series isotope resultsa.  

Distance from 

fracture 

surface (mm) Th (ppm) U (ppm) U/Th (234U/238U) (230Th/238U) 

1.5  2.27 ± 0.00 1.4 ± 0.00 0.617 1.027 ± 0.001 1.069 ± 0.003 

4.5  1.51 ± 0.00 0.98 ± 0.00 0.649 1.014 ± 0.001 0.985 ± 0.003 

7.5  1.43 ± 0.00 0.9 ± 0.00 0.629 1.023 ± 0.001 0.999 ± 0.003 

10.5  2.1 ± 0.01 0.94 ± 0.00 0.448 1.011 ± 0.001 1.097 ± 0.008 

13.5  1.73 ± 0.00 0.93 ± 0.00 0.538 1.016 ± 0.001 1.02 ± 0.003 

16.5  1.39 ± 0.01 0.91 ± 0.00 0.655 1.016 ± 0.001 0.994 ± 0.007 

19.5  1.41 ± 0.01 0.88 ± 0.00 0.624 1.012 ± 0.001 1.018 ± 0.01 

22.5  1.42 ± 0.01 0.88 ± 0.00 0.620 1.012 ± 0.001 1.02 ± 0.019 

36.5  1.32 ± 0.02 0.83 ± 0.00 0.629 1.019 ± 0.002 1.001 ± 0.029 

46.5  1.26 ± 0.02 0.83 ± 0.00 0.659 1.021 ± 0.001 1.008 ± 0.033 

QLO-1       1.006 ± 0.001 1.005 ± 0.004 
aErrors for samples and rock standard QLO-1 are internal analytical uncertainties given at the 

2SE level. 



  

 

 

 

Table 3. Variables and results of mineral specific solid-state dissolution rate equation for B1W1. 

Mineral 

Mass fraction of 

mineral 

 in parent material 

(φ)a 

Specific 

surface area (s)b 

Weathering  

Gradient (bs)c Rsd Log R 

  

(g g-1)  (m2 g-1) (m kg mol-1) (mol m-2 s-1)   

Albite 0.31 ± 0.03 0.1 0.026 ± 0.012 9.2 × 10-13 ± 2.5 × 10-14 -12.04 

Chlorite 0.17 ± 0.01 1.0 0.222 ± 0.066 2.5 × 10-14 ± 3.2 × 10-16 -13.61 

Chloritee 0.17 ± 0.01 1.0 0.642 ± 0.008 8.6 × 10-15 ± 1.1 × 10-16 -14.07 

Epidote 0.18 ± 0.03 0.4 0.040 ± 0.004 3.6 × 10-13 ± 1.2 × 10-15 -12.44 

Pyroxene 0.08 ± 0.01 0.2 0.057 ± 0.012 1.2 × 10-12 ± 4.01 × 10-15 -11.91 

Pyroxenee 0.08 ± 0.01 0.2 0.120 ± 0.041 5.8 × 10-13 ± 1.9 × 10-15 -12.24 

Pyrite 0.01 ± 0.00 14 0.123 ± 0.009 1.5 × 10-12 ± 2.0 × 10-15 -11.83 
a Mass fractions were determined from mineral abundances and densities (Table 1). Errors are 1SE.  
b Calculated using Eq. 6 and mineral data from Table 1.  
c Weathering gradients were determined from the slope of the normalized concentration plots (Fig. 11). The uncertainty of the 

weathering gradient is calculated as the maximum and minimum slope gradient from the standard error. 
d Rs was calculated using Eq. 5, the data in this table and Table 1. Errors are 1SE and propagated fully through all calculations. 
e Mineral dissolution in association with pyrite. 

 



  

 

 

Table 4. Results of nuclide loss-gain model. 

Number of samples   10 

Initial Conditions   Secular equilibrium 

Parameter calculated valuesa   

k238 (yr-1)   2.39 × 10-5 ± 1.1 × 10-6 

k234/k238   0.88 ± 0.02 

k230/k238   6.12 × 10-5 + 9 × 10-6 / - 8 × 10-6  

f234/f238   0.80 ± 0.03 

      

Distance from fracture surface   Weathering ages (kyr)b  

1.5 mm   3190 ± 220 

4.5 mm   106 ± 16 

7.5 mm   379 ± 43 

10.5 mm   4210 ± 270 

13.5 mm   1184 ± 103 

16.5 mm   160 ± 20 

19.5 mm   1082 ± 96 

22.5 mm   1163 ± 102 

36.5 mm   436 ± 48 

46.5 mm   728 ± 72 
aUncertainty is presented as 2SE (n=1000); 

bUncertainty is presented as 1SE (n=1000); 

 

 



  

 

 

Table 5. Bisley 1 stream water chemistry and watershed averaged weathering advance rate (WARwatershed)a 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

a all uncertainty represents 2 SE and is propagated through all 

calculations.  
b data taken from: http://luq.lternet.edu/data  
c stream concentration; 
d rainfall concentration;  
e rainfall corrected data;  
f Converted to [H+] mol L-1 for charge balance calculations; 
g [TDScat] = [Na]*+[K]*+[Ca]*+[Mg]*;  

h calculated from stream gage height;  
i calculated using Eq. 20;  
j calculated from elemental wt %; 
k taken from from Section 3.5; 
l calculated using Eq. 19 
m determined from charge balance; 
n calculated from Eq. 22.  

Aqueous species Units [XS]b,c [XRF]b,d [X]*e 

Cl  mg L-1 8.1 ± 0.1 5.2 ± 0.4 0.0 ± 0 

NO3 mg N L-1 0.1 ± 0.0  0.0 ± 0.0 0.1 ± 0.1 

SO4 mg S L-1 1.3 ± 0.0 0.4 ± 0.0 0.6 ± 0.1 

PO4 mg P L-1 0.0 ± 0.0 0.0 ±0.0 0.0 ± 0.1 

DOC mg L-1 1.2 ± 0.2 4.0 ± 0.3 0.0 ± 0.0 

pHf mol [H+] 6.98 ± 0.03 5.38 ± 0.05 6.98 ± 0.03 

Na mg L-1 8.3 ± 0.2 3.0 ± 0.2 3.6 ± 0.2 

K mg L-1 0.9 ± 0.0 0.2 ± 0.0 0.6 ± 0.1 

Mg mg L-1 3.2 ± 0.1 0.4 ± 0.0 2.6 ± 0.3 

Ca mg L-1 6.6 ± 0.2 0.5 ± 0.0 5.8 ± 0.4 

NH4 mg N L-1 0.0 ± 0.0 14 ± 4 0.0 ± 0.0 

TDN mg L-1 0.2 ±0.0 0.1 ± 0.0 0.1 ± 0.0 

SiO2 mg L-1 as SiO2 33.8 ± 0.9 0.3 ± 0.1 33 ± 1.0 

TDScat
g t km-3     12610 ± 600 

Runoff b,h km yr-1     1.6 × 10-3 ± 4.0 × 10-4 a 

Cation weathering rate (CWR)i t(Na+K+Ca+Mg) km-2
regolith yr-1     19.7 ± 4.7 

Mass fraction of alkali and alkaline  

earth cations in parent rock (φ)j 
t t-1 of parent material 

    
0.18 ± 0.0 

Rock bulk density (ρp)k t km-3     2.9 × 109 ± 1.5 × 107 

Porosity (ϕ)k       0 ± 0 

WARwatershed
l mm kyr-1     39 ± 9 

Charge balance (cation-anion) meq L-1     0.66 ± 0.13 

Bicarbonate concentration ([HCO3
-])m mol km-3     6.6 × 108 ± 1.3 × 108 

CDCR (CO2 consump. rate)n mol km-2 yr-1     1.0 × 106 ± 3 × 105 



  

 

 

 

Appendix D: Unnormalised B1W1 ICP-OES bulk chemistry data. 

  Al2O3 Ba CaO Cr2O3 Fe2O3 K2O MgO MnO Na2O Nb P2O5 SiO2 Sr TiO2 Y Zn Zr 

Uncertainty 0.06 10 0.01 0.02 0.55 0.01 0.01 0.01 0.04 10 0.01 0.95 10 0.01 10 5 10 

Depth (mm) wt % ppm wt % wt % wt % wt % wt % wt % wt % ppm wt % wt % ppm wt % ppm ppm ppm 

2 18.2 653 0.76 0.03 17 0.55 4.1 0.18 1.93 21 0.18 46.1 62 1.09 18 237 192 

6 16.9 944 4.74 0.02 9.53 0.56 4 0.11 4.54 <10 0.15 53.7 236 0.73 15 207 120 

10 16.9 475 6.31 0.02 8.1 0.58 4.5 0.16 4.72 <10 0.18 56.5 270 0.68 17 168 111 

14 16.2 355 6.41 0.02 9 0.56 4.36 0.48 4.56 <10 0.16 54.2 265 0.65 18 144 107 

18 16.3 605 6.45 0.02 8.81 0.55 4.39 1.5 4.5 <10 0.16 54.1 266 0.62 20 97 103 

22 16.1 392 6.37 0.02 8.81 0.55 4.18 1.14 4.46 <10 0.15 54.2 260 0.62 17 86 103 

26 16 338 6.59 0.02 8.61 0.54 4.2 1.17 4.35 <10 0.16 53.8 258 0.6 17 90 101 

30 16.8 328 8.41 0.02 7.86 0.55 4.23 0.15 4.47 <10 0.15 54.7 268 0.62 15 77 104 

39 15.8 336 8.4 0.02 7.54 0.57 4.32 0.12 4.51 <10 0.15 53.9 259 0.61 15 68 99 

48 15.5 341 8.4 0.02 7.62 0.56 4.35 0.13 4.54 <10 0.15 53.9 261 0.64 15 105 105 

 

 

 

 

 



  

 

 

 

Appendix E: B1W1 Mean Mineral vol% determined by X-ray phase analysis. 

 Vol % 

Distance from rind (mm) 0.0 2.7 5.4 8.1 10.8 13.5 16.1 18.8 21.5 24.2 26.9 29.6 32.3 

Albite 16.84 21.65 26.94 29.65 28.81 29.87 28.89 28.97 28.65 29.84 29.82 31.44 32.11 

Pyrite 0.0 0.2 0.4 0.5 0.6 0.5 0.6 0.5 0.6 0.6 0.5 0.5 0.4 

Anorthite 0.0 0.0 0.0 0.0 0.0 0.0 0.6 0.6 0.6 0.0 0.0 0.0 0.0 

Epidote 10.1 13.8 19.2 21.4 21.2 21.0 19.3 18.7 17.9 18.8 18.9 19.9 20.3 

Quartz 11.6 11.9 12.7 13.3 13.3 12.9 11.3 11.7 11.8 12.8 12.7 12.2 12.0 

Chlorite 12.7 13.4 15.1 15.5 15.3 14.6 13.5 13.8 13.3 14.0 14.2 14.6 14.7 

Pyroxene 1.6 2.5 4.0 5.3 6.7 7.3 6.8 6.5 6.6 7.6 7.5 7.5 7.2 

Sphene 3.4 3.2 3.3 2.9 3.0 3.0 3.2 3.5 3.5 3.7 3.4 3.0 2.6 

Birnessite 1.3 0.9 0.1 0.1 0.0 0.2 0.7 1.7 2.3 2.7 2.3 1.7 1.4 

Amphibole 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 

Porosity 15.0 10.7 4.6 2.4 2.4 2.0 1.5 1.5 1.5 1.8 2.2 2.4 2.8 

Apatite 0.1 0.6 1.2 1.5 1.3 1.0 0.9 1.0 1.1 1.0 0.9 0.8 0.9 

Kaolinite 14.9 11.1 6.0 3.1 3.3 3.2 2.6 1.4 1.8 2.5 3.6 2.5 2.0 

Gibbsite 1.3 0.9 0.0 0.0 0.0 0.0 0.1 0.0 0.0 0.0 0.0 0.0 0.1 

Fe Oxides 10.5 7.6 3.5 0.7 0.3 0.4 0.2 0.1 0.2 0.2 0.3 0.4 0.6 

Illite 2.0 2.7 3.6 4.3 4.6 4.8 4.8 4.9 5.1 5.0 4.6 3.7 3.5 

Total: 101.3 101.1 100.7 100.7 100.7 100.6 94.9 94.7 95.0 100.6 101.0 100.6 100.7 

              

 

 



  

 

 

 Vol % 

Distance from rind (mm) 35.0 37.7 40.4 43.0 45.7 48.4 51.1 53.8 56.5 

Albite 30.9 31.2 32.1 31.4 31.3 31.9 32.8 34.0 34.3 

Pyrite 0.3 0.5 0.8 0.7 0.6 0.3 0.4 0.5 0.6 

Anorthite 5.8 5.2 4.9 5.3 6.0 6.0 5.8 5.3 5.2 

Epidote 13.0 14.6 14.5 15.6 15.8 17.1 17.5 16.1 15.5 

Quartz 13.5 13.4 13.1 12.9 12.4 12.1 11.8 11.6 11.4 

Chlorite 16.1 16.2 16.7 16.7 17.1 17.2 16.8 16.7 16.5 

Pyroxene 7.2 7.0 7.1 6.5 6.2 6.0 6.4 6.9 7.1 

Sphene 4.1 4.1 4.1 3.7 3.3 2.7 2.2 2.2 2.3 

Birnessite 1.6 1.2 0.3 0.3 0.1 0.0 0.0 0.0 0.0 

Amphibole 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 

Porosity 2.2 1.6 0.5 0.4 0.3 0.2 0.0 0.3 0.5 

Apatite 1.8 2.1 2.3 2.1 1.6 1.2 0.9 0.8 0.7 

Kaolinite 0.1 0.1 0.3 0.2 0.2 0.0 0.0 0.1 0.2 

Gibbsite 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 

Fe Oxides 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 

Illite 4.9 4.2 3.7 4.5 5.1 5.5 5.3 5.6 5.6 

Total: 101.6 101.3 100.3 100.4 100.1 100.0 100.1 99.9 99.8 

 

 

 

 

 



  

 

 

Appendix F: Mean B1W1 X-ray elemental mapping results. 

Distance from fracture surface (mm)  0 2.69 5.38 8.07 10.76 13.45 16.14 18.83 21.52 24.21 26.9 

Na2O wt% 3.8 5.4 6.0 5.8 6.0 5.9 6.1 6.2 6.0 6.3 6.1 

MgO wt% 2.6 2.9 2.4 2.3 2.5 2.8 2.7 2.4 2.7 2.5 2.7 

Al2O3 wt% 19.8 18.6 18.6 18.2 18.1 17.8 18.0 18.5 17.3 17.5 17.8 

SiO2 wt% 52.9 52.5 54.2 54.9 54.9 53.9 54.6 53.8 53.8 54.6 54.1 

P2O3 wt% 0.3 0.3 0.3 0.2 0.3 0.2 0.3 0.3 0.3 0.3 0.3 

SO3 wt% 0.4 0.3 0.7 1.3 0.7 1.0 0.5 0.7 1.1 0.7 0.5 

K2O wt% 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 

CaO wt% 1.8 5.1 7.7 8.5 8.9 9.5 9.0 8.9 8.7 8.7 8.9 

TiO2 wt% 1.2 1.1 0.7 0.7 0.7 0.8 0.7 0.6 0.6 0.6 0.6 

Fe2O3 
wt% 

16.6 13.6 9.3 7.9 7.6 7.9 7.9 7.9 8.3 7.9 8.1 

MnO2 
wt% 

0.4 0.1 0.1 0.1 0.1 0.1 0.1 0.5 1.0 0.9 0.6 

TOTAL: wt% 99.9 99.9 100.0 100.0 100.0 100.0 100.0 99.9 100.0 100.1 99.9 

 

 

 

 

 



  

 

 

Distance from fracture surface (mm)  29.59 32.28 34.97 37.66 40.35 43.04 45.73 48.42 51.11 53.8 56.49 

Na2O wt% 6.1 6.1 6.0 6.0 6.2 5.9 6.1 6.2 5.7 5.6 5.5 

MgO wt% 2.7 2.3 3.0 3.0 2.8 2.8 2.7 2.7 2.8 2.8 2.6 

Al2O3 wt% 18.0 17.2 17.0 17.3 17.4 17.7 17.6 16.8 17.0 17.1 17.5 

SiO2 wt% 54.3 55.8 54.4 53.3 54.2 53.4 53.4 54.0 53.2 54.0 53.7 

P2O3 wt% 0.2 0.3 0.3 0.2 0.3 0.2 0.3 0.2 0.3 0.3 0.3 

SO3 wt% 0.5 1.1 1.2 1.4 0.9 0.6 0.7 0.8 0.9 0.6 0.4 

K2O wt% 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 0.1 

CaO wt% 8.8 9.2 8.7 8.6 9.4 10.3 10.5 10.9 11.6 11.2 11.9 

TiO2 wt% 0.6 0.7 0.6 0.6 0.7 0.6 0.7 0.6 0.6 0.6 0.6 

Fe2O3 wt% 8.2 6.9 8.3 8.9 7.9 8.1 8.0 7.6 7.9 7.7 7.4 

MnO2 wt% 0.5 0.4 0.6 0.6 0.4 0.1 0.1 0.1 0.1 0.1 0.1 

TOTAL: wt% 100.0 100.0 100.1 100.0 100.0 99.9 100.1 100.0 100.1 100.0 100.0 

 

 

 

 

 

 



  

 

 

Appendix G: Relationship of chlorite, pyroxene, albite and epidote abundance (vol %) to abundance of pyrite (vol %). 
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Appendix H: Worked calculations of WARwatershed 

To correct stream water for atmospheric contributions (including rainfall): 

[𝑋]∗ = [𝑋] −  (
𝑋𝑟𝑓

𝐶𝑙𝑟𝑓
) × 𝐶𝑙𝑐𝑟𝑖𝑡 

Where [𝑋]∗ = Atmosphere corrected stream concentration of element X (mg l-1); [𝑋] = stream concentration of element X (mg l-1); 𝑋𝑟𝑓 = rainfall 

concentration of element X (mg l-1); 𝐶𝑙𝑟𝑓 =  rainfall concentration of Cl (mg l-1); 𝐶𝑙𝑐𝑟𝑖𝑡 = stream concentration of Cl (mg l-1). 

Parameter Units  [Xstream] [XRF] [ClRF] [Clcrit] [X]* 

Cond (µS) 97.85 24.72       

Cl  (mg/L) 8.12 5.20 5.20 8.12 0.00 

NO3 (mg N/L) 0.14 0.01 5.20 8.12 0.13 

SO4=NA()S (mg S/L) 1.27 0.40 5.20 8.12 0.65 

PO4=NA()P (mg P/L) 0.02 0.00 5.20 8.12 0.01 

DOC (mg/L) 1.19 4.00 5.20 8.12 0.00 

Na (mg/L) 8.30 2.99 5.20 8.12 3.64 

K (mg/L) 0.86 0.19 5.20 8.12 0.57 

Mg (mg/L) 3.21 0.39 5.20 8.12 2.60 

Ca (mg/L) 6.59 0.51 5.20 8.12 5.79 

NH4=NA()N (mg N/L) 0.01 0.01 5.20 8.12 0.00 

TDN (mg/L) 0.19 0.08 5.20 8.12 0.06 

SiO2 

(mg/L as 

SiO2) 33.84 0.31 5.20 8.12 33.36 

DON (mg/L) 0.05 0.07 5.20 8.12 0.00 

       

 



  

 

 

Then to calculate TDScat: 

𝑇𝐷𝑆𝑐𝑎𝑡 = [𝑁𝑎]∗ + [𝐾]∗ + [𝑀𝑔]∗ + [𝐶𝑎]∗ 

Where 𝑇𝐷𝑆𝑐𝑎𝑡 = total dissolved of cations (mg l-1) and [𝑋]∗ = cation j (mg l-1). Therefore: 

𝑇𝐷𝑆𝑐𝑎𝑡 = 3.64 + 0.57 + 2.60 + 5.79  

𝑻𝑫𝑺𝒄𝒂𝒕 = 𝟏𝟐. 𝟔𝟏 mg l-1 

 

To convert 𝑇𝐷𝑆𝑐𝑎𝑡 from mg l-1 to t l-1 = 12.61 / 1000000000 = 1.26 x 10-8 t l-1 

To convert 𝑇𝐷𝑆𝑐𝑎𝑡 from t l-1  to t m-3 = 1.26 x 10-8 x 1000 = 1.26 x 10-5 t m-3 

To convert 𝑇𝐷𝑆𝑐𝑎𝑡 from t m-3 to t km-3= 1.26 x 10-5 x 1000000000 = 1.26 x 104 t km-3 

 

 

To calculate the cation weathering rate: 

𝐶𝑊𝑅 =  𝑇𝐷𝑆𝑐𝑎𝑡 ∗ 𝑅𝑢𝑛𝑜𝑓𝑓 

 

Where CWR = cation weathering rate (t(Na+K+Ca+Mg) km-2 regolith yr-1); TDScat = total dissolved of cations (t km-3) and Runoff = runoff of the watershed 

(km yr-1). Therefore: 

𝐶𝑊𝑅 =  (1.26 x 104)  ∗ 0.0016 

𝑪𝑾𝑹 = 𝟏𝟗. 𝟔𝟕 𝐭(𝐍𝐚+𝐊+𝐂𝐚+𝐌𝐠) 𝐤𝐦−𝟐 𝐲𝐫−𝟏 

 



  

 

 

Then to calculate 𝑊𝐴𝑅𝑤𝑎𝑡𝑒𝑟𝑠ℎ𝑒𝑑: 

𝑊𝐴𝑅𝑤𝑎𝑡𝑒𝑟𝑠ℎ𝑒𝑑 =
𝐶𝑊𝑅

𝜑𝑎𝑙𝑘𝜌𝑝(1 − Φ𝑜)∗
 

 

where 𝑊𝐴𝑅𝑤𝑎𝑡𝑒𝑟𝑠ℎ𝑒𝑑 = Weathering advance rate calculated from stream runoff (km yr-1); CWR = cation weathering rate (t(Na+K+Ca+Mg) km-2 regolith yr-

1); 𝜑𝑎𝑙𝑘 = average mass fraction of alkali and alkaline earth cations per g of parent rock (g g-1); 𝜌p = average bulk density of the parent (g cm-3); Φo = 

porosity of the parent material (m3 m-3) and CWR is the cation weathering rate (t(Na+K+Ca+Mg) km-2 regolith yr-1). 

𝑊𝐴𝑅𝑤𝑎𝑡𝑒𝑟𝑠ℎ𝑒𝑑 =
19.67

0.18 × 2.9 × (1 − 0)∗
 

 

 

𝑊𝐴𝑅𝑤𝑎𝑡𝑒𝑟𝑠ℎ𝑒𝑑 = 3.9 × 10−8 km yr-1 

𝑊𝐴𝑅𝑤𝑎𝑡𝑒𝑟𝑠ℎ𝑒𝑑 = 0.039 mm yr-1 

𝑾𝑨𝑹𝒘𝒂𝒕𝒆𝒓𝒔𝒉𝒆𝒅 = 𝟑𝟗 mm kyr-1 

 



  

 

 

Appendix I: Unnormalised Bisley 3 ICP-OES bulk chemistry data. 

  Al2O3 Ba CaO Cr2O3 Fe2O3 K2O MgO MnO Na2O Nb P2O5 SiO2 Sr TiO2 Y Zn Zr 

Uncertainty 0.06 10 0.01 0.02 0.55 0.01 0.01 0.01 0.04 10 0.01 0.95 10 0.01 10 5 10 

Depth (mm) wt % ppm wt % wt % wt % wt % wt % wt % wt % ppm wt % wt % ppm wt % ppm ppm ppm 

0 17.2 292 3.56 0.08 11 0.94 5.71 0.27 3.52 15 0.04 49.5 321 0.7 11 127 76 

10 18.4 479 7.1 0.02 9.95 1.17 5.49 0.19 4.2 <10 0.15 51.4 290 0.76 24 98 117 

27.5 17.3 523 7.87 0.02 10.9 1.07 6.18 0.21 3.52 <10 0.15 49.9 246 0.84 23 98 133 

32.5 17.8 579 7.83 0.02 10.3 1.13 5.87 0.19 3.89 <10 0.18 52.5 259 0.76 26 89 117 

37.5 17.6 456 8.48 0.02 9.64 1.02 5.81 0.19 3.86 <10 0.18 51.2 263 0.79 36 82 116 

42.5 17.3 414 7.7 0.01 9.4 1.02 5.83 0.19 4.08 <10 0.18 50.4 264 0.76 30 111 118 

47.5 17 420 7.43 0.01 9.89 1.11 6.03 0.19 4.12 <10 0.18 49.2 268 0.78 30 106 117 

52.5 16.6 443 7.39 0.01 9.3 1.11 5.9 0.18 3.92 <10 0.19 48.8 272 0.8 33 95 128 

57.5 17.3 447 7.51 0.01 9.76 1.14 6 0.19 4.06 <10 0.19 51.8 280 0.8 33 103 118 

 

 

 

 

 

 



  

 

 

Appendix J: Bisley 3 Mean Mineral vol% determined by X-ray phase analysis. 

  Outer rindlet Inner rindlet Vol % 

Distance from clast surface (mm) 0 10 25 27.69 30.38 33.07 35.76 38.45 

Albite 32.1 34.5 27.7 34.7 34.9 37.3 36.7 31.7 

Pyroxene 3.1 5.7 13.0 10.2 16.0 19.3 12.0 20.5 

Chlorite 0.0 0.5 21.6 24.1 17.8 14.9 17.4 15.2 

Epidote 0.0 1.1 11.5 12.9 7.5 6.5 11.0 10.1 

Illite 0.1 0.6 6.3 5.5 5.4 8.7 4.6 3.6 

Sphene 3.7 3.8 2.6 5.2 5.3 4.6 4.0 3.8 

Mix Plag 1.5 3.2 9.8 2.8 9.2 7.2 12.9 12.0 

Pyrite 0.0 0.1 2.8 0.3 0.2 0.2 0.3 0.2 

Apatite 0.0 0.0 0.0 0.1 0.4 0.0 0.0 0.1 

Porosity 7.9 7.8 4.4 4.3 3.4 1.2 1.1 2.7 

Kaolinite 31.7 22.9 0.0 0.0 0.0 0.0 0.0 0.0 

Fe Oxide 12.0 12.4 0.0 0.0 0.0 0.0 0.0 0.0 

Quartz 8.0 7.4 0.0 0.0 0.0 0.0 0.0 0.0 

Total: 100.0 100.0 99.8 100.1 100.1 100.0 100.0 100.0 

         
 

 

 

 



  

 

 

                 

Distance from clast surface (mm) 41.14 43.83 46.52 49.21 51.9 54.59 57.28 59.97 

Albite 33.3 32.4 37.4 33.1 26.8 40.0 31.7 31.6 

Pyroxene 19.4 29.7 15.4 18.8 18.8 14.8 22.4 23.6 

Chlorite 16.3 15.7 17.7 17.6 20.2 18.5 22.8 18.1 

Epidote 11.4 7.7 8.4 9.1 9.1 9.5 9.4 7.6 

Illite 5.2 7.1 5.8 6.6 5.3 5.8 2.1 4.3 

Sphene 4.9 3.1 4.1 3.9 4.8 5.0 4.3 4.1 

Mix Plag 7.8 2.2 10.7 8.1 12.7 6.2 6.4 10.4 

Pyrite 0.0 0.8 0.0 0.0 0.2 0.1 0.6 0.2 

Apatite 0.2 0.0 0.2 0.2 0.1 0.0 0.3 0.0 

Porosity 1.5 1.2 0.2 2.5 2.0 0.0 0.0 0.1 

Kaolinite 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 

Fe Oxide 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 

Quartz 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 

Total: 100.1 100.0 100.0 100.0 100.0 100.0 100.0 100.0 

 

 

 

 

 



  

 

 

Appendix K: Mean Bisley 3 X-ray elemental mapping results. 

   Outer rindlet Inner rindlet           

Distance from clast surface (mm)  0 10 25 27.69 30.38 33.07 35.76 

Na2O wt% 4.7 6.2 5.1 5.7 5.9 6.1 6.1 

MgO wt% 5.1 4.7 5.0 4.4 4.6 4.4 4.2 

Al2O3 wt% 16.8 17.0 18.1 17.9 17.9 17.9 18.6 

SiO2 wt% 54.9 54.8 49.5 51.4 51.7 52.1 51.7 

P2O3 wt% 0.1 0.0 0.0 0.1 0.1 0.1 0.1 

SO3 wt% 0.0 0.1 0.2 0.3 0.1 0.2 0.1 

K2O wt% 0.6 0.5 1.3 1.2 1.1 1.1 1.1 

CaO wt% 4.4 5.7 7.1 8.0 7.9 7.5 7.5 

TiO2 wt% 0.7 0.7 1.1 0.9 0.9 0.9 0.8 

Fe2O3 wt% 12.6 9.7 12.5 10.0 9.6 9.5 9.7 

MnO2 wt% 0.1 0.3 0.2 0.2 0.2 0.2 0.2 

TOTAL: wt% 100.0 99.7 100.0 100.0 100.1 100.0 100.0 

 

 

 

 



  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Distance from clast surface (mm)  38.45 41.14 43.83 46.52 49.21 51.9 54.59 57.28 59.97 

Na2O wt% 
6.0 5.7 5.6 6.2 5.7 4.7 5.2 5.0 5.6 

MgO wt% 4.8 4.7 5.0 4.1 5.0 5.1 4.9 6.2 5.5 

Al2O3 wt% 
17.4 17.7 16.5 18.0 17.1 17.4 17.5 16.5 16.6 

SiO2 wt% 
51.9 51.0 51.9 52.5 51.8 49.4 51.3 49.6 51.3 

P2O3 wt% 
0.0 0.0 0.0 0.1 0.1 0.1 0.0 0.0 0.1 

SO3 wt% 
0.2 0.2 0.1 0.2 0.2 0.2 0.4 0.2 0.2 

K2O wt% 
1.0 1.1 1.0 1.2 1.2 1.2 1.3 1.1 1.2 

CaO wt% 8.0 8.3 9.2 7.8 8.7 10.2 8.7 8.6 8.2 

TiO2 wt% 
0.9 0.9 0.8 0.8 0.9 0.8 0.9 0.9 0.9 

Fe2O3 wt% 
9.7 10.3 9.6 8.9 9.4 10.7 9.7 11.9 10.3 

MnO2 wt% 
0.2 0.1 0.2 0.1 0.1 0.2 0.1 0.1 0.2 

TOTAL: wt% 100.0 99.9 100.0 100.0 100.2 100.0 99.9 100.0 99.9 



  

 

 

Appendix L: Unnormalised Gunhill ICP-OES bulk chemistry data 

  Al2O3 Ba CaO Cr2O3 Fe2O3 K2O MgO MnO Na2O Nb P2O5 SiO2 Sr TiO2 Y Zn Zr 

Uncertainty 0.06 10 0.01 0.02 0.55 0.01 0.01 0.01 0.04 10 0.01 0.95 10 0.01 10 5 10 

Depth (mm) wt % ppm wt % wt % wt % wt % wt % wt % wt % ppm wt % wt % ppm wt % ppm ppm ppm 

2 5.62 779 0.29 <0.01 25.3 1.06 0.51 0.13 1 21 0.74 48.8 1098 0.88 11 36 169 

6 4.48 1125 0.23 <0.01 24.6 1.52 0.4 0.1 0.75 24 0.8 50.5 1190 1.01 <10 42 146 

14 2.07 151 0.13 <0.01 11.1 0.31 0.23 0.07 0.74 11 0.12 79.7 173 1.12 <10 71 137 

22 2.57 159 0.26 <0.01 10.9 0.32 0.21 0.05 1.06 <10 0.09 78.5 77 1.03 <10 53 153 

30 2.3 189 0.37 <0.01 14 0.38 0.24 0.05 0.9 13 0.11 73.6 71 1.13 <10 56 160 

36 2.97 312 0.24 <0.01 14.2 0.47 0.28 0.06 1.05 14 0.2 74.1 227 0.93 <10 45 171 

44 3.01 255 0.19 <0.01 12.3 0.49 0.36 0.06 1.07 <10 0.17 76.8 189 0.94 <10 53 157 

52 3.74 379 0.29 <0.01 13 0.7 1.04 0.09 1.19 <10 0.24 70.7 329 0.85 12 114 156 

60 7.34 217 0.51 <0.01 10.2 0.59 2.41 0.16 1.22 <10 0.13 70.1 150 0.81 14 70 139 

68 17.9 179 3.94 <0.01 7.08 0.59 2.4 0.14 2.72 <10 0.13 58.4 191 0.56 17 64 140 

 

 

 

 

 



  

 

 

Appendix M: Gunhill mean mineral vol% determined by X-ray phase analysis. 

 vol % 

Distance from clast surface (mm) 0 2.69 5.38 8.07 10.76 13.45 16.14 18.83 21.52 24.21 26.9 29.59 32.28 

Quartz 42.5 67.2 84.0 75.8 83.8 78.1 83.7 74.2 76.4 82.6 76.6 82.9 69.8 

Amphibole 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.1 0.9 

Clinopyroxene 0.0 0.0 0.0 0.0 0.0 0.0 0.0 1.9 1.0 1.3 2.1 2.4 1.2 

Orthopyroxene 0.4 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.3 0.0 2.6 

Ilmenite 8.1 3.4 2.2 2.6 3.9 2.3 1.7 2.3 2.5 2.8 4.2 3.0 3.4 

Alkali Feldspar 0.0 0.0 0.4 0.5 0.1 0.0 1.2 7.3 3.1 1.6 2.0 0.0 5.3 

Feldspar Ground Mass 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.5 

Porosity 22.0 12.8 8.2 12.7 7.2 8.1 7.8 9.3 7.4 3.8 6.1 5.2 6.6 

jarosite 7.6 7.9 3.6 3.0 1.7 1.7 2.3 2.7 2.7 3.4 2.3 3.1 2.7 

Kaolinite (weathered plag phenocrysts) 0.0 0.0 0.0 0.0 0.0 4.3 0.0 0.7 0.0 0.0 0.0 1.5 4.8 

Kaolinite GM 5.5 2.9 1.5 4.9 3.3 2.2 0.7 0.7 1.8 2.0 1.8 1.2 0.5 

Mn-Fe Oxides 13.8 5.2 0.0 0.4 0.0 3.3 2.5 1.0 2.5 2.6 4.7 0.6 1.6 

Apatite 0.0 0.5 0.1 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 

Total: 100.0 100.0 100.0 100.0 100.0 100.0 99.9 100.2 97.4 100.0 100.0 100.0 99.9 

 

 

 

 



  

 

 

 

 Vol %  

Distance from clast surface (mm) 34.97 37.66 40.35 43.04 45.73 48.42 51.11 53.8 56.49 59.18 61.87 64.56 67.25 69.94 

Quartz 47.6 54.6 49.0 44.8 41.9 39.1 30.7 27.3 41.4 33.8 37.9 38.7 36.0 33.0 

Amphibole 0.0 0.0 0.0 0.0 0.0 0.0 0.0 0.0 1.6 2.3 0.5 2.6 4.7 3.4 

Clinopyroxene 0.0 0.0 0.0 1.5 0.0 0.0 0.2 0.0 1.5 0.0 0.0 0.0 0.0 0.0 

Orthopyroxene 9.8 8.6 8.1 9.1 11.3 8.9 6.1 7.8 8.4 8.0 10.3 8.0 10.9 9.9 

Ilmenite 3.0 2.2 2.2 3.1 2.1 3.3 2.0 2.6 3.0 2.1 2.4 3.2 5.0 2.9 

Alkali Feldspar 14.5 3.1 8.3 18.9 9.9 6.2 30.4 21.2 13.7 19.6 9.9 5.6 10.2 8.0 

Plagioclase Ground Mass 0.0 2.3 2.3 2.1 1.9 4.7 4.5 6.3 5.6 3.8 2.4 6.0 2.9 0.4 

Porosity 3.7 0.8 2.4 1.3 0.8 2.0 2.5 4.5 1.7 2.2 6.5 2.6 5.8 8.2 

jarosite 2.9 1.9 1.3 1.5 1.8 0.0 0.0 0.0 0.0 1.1 1.6 1.3 0.1 2.0 

Kaolinite (weathered plag phenocrysts) 18.5 22.5 24.0 16.8 20.4 27.3 19.1 24.8 17.6 19.5 26.5 31.7 14.9 21.9 

Kaolinite GM 0.0 3.9 2.4 0.7 9.9 7.6 4.5 5.3 5.4 7.0 0.6 1.0 10.6 10.2 

Mn-Fe Oxides 0.0 0.0 0.0 0.0 0.0 0.5 0.0 0.0 0.0 0.0 1.4 0.5 0.8 0.0 

Apatite 0.0 0.0 0.0 0.5 0.0 0.4 0.0 0.2 0.1 0.6 0.0 0.1 0.2 0.0 

Total: 100.0 100.0 100.0 100.2 100.0 100.1 100.0 100.0 100.0 100.0 100.0 101.2 102.1 100.0 

 

 

 

 



  

 

 

 

Appendix N: Mean Gunhill X-ray elemental mapping results (wt%). 

Distance from clast surface (mm)  0 2.69 5.38 8.07 10.76 13.45 16.14 18.83 21.52 24.21 26.9 29.59 32.28 

Na2O wt% 7.06 2.92 0.58 0 0 0 1 0.74 1.04 0.7 0.82 0.54 1.7 

MgO wt% 0 0.72 0 0 0 0 0 0 0 0 0.44 2.72 5.36 

Al2O3 wt% 15.44 14.22 17.12 18.24 14.82 14.88 16.24 14.7 13.84 12 14.22 15.5 13.58 

SiO2 wt% 24.38 27.74 31.12 32.92 33.24 31.62 30.76 30.56 31.6 31.26 31.06 31.9 30.8 

P2O3 wt% 1.72 0.92 0.56 0.4 1.3 1.3 0 0 0.36 1.66 0.76 0.64 1.74 

SO3 wt% 9.42 8.84 4.8 5.72 5.04 9.74 10.58 11.54 11.86 11.6 10.32 10.46 7.52 

K2O wt% 0.92 1.64 0.38 0.32 0 0.32 1.96 1.22 0.58 0.84 0.44 0.6 0.38 

CaO wt% 2.72 3.34 3.1 2.16 2.2 2.94 2.26 2.08 2.4 2.32 2.8 1.96 3.14 

TiO2 wt% 11.52 8.88 8.64 5.04 6.74 7.24 7.02 8.48 6.84 8.16 7.14 5.86 5.62 

Fe2O3 wt% 26.82 29.62 33.7 35.18 36.62 31.94 29.26 30.66 31.48 31.44 31.96 29.82 30.2 

MnO2 wt% 0 1.2 0 0 0 0 0.98 0 0 0 0 0 0 

TOTAL: wt% 100 100.04 100 99.98 99.96 99.98 100.06 99.98 100 99.98 99.96 100 100.04 

 

 

 

 

 



  

 

 

 

 

 

 

 

 

 

 

 

 

 

 

 

Distance from clast surface (mm)  34.97 37.66 40.35 43.04 45.73 48.42 51.11 53.8 56.49 59.18 61.87 64.56 67.25 69.94 

Na2O wt% 0.3 0.66 0.76 1.46 2.58 2.02 3.02 3.34 2.46 2.74 4 0.86 0.72 1.3 

MgO wt% 8.26 7.56 8.2 7.66 7.96 8.64 7.24 6.96 7.8 7.6 7.64 8.1 8.64 7.36 

Al2O3 wt% 11.92 14.88 15.14 11.8 13.6 13.56 14.24 15.74 14.84 13.9 14.22 14.28 12.46 12.32 

SiO2 wt% 30.68 31.84 33.62 26.28 29.7 30.3 28.74 29.96 27.16 27.62 28.64 28.42 27.2 31.54 

P2O3 wt% 1.46 1.6 1.64 3.36 1.52 1.1 3 3.14 1.2 2.8 1.28 2.04 2.84 1.32 

SO3 wt% 2.96 3.58 2.4 2.64 0.78 0 0 0 1.86 0.98 0.6 1.34 1.24 1.68 

K2O wt% 0.6 0.14 0 0.78 0 0 0.68 0.64 0.46 0 0.8 0.62 0.06 0.96 

CaO wt% 4.94 4.8 5.32 7.7 6.62 6.86 8.26 8.58 7.18 6.66 5.46 5.46 5.34 6.54 

TiO2 wt% 6.26 3.22 3.98 6.98 9.24 5.86 4.66 3.32 4.74 9.04 7.78 7.28 9.5 5.64 

Fe2O3 wt% 32.68 31.68 28.9 31.36 28.02 31.66 30.16 28.22 32.34 28.62 29.62 31.62 32 31.34 

MnO2 wt% 0 0 0 0 0 0 0 0 0 0 0 0 0 0 

TOTAL: wt% 100.06 99.96 99.96 100.02 100.02 100 100 99.9 100.04 99.96 100.04 100.02 100 100 



  

 

 

Appendix O: Updated thermodynamic data for Bisley augite 

 

'Augitebis'  31.2760  12  -4.4300 'H+'    2.1970 'H2O'    0.0240 'Na+'     0.0050 'Mn++'     0.9060 'Mg++'     0.7580 

'Ca++'     0.0481 'Fe++'     0.0940 'Fe+++'     0.1410 'Al+++'     0.002 'CrO4--'     1.884 'SiO2(aq)'     0.009 

'Ti(OH)4(aq)'    12.5491    11.3269     9.7322     8.2108     6.6978     5.4953     4.4929     3.5985   214.36 

+--------------------------------------------------- 

Augitebis 

  label = default 

  type  = DissolutionOnly 

  rate(25C) = -11.97 !Palandri & Kharaka 

  activation = 18.64  (kcal/mole) !Palandri & Kharaka 

  dependence : 

 



  

 

 

Appendix P: Goldschmidt 2015 Abstract 

 

Tales of the deep: Weathering at the base of the 

critical zone 

O. W. MOORE1*, H.L. BUSS1, K. MAHER2, A. DOSSETO3 

1School of Earth Sciences, Univ. of Bristol, BS8 1RJ, UK (*correspondence: 

oliver.moore@bristol.ac.uk) 
2Dept. of Geological & Environmental Sciences, Stanford Univ. CA 94305, USA 
3Wollongong Isotope Geochronology Laboratory, Univ. of Wollongong, New South 

Wales 2522, Australia 

 

Despite its importance to many of Earth’s biogeochemical systems, very little is known 

about weathering along subsurface rock fractures below the water table. To date, most 

field studies have extrapolated weathering mechanisms and rates from the soil profile 

or watershed-integrated scale, to the deep critical zone. This inference from the surface 

to the deep assumes the same processes act at both. Within the tropics, where some of 

the highest weathering rates in the world are reported, the regolith profile can be 10’s 

to 100’s of meters deep such that the weathering mechanisms at the bedrock-regolith 

interface may be decoupled from those at surface.  

Here we present chemical weathering data from meta-volcaniclastic rock, 37m deep 

within a tropical watershed (Luquillo Critical Zone Observatory, Puerto Rico). The 

thick regolith is comprised of ca. 1m of soil overlying highly leached saprolite 

embedded with intact and fractured bedrock corestones. The fracture surfaces and 

corestone-saprolite interfaces represent weathering hotspots, where the majority of 

mineralogical transformations and solute production occurs. 

Utilising micrometer scale elemental and mineralogical transects across thin sections, 

U-Th disequilibria data and reactive transport modelling we elucidate the weathering 

processes that occur at depth and calculate mineral specific dissolution rates. By then 

conducting sensitivity analysis we gain a mechanistic understanding of the profile-

limiting processes that initiate regolith formation. These mechanisms and their rates 

differ significantly from those interpreted from stream solute fluxes or whole regolith-

integrated profiles. 

We have identified the oxidative weathering of sulfide minerals as the first weathering 

reaction; occuring >30mm inboard of fractures. The release of sulfate during this 

reaction creates low pH microenvironments, initiating aggressive dissolution of other 

minerals and creating weathering fronts distinct from those measured in the overlying 

saprolite profiles. 

 




