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S U M M A R Y
The ground motions caused by seismicity associated with fluid injection can pose a significant
hazard. Borehole geophone arrays can provide access to tiny seismic events, which can extend
the investigated magnitude range. However, the high frequency phase arrivals (i.e., >100 Hz)
also present challenges associated with high frequency cut-offs (fmax), stronger attenuation
and resonances within geophones. These effects limit our ability to accurately constrain
attenuation models and high frequency source parameters. We investigate 112 −0.6 ≤ Mw ≤
0.7 seismic events and calculate corner frequencies and stress drops from 90 of these events
recorded during hydraulic fracturing treatment in the Horn River basin, British Columbia. High
frequency resonances (>250 Hz) caused by spurious frequency excitation and/or coupling
issues can significantly distort the shape of phase arrival spectra and affect source parameter
estimates. Critically, resonances vary in strength between (nearly) colocated events, which
may compromise the validity of a spectral ratio approach. For stations showing the cleanest
spectra, the Brune model provides a decent fit to the displacement spectra. However, bandwidth
limitations, low signal-to-noise ratios, high frequency cut-offs and significant attenuation still
hinder our ability to retrieve high frequency source parameters. We find that a frequency
independent Qp = 180 ± 40 provides a reasonable model for crustal attenuation but the
large uncertainty caused by resonances prevents a robust constraint. From those events that
show the best fits, we find a mean Madariaga corner frequency of 210 Hz ± 30 from P-
phase arrivals, which is in the range of expected values if self-similarity extends into negative
magnitudes. We also calculate a mean stress drop of 1.6 MPa ± 1.2, which is within the
tectonic range but slightly lower than other deeper regional studies, which can be explained by
lower effective stresses and/or a lower crustal shear strength. We find no evidence for a change
in stress drop with depth or distance from the point of injection. A plausible explanation is that
effective stresses are lowered relatively quickly over the entire fault zone via direct hydraulic
connections. However, the large uncertainties make it difficult to interpret source parameter
variability in detail. For high resolution monitoring and source properties of microseismicity,
there is an urgent need for high quality high frequency recordings unaffected by spurious
frequencies.

Key words: Earthquake source observations; Induced seismicity; Seismic attenuation; Seis-
mic instruments.

1 I N T RO D U C T I O N

In recent years, subsurface industrial activity has increased in both
renewable and non-renewable energy sectors. Hydraulic fracturing
(e.g., Clarke et al. 2014), enhancement of geothermal systems (e.g.,
Deichmann & Giardini 2009; Holmgren & Werner 2021), carbon
capture and storage (e.g., Verdon et al. 2013) and waste water in-
jection (e.g., Keranen et al. 2014) have demonstrated the ability to

cause felt seismicity. This study focuses on seismicity induced by
hydraulic fracturing, which in most cases is not felt (Rubinstein &
Mahani 2015), but via the re-activation of pre-existing faults can
induce damaging earthquakes (e.g., Lei et al. 2017; Tan et al. 2020).
To mitigate the seismic risk linked to fluid injection, we need to bet-
ter understand the physical mechanisms causing induced seismicity
and how the mechanisms vary between data sets. Some authors sug-
gest direct hydraulic pressure dominates as the main mechanism,

2018

C© The Author(s) 2021. Published by Oxford University Press on behalf of The Royal Astronomical Society. This is an Open Access
article distributed under the terms of the Creative Commons Attribution License (http://creativecommons.org/licenses/by/4.0/), which
permits unrestricted reuse, distribution, and reproduction in any medium, provided the original work is properly cited.

D
ow

nloaded from
 https://academ

ic.oup.com
/gji/article/228/3/2018/6428399 by guest on 07 January 2022

http://orcid.org/0000-0003-1264-8421
http://orcid.org/0000-0002-2430-2631
mailto:ak13671@bristol.ac.uk
http://creativecommons.org/licenses/by/4.0/


Stress drops of microseismicity in the Horn River basin 2019

while others posit diffusion of pore-pressure fluids (e.g., Goebel
et al. 2017; Goebel & Brodsky 2018), aseismic slip (Eyre et al.
2019) or stress transfer due to the opening of hydraulic fractures
(Kettlety et al. 2020).

The spatio-temporal analysis of microseismic event locations is
fundamental to understanding how fracture networks develop. To
understand how the rupture physics are related to the injection of
fluids, however, source properties (e.g., moment tensors, moment
magnitude and stress drop) are needed. Stress drop is a particularly
insightful metric because it is a function of two physical attributes:
seismic moment (Mo) and corner frequency (fc). Seismic moment is
related to the rupture size and slip; corner frequency is the curvature
change point on a displacement spectrum that can be interpreted, us-
ing the model of Madariaga (1976), as related to rise time and finite
propagation length (Aki & Richards 2002). In enhanced geothermal
systems, some studies have found that the stress drop can be used
as a proxy for the pore-fluid pressure (Pearson 1981; Allmann et al.
2011; Lengliné et al. 2014). These studies suggest stress drops de-
crease nearer to the point of injection as a result of a lower effective
stress.

Stress drops can be used to better understand the scaling of high
frequencies for different Mw’s , which is also important when devel-
oping ground motion prediction equations. Many tectonic studies
support the geometrical similarity of tectonic earthquakes implicit
in the canonical model for far-field radiation (e.g., Abercrombie
1995; Hiramatsu et al. 2002; Ide et al. 2003; Allmann & Shearer
2009). However, it is still debated as to whether self-similarity is
also applicable to microseismicity (Ide et al. 2004; Venkataranman
et al. 2006; Lin et al. 2016).

Source parameters from microseismicity are particularly difficult
to accurately determine because of unaccounted attenuation under
the assumption of frequency-independent anelastic attenuation and
bandwidth limitations. Unaccounted attenuation has also been ob-
served in the form of a high frequency cut-off (Hanks 1982), often
termed fmax, which led to the introduction of κ (Anderson & Hough
1984). However, the physical meaning behind κ remains to be es-
tablished. Most studies attribute κ to a shallow crustal site effect
(Ktenidou et al. 2014) but it might also manifest in borehole envi-
ronments (Ide et al. 2003). Others have used a frequency dependent
Q and argued that it is particularly needed for source parameter
estimation along boreholes (Ide et al. 2003). Bandwidth limitations
can also cause spurious scaling of apparent stress with magnitude,
as shown by Ide & Beroza (2001), due to an underestimation of
radiated energy.

Stress drops also allow us to better understand how the underlying
physics may differ between deeper, tectonic settings and shallower
induced settings. Some studies suggest similar stress drops in in-
duced and tectonic environments (e.g., Tomic et al. 2009; Yenier
& Atkinson 2015; Abercrombie 2015; Huang et al. 2016; Zhang
et al. 2016; Ruhl et al. 2017; Holmgren et al. 2019) whereas others
find differences (e.g., Hua et al. 2013; Lengliné et al. 2014; Hough
2014). It may also be important to account for the faulting style and
depth of the events when interpreting the differences in stress drop
between tectonic and induced data sets (Huang et al. 2017).

In recent years, the empirical Green’s function (EGF) method and
spectral decomposition method (Trugman & Shearer 2017) have
been used widely to determine stress drop (Shearer et al. 2019).
Both methods attempt to remove path and receiver effects using
deconvolution from a far-field signal, which presumes a form of
linearity of these effects. The EGF method, in particular, can show
biased estimates of the target event corner frequency based on the
smaller event corner frequency (Abercrombie 2015; Shearer et al.

2019). EGFs must be smaller than the targets, therefore finding
suitable EGFs for microseismic events is limited by the poorer
signal-to-noise ratio (SNR) from already very small events. As such,
it can be difficult to generate a comprehensive catalogue of stress
drop values using the spectral ratio approach in a microseismic data
set. Practically, picking an EGF requires more time compared to
directly fitting a source model, which can be done in real time. For
these reasons, there is still a need to understand the far-field spectra
and identify features that could compromise more sophisticated
approaches, such as the high frequency resonances documented
here.

For source parameter estimation, it is useful to have seismic data
from both surface and borehole data. Downhole data show arrivals
with a higher SNR, reduced surface attenuation effects and vast
catalogues of microseismic events. However, downhole geophones
can record resonances that are less likely to occur at surface seis-
mometers. At the receiver these are: low frequency plane waves
propagating through the fluid in a wellbore (Sun & McMechan
1988); high frequency dispersive waves propagating along the pipe-
interface, also known as Stoneley waves (Haldorsen et al. 2006);
reverberations in the casing and coupling issues (Gaiser et al. 1988).
At the event source side, resonances can be caused by fluid-filled
cracks (Aki et al. 1977) and small undetected events (e.g., Pettitt
et al. 2009). Along the path, waves can be trapped within reflecting
layers (waveguides) especially when there are alternating layers of
sandstone and shales (e.g., Van Der Baan 2009). In addition to all
these effects, downhole geophones can show spurious resonances
caused by the movement of the geophone system orthogonal to the
normal working axis (Faber & Maxwell 1997).

The objective of this study is to calculate stress drops from mi-
croseismicity at one of the plays within the Horn River basin, one
of the largest unconventional reservoirs for gas-trapped shales in
North America (Yoon et al. 2018). Previous studies have used this
data set to conduct statistical modelling (Verdon & Budge 2018),
elasto-static stress transfer modelling (Kettlety et al. 2019), and to
study shear wave splitting (Baird et al. 2017). Here, we first show
examples of amplifications in the pre-event noise and phase arrivals
from a sub-catalogue of 112 events which are selected according
to quality criteria from a vast data set of 90 000+ events. These
high frequency amplifications are most likely caused by coupling
issues and the excitation of spurious resonances in the instruments.
Secondly, we calculate Mw estimates and determine a crustal atten-
uation model. Thirdly, we test the depth and distance dependence of
stress drop from a single injection point (e.g., Allmann et al. 2011)
by focusing on 90 of the 112 events linked to injection at stage A14,
where microseismicity illuminates a fault zone (Verdon & Budge
2018; Kettlety et al. 2019). For these 90 events, we estimate corner
frequency and stress drop. Our results add further evidence that
self-similarity extends down to negative magnitudes and that the
absolute stress drop values are within the tectonic range. We also
find no correlation between stress drop and depth or distance from
the point of injection. Unfortunately, corner frequency and stress
drop estimates have a large uncertainty, which makes it difficult to
infer statistically significant physical correlations.

2 DATA

We use data acquired by a contractor during hydraulic-fracturing
operations in the Horn River basin, British Columbia. There are
three stratigraphic units that were targeted during operations: The
Muskwa, Otter Park and Evie formations. These are all fine-grained,
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organic rich shales that likely formed in an open marine environment
(Yoon et al. 2018).

The contractor used a multiwell, multistage approach to stimu-
late fractures in the shale formation in the Horn River basin. 10
wells were drilled and 237 stages were completed using a toe-heel
zipper frack technique. During operations, the contractor recorded
continuous seismic data and provided us with continuous SEG-D
tapes recorded using 15 Hz GEO-OMNI-2400 borehole geophones
at 2 arrays (K and S), each with 35 stations, as shown in Fig. 1. The
instrument response, as determined from the lab, shows the ampli-
tude of the output increases up to the natural frequency (15 Hz),
after which the instrument dampening enables a flat response up
to at least 500 Hz with an output of 1.1 volts per inch per second.
Instrument specifications also mention that spurious frequencies are
expected at frequencies greater than 365 Hz. The instrument sam-
ples at 4000 Hz. The contractor also provided us with original station
orientations determined from perforation shots. The Z component
is mostly aligned in the direction of the well at both the K- and
S-well, while the first and second components are subhorizontal.

The K-well geophones were deployed at 1215–1695 m and the
S-well geophones between 1193 and 1663m with 13–15 m spacing
between geophones. We were also provided with a catalogue of more
than 90 000 moment magnitudes (–3 < Mw < 0.55), stress drops,
fault radii and locations for all events and full moment tensor inver-
sions for 35 per cent of events. The methods used for determining
source parameters were not available, nor their uncertainties. For
this reason, we recalculate corner frequencies and stress drops. We
also recalculate Mw estimates in Section 4.2. From here on magni-
tudes provided by the contractor are denoted by Mw,c and estimates
from this study are denoted as Mw.

Previous research shows that the stimulation of stage 14 in well
A (stage A14) resulted in microseismicity that extended into the
basement rock, indicating fault reactivation (Kettlety et al. 2019).
The microseismicity is usually largest underneath the play, and
therefore of particular interest from a seismic hazard perspective.
We can also test the hypotheses relating stress drop to depth or
distance form an injection point by limiting stress drop analysis
to events linked to stage A14 (Fig. 1b), which we implement in
Section 5.5.

2.1 Velocity model and locations

The contractor also provided us with the event locations and ve-
locity model (Fig. 2). The velocity model was initially determined
using a tapered sonic log to show shale transitions. It was then
calibrated using perforation shots assuming elliptical anisotropy.
Relative locations of seismic events were then improved by using
double difference relocation (Waldhauser & Ellsworth 2000). Un-
certainty is estimated at ±50 m for relative locations and ±110 m
for absolute locations (Kettlety et al. 2019).

2.2 Traveltimes

We use a finite-difference approach to solve the eikonal equation
(Podvin & Lecomte 1991) using NonLinLoc (Lomax et al. 2009).
In doing so, we calculate the fast traveltimes to each grid point over
a 2-D matrix to construct traveltime lookup tables for the P- and S-
phase arrivals. We then use the locations provided in the catalogue
to calculate the geometric distance between source and receiver
and interpolate the look-up table to calculate traveltimes for each
station.

2.3 Data and results availability

Although operator-provided data are not currently available pub-
licly, we provide an open-access data set of our results on Zen-
odo (Klinger & Werner 2021). The spreadsheet contains event IDs,
magnitudes, corner frequencies and stress drops as well as their
uncertainties of the 94 events analysed in Section 5.5. The data may
be useful for testing the replicability of our conclusions with other
data sets or to compare stress drops.

3 P RO C E S S I N G

The contractor provided us with ∼9 hr of raw SEG-D data from the
period of operation separated into 20-min files. Baird et al. (2017)
then separated out the continuous data into event separated SAC
files using times from the catalogue, and also rotated stations into
NEZ orientation. Over 90 000 detected events were provided by
the contractor, though individual phase picks for each station were
not provided. We pick the data using an STA/LTA method (Allen
1978) and require accurate phase arrival picks across all stations—
a condition only met by high SNR events. From visual inspection,
we find that an STA/LTA = 15 is required for the P phase and
an STA/LTA = 30 for the S phase. The higher threshold for the
S phase is due to the higher pre-phase arrival noise (the P-wave
coda). To improve the pick accuracy we also apply a 4-pole, 2 pass
Butterworth filter between 15 Hz (natural frequency) and 200 Hz.

As the instrument response is 1.1 volts per inch per second, we
correct for this by: dividing the time-series by 1.1, unit converting
from inches to metres and integrating to displacement. We then
find the polarization angle of the radial component for each event
by calculating the covariance matrix of the 3 components on the
primary arrival using a 0.1 s time window that captures the full
phase and some coda. We then rotate the vertical component to the
vector which corresponds to the maximum eigenvalue. For the SH
and SV components, the covariance matrix is calculated from the
second phase arrival. We then rotate the north and east components
using the eigenvalue that maximises transverse particle motion.

3.1 Multitaper transformation

We use the multitaper method to transform from the displacement–
time series to a displacement–frequency spectrum in line with many
other source studies (e.g., Allmann & Shearer 2009; Harrington
et al. 2015; Wu & Chapman 2017; Holmgren et al. 2019). The
multitaper method reduces the amount of sidelobe leakage from
lower frequencies (Gubbins 2005), which increases the accuracy of
transformation compared to a standard Fourier transform. We use
the following equation:

S( f ) = |
n−1∑
t=0

x(t)a(t)e−2π i f t |2, (1)

where S(f) is the power spectral density function, a(t) is a series of
weights, x(t) is the signal, f is frequency and t is time, n is the number
of data points in a time-series. The user is required to assign the
time-bandwidth product (TBW) and the number of tapers (k). The
TBW is the averaging bandwidth for each spectral point estimation.
k refers to the Slepian sequence of orthogonal, prolate tapers used
to weight the time series (Prieto et al. 2007). It is still uncertain
what the optimal choices for these parameters are.

From a displacement time series, the units of the power spectrum
are in m2 Hz–1. Therefore, to convert to displacement amplitude we
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Figure 1. (a) Map and (b) Cross sectional view along the grey line in (a) illustrating the multiwell hydraulic fracturing operation, monitoring wells and
locations of induced seismicity. The coloured events correspond to those that meet processing criteria. Circles denote seismic events where green symbols are
events recorded at both the K and S well (38 events), red circles are events only recorded at the K-well (56 events) and blue circles are only recorded at the
S-well (18). Grey circles show Mw > –1 events (using contractor estimates). (b) The dotted rectangle outlines seismicity (90 events) linked to stimulation at
stage A14, denoted by a black diamond.

use

A( f ) =
√

S( f ) × T , (2)

where A(f) is the displacement amplitude spectrum and T is the time
window used to capture the phase arrival. This leaves us with units
of metre seconds.

3.2 Resolution

In this section, we consider the limitations that the instruments and
data place on our ability to resolve corner frequencies. It is crucial
to delineate the boundaries of the accessible frequency range as this
affects the interpretation of results. This was exemplified by Ide &
Beroza (2001), who showed that the underestimation of radiated
energy in various studies can lead to erroneous interpretations.

To determine the range of resolvable corner frequencies, we first
calculate theoretical seismic moment values using

Mo = 10
3
2 Mw+9.1, (3)

from Hanks & Kanamori (1979), where Mo is seismic moment and
Mw is moment magnitude. Using these seismic moment values,
we then determine hypothetical measurements of corner frequency
assuming constant stress drops for the purpose of this section only

using Brune (1970):

�σ = 7

16
Mo

( fc

κβ

)3
, (4)

where corner frequency is fc, κ is a constant related to the model used
and β is shear wave velocity. We assume κ = 0.32 (see Section 4)
and β = 3800 m s−1.

For a range of hypothetical Mo values, we calculate the corre-
sponding fc for four different stress drops (Fig. 3). We determine
the lowest Mw,c event for which a corner frequency can theoretically
be recorded with a 1 MPa stress drop by plotting a vertical line,
intersecting at Mw,c = –2.7 (Fig. 3). The lower frequency detection
limit is plotted at 15 Hz (the natural frequency) and the upper limit
at 2000 Hz (the Nyquist frequency).

Next we determine the range of maximum corner frequencies
based on the percentage of radiated energy captured. We use the
following equation (Ide & Beroza 2001)

F( f, fc) = (− f/ fc)

(1 + f
fc

)2
+ tan−1( f/ fc), (5)

where F is the percentage of radiated energy captured, a function
of the sampling frequency f and the corner frequency fc. We set an
upper limit to fc of 500 Hz, where at least 75 per cent of the radiated
energy is captured. The bandwidth limitation has a more severe
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Figure 2. Tapered velocity model with geological formations. Black circles
denote depths and moment magnitudes of events calculated by the contrac-
tor (Mw,c) that meet processing criteria. Grey and black triangles indicate
geophones in the K- and S-well, respectively. Solid blue and dashed blue
lines show S- and P-wave velocity profiles, respectively.

effect on estimates of apparent stress, based on radiated energy, but
can also affect the maximum corner frequency.

We further investigate the resolution of corner frequencies by
considering the acceleration spectra. Ideally, we would expect the
shape of the acceleration spectrum to show one point of curvature
change, corresponding to the fc, followed by a plateau to higher
frequencies. If such an idealised spectrum is attainable, it would
yield the most robust fit to a Brune model.

Within this data set only the P-phase arrivals at the K-well show
a plateau (Fig. 4), whereas most S phases do not. Along both wells,
we also observe a systematic cut-off of the high-frequency accel-
eration spectrum, occurring at ∼400–500 Hz along the K-well and
∼200–300 Hz along the S-well. Such an abrupt cut-off might be
explained by fmax (Hanks 1982; Anderson 1986). Because we are
unable to observe a flat plateau for S-phase acceleration spectra, it
is impossible to know if we are observing the first corner frequency
(i.e., fc) or a cut-off frequency. For this reason, we exclude the S-
well from determining source parameters in Section 5.5 and only
use P-phase arrivals at the K-well.

We then impose 2 additional criteria based on observations dur-
ing processing. We only use events that show accurate picks on
the primary arrivals across all stations using the STA/LTA picking
method. The lowest Mw,c event that meets this requirement is a Mw,c

= –1.2 event (Fig. 3). We also require that all signals should record
a SNR > 3 at 500 Hz, to ensure enough of the high frequency is
sampled. We find the lowest Mw,c event that meets this requirement
is a Mw,c = –0.8 event (Fig. 3). This leaves us with a –0.8 < Mw,c

< 0.55 range for our spectral analysis, for which we find a total of

112 events. 38 events are recorded at both wells, 56 at the K-well
only and 18 events at the S-well only (Fig. 1).

4 M E T H O D S

4.1 Modelling individual spectra

Most studies that calculate source parameters through model fit-
ting procedures use the Brune (1970) model. Madariaga (1976)
expanded on this model by approximating a dynamic rupture where
the fault plane is modelled as a circular crack. Using this analytical
solution, we can determine source properties using (Brune 1970):

u( f ) = �oe
−π f t

Q

[1 + ( f
fc

)2]
, (6)

where u is the far-field displacement spectrum, �o denotes the
amplitude of the low-frequency plateau, t is the traveltime of the
dominant phase arrival, f is frequency and fc is corner frequency.
There is also an attenuation term, Q, where 1/Q represents the loss
of energy per cycle.

We must estimate four unknowns: Q, t, fc and �o. When de-
termining source parameters in Section 5.5, we fix Q and �o to
constants. We determine �o from the low frequency amplitude and
Q using the whole path attenuation, as explained in Sections 4.3 and
5.4. Traveltime t is also constrained, as explained in Section 2. We
then optimize the fit of eq. (6) to single station displacement spectra
using @fminsrchbnd in MATLAB to obtain corner frequencies.

To determine fc uncertainty, we bootstrap the residuals between
the model fit and observed data. We calculate the residuals at each
frequency point in log space and then resample 30 times and add
these residuals to the original spectrum to create 30 new synthetic
spectra. We then invert each of these synthetic spectra to calculate
30 new fc estimates that provide a measure of the variance of each
station estimate.

The initial fc estimates must lie within the range of fc from in-
version of the synthetic spectra and must not saturate at the bounds
(15–2000 Hz). We also calculate the root mean square (RMS) at
each station and inspect which stations show the best fits based on
the RMS.

Once the corner frequency is determined, it can be related to the
rupture radius, using (Madariaga 1976):

r = κβ

fc
, (7)

where fc is the corner frequency, κ is a constant related to the
radiation pattern, β is shear wave velocity and r is source radius.
Madariaga (1976) showed that we expect the fc to vary with azimuth
around the focal sphere relative to the nodal plane of an event by as
much as a factor of ∼1.7 for P waves and up to ∼2.5 for S waves.
κ averages this effect out by assigning κ as 0.32 for P waves and
0.21 for S waves. In the Brune model κ is derived from a simpler
kinematic method and is around a factor of 2 larger than in the
Madariaga model (Madariaga 1976).

Using corner frequency estimates obtained by model fitting, we
can use the Eshelby (1957) equation for calculating stress drops
from a circular fault in an elastic half space using:

�σ = 7Mo

16r 3
, (8)

where Mo is the seismic moment that we estimate in Section 4.2 and
r is the rupture radius from eq. (7).
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Figure 3. Theoretical fc against Mw,c with red lines showing the multiple constraints from data and instruments that limit the range of magnitudes and corner
frequencies that are resolvable (grey rectangle). Dashed black lines show the scaling relationship between corner frequency and Mw,c, assuming a range of
constant stress drops and self-similar scaling using a Madariaga (1976) model. To construct the stress drop lines, we assume β = 3800 ms−1, from the S-wave
velocity in the Keg-River formation, where most of our events are located.

Figure 4. Acceleration spectra from the P-phase component of a Mw = 0.1
event recorded at the K-well. The solid lines are the observed signals using
a 0.1 s time window, and are colour coded according to station depth: darker
blue indicates a deeper station. The dashed black lines represent the spectra
of pre-event noise.

To calculate stress drops, we first determine the mean corner
frequency of each event by averaging the initial fc estimates over
all stations, for a given event; therefore the mean fc captures the
station-station variability. The fc uncertainty is then calculated by
taking 1 standard deviation of the bootstrapped and initial estimates
over all stations for a given event. We then calculate the stress drop
using eq. (4), and calculate the uncertainty for each measurement
using standard error propagation (e.g., Fornasini 2008) of the corner
frequency. We only use estimates of stress drop where the standard
deviation is less than the stress drop value. To calculate the un-
certainty of the average stress drop for all events we combine the
standard error from the stress drop distribution and the uncertainty
from individual stress drop measurements.

4.2 Mw calculation

To verify contractor provided Mw estimates, we recalculate Mw and
compare estimates from this study to the contractor’s. We calculate
seismic moment using (Brune 1970):

Mo = �o4πρv3r

Ro
, (9)

where �o is the low frequency displacement–amplitude plateau,
which is determined empirically by taking the mean signal of the
displacement amplitude spectra between 20 and 40 Hz. ρ is density, r
is the station to event geometric distance, Ro is the average radiation
coefficient (0.52 for P-phases and 0.63 for S-phases) and v is the
seismic velocity of the source rock. We use ρ = 2500 kg m−3 for
the Keg-River limestone and a density of ρ = 2600 kg m−3 for the
overlying shale formation, which are determined from sonic logs
(Sayers et al. 2015).

For each seismic event, we calculate individual station magnitude
estimates using P and S phases by re-arranging eq. (3). Then we
average the station Mw estimates to get the event estimate. We
measure the uncertainty in this estimate using the standard deviation
across station estimates to measure the Mw uncertainty for a given
event.

4.3 Modelling attenuation

To constrain an attenuation model we assume that intrinsic attenua-
tion is the dominant mechanism (e.g., Abercrombie 1998). In doing
so, we reduce the number of free parameters in eq. (6) by determin-
ing Q, decreasing the non-uniqueness of fc estimations. To model
intrinsic attenuation we use (Abercrombie 1997; Bethmann et al.
2012)

A( f ) = Ao( f )e
−π f t
Q( f ) , (10)

where A(f) is the displacement amplitude spectrum at a station some
distance from the source, Ao is the displacement amplitude at the
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source, or some distance closer to A, f is frequency and t is traveltime
between the locations where Ao and A are measured. Q as a function
of frequency can be expressed as

Q( f ) = −π f (t1 − t2)

ln( A1( f )
A2( f ) )

, (11)

where A1(f) corresponds to the amplitude spectra at the top five sta-
tions, A2(f) corresponds to the amplitude at the bottom five stations
and t1 – t2 is the traveltime difference between a station pair. If the
right-hand side of eq. (11) is a constant, this implies that Q(f) = Q
and frequency independent Q is a reasonable approximation.

We use two methods to determine Q. In the first method, we
calculate the attenuation of the wavefield in the rock volume between
the top five and bottom five stations. For each event, we calculate
spectral ratios between five station pairs that are separated by the
maximum possible distance (i.e., stations 1 and 30, 2 and 31, etc.).
For each event we stack the signal obtained from all the station
pairs to obtain an empirical path term. We then calculate Q(f) using
eq. (11). This method provides an estimate of the attenuation within
the layer in which the geophones are situated (e.g., Abercrombie
1998; Bethmann et al. 2012) but does not necessarily characterize
the crustal attenuation of the underlying lithological units along the
ray path.

To address this, we also estimate a whole path Q using ideal-
ized source spectra over 3 stress drops (1, 10 and 100 MPa), which
represent the empirical range across stress drop studies (Abercrom-
bie 1995, 2021). Similar methods have been used to validate Q
estimates by Ide et al. (2003) and Imanishi et al. (2004). To calcu-
late idealized source spectra we determine corner frequencies which
correspond to 1, 10 and 100 MPa stress drops. We calculate our own
estimates of seismic moment in Section 5.1. Then we use eq. (6) to
calculate the expected source spectra. To ensure the signal from the
source model is larger than the observed spectrum, we fix the low
frequency plateau of the idealized source spectra to 1.1 times the
observed �o. When using this method there are unexpected and un-
realistic effects on Q(f) below 100 Hz, which are most likely caused
by a slow hump in the spectral amplitude observed between 30 and
100 Hz (see Fig. 12). Therefore to avoid potential artefacts in Q(f)
we limit our analysis to frequencies above 100 Hz.

For each station we deconvolve the observed instrument corrected
spectrum with the corresponding source model to obtain source
corrected spectra (i.e., the path/site term) using 1, 10 and 100 MPa
stress drops. We then stack spectral ratios across events at each
station. This leaves us with 35 spectral ratios corresponding to each
station along the borehole geophone array. Then we determine Q(f)
at each station using eq. (11).

5 R E S U LT S

5.1 Mw calculation

In this section we calculate Mw to provide a comparison to contractor
estimates. Where possible, we include seismic data from both wells,
and use information from P and S phases. On average, we use 94
phase arrivals for each Mw estimate, across both wells. We calculate
individual station Mw estimates and event estimates. Below Mw,c

= 0, most of our estimates lie within one standard deviation of
contractor estimates apart from 5 outliers (Fig. 5a). Above Mw,c =
0, we find more discrepancy. 16 estimates of our Mw are more than
one standard deviation different to contractor estimates (Fig. 5a).

Figure 5. Comparison of our moment magnitudes with those of the contrac-
tor. (a) Event and station Mw estimates of 94 events considered for source
parameter estimation in Section 5.5 using P and S phases. (a) Average mag-
nitudes (circles) with ±1σ standard deviation (grey error bars) for events
recorded by one borehole array (black circles) and both borehole arrays
(black circles with red edge colour). Yellow stars highlight the largest de-
viations (b) Displacement amplitude spectra (P-phase) of signal and noise
from all stations for an outlier event, demonstrating an underestimate of
contractor estimates compared to estimates in this study. Thin red and black
solid lines are spectra from the S- and K-well, respectively. Thick horizontal
lines indicate �o estimates of spectra with the same colour. Blue squares
show frequency sampling space (10 Hz). Grey horizontal lines show implied
contractor �o. Green horizontal lines show median �o estimates.

To investigate the discrepancy in Mw estimates, we analyse the
displacement amplitude spectra (Fig. 5b) from the Mw = 0.2 outlier
event, which shows the largest underestimate by the contractor and
the Mw = 0.45 event, corresponding to the largest overestimate
by the contractor (Fig. 5a). The largest contractor underestimate is
shown in Fig. 5(b). Assuming the contractor uses the same values
of r, Vp and ρ, contractor estimates of �o appear to correspond to
the S-well spectra only (Fig. 5b). The S-well shows lower spectral
amplitudes than the K-well across the frequency range for many
events, which is most likely caused by the greater distances that the
seismic wavefield has travelled compared to the K-well.

To match the largest contractor underestimate of 0.6 Mw units
(i.e., 8 times more seismic moment in our estimate), either r or ρ

need to be a factor of 8 smaller. As we consider the shortest possible
path from event to station it is not possible for r to decrease. If ρ is
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Table 1. Noise features. The K- and S-well columns show which stations
show the feature strongest. The CMP lists the components where the feature
is strongest. A dash indicates the feature is not seen. ‘var’ indicates that the
feature is not clearly systematic to certain stations and n/a means that the
strongest component is not obvious.

Feature Frequency (Hz) K-well stns S-Well stns CMP

NF1 450–600 1–10 – N/Z
NF2 250–400 27–35 var n/a
NF3 550–650 – 20–35 n/a
NF4 50–80 – All n/a

a factor of 8 smaller, it would be unrealistically small (i.e., ρ = 310
kg m−3) compared to a density of ∼2500 kg m−3 expected from the
Keg-River limestone (Sayers et al. 2015).

For contractor overestimates, the largest discrepancy is 0.9 Mw

units (i.e., a factor of 22 times more seismic moment in contractor
estimates). It is likely that r is slightly larger because we assume a
straight line path from source to receiver. However, because density
between layers is similar (Sayers et al. 2015), it is unlikely that ray
paths will be significantly longer than a straight path. If density
changes, it would also need to increase by an unreasonably high
value (i.e., 55 000 kg m−3) to explain the difference.

Thus, single parameter changes do not explain the Mw outliers
from this study compared to the contractor. Methodological dif-
ferences may explain the discrepancy between our estimates and
contractor estimates but the contractor’s methods are not provided.
For the purpose of this study we use our own estimates of Mw.

5.2 Spectral features of noise

In this section, we analyse features of the noise spectra to better
understand the instrument response, as are summarized in Table 1.
We start by analysing spectograms of seismic events in NEZ ori-
entation and then analyse the pre-event noise along both wells. At
most stations we observe unexpected peaks in the noise spectra that
are continuous.

We select ∼4 min of seismic data from consecutive event-
separated SAC files in ‘stitched events’ and identify systematic
features in the spectograms. Along both wells, peaks are strongest
in the Z-component, though observable across all components. At
the K-well, the shallowest stations (i.e., stations 1–10) shows a peak
at ∼400–600 Hz (Fig. 6a). Towards deeper stations, the peak mi-
grates to a lower frequency band at ∼250–400 Hz (Fig. 6b). At the
S-well, all stations show a clear peak at 50–80 Hz (Fig. 6c and d). At
the shallowest station, we observe peaks at ∼300–400 Hz (Fig. 6c).
Towards the deeper stations, we observe a faint higher frequency
band peak at ∼500–700 Hz (Fig. 6d).

Next, we analyse the pre-event noise from the far-field displace-
ment of all 112 events on NEZ components using a 0.1 second time
window (Fig. 7). Most stations show amplification features that usu-
ally appear as notches. Along the K-well the pre-event noise shows
high frequency noise amplifications that are strongest on the Z and
N components. The two clearest resonance features are highlighted
in Figs 7(a), (c) and (e) at ∼450–600 Hz (Noise Feature 1) and
∼250–400 Hz (Noise Feature 2). Noise Feature 1 (NF1) appears to
be systematically stronger at shallower stations (i.e., stations 1–10)
while Noise Feature 2 (NF2) appears to be systematically stronger at
deeper stations (i.e., stations 27–35). However, there is still variation
from station to station (e.g., station 35 does not show a particularly
strong level of NF2).

Along the S-well the clearest feature is a notch at ∼550–650 Hz
which appears strongest at the deeper stations (i.e., 20–35). We
also observe a clear sharp increase in the spectra below 100 Hz,
which may correspond to the strong peak seen in the stitched event
spectograms at 50–80 Hz (Fig. 6).

5.3 Station limitations

Next we investigate the limitations on retrieving source parameters
based on station position in the borehole geophone array. While get-
ting closer to the seismic source should enable us to retrieve high
frequency information, and better constrain earthquake source mod-
els, we find that deeper stations are systematically more compro-
mised in retrieving high frequency information along both borehole
geophone arrays.

To visualize the issue, we normalise P and SH spectra to the first
Fourier coefficient of the signal using the shallowest (i.e., station
1) and deepest station (i.e., station 35). We then also normalise the
noise to the first Fourier coefficient of the signal such that the point
of intersection between signal and noise corresponds to SNR = 1
in Fig. 8.

To guide the eye we determine theoretical model curves using
Q = 170, and determine traveltimes to stations by fixing the S-
wave speed to 3800 ms−1 and adjust the distance travelled to the
best visual fit. The aim here is not to provide constraints on the
attenuation model but rather to display the shape of the expected
spectrum against the observations at stations 1 and 35.

At station 35, the P-phase clearly shows a severe loss of high
frequencies above approximately 400 Hz, which is likely associated
with fmax (Fig. 8a). As a result, high frequencies deviate significantly
from the expected Brune spectral shape, preventing an acceptable
model fit to the data. We find that a κ modified model (Ktenidou
et al. 2014) does not visually improve the fit. The theoretical curve
for Station 1 shows a significantly better explanation of data between
around 100–500 Hz, but underestimates the low frequencies (i.e.,
30–100 Hz).

From observing the SH-phase spectra in Fig. 8(b), the P-wave
coda causes resonances in the SH phase arrival, which is especially
notable in the deepest stations. The shallower stations on the shear
wave components show the cleanest spectra, but have a relatively
small bandwidth of good SNR. For this reason we exclude shear
waves from further analysis and only consider P-phase arrivals at
the K-well when determining source parameters in Section 5.5. As
we exclude the S-well, we are now left with 94 events.

We further constrain which stations and phase arrival we can use
for estimating stress drops. The deepest stations (i.e., stations 15–
35) along both wells have a high frequency fall-off that is severely
affected by fmax. This is demonstrated for station 35 in Fig. 8(a),
as annotated. Therefore we also limit our analysis to stations 1–15
when determining source parameters in Section 5.5.

To further investigate the nature of the resonances we select a
cluster of seismic events colocated within 100 m of a reference
event (i.e., ‘target event’) and highly cross correlated between 60
and 300 Hz with the chosen target event. If two colocated events are
highly cross correlated (i.e., CC > 0.9), we should be able to assume
that the path and site effects recorded at a single station should be
approximately the same, and that any variation should come from
the source term. Fig. 9 shows significant variation in the expression
of resonances from a cluster of seismic events co-located and highly
cross-correlated with a target event, when spectra are normalised to
the lower frequency plateau (15–40 Hz). In some cases there is a
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Figure 6. Continuous wavelet transforms of ∼4 min of stitched seismic events, showcasing salient noise peaks in the Z-component at (a) K-well, station 1, (b)
K-well, station 27, (c) S-well, station 1 and (d) S-well, station 27.

factor of ∼10 difference in the relative amplitude between events.
These resonances are unlikely to result from source term variations.
Instead, they suggest a sensitivity to small differences in path or
variable site effects. This sensitivity will persist into spectral ratios
and may thus compromise the validity of the approach. Stacking
the EGFs may improve the stability of the spectral ratios and is
likely a better approach, but resonances may still not be completely
removed.

5.4 Modelling crustal attenuation (Q)

We consider two methods of determining Q from P-phase arrivals
using events recorded at the K-well. For both methods we consider
the possibility of frequency independent and frequency dependent
attenuation. Our analysis suggests that a frequency independent
model provides agreement with observed data. For the purposes of
calculating Q using Method 1 we restrict our analysis to events that
occur below the shale formation such that spectral ratios between
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Figure 7. Systematic resonances in pre-event noise using 112 events from the (a, c and e) K- and (b, d and f) S-well. Each line represents the stacked pre-event
noise spectra across events and are colour coded according to station depth where darker blue indicates a deeper station along the borehole array. Noise Features
(NF) are highlighted with patches and are annotated according to Table 1. Black squares show frequency sampling points for the deepest station (i.e., station
35).

stations correspond to a clear difference in traveltime (86 out of the
94 events); for Method 2 we use all 94 events.

5.4.1 Method 1

Our ability to resolve attenuation using Method 1 is limited by the
maximum distance between stations along the borehole array. The
low frequency amplitudes of the deepest stations are smaller than
the shallowest stations at the K-well, which might be caused by a
radiation pattern effect. Relatively high frequencies are enriched at
deeper stations because the effect of attenuation dominates. As a
result, the deepest station only shows a clearly larger amplitude at
or above ∼180 Hz (Fig. 10a). Therefore, we restrict our analysis to
26 out of the 86 events where the spectral ratio between the deep
and shallow stations is >1 at 180 Hz (Fig. 10a). By limiting our
frequency range to above 180 Hz we are using spectral information
above the apparent corner frequencies observed at most stations,
but it is our best lower frequency limit, as shown in Fig. 10(b). On
average, above 180 Hz, we obtain a Q estimate of 160 ± 50 using
Method 1. The large uncertainty (±50 using 1σ ) reflects the bumps
in the spectra.

5.4.2 Method 2

To avoid the effect of resonances, we limit our analysis to the top
five stations of the K-well array for Method 2. Between 100 and
280 Hz, the stacked spectral ratios from stations 1–5 show a rela-
tively straight line in log-linear space (i.e., constant Q), as shown
in Fig. 11. Above 280 Hz, resonances introduce scatter into Q mea-
surements, which is especially notable at station 3 (Figs 11b, d and
f). Q uncertainty increases towards lower stress drops because res-
onances are relatively larger when the spectral ratio is calculated in
the high frequency decay portion of the source spectrum relative to
the low frequency plateau for higher stress drops. We also observe a
systematically higher Q for lower stress drops because less attenua-
tion is needed to explain the reduction in amplitude. For each stress
drop model, we calculate an average Q across all stations as Q =
180 ± 40, Q = 120 ± 20 and Q = 110 ± 20 for a 1, 10 and 100
MPa source model, respectively.

5.4.3 Comparison of Q methods

Both methods show that a frequency independent attenuation model
is broadly consistent with observed data above 180 Hz for Method
1 and 100 Hz for Method 2. The larger uncertainty associated with
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Figure 8. Normalised spectral amplitude of station 1 and 35 across all events along the K-well, with annotations pointing out limiting effects on deeper stations.
Solid black lines represent the mean signal for station 1. Thick red and blue curves in (a) represent theoretical source models for P-phase arrivals at station 35
and station 1, respectively. (b) Lines correspond to same description as (a) for the SH-phase arrival.

Figure 9. Normalised displacement-amplitude spectra of the P-phase ar-
rival from a cluster of co-located microseismic events recorded at station
9. Grey solid lines show normalised displacement amplitude spectra. Black
solid line shows average signal and dashed lines show ±1σ at each fre-
quency point. We found 31 nearly colocated events within 100 m and high
cross correlation (i.e., CC > 0.9) of the target event.

Method 1 means that Q is not statistically different relative to any of
the Q estimates using Method 2. For this reason, we only consider
the three estimates from Method 2.

To assess how well the Q values explain the observed spectra, we
apply Q corrections to 1, 10 and 100 MPa source models (Fig. 12).
Between 30 and 80 Hz, modelled spectra are smaller than the data.
From 100 to 400 Hz the models explain the data relatively well.
Above 400 Hz, we see bumps in the spectra, which causes an un-
derestimate by the model. For determining corner frequencies in
Section 5.5, we consider all three values of Q from Method 2.

Although a frequency independent Q appears to provide a decent
explanation of the data, the resonances might mask a frequency de-
pendence which may be more obvious at deeper stations. However,
the deeper stations are compromised by stronger resonances, and
are therefore not included in the Q calculation.

Importantly, corner frequency visually appears to be relatively
stable across the range of 1.1 magnitude units (Fig. 12), although
quantitative estimates are needed in case the differences emerge
given different distances of the path. Nonetheless, because of the
relatively small Mw range we are unlikely to resolve significant dif-
ferences in apparent corner frequency. Additionally, the percentage
of energy removed becomes exponentially larger at higher frequen-
cies, which also causes a relatively stable apparent corner frequency.

5.5 Corner frequency and stress drop estimation

As discussed in Sections 3.2, 5.2 and 5.3 the bandwidth limita-
tions, fmax effects and high frequency resonances compromise the
robustness of source parameter estimates. Notwithstanding these
limitations, we carefully attempt corner frequency and stress drop
estimations. We determine fc for each station using the method out-
lined in Section 4 for three different Q estimates, as explained in
Section 5.4. Then we calculate event estimates of fc to compute
stress drops. To test the hypothesis that injection pressure affects
stress drop, we select events at a period where we might identify
a trend from the injection point to the bottom of the fracture zone.
Therefore we limit our analysis to events associated with injection
of stage A14 (i.e., 90 out of the 94 events at the K-well).

By analysing the distribution of stress drops from three crustal
attenuation models, we disqualify models that provide unrealistic
stress drop values (e.g., > 400 MPa) and those that generate a
broad range (e.g., > 100 MPa), as shown in Fig. S1. Based on these
criteria, Q = 110 and Q = 120 provide stress drop estimates that
are physically unrealistic (i.e., > 500 MPa). Such high estimates
are unlikely for strike-slip faults in the upper crust, given that shear
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Figure 10. Determination of frequency independent Q using station pairs
along the geophone array (Method 1) at the K-well. (a) An example of a
station pair showing displacement amplitude spectra of P-phase arrivals.
Dotted red line is the limit above which signal from the deeper station
is larger than shallower station. (b) Q against frequency for all 26 events
we consider for Q estimation using Method 1. Each grey line represents
the stacked signal across five station pairs. The thick black line shows the
average signal over all the stacks for all events. Dashed black line shows
average Q estimate and blue patch shows uncertainty corresponding to ±1 σ

standard deviation.

strength is not expected to exceed ∼20 MPa (Streit 1997). Q = 180
provides the most physically reasonable estimates of stress drop
between 0.1 and 9 MPa. For this reason, we only consider the Q
= 180 model further. This Q value falls within the uncertainty of
Q = 226 ± ∼70 calculated by Yu et al. (2020) for seismic events
recorded in the crystalline basement at a hydraulic fracturing pad
240 km away from this study, which adds further credibility to our
estimate.

Considering that there are some systematic differences between
source and model, as mentioned in Section 5.4, we only use the
most robust fits to calculate first order estimates of fc. From visual
inspection, stations with an RMS < 4 show the most robust fits,
which we use as an additional criterion. Using all the fitting criterion,
fits are decent, as shown in Fig. S2.

Results of corner frequency and stress drop estimates are shown
in Fig. 13. We do not know whether the contractor used a Brune or
Madariaga model, therefore we show contractor values as a range

spanning both. Corner frequency estimates calculated in this study
are on average larger than estimates made by the contractor and
lie mostly between the 1 and 10 MPa theoretical stress drop lines
(Fig. 13a). Along the borehole array, corner frequencies do not
systematically depend on geophone depth (inset Fig. 13a). We find a
mean corner frequency of 210 Hz ±30, using the standard deviation
across our estimates (±1σ ).

Based on observations of a systematic fmax at 400–500 Hz along
the K-well, corner frequencies are likely underestimated, especially
for smaller events, which may explain the shallower gradient of
fc ∝ M−0.35

w from the line of best fit compared to what we expect
from self-similar scaling ( fc ∝ M−0.5

w ). Note that we use here the
moment magnitude instead of seismic moment as the self-similar
scaling variable. Therefore our mean corner frequency and stress
drops are probably rough estimates of possibly larger values. Corner
frequencies below fmax should be actual corner frequencies, even if
uncertain. Values above fmax may represent fmax rather than fc. The
lack of estimates near ∼100 Hz is likely a source effect caused by
the largest size of seismic events we use, which places a lower limit
on the corner frequencies available to analyse. The upper limit of
fmax can be seen as the cut-off in Fig. 13(a) and scaling in Fig. 13(b).

We calculate an average stress drop of a 1.6 MPa ±1.2 using the
geometric mean of the stress drop. Our results are broadly in the
expected range of 0.1–100 MPa observed from earthquakes (Aber-
crombie 1995) assuming self-similarity (Fig. 13b). The scaling of
stress drop with Mw that we report in this data set is also seen in the
other data sets (Fig. 13b). In our case, the scaling is more likely re-
lated to an upper limit of corner frequency resolution than a source
effect.

Spatially, there are two populations of events. The shallower pop-
ulation spans the bottom of the stimulated rock volume into the un-
derlying limestone; the deeper population is a few hundred metres
deeper in the limestone. Stress drops do not clearly vary systemat-
ically between these populations with depth or distance from point
of injection (Fig. 14). We also observe no clear differences between
events that occur in the stimulated rock volume and the underlying
limestone.

6 D I S C U S S I O N

6.1 Origin of the observed amplifications

We observe unexpected high frequency amplifications along the two
borehole arrays considered in this study. Resonances are typical in
borehole geophone arrays (e.g., Tary et al. 2014; Vaezi & Van der
Baan 2014; Zhang et al. 2018; Yaskevich et al. 2019) and must be
carefully analysed to determine which stations are appropriate for
source parameter estimation. Here, we attempt to qualitatively iden-
tify the clear systematic features across both wells, although there is
variation from station to station and between events. Understanding
the provenance of the resonances may also help advise operators on
how to better deploy the geophones.

6.1.1 Noise features (NF1-3)

We identify three high frequency systematic noise features
(NF1-3) across both the borehole arrays from ∼4 min of stitched
seismic event data. NF1 are resonances at ∼450–600 Hz, NF2 are
resonances at ∼250–400 Hz and NF3 is a notch at ∼550–650 Hz.
These features are unlikely to be explained by source effects,
which are low frequency and not continuous. Tary et al. (2014)
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Figure 11. Empirical determination of whole path Q using idealised source spectra assuming 1, 10 and 100 MPa stress drops from 94 events at the K-well
(stations 1–5). (a, c and e) coloured solid lines show the stacked spectral ratios between the instrument corrected amplitude and the idealized source spectra
against frequency. Black dashed lines shows a linear fit to the deepest station. (b, d and f) Q calculated directly from the spectral ratios as a function of frequency
for (b) 1 MPa (d) 10 MPa and (f) 100 MPa source models. Black dotted lines show the average Q with ±1σ range as a light blue shaded area. Darker red
denotes a deeper station in the borehole array. Inset plot shows histograms of Q estimates across different frequencies and stations.

show that fluid-filled fractures from the opening of perforations
(∼0.01 m), interconnected fractures and larger cracks (>5 m),
resonate between 17 and 31 Hz, which is significantly below the
frequency content of NF1-3.

Resonances due to spurious frequencies and self noise are a
more plausible explanation of NF1-3, as they can explain both the
high frequency nature and the continuous appearance over seismic
events. Geophones are prone to off-axis excitation above the spuri-
ous frequency limit of 365 Hz and NF1-3 are close to or above the
spurious frequency limit. In some cases individual stations show
resonances that are below the spurious limit, which is surprising
given the instrument specification provided limit of 365 Hz. Spu-
rious frequencies have been recognized as a major challenge for
recording accurate phase arrivals (Sleefe et al. 1993, 1995; Faber &
Maxwell 1997).

The clamping system that locks the geophone in place is an-
other potential source of resonances (Sleefe et al. 1993), which
is likely to be a continuous feature. The challenge is usually
that there are only 2 points of contact between the geophone
sonde and the borehole, which can give rise to resonances (Gaiser
et al. 1988). For this data set, we are not provided with ce-
ment bond logs so we must infer how good coupling is from
the data. Clamping issues are observed by Gaiser et al. (1988),
who attribute 130–140 Hz resonances to the coupling of the geo-
phones. A more recent study by Zhang et al. (2018) attributes
two modes at 120 and 320 Hz to coupling issues. This could ex-
plain the presence of NF1-3, even though the resonances in this
study are at higher frequencies. It is possible that with more ad-
vanced and better instrument setup, resonances are pushed to higher
frequencies.
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Figure 12. Forward modelled far-field spectra using three candidate mod-
els for crustal attenuation compared to observed data based on results from
Method 2 of measuring attenuation. Grey thin lines show normalised dis-
placement spectra of the P-phase arrival at station 15 from 94 events at
the K-well. Spectra are separated into three magnitude bins. (a) Mw > 0.2.
(b) 0.2 > Mw > 0. (c) Mw < 0. Dashed black boxes highlight deviations
from the expected spectral shape. Each curve shows the theoretical model
using the average Q estimates from Method 2. Black dot-dashed lines shows
average pre-event noise.

6.1.2 Noise feature 4 (NF4)

This feature has a lower frequency content of ∼50–80 Hz and
appears relatively strong in spectograms, but does not appear in
the pre-event spectra. The electrical noise is a likely candidate for
the cause, which is expected at around 60 Hz (Tary et al. 2014),
falling within the range observed. The pumping of fluids may also
cause relatively low frequency resonances, however, we are unable
to verify this because there is no seismic data before pumping starts.

6.2 Implications of resonances

Most source parameter studies rely on the assumption that the path
and site effects of colocated events can be considered the same for
analysis at a single station. In this study we find that highly cross
correlated, colocated phase arrivals (CC > 0.9) between 60 and
300 Hz show significant variation in the strength of high frequency
resonances. This observation can be explained by slight variations
in the source, path or site that generate different resonance strengths,
which may compromise the spectral ratio approach as resonances
are not removed. Stacking the EGFs might provide a more stable
signal but may not completely remove resonances.

Resonances introduce significant scatter into empirical measure-
ments of intrinsic attenuation and therefore limit our ability to re-
solve robust stress drop estimates. When using either method for
determining Q, the uncertainty in Q is large (±20–50). Other stud-
ies that have measured Q using similar techniques to this study
(e.g., Abercrombie 1998) find significantly less uncertainty in Q,
although the frequency range of interest is lower (i.e., 1–100 Hz),
and resonances are likely less severe.

6.3 Source parameters

6.3.1 Corner frequencies

Despite the limitations in retrieving faithful representations of the
source spectra, it is still useful to determine corner frequency and
stress drops and compare to other regional and global estimates. We
calculate 743 initial estimates of P-phase Madariaga corner frequen-
cies and 22,380 estimates in total (including synthetic spectra from
bootstrapping) with a range of 90–750 Hz and a mean of 210 Hz ±
30 (±1σ ). We first discuss the uncertainties in determining fc and
then interpret our results.

One important observation from the spectra is that the apparent
corner frequency appears relatively constant over a 1.1 Mw range.
This observation can be explained by disproportionately larger at-
tenuation at high frequencies (i.e., > 100 Hz) of the dominant
signals we are analysing (Deichmann 2017). Other studies have
also highlighted the severe reduction of energy at high frequencies
(Eaton et al. 2014; Butcher 2018).

Corner frequency resolution is limited by a clear cut-off fre-
quency at ∼400–500 Hz for P-phase arrivals the K-well. The cause
of the cut-off could be related to fmax. Although fmax was initially
understood as a local site effect from shallow crustal attenuation
(Hanks 1982; Anderson & Hough 1984), fmax could still apply to
borehole geophones. Although one might expect clean signals from
borehole geophones, local site effects should not be ruled out (e.g.,
Ide et al. 2003). We should have the bandwidth to measure lower
corner frequencies, therefore the lower fc limit of ∼ 100 Hz is likely
a source effect.

It is likely that a low SNR limit and bandwidth limitations are con-
tributing to energy loss and a relatively constant corner frequency.
Even though we estimate that at least 75 per cent of the seismic
energy is captured, the absence of 25 per cent of high frequencies
could contribute to the saturation of fc in the data set. For micro-
seismic source parameter studies, the underestimation of radiated
energy is a commonly observed feature (e.g., McGarr 1999; Ide &
Beroza 2001; Ide et al. 2003).

Compared to the global study by Allmann & Shearer (2009) of
P-phase spectra from global tectonic seismicity, fc estimates in this
study lie in the expected range for negative magnitude earthquakes,
assuming a constant S-wave velocity of 3800 ms−1 and a Madariaga
(1976) circular crack model. This supports the invariance of stress
drop with respect to earthquake size over the large scale. Other
studies of microseismic source parameters have also supported self-
similarity into negative magnitudes (Hiramatsu et al. 2002; Baig
et al. 2012).

6.3.2 Stress drops

We determine Madariaga stress drop estimates from 86 out of the
90 events with a smaller standard deviation than the stress drop
estimate itself. The range of event stress drops is 0.2–5 MPa with
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Figure 13. Best available source parameter estimates compared to contractor estimates and source parameter studies from the literature. (a) P-phase corner
frequency against Mw. Black squares show results from this study and grey vertical lines show contractor estimates over the range corresponding to a Brune
and Madariaga source model. Inset shows individual station estimates of corner frequency at the K-well; darker red squares indicate deeper stations. On main
and inset plot, theoretical lines of corner frequency against magnitude assume an S-wave velocity of 3800 ms−1 and a Madariaga (1976) crack model. (b)
Stress drop versus Mw compared to contractor estimates, one hydraulic fracturing (HF) data set, two tectonic data sets, a waste water (WW) induced data set
and a global study by Allmann & Shearer (2009). The black horizontal solid line shows the mean estimate of stress drop from this study.

a geometric mean of 1.6 MPa ± 1.2. It is important to keep in
mind that the resonances and high frequency cut-offs we observe
could be causing some of the trends we observe in regard to stress
drop with depth, Mw, and distance from point of injection because
high frequencies are preferentially removed. To address this we only
calculate results from the shallowest stations (i.e., stations 1–15),
where the effects of resonances and high frequency cut-offs are
reduced.

Our absolute estimates of stress drop are very similar to the
closest and most similar study (at a pad ∼240 km from the pad in
this study) by Yu et al. (2020). Compared with our estimated mean
of 1.6 ± 1.2 MPa, Yu et al. (2020) calculate an average stress drop
of ∼1 MPa from their best results of proximal seismic events using

the spectral ratio method. Proximal events are mostly confined to
the sedimentary layer in Yu et al. (2020), whereas most events in this
study occur in the underlying crystalline formation. The similarity
of stress drops (both using a Madariaga constant) between our study
and Yu et al. (2020) at similar depths and both induced by hydraulic
fracturing strongly suggests that the rupture slip to length-scale ratio
of seismic events in these two data sets is similar.

We use borehole geophones in comparison to the surface array
used by Yu et al. (2020). Using a relatively simple fitting pro-
cedure we are able to obtain similar stress drops to the values
obtained by Yu et al. (2020). While it is certainly likely that our
absolute estimates are smaller than actual values, because of the
effects of high frequency attenuation, it is encouraging to see that
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Figure 14. (a) Stress drop against depth and (b) distance from seismic event to injection point.

a borehole array can produce similar results to the closest study,
which uses a more sophisticated spectral ratio method. The spec-
tral ratio method practically takes more time compared to directly
fitting source models. Thus, this study shows that once a crustal
attenuation model is constrained, directly fitting source models
from a borehole geophone array may provide decent first order
estimates.

Although stress drop estimates in this study are within the ex-
pected tectonic range, the average stress drop is below the global
average of 4 MPa and lower than the average of 7.5 MPa calculated
by Holmgren et al. (2019) from an induced seismicity data set in
the WCSB. Our average stress drop is also lower than the stress
drops between ∼2 and 200 MPa, calculated for a tectonic data set
that Onwuemeka et al. (2018) calculated in the Eastern Canadian
seismic zone. In both these studies some stress drop estimates are
greater than 100 MPa, considerably larger than any of the estimates
in this study.

Our lower mean stress drop can be explained by several physical
causes. First, a lower effective stress may reduce the stress drop
(Allmann et al. 2011). Secondly, the shallower depth of our events

compared to Holmgren et al. (2019) and Onwuemeka et al. (2018)
will result in a lower crustal shear strength which could result in
lower stress drops.

The lowest stress drops we might expect for seismic events at
the average depth in this study (2.2 km) can be calculated if we
assume a relatively simple, but realistic (Moos & Zoback 1990) 2-
D Mohr–Coulomb representation of the fault plane, where seismic
events are hosted on a strike-slip fault. A strike slip mechanism
is expected according to stress gradients recorded from borehole
breakouts measurements in the region (Bell 2015) and the world
stress map (Heidbach et al. 2007). Focal mechanisms studies have
also found a dominantly strike-slip mechanism in the region (Wang
et al. 2018). If we assume the co-efficient of friction along the fault
plane is 0.6 and that the fault is critically stressed, we can estimate
the shear strength using (Huang et al. 2017)

Sss = 0.7(σv − P), (12)

where Sss is crustal shear strength, σ v is vertical stress and P is pore
pressure. Assuming a hydrostatic pore pressure of 27 ± 7 MPa and
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a vertical stress of 66 ± 6 MPa (Kettlety et al. 2019), using stress
measurements at depth by Bell (2015), we calculate an available
crustal shear strength of 39 MPa ± 9. Based on empirical obser-
vations of stress drops from faults in the north and central United
States by Huang et al. (2017), we expect a minimum of ∼5 per cent
of the shear stress to be released (Huang et al. 2017), which results
in a minimum stress drop of 1.4 MPa ± 0.5. Therefore the average
stress drop (1.6 ± 1.2 MPa) we determine at the depth of the fault
zone falls within the expected range for optimally aligned frac-
tures for strike-slip faults. The lower crustal shear strength results
in less available shear stress which could explain why our stress
drop estimates are lower compared to Onwuemeka et al. (2018),
who measure stress drops in the range of ∼2–200 MPa for seis-
mic events as deep as the boundary of the seismogenic zone, and
Holmgren et al. (2019), who measure an average stress drop of 7.5
MPa at ∼4 km depth. If the fault plane is not aligned favourably
with regional stresses then our average stress drop estimate may
be too small to be explained by crustal shear strength alone and
will need additional pore-fluid pressure, which can decrease effec-
tive stresses (Zoback 2009), and therefore decrease available crustal
shear strength.

Some studies that analyse seismic data sets where additional pore-
fluid is injected into the subsurface report a growing stress drop with
distance (e.g., Allmann et al. 2011; Kwiatek et al. 2014) from the
injection point or a lower stress drop proximal to the injection point
compared to events farther away (Pearson 1981; Lengliné et al.
2014; Yu et al. 2020), although others (e.g., Clerc et al. 2016; Sumy
et al. 2017) could not confirm such trends. Most of our events are
between 100 and 600 m from their points of injection. Within a
distance of 10–300 m from the point of injection, Allmann et al.
(2011) observe a factor of 5 stress drop increase and Kwiatek et al.
(2014) observe an increase from ∼1 to ∼60 MPa over a distance
of ∼100–500 m. Therefore, given our data set shows seismicity
over similar distance ranges we would expect to see a signal of
increasing stress drop with distance. However, we observe no such
trend.

When hydraulic fluid is pumped into the subsurface, the rock in-
tactness and permeability will determine how quickly fluid migrates
into the rock matrix. The diffusion rate will determine the rate at
which the pore pressure front moves away from the injection point,
and therefore whether we see a change in crustal shear strength,
which some studies show is expressed as an increasing stress drop
with distance from the injection point (e.g., Allmann et al. 2011;
Kwiatek et al. 2014). One key difference to the Allmann et al.
(2011) study is that seismic events analysed here occur within a few
hours of each other and are mostly associated with the same stage
of injection, compared to a more gradual occurrence of seismicity
over several days steadily away from the injection point (Allmann
et al. 2011).

Kwiatek et al. (2014) observe an increasing stress drop with
distance from the point of injection in seismicity on a reactivated
fault. The main difference in this study is that seismicity occurs
over the entire distance range in a few hours compared to days. The
observation of a growing stress drop with time and distance can be
explained by the weaker crustal shear strength proximal to the point
of injection relative to stronger crust that is farther away, where the
pore pressure is lower. However, in this study, the observation of
a constant stress drop over a fault zone hundreds of metres deep
in a short time span requires a more abrupt physical mechanism.
One explanation could be a better fault connectivity and/or larger
permeability along the fault plane (e.g., a more dilated fault), such
that fluid can migrate quickly along the fault plane. This makes

our observations consistent with this hypothesis of the dependency
between stress drop and crustal shear strength when additional pore
fluid is added to the subsurface. The physical mechanism of a direct
hydraulic connection is supported by Kettlety et al. (2019).

A similar study in both spatial and temporal character to seis-
micity observed here is the geothermal test carried out by Pearson
(1981). They observe an increase in stress drop with distance from
the injection point over ∼600 m and a 6 hr injection time period.
Here, the events span a ∼7-hr time period, although most events
occur in a 3-hr window. Given the similar spatio-temporal character
of data in this data set to Pearson (1981) we expect stress drops
to increase with distance from the injection point in this data set.
One reason why we may not observe a stress drop increase could
be the permeability difference: the granite at Fenton Hill has low
permeability (Pearson 1981), whereas the Keg-River formation is
reported as highly permeable (Adams & Eccles 2002) and the frac-
tures are likely to extend to the nearest perforation in the overlying
shale (Kettlety et al. 2019). Conceptually, the pore-pressure front
could have developed quickly over a large distance along the fault
in this study, which explains why the initial seismicity which ex-
presses a planar structure just below the shale play and hundreds
of metres deeper in the limestone formation, occurs simultaneously
(Fig. S3). Once the entire fault has experienced an increase in pore
pressure, seismic events happening later will not have a signifi-
cantly different crustal shear strength, therefore we will not observe
a stress drop difference over time or space. Similar observations
are made by Sumy et al. (2017) in the case of wastewater injec-
tion, where fault planes required relatively little additional stress to
fail because of previous injection which had lowered the effective
stresses.

7 C O N C LU S I O N S

In this study, we first highlight the challenges associated with retriev-
ing robust high frequency estimates of source parameters from 112
−0.6 ≤ Mw ≤ 0.7 microseismic events recorded by borehole geo-
phone arrays at a pad within the Horn River basin, British Columbia.
Of these events we calculate first order estimates of stress drop from
90 events. Our results show that borehole geophones are prone to
high frequency resonances above 250 Hz, which are most likely
caused by receiver side instrument effects. Bandwidth limitations,
resonances and severe attenuation limit the ability to faithfully re-
trieve high frequency information and estimate attenuation models.
Deeper stations along both borehole arrays are particularly prone to
resonances and the effects of high frequency cut-offs.

From our best estimates of P-phase spectra recorded at one of the
wells (the K-well), we determine Qp using two different empirical
methods. Qp = 180 ± 40 appears to provide the most realistic stress
drop estimates. We calculate a mean stress drop of 1.6 ± 1.2 MPa,
which broadly supports self-similar scaling down to Mw = −0.6.
However, our estimates are smaller than other regional induced and
tectonic studies, which can be explained by lower effective stresses
and/or lower crustal shear strength. It is likely that our estimates
represent a lower bound of what are larger estimates because the
retrieved corner frequencies may be biased downwards due to high
frequency challenges. Finally, we find no statistically significant
correlations between stress drop and depth or distance from injec-
tion, which could be explained by hydraulic fluid communicating
relatively quickly along fractured rock compared to slower diffusion
in more intact rock.
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S U P P O RT I N G I N F O R M AT I O N

Supplementary data are available at GJI online.
Figure S1: Histograms of stress drop estimates for the three crustal
attenuation models we consider. (a) Q = 110, (b) Q = 120 and (c)
Q = 180.
Figure S2: Demonstration of observed spectra, model fits and syn-
thetic spectra from bootstrapping, from 2 example events. The cor-
responding histograms of residuals and modelled Gaussian distribu-
tions are shown in (b) and (d), for (a) and (c), respectively. (a and c)
Displacement-amplitude spectra where red dashed lines shows the
P-phase arrival. The black solid line shows the best model fit (circles
showing the log spaced sample points for inversion) and the corre-
sponding corner frequency is shown by a blue vertical line. Grey
lines show the synthetic spectra from bootstrapping and the range
of bootstrapped corner frequencies is shown by the grey patch. The
black solid line shows the pre-event noise, where multitaper sample
points are marked by a tick.
Figure S3: Injection rate and depth of seismic events against time
in hours for events during and just after injection into stage A14.
Each seismic event is shown by a circle corresponding to the depth
(right y-axis). Grey circles show all seismic events recorded by the
contractor and red circle show events used in this study. Blue line
shows injection rate corresponding to stage A14 (left y-axis).
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authors. Any queries (other than missing material) should be di-
rected to the corresponding author for the paper.
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